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Introduction 

P E T E R  J. T R E L O A R  x & P A T R I C K  J. O ' B R I E N  2 
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Although it has long been recognized that what 
ultimately drives metamorphism and metamor- 
phic processes is heat, what was for long less 
certain is the distribution of heat within the crust, 
the type and location of the major heat sources 
and the rates of heat flux through crustal rocks. 
In early work a spatial link was established 
between the emplacement of igneous bodies and 
the metamorphism of their immediately adjacent 
country rocks. Widely described now as 'contact 
metamorphism' what needed addressing at that 
stage was the extent to which regional meta- 
morphism itself might be a function of heat 
advected by igneous intrusions. Simply, are all 
'regional' metamorphic terrains underlain by 
voluminous igneous plutons? In some of the 
earliest studied metamorphic terrains the highest 
temperature rocks are commonly associated with 
igneous rocks. Over a period of years, while 
George Barrow, Pentti Eskola and Cecil Tilley 
were developing the basis of modern meta- 
morphic petrology (the facies concept and the 
concepts of metamorphic isograds, assemblages 
and zones) it became apparent that high-grade 
rocks are commonly spatially linked with igneous 
material, some of which would now be identified 
as former anatectic partial melts, but some of 
which, as in NE Scotland, include gabbroic 
plutons. In contrast, German petrologists in the 
early twentieth century developed an essentially 
baric approach to studies of regional meta- 
morphism. Here, rather than invoking magmatic 
heat advection as the driving force for regional 
metamorphism, the classification of epizonal, 
mesozonal and katazonal divisions stressed the 
change in metamorphic grade with structural 
depth. The driving force for regional metamorph- 
ism was taken to be the internal heat flux from the 
Earth's core to its surface, with the important 
implication that higher metamorphic grades 
equated with greater depths. Subsequently, the 
term 'dynamothermal metamorphism' also 
began to appear in the literature and text-books 
as a synonym for regional metamorphism, 
implying that regional metamorphism was not 
simply a function of heat sources and thermal 
fluxes, but was commonly associated with crustal 

deformation and orogenic processes. A simplistic 
understanding of these latter processes was that 
crustal thickening buried shallow-level rocks to 
depths where temperatures were, or would 
become, higher. 

Hence, by the middle of the twentieth century 
the basic tenets of modern metamorphic petrol- 
ogy were already in place: heat advection through 
magma transport and emplacement, heat flux 
from below the crust, and the role of tectonic 
processes in localising heat sources and heating 
up rocks. Having said that, in the last quarter of 
the century our understanding of the role that 
these processes play has changed remarkably. 
This is probably due to two main lines of study, 
both of which have benefitted greatly from 
advances in analytical instrumentation. The first 
of these relates to the quantification of the 
intensive variables, particularly pressure (P)  and 
temperature (T), within metamorphic terrains, 
more recently coupled with isotope dating and 
forward modelling of mineral chemical zonation 
patterns, to allow the construction of pressure- 
temperature-time paths of metamorphism. This 
approach depends heavily on the experimental 
and empirical derivation of thermodynamic data 
for metamorphic phases, along with the applica- 
tion of these data to the determination of equili- 
bration conditions for the minerals or mineral 
assemblages of actual metamorphic rocks. The 
second advance in understanding relates to 
studies of heat distribution and radiogenic heat 
generation within the crust and the consequent 
modelling of the thermal evolution of the crust in 
a variety of tectonic settings, a procedure greatly 
enhanced by advances in computer technology. 

What these studies have shown essentially is: 
firstly that, with the recognition of high- 
temperature low-pressure metamorphic terrains, 
temperature (and hence grade) is not simply a 
function of depth; secondly that metamorphic 
events can be long lived, as predicted by models 
of the conductive cooling of thickened crust, or 
short lived, as expected in contact aureoles; 
thirdly that post metamorphic peak P-T-t 
paths can show evidence for isothermal decom- 
pression or for isobaric cooling; and, fourthly, 
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that regional metamorphism of the continental 
crust is not necessarily just a simple function 
of crustal thickening, but can alternatively be 
a product of intraplate magmatism generated 
by deep Earth or shallow Earth processes. An 
important point which comes out of a combina- 
tion of these studies, and of studies into the 
melting of crustal rocks, is that metamorphic 
conditions are always anomalous. Calculated 
temperatures of mid- to lower-crustal meta- 
morphism frequently exceed the granite mini- 
mum melting temperature, often by hundreds of 
degrees. Temperatures at the base of normal, 
c. 35 km thick continental crust in stable tectonic 
regions, which clearly is not melting are no 
greater than 500 to 600°C. This implies that 
regional metamorphism, in which temperatures 
are well in excess of the normal continental 
geotherm, represents a severe perturbation of 
the normal continental geothermal gradient. 
One of the questions that this volume aims to 
address can be summed up as 'What causes this 
perturbation?'. 

The seminal papers of Philip England and 
Stephen Richardson and of Philip England 
and Alan Thompson stressed the role of radio- 
genic isotopes in the heating of thickened 
continental crust (England & Richardson 1977; 
England & Thompson 1984; Thompson & 
England 1984). What they showed is that, 
given the concentration of radiogenic isotopes 
through crustal differentiation, in the upper 
crust, any crustal thickening will lead, over 
timescales of tens of millions of years, to 
enhanced surface heat flows, steeper geothermal 
gradients and hence the attaining of tempera- 
tures characteristic of regional metamorphism in 
the middle crust. The models presented in these 
studies suggest that orogenically thickened crust 
will reach a maximum temperature at some time 
after deformation and crustal thickening has 
finished, that cooling will accompany erosive 
exhumation along a clockwise P - T - t  path with a 
positive, post peak metamorphic dP/dT slope, 
and that the temperature maximum will be 
attained during exhumation. The steepness of 
the clockwise P - T - t  path will be a function 
either of the rate of erosion or, as has been 
increasingly recognised in orogenic belts such as 
the Himalaya, upper crustal extension and 
thinning accommodated along high-level, late- 
orogenic normal fault systems. 

However, derived P - T - t  path data document 
radically different P - T  paths in diverse tectonic 
settings. Among features which the numerical 
models mentioned above do not readily account 
for are: firstly, the presence of high-temperature- 
low-pressure metamorphic terrains or of ultra- 

high-temperature metamorphic terrains, both of 
which can only be generated through conductive 
heating models with extreme radiogenic heat 
distributions; secondly, anticlockwise or isobaric 
cooling post-peak-metamorphism paths; thirdly, 
short lived (>1 Ma and <<10Ma) metamorphic 
events of regional extent; or fourthly, that in 
many regional metamorphic terrains microstruc- 
tural fabric-porphyroblast relationships imply 
that peak metamorphism was synchronous with, 
rather than significantly post-dating, the cessa- 
tion of crustal deformation and, hence, thicken- 
ing. These observations suggest that, although 
conductive heating/cooling models may explain 
some aspects of the thermal evolution of 
thickened continental crust, there is a family of 
models with alternative heat source distributions 
and transfer patterns that can influence the 
nature of regional metamorphism. 

One solution to the observation, in many 
regional metamorphic terrains, that fabric- 
porphyroblast relationships imply peak meta- 
morphism to be synchronous with crustal 
deformation is that deformation itself is a 
potential heat source. The role of dissipative 
shear heating has been explored over the last few 
years by a number of authors especially in respect 
of the thermal evolution of the Himalayan oro- 
gen (Molnar & England 1990; England et al. 
1992; England & Molnar 1993; Treloar 1997; 
but see also Royden 1993; Ruppel & Hodges 
1994; Harris & Massey 1994 for an opposing 
view). Although not addressed in papers in this 
volume it remains a significant potential energy 
source, albeit one over which there remains 
significant debate about its efficiency in signifi- 
cantly elevating temperatures, even if only 
briefly. There is an arguable case that high initial 
convergence rates favour dissipative shear heat- 
ing as a key element in the thermal budget at 
early stages of orogeny, but that this becomes 
less important as convergence rates and hence 
strain rates decrease with time. Ultimately, 
thermal equilibrium in continent-continent colli- 
sional settings becomes dominated by long time- 
scale conductive heating. Early stages of oro- 
geny, where the thermal evolution within the 
active thrust zones is more strongly influenced by 
the balance between conductive and advective 
heat transfer as well as from the input of strain 
related energy, may become either modified or 
overprinted by longer time-scale thermal equili- 
bration or removed by erosional processes. 

For those of us brought up with the concept 
that regional metamorphism of crustal rocks is 
essentially a closed system involving crustal 
thickening and subsequent thermal evolution 
consequent on isotopic degradation of radiogenic 
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heat producing elements, a host of papers 
published since 1985 have forced a serious re- 
evaluation (e.g. Lux et al. 1986; Bohlen 1987, 
1989; Bohlen & Mezger 1989; Ellis 1987; Wick- 
ham & Oxburgh 1987; Harley 1989; Looseveld 
1989; De Yoreo et al 1991; Sandiford & Powell 
1991). High-temperature-low-pressure meta- 
morphism is now often interpreted as the result 
of the transient advection of heat due to magma 
emplacement within the crust, with mantle 
derived magmas widely regarded as playing a 
major role in advecting heat into the crust. There 
are a number of potential causes of this, sum- 
marized in this volume by Brown, Gibson & 
Stevens, Harley and Sandiford & Hand. Most of 
these involve some form of decompressive 
partial melting of upwelling asthenospheric 
mantle. The causes of this upwelling can be 
divided into two major subsets. One involves 
deep Earth processes, probably core-mantle 
interface related, such as hot spots associated 
with mantle plumes, with basaltic magmas 
underplating and intruding, potentially thinned 
continental crust. The other relates to shallower 
plate tectonic processes that involve the removal 
of the lithospheric root due to delamination or 
extensional thinning consequent on earlier litho- 
spheric thickening, slab breakoff in subduction 
zones, and voluminous supra-subduction zone 
magma emplacement. All of these involve 
advection of heat into the continental crust 
due to its underplating, or intrusion, by mantle 
derived basaltic magmas. Ironically, in some 
ways we ultimately come full circle back toward 
the views of the pioneers who identified a causal 
link between the emplacement of igneous bodies 
and metamorphism. Brown suggests that 'regio- 
nal contact or pluton enhanced metamorphism' 
may result from the advection of heat due to the 
upward transfer of granodioritic or granitic 
magmas. We have to infer that these magmas 
were probably derived from partial melting of 
the lower crust in response to a basaltic under- 
plate, itself dependent on melting of the mantle 
lithosphere. 

Is there an arguable case, therefore, that the 
majority of regional metamorphism is a function 
of mantle processes? Certainly in this volume 
Gibson & Stevens argue that middle to lower 
crustal granulite-facies metamorphic rocks now 
exposed in the core of the Vredefort astrobleme 
Dome are a function of regional metamorphism 
of the lower crust in response to the initiation of a 
mantle plume related to emplacement of the 
Bushveld Complex. Brown argues that the low- 
pressure-high-temperature metamorphic belts in 
the classic Japanese paired metamorphic belt 
sequences are the result of ridge subduction with 

asthenospheric mantle permitted to upwell 
through the widening, subducted spreading ridge 
centre. In contrast, Sandiford & Hand suggest 
that low-pressure-high-temperature metamor- 
phism in some Australian Proterozoic terrains 
may be due to anomalous mid-crustal radio- 
genic heat production. Whittington, Harris & 
Baker show that in the Nanga Parbat region 
of the Himalayan orogen, low-pressure-high- 
temperature is a function of rapid, structurally 
controlled, exhumation of mid-crustal rocks 
already brought to amphibolite-facies tempera- 
tures by crustal thickening. Whitney & Dilek 
argue that, in metamorphic core complexes, 
complex P - T  trajectories, with short lived 
(_<1 Ma) thermal spikes, may be indicative of 
brief magmatic episodes probably temporally 
associated with exhumation. In this case, does 
the exhumation drive the magmatism and hence 
the short lived metamorphic spikes? Jamieson, 
Beaumont, Fullsaek & Lee suggest that the heat 
source for Barrovian-type regional metamorph- 
ism may be an accretionary wedge underplated 
beneath the supra-subduction zone sequence. 

It is thus clear that there is no simple model to 
explain regional metamorphism. Even where 
ultra high-temperature (UHT) metamorphism is 
concerned there remains a degree of ambivalence. 
If UHT metamorphism is simply a function of 
magma underplating and subsequent heat advec- 
tion into normal thickness crust, then it should 
carry a characteristic P - T  path signature. How- 
ever, Harley shows that UHT terrains are 
characterized by a variety of P - T - t  path trajec- 
tories, some typical of isobaric cooling and others 
of isothermal decompression. Hence, even in the 
highest temperature crustal rocks, we are faced 
with a variety of disparate tectonic settings for 
regional metamorphism. 

Thus far we have spoken only about the 
driving force for metamorphism. Equally impor- 
tant for our understanding of lithospheric 
processes is a knowledge of the mechanisms of 
mineral deformation and transformation, and of 
the rates at which these processes take place. 
Although information about the amount of heat 
energy and the duration of heat availability 
during metamorphic events can be modelled or 
estimated, the transformation of mineral assem- 
blages to those expected for the pertaining 
conditions, such as easily visualized in the 
'video clips' presented by Worley & Powell, 
may be hindered due to spatial differences in 
kinetic factors. In other words, you can subject 
a gabbro to eclogite facies conditions but it 
may not react to form eclogite. Likewise, in 
a situation familiar to all petrologists, a 
metamorphic rock taken outside the stability 
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conditions of its mineral constituents during 
exhumation and cooling, need not necessarily 
transform to the mineral assemblage or mineral 
compositions required for the new conditions. 
The reports of preserved diamonds in meta- 
morphic rocks and the ever increasing number of 
rocks with relict coesite are clear examples of this 
problem. As outlined by Rubie, and by Barker & 
Zhang, the simple presence or absence of a fluid 
phase can control whether a reaction takes place 
or not, independent of whether it is prograde or 
retrograde in type, even in rocks sometimes well 
outside their stability field. Vernon also empha- 
sizes the importance of a fluid phase in changing 
grain boundary properties thus enhancing defor- 
mation and, ultimately, transformation rates. 
Importantly, the incomplete transformation of 
some of the rocks subducted to extreme depths, 
via their bouyancy, may provide us with a 
significant driving force for the apparent rapid 
uplift of such rocks. 

All of us must come to terms with some degree 
of disequilibrium in order to reconstruct the 
pressure-temperature trajectories followed by 
our studied samples. Using disequilibrium to 
their advantage, Harris & Ayres combine 
experimentally determined diffusion rates for 
Sr with detailed measurement of spatial varia- 
tions in Sr composition, to extract timescales for 
anatectic processes. Likewise, Reehe, Martinez & 
Aboleya show how sequential mineral growth 
patterns can be used to provide a detailed 
picture of the relationship between metamorph- 
ism and local tectonic processes. Rather than 
being frightened away by samples showing 
strong disequilibrium features, we should be 
searching them out and subjecting them to 
detailed examination. With the ever increasing 
database of experimentally determined kinetic 
rate data it is becoming increasingly possible to 
constrain closely the temporal thermal and baric 
changes undergone by non-equilibrated rocks, 
during orogeny, as they passed through the 
crust. The results of such studies provide the fine 
detail as to how the lithosphere responds, 
tectonically and in terms of energy and material 
balance, to plate tectonic processes. 

So, we can now demonstrate on the basis of a 
combination of P - T  data, derived P-T-t  paths, 
metamorphism-deformation analyses involving 
both fabric-porphyroblast relationships and field 
criteria, and numerical modelling that meta- 
morphism of crustal rocks is a complex function 
of a mantle derived heat flux and crustal radio- 
genic heat production. In response to the ques- 
tion 'Do we know much more now than we did 
25/50/75 years ago?' the answer is a resounding 
'Yes'. Firstly, we are now able to quantify 

metamorphic processes more accurately and 
more thoroughly, and secondly, we now under- 
stand more about the tectonic processes that 
influence metamorphic evolution and that con- 
tribute the heat needed to drive it. 

What  appears increasingly clear is that meta- 
morphism is, in the phraseology of modern 
science, complex rather than chaotic. As ex- 
plored by Hodges, albeit only in the context of 
continent-continent collision and crustal thick- 
ening, there is a clear sense of emerging order in 
this science with a complex interplay between 
input and output parameters. Whether, as 
implied by John Horgan in his recent book 
The End of Science, subtitled Facing the Limits of 
Knowledge in the Twilight q[ the Scientific Age 
metamorphic petrology has, like other scientific 
disciplines, already made its best and most 
exciting discoveries is a moot point. Is it possible 
that further research may yield no more great 
revelations but, rather, only incremental dimin- 
ishing returns? What  is interesting is that it is 
arguable, to an extent, that all of our major 
findings of the last 25 or so years, albeit based on 
analytical data and integrated into the modern 
Plate Tectonic paradigm, do not necessarily tell 
us more about 'What  Controls Metamorphism' 
than our predecessors would have concluded. 

We acknowledge comments on this introduction from 
Michael Brown, John Clemens, Giles Droop and Clark 
Friend. 
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Abstract: Geological and geochemical research in the internal zone of the Himalayan 
orogen reveal evidence for complex relationships between regional metamorphism, anatexis, 
thrust faulting and normal faulting in Miocene time. Such interactions share many 
characteristics with those that define the behaviour of non-equilibrium thermodynamic 
systems, like chemical oscillators. The internal ordering of such systems arises 
spontaneously and is maintained by continual exchange of energy with the outside world. 
Mountain ranges are open thermodynamic systems, equally capable of displaying self- 
organized behaviour. They accumulate energy through a variety of mechanisms, particularly 
crustal thickening, but their non-equilibrium structure is maintained through compensating 
mechanisms of energy dissipation. The simultaneous operation of normal faults and thrust 
faults in the Himalayan system, ejecting a wedge of middle crust southward from the orogen 
towards the Indian foreland, was a remarkably efficient method of mass (and therefore 
energy) dissipation in Miocene time. Research in many branches of science suggests that 
thermodynamic systems forced far from equilibrium by their boundary conditions may 
evolve towards establishing the most efficient possible mechanisms for counteracting those 
conditions. For the Himalaya, one possible explanation for development of a process set 
characterized by simultaneous normal faulting and thrust faulting, linked through 
metamorphism and anatexis, is that simple physical erosion alone was inadequate to 
lrmderate the extraordinary crustal thickness and topographic gradients that characterized 
the southern flank of the range in Miocene time. The orogenic system may have adapted to 
this condition through a new and more efficient mechanism of energy dissipation that 
required the coordination of a variety of thermal and deformational processes. 

One of the great success stories in the Earth 
sciences over the past quarter-century has been 
the integration of petrology, geochemistry, 
structural geology and geophysics to improve 
our understanding of the relationships between 
thermal and deformational processes in moun- 
tain belts. When faced with a question like 
'What  drives metamorphism?', physical chemis- 
try tell us that the answer is largely 'Heat ' ,  but 
the metamorphic evolution of an orogen is 
dictated by complex interactions between heat 
and mass transfer processes that can only be 
fully appreciated from a multidisciplinary per- 
spective. Though the more optimistic among us 
might argue that sophisticated numerical simu- 
lations, systematic structural studies, and a 
burgeoning petrologic and thermochronologic 
database have provided us with a good, basic 
understanding of how thermal, erosional and 
deformational processes are related in mountai- 
nous regions, a more difficult question is 'Why?'. 

The physics of orogeny requires no unique 
style of metamorphism. Metamorphic patterns 
that emerge from numerical models of orogeny 
(e.g. Barr & Dahlen 1989; Jamieson & Beau- 
mont 1988; Huerta et al. 1996) depend heavily 
on assumptions about the structural and ero- 
sional evolution of mountain ranges in space 

and time, not to mention the thermal character- 
istics of the rocks involved. Tectonics research 
and geomorphology tell us that there is no single 
way of building mountains or tearing them 
down, thermodynamics tells us that there is no 
single way of moving heat through an orogen, 
and real rocks cannot be characterized by a 
single set of physical and thermal constants. 
Numerical models thus provide a conceptual 
understanding of the many ways that thermal 
and deformational processes can relate to one 
another, but they cannot predict why the specific 
relationships observed in real mountain ranges 
developed instead of other relationships that are 
equally viable from a thermomechanical per- 
spective. In fact, the thermal structure of 
mountain ranges is so dependent on parameters 
that can vary tremendously from place to place 
(e.g. erosion rate, accretion rate, and heat 
production) that we might expect significant 
changes in metamorphic history along strike in a 
single range and relatively little similarity 
between the metamorphic evolution of different 
ranges. Yet many orogens display similar, first- 
order spatial patterns of metamorphism and 
deformation despite their relatively dissimilar 
tectonic histories (e.g. Miyashiro 1961; Turner 
1981), and a uniform pattern of metamorphism 

HODGES, K. V. 1998. The thermodynamics of Himalayan orogenesis. In: TRELOAR, P. J. & O'BRIEN, P. J. (eds) 
What Drives Metamorphism and Metamorphic Reactions? Geological Society, London, Special Publications, 138, 
7-22. 
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characterizes the internal zone of mountain belts 
like the Himalaya over vast areas (P~cher 1989). 
To understand why such patterns may develop 
and persist for millions of years, we may have to 
develop fresh perspectives on the relationships 
between metamorphism and other orogenic 
processes. 

One possibility is to consider mountain ranges 
as complex  systems.  Such systems incorporate 
processes that, viewed independently, are gov- 
erned by simple physical laws. However, the 
relationships between these processes are such 
that the collective behaviour of the system is not 
predictable from first principles. An important 
characteristic of complex systems is their ability 
to evolve towards specific patterns of process 
relationships known as attractor states; a famil- 
iar example to geologists is the self-organization 
of a uniformly heated fluid into a regular pattern 
of convection cells (Platten & Legros 1984). If 
orogens behave like other complex systems, we 
might expect them to exhibit ordered behaviour 
that emerges spontaneously from a seemingly 
random collection of thermal and deformational 
processes. Such ordering signifies a dynamic 
balance between fluxes or matter and energy into 
and out of the system; once achieved, these 
balances can be self-sustaining for long time 
periods. In this paper, a synergetic relationship 
between Miocene deformation, metamorphism 
and anatexis in Nepal is interpreted as evidence 
of the emergence of an attractor state for the 
Himalayan orogenic system. 

Thermal and deformational history of the 
Himalayan orogen 

Initiating with the collision of India and Eurasia 
in the early Cenozoic, the Himalayan orogen 
is one of our best natural laboratories for the 
study of active mountain-building processes. 
It can be divided into six lithotectonic zones 
that can be traced for hundreds of kilometres 
along strike (Fig. 1). The Transhimalayan zone 
includes numerous calc-alkaline batholiths that 
represent part of an Andean-type continental arc 
developed along the southern margin of Eurasia 
over the Cretaceous-early Tertiary interval 
(Honneger et al. 1982; Debon et al. 1986). 
Strongly deformed ophiolitic, volcanic and 
sedimentary rocks of the Indus suture zone 
mark the surface boundary between Eurasian 
crust to the north and Indian crust to the south 
(Le Fort 1975; Searle 1991). The Tibetan zone 
comprises a thick, passive margin sequence 
deposited along the northern margin of the 

Indian plate (Gaetani & Garzanti 199 l; Garzanti 
1993). These predominantly unmetamorphosed 
strata contrast with high-grade gneisses and 
leucogranitic rocks exposed sporadically in 
Neogene metamorphic core complexes within 
the Tibetan zone and continuously along the 
crest of the Himalaya in the Greater Hima- 
layan zone. This metamorphic package has 
been thrust southward over Neoproterozoic to 
Lower Eocene, predominantly low-grade meta- 
sedimentary strata of the Lesser Himalayan zone 
(Valdiya 1986). A foreland fold-and-thrust belt 
developed in Oligocene(?)-Pleistocene Siwalik 
molasse corresponds to the Subhimalayan zone 
(Johnson et al. 1979; Alam 1989; Najman 
et al. 1993). 

With the exception of steeply dipping shear 
zones that occur along some margins of the 
Indus suture zone, the boundaries between 
Himalayan lithotectonic zones are defined by 
moderately N-dipping fault systems. Two of the 
most famous-the Main Central and Main 
Boundary thrust systems (Fig. 1)-accommo- 
dated hundreds of kilometres of shortening in 
Miocene to Pliocene time (Molnar 1984). The 
most recently recognized zone boundary is also 
the most unusual; the South Tibetan detachment 
system is a family of low-angle normal faults 
that dip northward beneath the Tibetan zone 
and were responsible for tens of kilometres of 
tectonic unroofing of the underlying Greater 
Himalayan sequence (Burchfiel et al. 1992). 
Geochronologic studies show that most strands 
initiated in Early or Middle Miocene time, while 
the structurally lower Main Central thrust 
system was enabling large-scale crustal thicken- 
ing (Hubbard & Harrison 1989; Guillot et al. 
1994; Hodges et al. 1996; Searle et al. 1997; 
Coleman 1996; Hodges et al. in press; Wu et al. 
1998). The most likely explanation for the South 
Tibetan extensional structures is that they were 
triggered when the internal strength of the 
orogen was no longer capable of support- 
ing the crustal thickness and topographic 
gradients that had developed during the Hima- 
layan mountain-building process (Burchfiel & 
Royden 1985). 

Metamorphism and anatexis in the Greater 
Himalayan zone 

For the study of metamorphic processes, the 
most interesting part of the Himalayan orogen is 
the Greater Himalayan zone, which can be 
viewed as a northward-tapering prism bounded 
above by the South Tibetan detachment (STD) 



HIMALAYAN OROGENESIS 9 

+ + + 4 +  ~ + + + .  

PAKISTAN 

N 

I 

kar 

Himalayan Orogen 
Simplified Tectonic Map 

Garhwal 
. ~ - ~ x , / ~ - ~  / Annapuma 90.E 

..+_ 3I.N ~ ~ \ L a n g t ~ n g  Everest 31 N -~- 
7 4 " E  ~ t O ~  

..... . . / .  . . . ' 

+ "  : . . - . .  

300 km I N D I A  ....... 

+ . . . .  

Transhirnalayan Zone Manaslu BHUTAN 
Lhozhag-La Kang 

~ J l  Indus  Suture Zone (black: ophiolitic assemblages) 

~ Tibetan Zone (med. gray: metamorphic core complexes) 

~ Greater Himalayan Zone (white: leucogranitic plutons) 

~ Lesser HimalayanZone 

~-~ Subhimalayan Zone 

Fig. 1. Simplified tectonic map of the Himalayan orogen. Circles indicate localities mentioned in text. Major 
fault systems include the Main Boundary thrust (MBT), Main Central thrust (MCT) and South Tibetan 
detachment (STD). 

system and below by the Main Central thrust 
(MCT) system. Petrologic studies of pelitic 
gneisses that dominate the lower half to two- 
thirds of the Greater Himalayan sequence 
suggest a two-phase metamorphic evolution: 
an early, high-pressure, intermediate-tempera- 
ture 'Eohimalayan' event was overprinted by a 
later, lower-pressure, higher-temperature 'NeD- 
himalayan' event (Hodges et al. 1988; P6cher 
1989). In the central and eastern Himalaya, the 
intensity of the Neohimalayan event was so 
great that it obliterated most evidence for the 
age of the Eohimalayan event. In the western 
Himalaya, where Neohimalayan effects are less 
severe, U-Pb and Sm-Nd thermochronology 
demonstrate an Early Oligocene age for the 
Eohimalayan metamorphic peak (Vance & 

Harris 1996; Walker 1998). Similar U-Pb ages 
have been obtained for relict, presumably 
Eohimalayan metamorphic monazites from the 
Annapurna Range of central Nepal (Coleman 
1996; Hodges et al. 1996). The age of Neohima- 
layan metamorphism is better constrained in the 
central and eastern Himalaya, where it culmi- 
nated in the anatectic event responsible for a 
series of leucogranitic plutons emplaced near 
the top of the Greater Himalayan sequence. A 
growing U-Th-Pb database for the leucogra- 
nites implies a 24-12 Ma interval for Neohima- 
layan metamorphism and anatexis, with the 
greatest period of intensity at c. 20-23Ma 
(Schfirer 1984; Sch/irer et al. 1986; Parrish 
et al. 1992; Noble & Searle 1995; Harrison 
et al. 1995; Hodges et al. 1996; Edwards and 
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Harrison 1997; Searle et al. 1997; Coleman 
submitted; Hodges et al. submitted; Wu et al. 
submitted). 

The Himalayan leucogranites have been the 
subject of numerous geological studies, but 
disagreements remain regarding their petroge- 
netic origins. They can be grouped loosely into 
two categories: centimetre- to decimetre-scale 
migmatitic leucosomes developed in pelitic 
gneisses; and discrete bodies that range from 
metre-scale sills and dykes to plutons with 
volumes of several tens of cubic kilometres 
(Le Fort et  al. 1987). The migmatitic leucosomes 
typically contain the assemblage Q t z + K f s +  
P1 + Ms + Bt + Tur -4- Grt + Sil (abbreviations 
after Kretz 1983), but kyanite-bearing leuco- 
somes have been identified in at least one tran- 
sect (Hodges et  al. 1996). In many well-studied 
areas, two distinctively different types of dis- 
crete leucogranite bodies have been identified: an 
early phase with the characteristic sub- 
assemblage Qz + Kfs + Pg + Bt + Tur, and a 
later phase with Qtz + Kfs + P1 + Ms + Tur + 
Crd (Hodges et al. 1993; Inger & Harris 1993; 
Harris & Massey 1994; Guillot & Le Fort 1995; 
Scalliet et al. 1995; Searle et al. 1997). For many 
years, it was commonly assumed that both the 
leucosomes and leucogranites had a common 
or igin-  anatexis of the metapelitic parts of 
the Greater Himalayan sequence - and that the 
discrete bodies were simply coalesced and mobi- 
lized leucosome (e.g. Le Fort 1975; Gari@y 
et  al. 1985; Deniel et  al. 1987; Le Fort et  al. 1987; 
France-Lanord et  al. 1988). Some of the details 
of this model have been challenged recently on 
the basis of trace-element modelling of leuco- 
granites in the Langtang area (Fig. 1), which 
suggests that the Greater Himalayan source 
region for those leucogranites is not the same 
as the part of the section displaying abundant 
migmatitic leucosomes (e.g. Harris & Massey 
1994). Given such evidence for distinctive 
origins for the leucosomes and leucogranites, 
Inger & Harris (1993) even went so far as to 
suggest that the leucosomes may be pre-Hima- 
layan. While subsequent U-Pb studies of the 
leucosomes at Langtang and elsewhere in the 
Himalaya yield ages that are indistinguishable 
from those of the oldest leucogranites in any 
single transect (e.g. Parrish et  al. 1992; Hodges 
et al. 1996; Coleman 1996), it is true that most 
leucogranite bodies are somewhat younger than 
most leucosomes and the genetic relationships 
between the two remain controversial. 

One of the most distinctive characteristics 
of the Greater Himalayan zone is the com- 
mon occurrence of inverted metamorphic gra- 
dients. From Bhutan at least as far west as the 

Zanskar Himalaya (Fig. 1), the basal Greater 
Himalayan sequence contains mineral assem- 
blages characteristic of intermediate P-T meta- 
morphism (Ky+S t r  grade). The grade of 
metamorphism increases structurally upward to 
upper-amphibolite facies, typically Sil ~z Crd at 
the structural level of maximum in s i tu  melting 
(Brunel & Kienast 1986; Hubbard 1989; Mohan 
et al. 1989; Swapp & Hollister 1991; Inger & 
Harris 1992; Macfarlane 1992; Hodges et al. 
1993; Meier & Hiltner 1993; Pognante & Benna 
1993; Coleman 1996; Vannay & Hodges 1996). 
At least some of the apparent inversion is now 
known to be the result of polymetamorphism 
(Brunel & Kienast 1986; Hodges & Silverberg 
1988; Swapp & Hollister 1991; Inger & Harris 
1992), but there are several transects for which 
thermobarometric data indicate an inversion 
of metamorphic isograds developed during 
a single metamorphic event (Hubbard 1989; 
P~cher 1989). Four classes of models have been 
proposed to explain this phenomenon. 

1. Late penetrative shearing or recumbent fold- 
ing of pre-existing Neohimalayan isograds 
produced an apparent thermal inversion 
(Searle & Rex 1989; Jain & Manickavasagam 
1993; Grujic et al. 1996). One variation 
envisages simple thrusting of the upper 
Greater Himalayan sequence over the lower 
after the early stages of Neohimalayan meta- 
morphism but before final thermal equili- 
bration (Swapp & Hollister 1991; Reddy 
et al. 1993; Davidson et  al. 1995). 

2. Local frictional heating in the highest-grade 
parts of the Greater Himalayan sequence 
produced an inverted thermal structure 
(England & Molnar 1993; Harris & Massey 
1994). 

3. Accretion of rocks with unusually high heat 
production to the base of the Himalayan 
orogenic wedge, coupled with the effects of 
surface erosion, produced a thermal high in 
the Greater Himalayan zone which was 
surrounded by lower-temperature regions 
(Royden 1993; Huerta et al. 1996). 

4. Heat flowing through and generated within 
the Greater Himalayan sequence was con- 
centrated near the top of the metamorphic 
core due to the thermal blanketing effect of 
the Tibetan sedimentary sequence, leading 
to an inverted temperature structure that 
could be preserved as metamorphic iso- 
grads (Jaupart & Provost 1985; Pinet & 
Jaupart 1987). 

The first of these differs from the rest by 
requiring significant shearing within the Greater 
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Himalayan sequence, and furthermore this 
deformation largely post-dated the establish- 
ment of metamorphic isograds. For many years, 
the Greater Himalayan zone was regarded as a 
more or less intact crystalline slab that was thrust 
southward along the MCT with little internal 
deformation (e.g. Le Fort 1975). As more field 
data have become available, it is clear that 
the Greater Himalayan zone is more compli- 
cated structurally than previously believed. 
For example, major thrust faults within the 
Greater Himalayan zone have been docu- 
mented in Bhutan (Gansser 1983; Davidson 
et  al. 1995) and central Nepal (Hodges et  al. 
1996; Vannay & Hodges 1996). However, the 
metamorphic discontinuity created by these 
post-metamorphic faults is of minor geographic 
extent in both regions, and is always restricted 
to the upper part of the Greater Himalayan 
sequence. In contrast, the metamorphic inver- 
sions throughout much of the Greater Hima- 
layan zone occur over 7 to 20 km thick sections 
of rocks that display a simple tectonostratigra- 
phy which persists nearly 2000 km along strike 
from Bhutan to Zanskar. Given the monoto- 
nous lithostratigraphy of the Greater Himala- 
yan pelitic gneisses, it might be difficult to 
recognize the abundant post-metamorphic 
shear zones required by models of inverted 
metamorphism such as that of Grujic et al. 
(1996), but there is as yet no evidence that all or 
even most of the inverted isograds in the Greater 
Himalayan sequence correspond to zones of 
significant shear displacement. 

Fundamental relationships between 
anatexis, metamorphism and deformation 
in the Himalaya 

Regardless of whether or not post-metamorphic 
shearing played an important role in the present- 
day distribution of metamorphic isograds in the 
Greater Himalayan zone, there is strong evi- 
dence that Neohimalayan metamorphism and 
anatexis were broadly coeval with the develop- 
ment of the MCT and STD fault systems. 
Detailed structural studies show that the earliest 
shearing fabrics related to the MCT were 
synmetamorphic with respect to Neohimalayan 
metamorphism in the Everest (Hubbard 1988; 
Hubbard & Harrison 1989), Langtang (Macfar- 
lane et al. 1992), Annapurna (Parrish & Hodges 
1993; Hodges et  al. 1996; Coleman 1996), and 
Garhwal (Hodges & Silverberg 1988; Metcalfe 
1993) regions of Nepal and India (Fig. 1). The 
exact age of MCT initiation seems likely to have 

varied along strike in the Himalaya, but all 
existing quantitative constraints fall within a 
narrow time fi'ame of 23-20 Ma (Hubbard & 
Harrison 1989; Hodges et al. 1996; Coleman 
1996). The Annapurna Range is one of the few 
places where migmatitic gneisses can be traced 
down to the structural level at which MCT- 
related fabrics have been developed. There the 
earliest phases of anatexis predated MCT ini- 
tiation, but only by 2-3 Ma at most, and melting 
persisted throughout the high-temperature 
phase of MCT movement (Hodges et  al. 1996; 
Coleman 1996). 

The discrete leucogranites have a similar rela- 
tionship with the STD system. In most cases, the 
largest Himalayan leucogranites intruded to 
the approximate structural level occupied by the 
basal faults of the STD system. Some of these 
plutons and many leucogranite dykes and sills 
exhibit extensional fabrics associated with the 
basal detachments (e.g. Burg et  al. 1984; Searle 
& Fryer 1986; Herren 1987; Burchfiel et  al. 1992; 
Hodges et  al. 1994), and some researchers have 
observed direct truncation of leucogranites by 
the basal detachments (e.g. Burchfiel et  al. 1992; 
Searle et al. 1997). However, late-stage leuco- 
granites intrude the basal STD detachment in at 
least four widely scattered areas (Fig. 1): 
Lhozhag-La Kang (Burchfiel et al. 1992), 
Gonto La (Edwards et  al. 1996), Everest or 
Qomolangma (Hodges et  al. 1992; Hodges et  al. 
1996), Manaslu (Guillot et al. 1993) and 
Annapurna (Brown & Nazarchuk 1993; Cole- 
man 1996; Hodges et al. 1996). In all of these 
instances, younger, structurally higher detach- 
ments of the STD either truncated or facilitated 
unroofing of the late-stage leucogranites. Thus, 
the anatectic event responsible for the discrete 
leucogranites predated initiation of the STD 
system and continued during extension, but the 
latest extensional structures of the STD system 
are younger than the youngest leucogranites. 
Given our current state of knowledge, these 
relationships loosely bracket the onse t  of exten- 
sion between 23 and 16Ma throughout the 
orogen. Since the oldest leucogranites are indis- 
tinguishable in age from the migmatitic leuco- 
somes that slightly predate MCT initiation in 
well-studied areas like the Annapurna Range, it 
seems probable that the earliest stages of MCT 
and STD movement occurred at about the 
same time in any given transect and just after 
the earliest stages of anatexis in the Greater 
Himalayan sequence. 

Two models have been proposed for the 
relationship between anatexis and deformation 
in the Himalayan metamorphic core. One 
hypothesis holds that anatectic melting at deep, 
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presently unexposed levels in the orogen trig- 
gered rheological changes that permitted the 
nucleation of discrete thrust structures within 
the Greater Himalayan sequence. Swapp & 
Hollister (1991) and Hollister et  al. (1995) 
proposed that thrusting of this actively melting 
material to higher structural levels would serve 
as an efficient mechanism of heat transfer into 
the upper Greater Himalayan sequence and 
facilitate the production of the discrete leuco- 
granites. This scenario implies a direct cause- 
and-effect relationship between anatectic melting 
and thrust displacement (Hollister & Crawford 
1986; Hollister 1993). The second model 
(Hodges 1990; Hodges et al. 1993; Harris & 
Massey 1994) recognizes a probable relationship 
between migmatite genesis and thrusting, but 
attributes the discrete leucogranitic bodies to 
decompression melting associated with the STD 
system. In this case, deformation is the cause, 
rather than the effect, of widespread anatexis. 

Geological relationships in the Himalaya 
support certain aspects of both models. The 
fact that leucogranites in several transects 
intrude the basal STD detachment is consistent 
with decompression melting. However, the early 
stages of melting and dyke emplacement predate 
the oldest STD detachment in all areas, implying 
that tectonic denudation cannot be the sole 
triggering mechanism for anatexis. Where major 
thrusts have been identified within the Greater 
Himalayan sequence, related shear fabrics are 
most intense in zones with the highest concen- 
tration of leucogranite dykes (Davidson et  al. 
1995; Hodges et al. 1996; Vannay & Hodges 
1996), reinforcing the notion that rheological 
changes induced by melting influenced localiza- 
tion of thrusts. However, a large proportion of 
the leucogranites occur below these structures in 
the Annapurna Range and were not thrust into 
their present position relative to deeper parts of 
the Greater Himalayan sequence. The following 
model, derived from those previously proposed, 
seems consistent with all geological data cur- 
rently available. 

1. Underthrusting and accretion of Indian 
plate crust with elevated levels of radioactive 
heat production beneath the evolving 
orogen created a thermal environment in 
the Greater Himalayan zone that was 
conducive to limited anatexis by c. 23 
24Ma. The record of this earliest melting 
process includes disseminated migmatitic 
leucosomes and possibly one leucogranite, 
the Makalu pluton (Schfirer 1984). 

2. Initiation of the MCT and STD systems 
at c. 20-23 Ma coincided with widespread 

melting in the Greater Himalayan sequence 
and produced sufficient melt volumes to feed 
numerous leucogranite plutons. It seems 
likely that the basal dbcollements of both 
systems developed at lithostratigraphic hor- 
izons that contained large volumes of melt 
and were therefore relatively weak. Move- 
ment on these structures could have been 
facilitated by melt lubrication (Hollister & 
Crawford 1986). At this time, a direct 
positive feedback relationship developed 
between MCT displacement and anatexis. 
While the presence of melt encouraged 
deformation, thrusting itself resulted in 
underplating of more material with high 
heat production (Huerta et  al. 1996), limited 
shear heating (England et al. 1992), and the 
fluxing of metamorphic fluids from the 
Lesser Himalayan sequence into the MCT 
hanging wall (Le Fort 1981), all of which are 
processes that would have promoted melting 
in the Greater Himalayan sequence and thus 
melt-enhanced thrust displacement. 
Several lines of petrologic evidence suggest 
that as much as 20 km of overburden was 
stripped off the Greater Himalayan zone 
over the c. 23-12 Ma interval, principally as 
a consequence of movement on the STD 
system (e.g. Burchfiel et al. 1992; Hodges 
et al. 1993; Harris & Massey 1994; Edwards 
and Harrison 1997; Hodges et  al. in press). 
Adiabatic decompression related to tectonic 
denudation undoubtedly enhanced melting 
in the Greater Himalayan sequence and 
may have been exclusively responsible for 
the muscovite leucogranite magmas that 
produced many of the largest Himalayan 
plutons. Again, a kind of 'symbiosis' is 
apparent, with the STD system triggering 
anatexis and the consequent melts facilitat- 
ing continued fault movement. Ultimately, 
the STD system achieved sufficient denuda- 
tion of the metamorphic core to cool it 
below the temperature range appropriate for 
anatectic melting. 

Autocatalytic processes and non-equilibrium 
thermodynamics 

The mutual reinforcement of normal faulting, 
thrusting and anatectic melting in the Himalaya 
is reminiscent of special types of catalysis in 
complex chemical systems. A chemical catalyst is 
some species that modifies reaction rates in a 
chemical system without necessarily being one of 
the reactants. Autocatalysis occurs when the 
presence of a species increases the production 
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rate of that same species, through reactions like 
X + Y ~ 2X, for example. Such autocatalytic 
reactions are especially common in biological 
systems and are, in fact, of fundamental 
importance to the process of life (Kauffman 
1995). Living systems survive by consuming and 
expending matter and energy, which is to say 
that, from a thermodynamic perspective, they 
are open systems whose behaviour is governed 
by non-equilibrium processes. 

Why an ordered relationship between defor- 
mation and metamorphism should arise in the 
Himalaya, and why it should persist for several 
million years, may be understood by considering 
the implications of the Second Law of Thermo- 
dynamics for systems far from equilibrium, like 
orogenic belts. Most of us are familiar with a 
statement of the Second Law that describes the 
tendency towards increasing disorder or entropy 
(S) with time (t) in an isolated system: 

dS 
- -  > 0 ( 1 )  
d r -  

with the equilibrium state defined as the situa- 
tion at which dS =~ 0. If an isolated chemical 
system is perturbed from the equilibrium state, 
Le Chfitelier's principle holds that it will 
naturally respond through spontaneous reac- 
tions towards equilibrium. Thus, equilibrium 
can be viewed as an attractor state for those 
isolated thermodynamic systems that can 
achieve it. 

For open systems, we must distinguish 
between changes in entropy that occur through 
irreversible processes within the system (diS) 
and those that simply involve entropy transfer 
with the outside world (deS). In the general case, 

dS dis deS 
d t -  dt + dt (2) 

The first term on the right-hand side of 
equation (2) describes entropy production due 
to irreversible processes in the system. The 
Second Law tells us that this term is either 
positive or zero, but it does not dictate increas- 
ing disorder in a non-isolated system; whether or 
not the total entropy of such a system increases 
or decreases with time depends on the nature of 
its interactions with its surroundings. In fact, an 
open system can exhibit spontaneous self- 
organization (implying dS/dt < 0) away from 
the equilibrium state by exchanging energy and 
matter with the rest of the universe such that its 
overall entropy change remains positive (Nicolis 
& Prigogine 1977). The collections of dynamic 
processes that permit such behaviour are 
referred to as dissipative structures. 

Not very far from equilibrium, in the realm of 
linear non-equilibrium thermodynamics, open 
systems naturally evolve towards an attractor 
state of minimum entropy production consistent 
with the boundary conditions imposed by their 
surroundings (Prigogine 1980). This stationary 
state is much like equilibrium insofar as the 
tendency of a system near equilibrium is still 
predictable from the nature of its externally 
dictated boundary conditions. However, in the 
far-from-equilibrium world of non-linear ther- 
modynamics, system behaviour is not predictable 
in any simple way, and attraction to a variety of 
different organized states may be supported by 
a complex array of dissipative structures. 

One of the most famous experiments used to 
illustrate non-linear chemical dynamics is the 
Belousov-Zhabotinsky (BZ) reaction (Gray & 
Scott 1990; Nicolis 1995). Stumbled upon quite 
by accident around 1950 by Russian biochemist 
Boris Belousov, the most widely studied form 
of this reaction involves the oxidation of mal- 
onic acid (CH2COOH2) by potassium bro- 
mate (KBrO3) in the presence of sulphuric acid 
(H2804) , a redox indicator (typically a Ce 
compound), and a chemical dye (ferroin) to 
facilitate viewing of chemical processes that take 
place. When continuously stirred, the BZ cock- 
tail spontaneously oscillates between the colour 
red (indicating the presence of reduced Ce 3+) 
and the colour blue (indicating oxidation to 
Ce4+). This self-imposed ordering of an unstruc- 
tured chemical mixture into a pattern of 
oscillating reactions seems at odds with the 
Second Law of Thermodynamics, so much so 
that Belousov's results were written off by the 
scientific establishment as the result of incom- 
petence or fraud. It took nearly 20 years for the 
research of Belousov and his intellectual des- 
cendants on oscillatory reactions to find its way 
to publication in the mainstream scientific 
literature (Winfree 1984). By that time, research- 
ers had found that an unstirred BZ compound 
would display complex, three-dimensional pat- 
terns of red and blue chemical waves, corre- 
sponding to evolving and propagating reaction 
fronts that emerged spontaneously (Winfree 
1987; Zaikin & Zhabotinsky 1970). Obviously, 
some physiochemical process must provide an 
exception to the rule that all systems evolve from 
order to disorder. 

The problems that Belousov's reviewers had 
with his manuscripts stemmed from the belief 
that the BZ mixture's purported behaviour 
implied oscillation around equilibrium. At con- 
stant temperature and pressure, equilibrium 
thermodynamics dictates that the Gibbs free 
energy (G) of a system undergoing any set of 
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reactions must decrease monotonically to a 
minimum value corresponding to equilibrium 
(e.g. Anderson & Crerar 1993). If it was true that 
each oscillation of the BZ system passes through 
the equilibrium state, then the implication would 
be that G itself oscillates, a clear violation of 
thermodynamic precepts. We now know that an 
active BZ mixture is actually far from equili- 
brium, cycling about attractor sets through 
processes governed by non-equilibrium thermo- 
dynamics. 

The complete set of processes responsible for 
the oscillatory behaviour of the BZ mixture 
is unknown it probably involves more than 
30 separate reac t ions-  but a simplified model 
developed by Field et al. (1972) involves three 
stages: (1) relatively slow bromide consump- 
tion; (2) oxidation of Ce 3+ to Ce 4+ along with a 
rapid drop in Br-; and (3) reduction of Ce 4+ 
back to Ce 3+ with regeneration of Br . A crucial 
part of this process is the operation of inter- 
mediate autocatalytic reactions like the one 
principally responsible for cerium oxidation in 
the second step: 

BrO3 + HBrO2 + 2Ce 3+ + 3H + 

==~ 2HBrO2 + 2Ce 4+ + H20  (3) 

in addition, these autocatalytic processes must 
cooperate with one another to produce the 
structured behaviour of the system as a whole 
(Nicolis 1995). 

In a closed system, with no addition of 
reactants or removal of products, the oscillatory 

behaviour of a BZ mixture eventually stops as 
some of the reactants are consumed forever 
and the system approaches stable equilibrium. 
This observation confirms that G does indeed 
decrease monotonically throughout the evolu- 
tion of the system while the concentrations of 
intermediate reactants and products oscillate. In 
effect, any transient decrease in entropy due to 
these concentration changes is overcompensated 
by other processes that produce entropy. How- 
ever, in an open system that permits the intro- 
duction of new reactants, the BZ reaction can 
be maintained in an oscillatory state indefinitely. 
The longevity and stability of self-organized 
structures like the patterns shown by a BZ 
mixture are thus dependent on the transfer or 
energy and/or matter into and out of the system. 

A non-equilibrium view of orogenic systems 

Mountain ranges are open systems from a 
thermodynamic perspective inasmuch as they 
exchange both matter and energy with their 
surroundings, and it seems only reasonable to 
postulate that their behaviour is governed by 
non-equilibrium thermodynamics. From this 
perspective, the processes that constitute moun- 
tain evolution can be divided into those that add 
energy (~) to the orogenic system, those that 
store energy within it, and those that dissipate 
energy into the rest of the universe (Fig. 2). One 
of the most important mechanisms of energy 
storage is crustal shortening and thickening. 

Shear Heating I ~ [ Radioactive Decay ] 

/ 

oL / V " <  . . . .  ,ithospheri 
~ ~ -  I Retrograde Metamorphism[[ Igneous Crystallization 

Erosion I Tectonic Denudation 
Fig. 2. Energy fluxes and the orogenic system. Processes that add energy to the system (~+) are shown as 
black rectangles; those that dissipate energy into the surrounding environment (~-) as white rectangles. 
The orogenic system (grey) stores energy temporarily through prograde metamorphism, anatexis, and crustal 
thickening and accretion. 
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While some of  this energy is stored by elastic 
strain (Means 1976), most  is simply gravita- 
tional potential  energy (Artyushkov 1973). In 
regions of  isostatic compensat ion,  the potential  
energy per unit area stored in the system in this 
way (A~pot) is: 

"/ ~-) (4) A ~ p o t  = D c g ~ ( 2 q - ~ q -  

where the variables are as defined in Fig. 3 and 
the density of  the addit ional  crust (pc) is 
assumed to be uniform (Molnar  & Lyon-Caen 
1988). Energy can also be stored by endothermic  
processes such as prograde metamorphic  reac- 
tions and anatexis. Imbricat ion and accretion 
of  upper  crust in collisional mounta in  ranges 
tends to concentrate heat-producing elements, 
which are reservoirs of  ' radiogenic '  energy that  
may escape the system through dissipation 
or be retained through prograde metamor-  
phism (Jaupart  & Provost  1985; Huer ta  et  al. 
1996; Sandiford & Hand  1998). Other  energy- 
dissipation mechanisms include some petrologic 

processes (such as retrograde metamorph i sm 
and magma  crystallization), some deformat ional  
processes (such as dynamic recrystallization, 
strain release during earthquakes,  and shear 
heating), and processes such as erosion and 
tectonic denudat ion  that reduce the thickness of  
the crust in an orogen and thus A@ot. 

Some postulated or demonst ra ted  orogenic 
processes have a mixed effect on the energy 
budget.  For  example, there is some evidence that  
collision tectonics results in thickening of  the 
mant le  l i thosphere as well as the crust (House- 
man et  al. 1981; England & Houseman  1988; 
Seber et al. 1996). Colder  and more  dense that  
the asthenosphere it replaces, a lithospheric 
' root '  would resist the buoyancy forces asso- 
ciated with thickened crust (Molnar  et  al. 1993). 
Thickening of  the mant le  l i thosphere is thus a 
dissipative process, while coeval thickening of  
the crust is energy accumulative. If  the litho- 
spheric root  delaminates or is convectively 
removed (Bird 1979; Molnar  et al. 1993), 
potential  energy is added to the system. This 

Fig. 3. The energetics of crustal thickening and 
expulsion: (a) and (e) are modified from Molnar & 
Lyon-Caen (1988). (a) Simple block diagram of a a. 
narrow orogen (grey) adjoining normal, unthickened 
lithosphere (white). The orogen, with width r~, has a 
thickness which is the sum of the original thickness of 
the normal lithosphere (C), the elevation of the 
mountains above the adjacent surface of the normal 
lithosphere (~), and the thickness of the compensating 
crustal root (-,/). The difference in potential energy per 
unit length between the orogen and normal lithosphere 
(A~n ... . .  ) can be thought of as energy storage by 
crustal thickening; it is also the potential energy 
change per unit area (A~pot) multiplied by the width of b. 
the orogen (cf. equation 4). (b) Cartoon (not to scale) 
of the Himalayan orogenic system showing the 
geometric relationship between the STD and MCT 
systems, which separate the Tibetan zone (grey), the 
Greater Himalayan zone (black), and the Lesser 
Himalayan zone (white). Pin line is an arbitrary c. 
vertical line drawn to indicate the overall movement 
shown in the next frame. (c) Cartoon of the system 
after an increment of coordinated movement on the 
STD and MCT systems. Southward extrusion of the 
Greater Himalayan zone and simultaneous erosion 
removes material from the system in the amount 
shown by the freeform black polygon. (d) Block 
diagram indicating the energy dissipation that can 
occur through expulsion or crustal spreading. A wide 
orogen is constructed by permitting the excess crust in d. 
(a) (~ + 3') to flow towards the right of the diagram, so 
that the height of the mountains becomes ~/2, the 
thickness of the root becomes 7/2, and the width of the 
orogen becomes 2r/. The new potential energy change 
per unit length, relative to unthickened lithosphere, for 
the wide orogen (A~wide)  is substantially less than that 
for the narrow orogen. 
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reminds us that the deconstruction of orogenic 
systems is not synonymous with energy loss, just 
as building mountains is not simply a matter of 
adding potential energy. The orogenic process, 
from beginning to end, is a battle between energy 
accumulation and energy dissipation. The his- 
tory of an orogenic belt thus records the flow of 
energy through the system and depends largely 
on how that energy was converted from one 
form to another during its stay. 

Figure 4, a process network map for orogenic 
systems, illustrates many of the complicated 
feedback relationships that can arise. A process 
that enhances the probability of another occur- 
ring can be thought of as a catalyst, whereas one 
which does the opposite is an inhibitor. Circuits 
that involve both catalytic and inhibiting rela- 
tionships imply negative feedback. A simple 
example is that crustal thickening encourages 
erosion through uplift, but erosional transport 
removes material from the system and thins the 
crust in an orogenic belt. Autocatalytic relation- 
ships are represented here as closed circuits of 
catalysis. These are the groups of processes that 

can sustain non-equilibrium, but nonetheless 
stable, orogenic structures for significant lengths 
of time. 

A 'systems approach' to understanding Hima- 
layan orogeny helps explain thrusting on the 
MCT system, normal faulting on the STD 
system, prograde metamorphism, and anatexis 
in the Himalaya (Fig. 5). Although the relative 
importance of various heat sources for meta- 
morphism and anatexis in the Greater Himala- 
yan zone can be debated, there seems to be 
consensus that MCT movement helped trigger 
these thermal phenomena. At the same time, the 
presence of melt and other metamorphic fluids 
probably enhanced deformation on the fault 
system, such that metamorphism/anatexis and 
MCT thrusting constitute an autocatalytic cir- 
cuit. The same is true of anatexis and STD 
normal faulting; anatectic melts facilitated 
movement on STD structures, while footwall 
decompression caused by movement on these 
faults encouraged further melting. As is the case 
for the Belousov-Zhabotinsky reaction and 
other chemical oscillators, these autocatalytic 
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Fig. 4. Process network map for orogenic systems. As in Fig. 2, processes are divided into those that add energy 
to the system (black rectangles), those that store energy (grey), and those that dissipate energy (white). Black 
dashed lines with arrows indicate the encouragement of one process by another, whereas grey dashed lines 
indicate retardation. Bewildering arrays of process relationships, such as those shown here, are diagnostic of 
complex systems. They show why predicting the behaviour of such systems from simple physical models can be 
very difficult, if not impossible. The challenge is to determine which design factors control the collaboration of 
processes and the stabilization of certain system states. 
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MCT Displacement \ 

\ n~n,~ \ Enerov 
Metamorphism . . . . .  ~ Dissipa-tio~l by 
and Anatexis Expulsion of 

( ~ . , . . ~ /  Material 

STD Displacement 

Fig. 5. Feedback relationships between deformational 
and thermal processes in the Greater Himalayan zone. 
The upper circle with arrows indicates positive 
feedback between MCT displacement and 
metamorphism and anatexis through various catalytic 
mechanisms. The lower circle indicates another 
autocatalytic relationship between STD movement 
and metamorphism and anatexis. Thermal processes 
thus provide a critical link for the coordination 
of thrust and normal faulting, ultimately resulting 
in extrusion of the Greater Himalayan zone 
southward towards the Indian foreland. The 
consequent mass dissipation lowers the potential 
energy of the orogenic system. 

relationships alone are not sufficient to sustain 
the process structure illustrated in Fig. 5. It  is" the 
coordination o f  thrust fault ing and normal fault-  
ing, connected through anatexis and metamorph- 
ism, that defines the structure and reveals its 
purpose. 

The kinematics and synchronicity of the MCT 
and STD systems imply that the two moved in 
concert during the Middle Miocene to expel the 
wedge of material now represented by the 
Greater Himalayan zone southward towards 
the Indian foreland (Burchfiel & Royden 1985; 
Burchfiel et al. 1992; Grujic et al. 1996; Fig. 3b). 
The net effect of this was to convert a narrow, 
thick orogen into one which was substantially 
broader but thinner. As shown by Molnar & 
Lyon-Caen (1988), such spreading amounts to 
efficient dissipation of part of the potential 
energy stored in the orogen (Fig. 3c). While 
major thrust faults like the MCT are typically 
strictly regarded as agents of crustal shortening 
and thickening, a closer look at the Himalaya 
reveals that thrust faults and normal faults can 
cooperate when the result is evolution of the 
orogenic system as a whole towards a stable 
attractor state. In this instance, the attractor 
may have been a condition of balance between 
the rate of energy contribution to the system by 
plate convergence and the rate of energy 
dissipation. 

The natural selection of orogenic processes 

If process relationships develop for specific 
purposes in orogenic systems, then what favours 
one set over others that could achieve the same 
goals? In the Himalayan example, physical 
erosion and sediment transport provide a dissi- 
pation mechanism that is a simpler alternative to 
coordinated thrust and normal faulting. Why 
the complexity? The answer may lie in the 
relative efficiencies of different process sets. 

In the course of their investigation of the 
implications of thermodynamics for living sys- 
tems, Schneider & Kay (1994) suggested a 
corollary to the Zeroth, First and Second Laws 
of Thermodynamics. It can be paraphrased as 
follows: 

'If systems are moved away from equilibrium 
by imposed gradients, they will use all 
available avenues to counter those gradients. 
As the applied gradients increase, so will the 
system's ability to oppose further movement 
from equilibrium.' 

Implicit in this statement is the notion that 
systems far from equilibrium will evolve towards 
increasingly efficient sets of compensating pro- 
cesses. Could it be that a kind of 'natural 
selection' was responsible for development of a 
dissipative thrust-detachment combination in 
the Himalaya to complement simple erosion? 

Numerical models of the pressure-tempera- 
ture-time ( P - T - t )  evolution of metamorphic 
terrains require that regional trends of very 
rapid cooling and near-isothermal decompres- 
sion require rapid unroofing (England & 
Jackson 1987; Ruppel & Hodges 1994; Ruppel 
et al. 1988). Evidence for such P - T - t  paths is 
very common in the Himalaya (e.g. Hodges 
et al. 1988, 1993; Metcalfe 1993; Pognante & 
Benna 1993; Vannay & Hodges 1996; Winslow 
et al. 1995; Zeitler et al. 1993), indicating fast 
denudation during the late stages of Neohima- 
layan metamorphism. While very rapid physical 
erosion may have occurred in some regions, it 
seems likely that STD movement played an 
important role in unroofing the Greater Hima- 
layan sequence in most areas, because normal 
faulting is a more efficient mode of denudation 
than physical erosion. For example, estimates 
of physical erosion rates are generally much 
less than average plate motion rates or slip 
rates on major fault systems as measured by geo- 
detic techniques (Bilham et al. 1997; King et al. 
1997; Puntodewo et al. 1994; Summerfield 1991). 
At least one strand of the STD system accom- 
modated unroofing at a rate of _>8.4mma -1, 



18 K . V .  HODGES 

a value that is higher than all but the highest 
estimates for physical erosion (Hodges et al. 
in press). 

In light of such evidence, it seems reasonable 
that the S T D - M C T  system developed to provide 
a more efficient means of energy dissipation 
c. 20-23 Ma when erosion alone became insuffi- 
cient to counteract the crustal thickness and 
topographic gradients imposed on the Himala- 
yan system by plate convergence. However, the 
very existence of this dissipation mechanism may 
have been triggered by the presence of enough 
anatectic melt to sufficiently weaken the litho- 
sphere and permit the development of appro- 
priate deformational structures. Like other 
complex systems, orogenic belts may evolve 
towards certain stable configurations because of 
chance events, a little melting in this case. Once 
achieved, those attractor states might be main- 
tained for millions of years by a continual flow of 
energy and/or matter through the system; in the 
central and eastern Himalaya, anatexis and 
displacement on the STD and MCT systems 
persisted from at least 23 to 12 Ma. Moreover, 
geophysical data from southern Tibet suggest 
that the middle crust there is substantially fluid, 
and it has been suggested that southward 
expulsion of this material continues today in 
similar fashion to the Miocene scenario in the 
Greater Himalayan zone (Nelson et al. 1996). 

Conclusions 

Temporal and spatial relationships between 
metamorphism, anatexis, thrusting and normal 
faulting in the Himalaya suggest that they 
were part of a cooperative set of processes with 
the net consequence of crustal spreading. Non- 
equilibrium thermodynamics provides a useful 
context for understanding this behaviour. We 
can speculate that by Early Miocene time, the 
Himalaya had achieved a high mean eleva- 
tion, with steep topographic and crustal thick- 
ness gradients across the southern margin. At 
c. 23-24 Ma, the thermal structure of the Greater 
Himalayan zone became such that small 
amounts of anatectic melting could occur at 
deep crustal levels, reducing the strength of the 
crust to the point that it could no longer support 
the potential energy gradients imposed by i n d i ~  
Eurasia convergence. Once begun, melting trig- 
gered a cascade of other processes, including 
large displacements on both the MCT and STD 
systems. By encouraging more anatexis, both 
deformational processes became autocatalytic 
and the entire process set became self-sustaining 
through their cooperation. The fact that this 
particular process set persisted for so long - and 

may still be operative implies that it may be 
one of the most efficient possible energy dissipa- 
tion mechanisms for orogenic systems. 

If mountain ranges behave like other complex 
systems, there is no simple route to a unify- 
ing theory of orogenesis. All existing thermo- 
mechanical models of mountain building are 
fundamentally deterministic; a set of assumed 
boundary conditions uniquely constrains the 
evolution of the system through the simultaneous 
solution of simple equations describing processes 
like heat and mass transfer (e.g. England & 
Thompson 1984; Willett et al. 1993; Huerta et al. 
1996; Batt & Braun 1997). However, complex 
systems are characteristically non-deterministic; 
a single set of boundary conditions can lead to 
a variety of outcomes. In my view, we will not 
fully understand the evolution of mountain 
ranges until we move beyond determinism to a 
new generation of models that are as fully 
adaptive as orogens themselves. 

M. Bickle, P. O'Brien and P. Treloar provided much 
appreciated reviews of the submitted version of this 
paper. Earlier drafts benefited fi'om comments by 
S. Bowring, M. Coleman, A. Friedrich and A. Huerta. 
My continuing work in the Himalayas and Tibet is 
supported by grants from the United States National 
Science Foundation. 
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Abstract: Coupled thermal mechanical models of convergent orogens offer a novel way to 
investigate the interactions between heat and tectonics that lead to regional metamorphism. 
In this study, the effects of different distributions of heat-producing material in the crust and 
upper mantle on crustal thermal histories and deformation fields are investigated. The models 
involve subduction-driven collision with moderate convergence and erosion rates. For 
models involving standard continental crust, where heat production is initially concentrated 
in the upper crust, P-T-t paths do not intersect the field of typical Barrovian P-Tconditions. 
However, heat-producing material can be tectonically redistributed, for example, by sub- 
duction of crustal rocks to upper mantle depths, or by formation of thick accretionary 
wedges or continental margin sequences during convergence. Models that include a wedge of 
heat-producing material in the upper mantle generate high temperatures in the lower crust 
and upper mantle that lead to a change in orogenic style; radioactive heating of partially 
subducted crustal material on time scales of 10-30 Ma yields temperatures high enough for 
partial melting. However, crustal PT- t  paths are unlikely to intersect the Barrovian field 
unless erosion or convergence rates change. Models that include a crustal-scale region with 
moderate, uniform heat production, simulating a large accretionary wedge or tectonically 
thickened continental margin sequence, generate P-T-t paths that intersect the Barrovian 
field. However, as convergence proceeds, the heat-producing region is deformed, eroded, 
and reduced in volume, so that the model orogen begins to cool down after about 20 Ma. 
The model results provide an explanation for many first-order tectonic and metamorphic 
features of small orogens, including metamorphic styles ranging from blueschists to the 
Barrovian series to granulites, late-orogenic granitoid maglnatism, and the crustal-scale 
tectonic features associated with regional metamorphic belts. We conclude that the thermal 
state of an orogen is controlled by the evolving competition between cooling by subduction 
and radioactive heating within the deforming orogen. 

The most common style of regional metamorph- 
ism in time and space is the 'Barrovian' 
metamorphic series, first described by Barrow 
(1893, 1912; Tilley 1925) from the Scottish 
Highlands. Barrovian sequences are associated 
with progressive metamorphism from chlorite 
through biotite, garnet, staurolite, kyanite and 
sillimanite zones. The isograds and bathograds 
associated with this style of metamorphism are 
well documented and in many cases experimen- 
tally calibrated, so that the general P-T range of 
Barrovian metamorphism is well known (Fig. 1). 
Numerous case studies of Barrovian meta- 
morphic sequences ranging from Archean to 
Cenozoic in age have yielded precise P-T 
determinations, P T - t  paths, and space-time 
relationships between the various metamorphic 
zones and important episodes of regional 
deformation and plutonism. For example, meta- 
morphic grade generally increases structurally 
up-section, with peak metamorphic assemblages 
post-dating the earliest fabrics but synchronous 

with later thrust-related foliations. P-T-t paths 
generally form open loops in which an early 
pressure increase is followed by a pressure 
decrease at nearly constant or slightly increasing 
temperature (Fig. 1). Peak metamorphism gen- 
erally predates the main stage of granite intru- 
sion, although sillimanite-bearing assemblages 
may be synchronous with plutonism. While 
variations on this general pattern are common, 
these first-order observations clearly require 
explanation in any general orogenic model. 
However, a quantitative explanation for Barro- 
vian metamorphism in thermal-tectonic models 
of orogenesis has proven elusive. 

Although it is intuitively obvious that regional 
metamorphism is controlled by interactions 
between heat and tectonics, there is considerable 
latitude in how these are treated in geodynamic 
models. The temperature field within any model 
orogen is controlled by competition between 
heat production from crust and mantle sources, 
and cooling of the orogen from the surface and 

JAMIESON, R. A. BEAUMONT, C. FULLSACK, P. et al. 1998. Barrovian regional metamorphism: Where's the heat? 
In: TRELOAR, P. J. & O'BRIEN, P. J. (eds) What Drives MetamotThism and Metamorphic Reactions? Geological 
Society, London, Special Publications, 138, 23-51. 
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Fig. 1. Pressure (P)-temperature (T) grid used 
throughout this paper. Reactions shown are: 
1, kyanite = andalusite; 2, andalusite= sillimanite; 
3, kyanite = sillimanite; 4, chloritoid + quartz = 
staurolite + garnet + H20 (staurolite-in isograd); 
5, muscovite + quartz = K-feldspar + A12SiOs + H20 
(muscovite-out isograd); 6, fluid-saturated melting for 
granitoid rocks. The 20°Ckm 1 and 50°Ckm -1 
geotherms bracket the range normally associated with 
Barrovian metamorphism. P - T t  paths are from the 
Gassetts Schist (Vance & Holland 1993), Wopmay 
orogen (St. Onge 1987), Main Central thrust zone of 
the Nepal Himalayas (Hodges et al. 1988), Eastern 
Lepontine Alps (Ring 1992; Engi et al. 1995), and 
Fleur de Lys Supergroup, Newfoundland (Jamieson 
1990). The shaded area is the Barrovian P T  range 
used for comparison with model results. 

by subduction or underthrusting of cool mate- 
rial. Because there is a tendency for geological 
processes to concentrate radioactive heat-produ- 
cing elements (K, U, Th) in the upper con- 
tinental crust relative to the lower crust and 
mantle, the 'standard' model of crustal heat pro- 
duction assumes high near-surface values that 
decrease with depth, so that the lower crust is 
assumed to contribute little to surface heat 
flux (e.g. McLennan & Taylor 1996). Figure 2 
(column 1) illustrates an average model for 
thermally stable Phanerozoic crust which is 
used as a basis for discussion in this paper, 
although it is by no means unique. During 
convergence, increased heat production in any 
vertical column resulting from crustal thickening 
is partly offset by erosion and removal of the 
radioactive upper crust. Orogen models that use 
average values for crustal heat production, 
convergence rates and erosion tend to be 'too 

cold'; that is, they fail to produce peak meta- 
morphic temperatures of 600-700°C at crustal 
depths of 20-30 km as typically inferred from 
the higher-grade parts of Barrovian sequences 
(Fig. 1). Most models for metamorphism there- 
fore invoke some combination of increased 
radioactive heat production, increased crustal 
thickness, strain heating, or reduced conver- 
gence and/or erosion rates. 

In an active orogen, the tectonic regime 
controls how heat-producing upper crustal 
material is distributed: it may be accreted and 
thickened within the crust, it may be accreted 
below the crust through partial subduction of 
continental material, or it may be eroded and 
either redistributed or lost to the system. Under 
stable conductive (non-orogenic) conditions, this 
distribution strongly affects the temperature of 
the lower crust, even among examples where 
surface and basal heat flux are identical (Fig. 2, 
columns 1, 2). For example, burial of heat- 
producing material in the lower crust as shown 
in Fig. 2 (column 2) increases the equilibrium 
temperature at the Moho by 200°C. Distributing 
upper crustal radioactive material uniformly 
through the whole crust (Fig. 2, column 3), 
with an average of half the near-surface heat 
production shown in column 1, increases the 
Moho temperature by an additional 120°C, and 
also increases the surface heat flux, although this 
value still lies within the observed range for 
orogenic continental crust. 

A number of numerical experiments have 
shown that increased radioactive crustal heat 
production (rate per unit mass or volume and/or 
the total volume) can yield model crustal P - T  

conditions that approach those observed in 
Barrovian metamorphic sequences. For example, 
Chamberlain & Sonder (1990) showed that 
thickening of sedimentary basins enriched in 
heat-producing elements could account for Aca- 
dian high-grade metamorphism and plutonism in 
the New England Appalachians. Ruppel & 
Hodges (1994) considered the thermal conse- 
quences of tectonic thrusting that disrupts and 
duplicates a radioactive crustal layer. More 
recently, Huerta et  al. (1996) analysed the effects 
of redistribution of heat-producing material 
through surface erosion and continuous tectonic 
accretion during underthrusting, and showed that 
temperatures above 600°C at 20-40km depth, 
accompanied by inverted upper-plate geotherms, 
could be reached after 25-35 Ma of convergence. 
However, these approaches did not consider how 
the changing thermal structure of the crust would 
affect the tectonic velocity field, and thus the 
subsequent thermal and tectonic evolution of 
the system. This thermal-mechanical coupling 
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Fig. 2. Effect of distribution of heat-producing elements (U, K, Th) on 1D steady-state thermal structure of 
continental crust. Typical values of mantle heat flux (qm = 30 mW m-2), and conductivity (K= 2.25 W m -1 °C -1) 
are used in all three panels. The thermal effects of three contrasting example distributions (Ab A2, A3) for 
heat production with depth are shown. A~, the 'standard' distribution for continental crust (e.g. McLennan & 
Taylor 1996), results in an equilibrium temperature at the Moho of 555°C, and a relatively strong lower 
crust. A2, the same distribution but in the lower crust, results in a Moho temperature of 755°C. A3, which has 
the average heat production of A1 uniformly distributed through the crust, results in a Moho temperature 
of 875°C. Both A2 and A3 result in hot, weak lower crust which is likely to undergo some partial melting. These 
contrasts in lower crustal strength would strongly affect orogenic style. 

is important because the tectonic regime is 
controlled by crustal rheology, which has an ex- 
ponential dependence on temperature in the 
ductile field. 

Understanding the feedbacks between thermal 
and tectonic processes in orogens and their con- 
sequences for metamorphism requires a different 
approach. Previous quantitative investigations 
of metamorphism and melting have used one- 
and two-dimensional thermal-kinematic models, 
in which heat transport is modelled in a system 
where the styles and times of deformation 
and exhumation are specified (e.g. England 
& Thompson 1984; Ruppel & Hodges 1994; 
Thompson & Connolly 1995; Cermak & Bodri 
1996; Huerta et al. 1996). Two-dimensional 
mechanical models of subduction-controlled 
convergent orogens (Willett et al. 1993; Beau- 
mont et al. 1994) calculate deformation fields 
within model orogenic crust, but so far have 
not included the thermal effects associated 
with heat production and crustal thickening. 
Coupled thermal mechanical models, which 
calculate both deformation and thermal evolu- 
tion of model orogens (Jamieson et al. 1996; 
Batt & Braun 1997), allow investigation of 
interactions between heat and tectonics in 

simple convergent systems. This type of model 
is thus a potentially more powerful tool than 
either thermal-kinematic or mechanical models 
for investigating the factors controlling regional 
metamorphism. 

This paper uses a coupled thermal-mech- 
anical model (Figs 3 and 4) for subduction- 
controlled orogenesis to investigate how the 
tectonic redistribution of heat-producing upper 
crustal material affects P - T t  paths, T - t  his- 
tories, and crustal deformation within a model 
orogen. We refer to the heat-producing material 
as 'tectonically accreted radioactive material', or 
' tarm',  and distinguish between tarm accreted at 
crustal levels (e.g. by thickening of continental 
margin sediments during subduction and colli- 
sion), and tarm accreted in the uppermost 
mantle (e.g. by partial subduction of upper 
crustal material). 

Illustration of the problem using a 
reference model 

A problem common to geodynamic models for 
regional metamorphism is that transport of cool 
material into the orogen by subduction or 
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Mechanical Model Thermal Model 

Retro - z  Pro- 
. . . . . . . . . . . .  , . %  

q = 0  q = 0  
Dynamic 

v = 0  -~- v = V p  

Kinematic, 
specified v 400 km 

f Moving, Eroding bdry, T = O°C 
I v  

¢ . . . .  ~ ~ y - .  

x Radioactive Heating " ~" / 

v = v(dynamic) ~ / ~- 
35 km . . . . . .  Moho . , - - - -  

t a r m - - -  
v - O _ _  ../~,~o ~'~;¢ , v = v(kinematic) 

- 

0 k m  

Advection Diffusion Production 

(OT ) pCp ~-+ v. VT = KV2T + A 

p = density, Cp = heat capacity, K = thermal conductivity 

1( = K/pCp = thermal diffusivity (all constant) 

T =T(x,z,t)  = temperature, t = t i m e  
A =A(x,z,t)  = rate of heat production / unit volume 
v =v(x,z,t)  = tectonic (advective) velocity 

dynamic (in crust), kinematic (in mantle) 
V = 0/~x + ~/0z = gradient operator 

Initial Conditions - -  conductive steady state, v = 0 
Boundary Conditions Top surface T = 0°C, v = v(dynamic) 

Left, Right q = 0, v(x) = 0, Vp 
Base q = q m a n d T m a x = T a ,  v = V p  

Fig. 3. Thermal-mechanical model geometry and thermal parameters (see also Table 1). Models assume that 
orogenesis is controlled by convergence and subduction of pro-lithosphere (upstream) with velocity Vp. At S, 
pro-mantle lithosphere detaches and subducts beneath the retro-side (downstream) of the model. Retro-mantle is 
stationary 0' = VR = 0). This assumed (kinematic) behaviour of the mantle forces two conjugate, thrust-sense, 
step-up shear zones (pro- and retro-shears, initial positions shown as dashed lines) to develop in the dynamically 
modelled crust. Arrows show initial sense of motion in both the kinematic and dynamic regions of the model. 
The mechanical model calculates crustal deformation with the basal boundary conditions specified by the 
kinematic mantle velocity. Crustal material is uniform with brittle (frictional, non-cohesive Coulomb; see Fig. 4) 
and ductile (pyroxene-controlled power law rheology; see Fig. 4) properties. Brittle-ductile behaviour is 
determined dynamically within the model based on current temperature, stress and strain rate. The finite element 
numerics for the mechanical model are described by Fullsack (1995). Convergence (Ax) causes crustal thickening, 
isostatically compensated by two broken elastic beams (flexural rigidity 1022 Nm; crustal and mantle densities 
2800 and 3300 kgm -3, respectively), and uplift of  the surface to elevation ht(x, t). Material is eroded at rate ht/T e 
('r~ = erosional time constant) and the surface temperature is maintained at 0c'C. Thermal-mechanical coupling is 
as described by Jamieson et al. (1996) except for the values used for basal and surface heat flux (Figs 2 and 4, 
Table 1). The model is time-stepped by alternating mechanical and thermal steps. Thermal steps solve the time- 
dependent thermal advection diffusion-production equation (above) with the current velocity field determined 
dynamically within the crust and by the boundary conditions. Radioactive material (e.g. A1 above) and the 
temperature field are advected and the updated temperature calculated for the entire model region. The current 
crustal temperature field modifies the mechanics through the ductile material behaviour (effective viscosity 
r /=  B*@) 1/n 1 exp(Q*/nRT); where T =  °K, R = gas constant; ~ = strain rate; other parameters defined in Fig. 4 
and Table 1). Initial thermal conditions for some models assume v = 0 (t < 0), whereas other models assume 
initial steady state with a finite thermal Peclet number (Pe = vL/~; Figs 4, 14 and 17). 
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Initial Configuration of Collision Models,  CA - CD 

50 km 

Temperature and Velocity Fields 
qs = 60 mW/m 2 

Erosion model 
Al(z) = A s (1 - z/hr) { Time constant, x e 

# As = 3 g W / m  3 hr = 2 x 1 0 4 m  
300 km 

35 km h = 3 5 k m  

Vp:l cm a -I 

Pe = 14 
(L=35 kin) 

B* = 1.05 x 105 Pa s 1/2.6 

Fig. 4. Initial configuration of thermal-mechanical models CA to CD. Region A1 has the standard heat 
production distribution for continental crust (Fig. 2). A2 corresponds to tectonically accreted radioactive 
material (tarm) derived from upper crustal material that has been subducted to mantle depths below the orogen; 
this is not present in Model CA but is present in CB, CC and CD (Table 1). The mantle tarm forms a wedge of 
material sandwiched between the base of the crust and the top of the subducting slab. The kinematic velocity 
specified for the mantle lithosphere assumes that mantle tarm remains stationary during the model experiment. 
Thermal and material parameters shown in the diagram are constant for all models described in this paper. The 
initial temperature field corresponds to steady-state conductive conditions (Fig. 2, column 1) prior to rapid 
accretion of tarm. These initial thermal conditions are not designed to represent circumstances following a 
precursor phase of subduction. The results presented (Figs 5, 6, 9-13) represent conditions after decay of these 
initial transient conditions at a crustal scale. 

underthrust ing counteracts the effects of  diffu- 
sional heating resulting f rom themaal relaxation 
during and after crustal thickening, i.e. at 
normal  convergence rates (c. 1 cm a -1) advection 
dominates  over diffusion. This effect is quanti ta-  
tively expressed by the thermal  Peclet number  
(Pe, Table 1); where Pe > 1, material  is trans- 
ported th rough a model  orogen before it can 
heat up significantly. This problem can be 
illustrated by reference to a s tandard coupled 
thermal-mechanica l  model,  Model  CA, which 
has P e =  14 (Fig. 4, Table 1). This model  uses 
average thermal  parameters  for the crust and 
mantle,  displays laterally uniform initial crustal 
properties including heat  product ion  (A0  and 

" an initially conductive temperature field, and 
involves moderate ,  uniform rates of  convergence 

and erosion (Figs 3 and 4, Table 1). Reference 
Model  CA lacks tarm (A2, A3 = 0). 

In the mechanical  model ,  which is based on 
those described by Willett et al. (1993) and 
Beaumont  et al. (1994), material converges f rom 
the pro-side of  the system ( V p = l c m a  -1) to- 
wards the fixed retro-side of  the system (Fig. 3). 
The underlying pro-mantle  l i thosphere detaches 
and subducts at the de tachment  point,  S. The 
crustal deformat ion field is characterized by 
two thrust-sense step-up shear zones, termed the 
pro-shear and the retro-shear, which dip in 
opposite directions and root  at S. The model  
orogen is inherently asymmetric,  with deforma- 
tion and exhumat ion concentrated in the retro- 
shear. The thermal model  (Fig. 3) calculates the 
temperature field in the model  orogen in two 
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Model CA; Vp = 1 cm/a; 'l~e = 1.75 Ma; d' = 8; Zkx = 280 km 

~ 400~ !~ . . . . .  

200 ~_~_ . , e  

0 ~ i i , ~ i ~ J  i i i , i i i i i 

60 80 100 120 140 160 180 200 220 240 260 2 8 0 k m  

550°C 

peak grade profile 
CA 28 Ma 

i ] I • i 

Fig. 5. Model CA at 28 Ma after the onset of convergence. Bottom panel shows the thermal structure of the 
orogenic lithosphere, with isotherms at 100°C intervals shown in blue and heat-producing region A1 outlined in 
magenta. Heavy dashes are the instantaneous velocity vectors. Bold arrows show specified kinematic subduction 
of mantle lithosphere at velocity Ve = 1 cm a -L . Middle panel shows the calculated crustal deformation field at 
28 Ma; grid lines and stripes were initially horizontal and vertical passive markers; they do not represent material 
variations. Top panel shows the distribution of maximum temperatures (Tmax) achieved by points reaching the 
model surface at this time; this corresponds to the distribution of peak metamorphic grade that would be 
observed in a transect across the model orogen. The 550°C reference line corresponds approximately to the 
staurolite-in isograd in pelites (Fig. 1), and also to the initial equilibrium Moho temperature, d' = normalized 
convergence = transport distance/crustal thickness (d/h; Fig. 4); Ax = total convergence distance; re is the surface 
erosion timescale (Table 1). Horizontal scale is identical in all three panels; there is no vertical exaggeration in the 
lower two panels. See text for further discussion. 

dimensions using the parameters  specified in 
Fig. 3. Crustal  rheology responds to the chan- 
ging thermal  structure of  the model  orogen 
according to the t empera ture -dependent  mate-  
rial propert ies listed in Fig. 4. These ' s tandard '  
thermal  and tectonic parameters  are held con- 
stant between models  (Table 1) in order  to focus 
on the effects of  the specified distr ibutions of  

hea t -producing  material .  The sensitivity of  the 
model  predict ions to a b roader  paramete r  range 
has not  been investigated in this study. 

Figures 5 and 6 show the thermal  structure 
and velocity field of  Model  CA at specified times 
(lower panel) and the crustal  deformat ion  field 
at the same times (middle panel). The m a x i m u m  
tempera ture  achieved by points that  reach the 
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Model CA; Vp = 1 cm/a; '~e = 1.75 Ma; d' = 10; Ax = 350 km 
800~ 

6 0 0 ~  . . . .  5~0°_ C _ 
t ~ ' ' " ~ o o  . . . . . .  

I I ~ l l  m / t  -. 
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80 100 120 140 160 180 200 

E 4oo 

2 0 0 ~  

O r i 
60 

peak grade profile 
, C A  BSMa , 

220 240 260 2 8 0 k m  

Fig. 6. Results from Model CA at 35 Ma. Panels, symbols, and parameters as for Fig. 5. Note that there has 
been very little change in the crustal isotherms or deformation field (as indicated by the position of the retro- 
shear zone) since 28 Ma, indicating that the model orogen is close to dynamic and thermal steady-state at the 
crustal scale. 

model surface at the specified times, which cor- 
relates closely with peak metamorphic grade, is 
shown as a 'peak grade profile' (upper panel). 
The similarity between the results for 28 and 
35 Ma suggests that the thermal and deforma- 
tion fields approximate steady-state conditions 
within 30 Ma of the onset of convergence. The 
velocity and deformation fields show that 
material is transported into the orogen from 
the pro-side of the system, and is exhumed 
within and above the crustal-scale, thrust-sense 
retro-shear zone. Between 28 and 35Ma this 
shear zone propagates into its footwall by about 

10 km. Radioactive upper crust (region A1) has 
been removed by erosion in the strongly 
deformed central part of the orogen. Isotherms 
are depressed in the upper mantle in the vicinity 
of the subducting lithosphere, and elevated in 
the lower crust at the base of the retro-shear 
zone. The maximum temperature in the lower 
crust is slightly above 600°C, an increase of 
about 60°C over the original Moho tempera- 
ture of 555°C. The peak grade profiles are 
asymmetric, with maximum temperatures rising 
steeply across the retro-shear and declining 
gradually towards the pro-side of the system. 
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Fig. 7. (a) Initial positions of 30 points whose positions and P - T - t  histories are tracked in these models. 
Numbered points are discussed in the text; symbols are consistent for all diagrams. Also shown are the initial 
positions of the crustal and mantle tarm. (b) Particle trajectories for four selected points, Model CA (ends at 
37.5 Ma), which lacks tarm. Symbols appear at intervals of 10 Ma; arrowheads, which point in the transport 
direction, appear at intervening 5 Ma intervals. Also shown are times at which points reach the model surface. 
Note that points entering the model orogen from the pro-side experience substantially more lateral 
than vertical transport. (e) Particle trajectories for the same four points, Model CB (ends at 37.5 Ma), which 
has mantle tarm. The increased horizontal transport reflects heating of the lower crust by mantle tarm. (fl) Particle 
trajectories for the same four points, Model CE (ends at 38.5 Ma), which has crustal tarm. (e) Particle trajectories 
for the same four points, Model CF (ends at 38.5 Ma), which has both crustal and mantle tarm. Note the 
similarity between model results from CE and CF (see also Fig. 20). Further discussion in text. 

The maximum temperature of points reaching 
the surface, which increases slightly between 
28 and 35 Ma, is about 550°C. 

Particle trajectories and P - T - t  paths for four 
selected points (2, 6, 17, 27; Fig. 7a) common to 
all the models described in this paper are shown 

in Figs 7 and 8. Points CA-2 and CA-6, initially 
located on the retro-side of the model orogen, 
undergo substantial burial and some retro-ward 
motion (Fig. 7b) in response to crustal thicken- 
ing and limited retro-ward propagation of the 
orogen (Figs 5 and 6). Points CA-17 and 
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Fig. 8. P-T- t  paths for the four selected points shown in Fig. 7, Models CA to CD. Symbols at 10 Ma 
intervals; arrowheads at intervening 5 Ma intervals. Also shown are the AI~SiO5 phase diagram and 
Barrovian reference P-T  field from Fig. 1. The maximum temperature, the pressure at that temperature, and 
the time at which that temperature was first reached are listed for each point. 

CA-27, initially on the pro-side of the system, 
are carried into the orogen and are exhumed 
(CA-17) or partly exhumed (CA-27) in the retro- 
shear zone; these points undergo far more lateral 
transport than vertical movement. Figure 8a 
shows that none of the corresponding P - T - t  
paths for these points passes through the peak 
P - T  range typical of Barrovian sequences. The 

model P - T - t  paths all reach peak temperatures 
at too high a pressure and are either not 
exhumed (CA-2, CA-6), or follow exhumation 
paths that lie on the high-P, low-T side of the 
Barrovian field. The P - T - t  loops are also much 
tighter than those normally inferred from 
Barrovian sequences, with exhumation paths 
lying within 50°C of the corresponding burial 
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Model CB; Vp = 1 cm/a; 're = 1.75 Ma; d'  = 8; Ax = 280 km 
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Fig. 9. Results from Model CB at 28 Ma; format and symbols as for Fig. 5. Note the presence of mantle tarm, 
and the corresponding deflection of mantle isotherms and change in crustal deformation field; 
in particular, the retro-shear zone has migrated to the retro-side of the mantle tarm wedge. The peak grade profile 
is broader and has lower maximum temperatures than the corresponding profile for 
Model CA. 

paths (CA-17, CA-27, Fig. 8a). The model 
orogenic crust is too cold owing to conti- 
nued subduction of mantle lithosphere beneath 
the orogen and preferential erosion of heat- 
producing upper crust in the active central part 
of the orogen (Figs 5 and 6). Although the crust 
thickens to more than 55km, there is little 
syntectonic thermal relaxation because the 
Peclet number for this type of model is too 
high. Model CA therefore cannot be considered 
a viable general model for Barrovian regional 
metamorphism. 

Effects of mantle 'tarm' 

Many orogens follow a tectonic progression 
from oceanic subduction through accretion of 
oceanic or sedimentary crustal material to colli- 
sion with another continental block. Although 
the thermal effects associated with subduction- 
related magmatism prior to collision may be 
important, these are transient, difficult to quan- 
tify, and may not produce significant heating of 
the entire mantle wedge and crust above the 
subducting slab (e.g. Cermak & Bodri 1996). 
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Model CB; Vp= 1 cm/a; "l;e= 1.75 Ma; d'= 10;Ax = 350 km 
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Fig. 10. Results from Model CB at 35 Ma. Although there is little change in crustal or mantle isotherms, there has 
been further retro-ward migration of the retro-shear, and the peak grade profile is somewhat steeper and reaches 
slightly higher temperatures, compared with 28 Ma. Note that most of the crustal deformation occurs retro-ward 
of the detachment point, located at 200 km. 

Rigorous investigation of this problem is beyond 
the scope of the present model, which focuses 
instead on the effects of increased heat produc- 
tion in the crust or upper mantle. In some 
orogens like the Alps, where sub-crustal struc- 
ture has been resolved by seismic methods 
(e.g. Schmid et al. 1996) and/or where ultra 
high-pressure crustal rocks are present, there is 
clear evidence that continental crustal rocks 
have been subducted to upper mantle depths. 
We have therefore investigated a series of 
models (CB, CC, CD; Table 1) where a wedge 
of tarm (A2 ~- 3 # W m  -3) is embedded in the 
upper mantle; this represents partially subducted 

upper crustal material accreted beneath an 
orogen immediately prior to collision. 

Model CB (Figs 9 and 10) uses the same 
thermal and tectonic parameters as Model CA 
(Table 1), but includes a wedge of mantle tarm. 
The mantle tarm lies entirely below the deform- 
ing crust and remains fixed relative to the 
detachment point and subducting slab. At its 
early stages the model reflects the assumed initial 
stable conductive thermal conditions, i.e. tarm is 
assumed to have been accreted shortly before the 
model start and has not had time to evolve 
thermally. By 28Ma, the effect of the initial 
conditions has been largely removed so that a 
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Model CC; Vp = .033 cm/a;'l;e = 1.75 Ma; 10 Ma after Vp reduced 
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Fig. 11. Results from Model CC at 38 Ma; symbols and format as for Fig. 5. This model is identical to Model 
CB until 28 Ma (Ax = 280 km), when the convergence rate is reduced to 0.033 cm a -~, i.e. convergence effectively 
stops. 10 Ma after the end of convergence, mantle isotherms are deflected strongly upward into the tarm zone, 
which exceeds 900°C at its base, but crustal isotherms have relaxed substantially (compare with Figs 9 and 10) 
during post-orogenic denudation and crustal thinning. The peak grade profile is somewhat broader than for 
Model CB at 35 Ma. 

broad zone of lower crust has reached tempera- 
tures above 600°C, and a small zone directly 
above the mantle tarm exceeds 700°C. The 
800°C mantle isotherm is drawn upward into 
the tarm wedge, demonstrating that for these 
conditions, heating by mantle tarm out-com- 
petes cooling by mantle subduction. Velocity 
vectors in the hot lower crust are nearly hori- 
zontal, indicating decoupling between the weak 
lower crust and the stronger middle and upper 
crust, which are detached and exhumed above 
this weak zone. This behaviour is a consequence 
of the thermal-mechanical coupling, in which 
there is an exponential decrease in viscosity with 
increased temperature. The lower crust above 

the tarm is therefore much weaker than it was 
initially, and is also much weaker than lower 
crust on either side of the model orogen. This 
results in displacement of the retro-shear zone 
from its original position, rooted at the S-point 
at 200 km, to the retro-side of the mantle tarm 
zone at about 125 km. The pattern of deforma- 
tion within the model orogen is correspondingly 
complex, and changes significantly between 28 
and 35 Ma. The migration and re-establishment 
of the retro-shear zone is accompanied by 
focusing of deformation and exhumation, and 
steepening and retro-ward migration of the 
peak grade profile. Between 28 and 35 Ma peak 
temperatures recorded by rocks reaching the 
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Model CC; Vp = .033 crrda;1~e = 1.75 Ma; 210 Ma after Vp reduced 
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Fig. 12. Results from Model CC at 238 Ma, showing the effects of prolonged post-orogenic erosion. Except in the 
retro-region, crustal isotherms are almost completely relaxed to the conductive steady-state conditions. Mantle 
isotherms are still deflected upward into the tarm wedge, demonstrating the long-term capacity of mantle tarm to 
cause post-orogenic heating with little surface heat-flux anomaly. The deformation field shows the effect of long- 
term, mainly vertical displacement controlled by erosional unroofing, and the peak grade profile is much broader, 
and somewhat hotter, than at 38 Ma (Fig. 11). 

surface rise from about 450°C to about 525°C. 
The 35 Ma peak grade profile is broader, and 
does not reach as high a temperature as the 
corresponding profile from Model CA. 

Particle trajectories from Model CB (Fig. 7c) 
clearly show the effects of thermal weakening 
and detachment of the lower crust immediately 
above the wedge of mantle tarm. Points CB-2 
and CB-6 migrate much further laterally than 
their equivalents in Model CA (Fig. 7b) in 
response to displacement of the retro-shear 
zone. Point CB-2 is first buried, then exhumed 
in the migrating retro-shear, while point CB-6 
remains deeply buried. Points CB-17 and CB-27 
initially follow similar paths to their equiva- 
lents in Model CA, but once they have been 

incorporated into the orogen they are carried 
further laterally as the orogen propagates retro- 
ward. Consequently, CB-17 reaches the surface 
much later than CA-17, and CB-27 remains near 
its maximum burial depth as it migrates retro- 
ward. These results show that a region of weak, 
hot lower crust above the mantle tarm wedge 
is bypassed by the deforming orogen; particles 
that originate in, or are transported into, this 
tectonically stagnant zone are unlikely to be 
exhumed during the episode of convergence 
responsible for their burial. 

P - T - t  paths from Model CB (Fig. 8b) reflect 
these differences in burial and exhumation 
history, with the exception of CB-17 which 
follows a nearly identical path to CA-17. Point 
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Model CD; Vp = 1 cm/a;'l~e = 0.44 Ma; 7 Ma after "Ce reduced 
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Fig. 13. Results from Model CD at 35 Ma. This model is identical to CB until 28 Ma (Ax = 280km), when the 
erosion rate is increased through a reduction in ~-e by a factor of 4. Crustal isotherms are deflected upward in the 
vicinity of the retro-shear owing to more rapid tectonic and isostatic vertical transport of material. The peak 
grade profile is correspondingly hotter than for Model CB at the same time (Fig. 10). 

CB-2 is exhumed, rather than buried, and 
follows a similar P - T - t  path to CB-17. Points 
CB-6 and CB-27 remain deeply buried, reaching 
maximum temperatures of 737°C and 658°C 
respectively. These high lower-crustal tempera- 
tures, 128 and 68°C higher than the correspond- 
ing points in Model CA, are the direct result of 
heating by the mantle tarm wedge. Results from 
Model CB suggest that the most important effect 
of accretion of radioactive material beneath an 
orogen is a substantially hotter lower crust and a 
consequent change in tectonic style. Thermal 
weakening of the lower crust leads to detach- 
ment and retro-ward propagation of the orogen, 
with the retro-shear zone re-established on the 
retro-ward side of the mantle tarm wedge. The 

mid to upper orogenic crust is transported over 
the hot lower crust, which remains deeply buried 
and tectonically stagnant. The maximum tem- 
peratures in the lower crust and mantle tarm 
wedge are high enough to produce granulite 
assemblages in rocks of appropriate composi- 
tion, and could induce dehydration-controlled 
partial melting, particularly in the tarm wedge, 
within 30 Ma after the onset of convergence. 

Two additional models (CC, CD; Table 1) 
were run to test the effects of mantle tarm for 
different convergence and erosion rates. Model 
CC is identical to CB until 28 Ma, when the 
convergence rate is reduced to 0.033 cm a -1, or, 
effectively, convergence stops. Reducing the con- 
vergence rate so that Pe << 1 allows the orogen 
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Initial Configuration of Subduction Model, SA 

Temperature and Velocity Fields 

qs = 60 mW/m 2 
A Al(z) = As (1 - z/hr) /ce = 1.75 Ma 

h =  10km 
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Fig. 14. Model SA starting conditions. This model simulates an ocean/continent subduction zone which will 
develop a tarm accretionary wedge from a 10 km thick layer of moderately radioactive sedimentary material (A4). 
Initially, thermally stable oceanic lithosphere is assumed to be subducted. The adjoining continental crust has 
standard thickness and heat production (A]). There is no mantle tarm. Other model properties are the same as 
those for Model CA. 

to heat up by removing the cooling effect of 
subduction. Figure 11 shows Model CC at 
38Ma, 10Ma after the the convergence rate is 
reduced. The hot lower-crustal region above the 
mantle tarm is wider than for Model CB, and 
both the 800°C and 900°C isotherms are drawn 
up into the mantle tarm. There has been some 
relaxation of crustal isotherms in the central part 
of the orogen. More than 200 Ma after the end 
of convergence (Fig. 12), crustal and mantle 
isotherms have relaxed substantially, and the 
mantle tarm region is still anomalously hot, 
exceeding 900°C at its base. Post-orogenic 
unroofing of the orogen affects the entire 
region of thickened crust, rather than being 
focused on the retro-side of the system, resulting 
in a broad, weakly asymmetric peak grade 
profile with maximum temperatures of about 
550°C exposed over a central 30 km wide region. 

P - T - t  paths from Model CC (Fig. 8c) show 
that mid-crustal points CC-2 and CC-17 are 
virtually identical to their equivalents in Model 
CB. Deep crustal points CC-6 and CC-27 reach 
approximately the same maximum temperatures 
as CB-6 and CB-17, but undergo some isother- 

mal decompression during erosional unroofing. 
The maximum temperatures are therefore sus- 
tained to lower pressures. At about 50 Ma after 
the model start, or 22Ma after the end of 
convergence, points CC-6 and CC-27 approach 
the high T - P  region of the Barrovian field, but 
cool at relatively high pressure thereafter. 

Model CD tests the effect of increased erosion 
rate on the decompression paths. It is identical 
to Model CB until 28 Ma, when the erosion rate 
is increased by reducing the erosional time 
constant % by a factor of 4 (Table 1). After 
7 M a  of increased erosion (Fig. 13), crustal 
isotherms are drawn up in the vicinity of the 
retro-shear and are compressed near the surface 
in response to rapid exhumation of lower crustal 
rocks in the retro-shear zone. Crustal deforma- 
tion is concentrated in the retro-shear, and 
maximum temperatures recorded in rocks reach- 
ing the surface approach 600°C in the hanging 
wall of the retro-shear zone. 

Mid-crustal points CD-17 and CD-2 follow 
P - T - t  paths that are identical to those for CB- 
2 and CB-17, except for the last few million 
years when the decompression rate increases. 
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Model  SA; Vp = 1 crrda; ~e  = 1.75 Ma; d'  = 8; Ax = 280 km 
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Fig. 15. Results from Model SA after 28 Ma of subduction. A broad crustal-scale accretionary wedge has been 
constructed from moderately radioactive material. Internal heating of the wedge has offset the cooling effect of 
subduction in the region immediately above the subduction zone. This model is approximately at steady-state 
conditions at this time. Similar results can be obtained for a thinner sedimentary layer, but the accretionary wedge 
accumulates more slowly. 

Since these points are already near the surface 
at this time, the effect is minimal and unlikely 
to be recorded in mineral assemblages. Deep 
crustal points CD-6 and CD-27 follow iso- 
thermal decompression paths that would cross 
into the high P - T  part of the Barrovian field 
if exhumation continued at the same rate 
beyond 35Ma (Fig. 8d). However, rapid ero- 
sion-controlled decompression is a transient 
phenomenon, because the crust reaches a new 
equilibrium thicknessin isostatic balance with 
the enhanced erosion rate. These particles 
would not be exhumed to the surface through 
the Barrovian P - T  field unless the ensuing 

tectonic exhumation rate were comparable to 
the isostatic rate. 

In summary, in these models, burial of a 
wedge of tarm in the upper mantle beneath an 
active orogen heats the lower orogenic crust 
to temperatures of 650-750°C. This changes 
the tectonic style, so that the hot lower crust is 
bypassed by the active orogen, and remains 
deeply buried unless there is a change in the 
tectonic parameters. Both decreased conver- 
gence rate and increased erosion rate lead to 
near-isothermal decompression of lower crustal 
rocks, although at a much faster rate in the 
latter case. If  decompression is sustained, the 
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Fig. 16. P - T - t  paths from crustal tarm Models CE and CF. Also shown is the burial path for points 
originating on the pro-side of Model SA that are incorporated into the growing accretionary wedge (Fig. 15). 
This burial path lies entirely within the blueschist field. P - T - t  paths shown for Models CE and CF (see Figs 17, 
18, 19 and Table 1 for model conditions and results) are for the same four points as shown in Figs 7 and 8; 
corresponding particle trajectories are shown in Fig. 7d,e. Note that points 17 and 27 follow P - T - t  paths 
through the Barrovian field. In a model that combines subduction and collision, the initial SA burial path 
may evolve into CE-17, CE-2 or CE-6 style behaviour. Further discussion in text. 

Initial Configuration of Collision Models with Crustal tarm, CE and CF 

Temperature and Velocity Fields 
qs = 60 mW/m 2 

Erosion model 

50 km q Time constant, "~e = 1.75 Ma 
- 300 km 

35kan . . . . . .  ....... ........... . . . . . . .  ' , h = 3 5 k m  

p=l cm a -1 

Pe = 14 

(L=35 kin) 
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Model CE; Vp = 1 crrda; ~e = 1.75 Ma; d' = 8; Ax = 280 km 
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F i g .  18. Results from Model CE after 28 Ma of convergence; format as in Fig. 5. Note that the crustal tarm 
region (A3) has been deformed and eroded so that it now forms a narrow zone lying along the retro-shear. Crustal 
isotherms are elevated in this region and heating from crustal tarm has compensated for the cooling effects of 
subduction. However, because the volume of tarm is being reduced, the orogen is now cooling. The deformation 
field (middle panel) shows that crustal tarm would be strongly deformed within the retro-shear zone. The peak 
grade profile is steep and asymmetric, with peak temperatures slightly above 650°C in the hanging wall of the 
retro-shear. 

Fig. 17. Starting conditions, Models CE and CF. Model CE includes a broad region of crustal tarm (A3), 
simulating the accretion of a crustal-scale zone of moderately radioactive sedimentary material during 
convergence. The model follows the thermal evolution and deformation of the crustal tarm zone during collision 
between two regions of standard continental crust (A1). Model CE includes only crustal tarm; Model CF includes 
both crustal and mantle tarm with identical heat-producing properties (mantle tarm in CF has half the heat 
production of mantle tarm in CB, CC and CD). In these models, the initial temperature field corresponds to 
prolonged subduction of mantle lithosphere beneath the crustal tarm, A3, with Pe = 14. In Model CF, mantle 
tarm (A2) is assumed to have accreted rapidly just prior to the start of the model. These initial conditions 
represent the opposite extreme fi'om those in Models CA to CD, and serve to demonstrate the possible 
effect of precursor subduction on the coupled thermal-mechanics of the model. 
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Model CF; Vp = 1 cm/a; Ze = 1.75 Ma; d' = 8; Ax = 280 km 
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Fig. 19. Results from Model CF at 28 Ma; format as for Fig. 5. The model is very similar to CE, except that 
isotherms are drawn up into the mantle tarm wedge, so that the lower crust beneath the retro-shear exceeds 
700°C. Deformation remains focused within the narrow, hot zone of crustal tarm. The peak grade profile is 
similar to CE, but slightly steeper. 

lower crustal points could pass into the high- 
P - T  part of the Barrovian field, The thermal 
structure of the middle to upper crust is rela- 
tively unaffected by the presence of mantle 
tarm, although some exhumation paths change 
substantially owing to the change in tectonic 
style. The points most likely to reach the surface 
in Models CB, CC and CD are therefore still too 
cold to resemble typical Barrovian sequences. 
However, buried mantle tarm reaches tempera- 
tures of 800-900°C (for P > 12-15 kbar) within 
20-30 Ma of the onset of convergence and stays 
hot long after convergence stops. This buried 
crustal material provides a potential source of 

granitoid magma, which could be produced 
by high-pressure dehydration melting of hyd- 
rous phases at temperatures above c. 850°C 
(e.g. Thompson & Connolly 1995; Carrington & 
Harley 1995; Skjerlie & Johnson 1996). 

Effects of  crustal 'tarm' 

An alternative to accretion of tarm in the upper 
mantle is accretion of radioactive material 
within the orogenic crust. This could be accom- 
plished by accumulation of sediments enriched 
in heat-producing elements in an accretionary 
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wedge or a tectonically thickened continental 
margin sequence. Under the model assumptions, 
crustal tarm differs from mantle tarm because it 
moves according to the dynamically determined 
crustal velocity field and is therefore transported 
through the model orogen, whereas mantle 
tarm, located in the non-deforming retro- 
mantle lithosphere, is assumed to be stationary 
(v = 0, Fig. 3). Three models (SA, CE, CF; 
Table 1) were run to investigate the thermal and 
tectonic effects of crustal tarm. 

Model SA is a subduction model designed 
to investigate the thermal structure of an accre- 
tionary wedge formed from moderately radio- 
active sediments. A 10km thick sedimentary 
layer (A4 = 1 .5#Wm -3) is transported into a 
growing accretionary wedge (Fig. 14). The layer 
is both frontally accreted and tectonically under- 
plated beneath the wedge (Fig. 15, middle panel); 
the accretionary wedge grows with time, ulti- 
mately producing a crustal-scale region of 
sedimentary material. After 28 Ma of conver- 
gence (Fig. 15), the 300°C isotherm is drawn 
up into the accretionary wedge by radioactive 
heating of A4, contrasting with the 400°C 
isotherm which is deflected downward by the 
subducting slab. There is thus a very broad 
region, encompassing the lower accretionary 
wedge and upper mantle, where temperatures 
lie between 300 and 400°C. P - T - t  paths for 
points entering the accretionary wedge from the 
pro-side of the system lie within the blueschist 
field (Model SA burial path, Fig. 16). 

Model CE (Table 1) was designed to investi- 
gate the effects of collision following the 
accretion of a wide zone of crustal tarm with 
the same heal production as the accretionary 
wedge in Model SA (Figs 15 and 17). The 
rectangular zone A3 (Fig. 17) represents in a 
simplified way the radioactive heat production 
of the accretionary wedge and/or similar sedi- 
ments of a colliding rifted margin. Mantle tarm 
is not present in Model CE. The initial condi- 
tions also differ from earlier models in that the 
temperature field corresponds to thermal equili- 
brium with an assumed long-term precursor 
phase of mantle subduction with Pe = 14. It is 
only under these conditions that the Moho 
temperature and surface heat flux in the tarm 
region remain moderate (see Fig. 2, column 3, 
for corresponding values where Pe = 0). Clearly, 
very high temperature conditions would develop 
in Model CE if convergence ceases before the 
voume of crustal tarm is reduced by orogenic 
processes; conversely, unlike the earlier models, 
subduction is necessary for the model crust to 
retain some strength and to remain below its 
melting temperature. 

After 28Ma of convergence, the crustal 
tarm zone, initially 150km wide, has been 
strongly deformed and eroded so that it forms 
a 10-20 km thick zone lying along the retro- 
shear zone (Fig. 18). Above the tarm zone lies 
an exhumed crustal section derived from the 
converging pro-crust; a thin wedge of crustal 
tarm is trapped beneath this overriding crust. 
Deformation and exhumation within the orogen 
are strongly focused along the tarm/retro-shear 
zone, which forms a relatively weak, hot zone 
caught between two cooler, stronger, converging 
continental blocks. Heating of the lower crust 
by the crustal tarm has resulted in some retro- 
ward migration of the orogen, although the 
effect is not as strong as seen in Model CB. 
In this case, heating by tarm is moderated by 
the cooler retro-mantle lithosphere (compare 
Figs 9 and 18), indicating that the thermal state 
of the lithosphere on the retro-side of the system 
may exert a significant control on the thermal 
and mechanical evolution of orogens involving 
mantle subduction. Crustal isotherms are drawn 
strongly up into the tarm zone, so that a sig- 
nificant volume of lower crust is at 600-650°C. 
The peak grade profile is strongly asymmetric, 
with maximum temperatures slightly above 
650°C in the hanging wall of the retro-shear. 

Particle trajectories from Model CE are 
shown in Fig. 7d. Points CE-2 and CE-6, 
which originate on the retro-side of the system, 
are deeply buried beneath the overriding orogen, 
resembling their equivalents in Model CA. 
Points CE-17 and CE-27 are transported from 
the pro- to the retro-side of the sytem, and reach 
the model surface near the middle and end of the 
model run, respectively. The particle trajectories 
for these points also resemble those for Model 
CA, but their transport through the orogen 
is faster owing to more focused and efficient 
exhumation in the retro-shear zone. Both 
CE-17 and CE-27 follow P - T - t  paths that pass 
through the Barrovian field (Fig. 16a). Point 
CE-17 reaches peak conditions within the 
Barrovian field, and passes through the sillima- 
nite and andalusite fields during decompression. 
Point CE-27 reaches peak conditions on the 
high-pressure side of the Barrovian field, and its 
decompression path lies entirely within the 
stability field of kyanite. Points CE-2 and CE-6 
reach maximum temperatures in the deep 
orogenic crust, and cool at high pressure 
because they are trapped in the weak crust 
beneath the retro-shear zone. 

Model CF (Fig. 19) investigates the combined 
effects of crustal and mantle tarm. It has the 
same initial conditions as Model CE (Table 1, 
Fig. 17) with the addition of mantle tarm 
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wedge (A2 = 1.5 # W m  3) assumed to have been 
rapidly accreted shortly before the start of the 
model. Deformation fields and peak grade 
profiles for Models CE and CF are very similar 
(Figs 18 and 19). The main difference between 
the two models lies in the temperatures reached 
in and immediately above the mantle tarm, 
where temperatures exceeding 700°C are present 
in Model CF at 28 Ma (Fig. 19). Comparison of 
Model CB (Fig. 9) with Model CF (Fig. 19) 
demonstrates the thermal-mechanical pinning 
effect of the high lateral temperature gradient at 
the base of the retro-crust in Model CF, also 
seen in Models CB and CE. Both CB and CF 
have similar total heat production from tarm, 
although it is distributed differently (concen- 
trated in mantle tarm in CB, distributed through 
crust and mantle tarm in CF). Both attain 
temperatures above 700°C at the base of the 
crust. However, the steeper lateral temperature 
gradient in Model CF leads to a feedback in the 
mechanics that results in more focused deforma- 
tion and exhumation in the retro-shear. Conse- 
quently, isotherms are advected higher into the 
crust and exhumed particles follow an isother- 
mal decompression path en route to the surface 
(compare CB-17, Fig. 8b, with CF-17, Fig. 16b). 
This contrasts with more diffuse deformation 
and velocity distributions in Model CB. 

Particle trajectories for Model CF (Fig. 7e) 
closely resemble those for Model CE. Points CF- 
2 and CF-6 are also deeply buried, although 
point CF-2 does not show the limited exhuma- 
tion shown by CE-2, and CF-6 shows an 
unusual pro-ward motion reflecting lower crus- 
tal shear during retro-ward migration of the 
overlying orogen. P - T - t  paths for all CF points 
are very similar to their equivalents in Model CE 
(Fig. 16), except that lower crustal points CF-6 
and CF-27 reach substantially higher tempera- 
tures (743°C and 611°C respectively) owing to 
heating by underlying mantle tarm. Both CF-17 
and CF-27 pass through the Barrovian P - T  field 
(Fig. 16b), but are not significantly hotter than 
their equivalents in Model CE because they pass 
above the high-temperature lower crustal region. 

Particle paths and P - T - t  paths for three 
points (16, 17, 18) which initially form a vertical 
array near the pro-side of the crustal tarm zone 
(Fig. 7a) are shown in Fig. 20. Results from 
Models CE and CF are nearly identical and are 
therefore discussed together. Although the 
points 16, 17 and 18 originally formed a vertical 
column, they are dispersed during deformation; 
an initial vertical separation of about 7.5km 
becomes a horizontal separation of 20-50kin, 
with lower crustal point 18 travelling sub- 
stantially further towards the retro-side of 

the system (Fig. 20c). Points 16 and 17 form 
P - T - t  loops resembling those from the low- 
grade and medium-grade parts of Barrovian 
sequences, respectively. In contrast, point 18, 
which spends about 20Ma in the deep crust, 
reaches peak conditions at high pressure, forms 
a very tight P - T  loop with its exhumation path 
just slightly hotter than its burial path, and does 
not leave the kyanite stability field. Peak meta- 
morphic conditions for this originally vertical 
array of points are reached in different places 
and at different times within the model orogen. 

Although temperature-time histories have not 
been emphasized in this study, the model results 
serve to illustrate the important distinction 
between cooling and exhumation (Fig. 20b). 
Although cooling rates derived from thermo- 
chronological data are often converted into 
exhumation rates, the necessary assumption of 
a constant geotherm is clearly not appropriate 
for an actively deforming and eroding orogen 
(e.g. Sttiwe et al. 1994; Whittington 1996; Batt & 
Braun 1997). In the models presented here, the 
tectonic velocity within the orogen advects hot 
material into the upper crust, strongly perturbing 
the geothermal gradient by drawing deep 
crustal isotherms toward the surface (Figs 18 
and 19). Particles travelling though the region 
of elevated isotherms therefore undergo near- 
isothermal decompression, followed by v, ery 
rapid near-surface cooling (Fig. 20a, b). Exhu- 
mation starts while these particles are still 
heating up, and the onset of rapid decompres- 
sion significantly precedes the onset of rapid 
cooling (Fig. 20b). For the illustrated point 
CF-17, the cooling rate increases as the particle 
approaches the surface, whereas the amount of 
exhumation over the corresponding time inter- 
vals decreases. As clearly demonstrated by Batt 
& Braun (1997), this rapid cooling need not be 
related to increased tectonic convergence or 
uplift rates. 

Tracking all 30 points through Models CE 
and CF shows that a broad region of the middle 
orogenic crust attains peak temperature condi- 
tions within the Barrovian P - T  field (Fig. 20d). 
Figure 21 shows P - T t  paths and particle 
trajectories for five points that reach the surface 
of Model CF at 15 4-2 Ma, the time at which 
combination of thermal and tectonic parameters 
is optimal for producing Barrovian P - T  condi- 
tions in models with crustal tarm. Mid-crustal 
points CF-8, 17 and 14, which were originally 
distributed over a lateral distance of 60km, 
are tectonically juxtaposed during convergence 
so that they are separated at the surface by 
less than 15 kin. Peak metamorphic conditions 
recorded by the five points increase structurally 
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Fig. 20. Particle paths and P - T - t  paths for three points forming a vertical array (e) near the pro-edge of the 
crustal tarm zone, Models CE and CF. Symbols in (a) and (e) as for Fig. 7, 8 and 16, with symbols shown at 
10 Ma intervals and arrowheads at intervening 5 Ma intervals. Results from Model CE (solid lines with symbols) 
and CF (dashed lines, no symbols) are almost identical, except that CF-18 is slightly hotter during decompression 
than CE-I 8, reflecting the influence of mantle tarm on points in the deep crust. Note the separation of the points 
during deformation (e), and their different arrival times at the surface (times shown for CE; CF times are very 
similar). (b) Temperature-time history for point CF-17 (~CE-17) which reaches the surface at 15 Ma. Numbers 
on curve show burial depths in km at 1.5 Ma intervals indicated by the symbols. Note that exhumation (decrease 
in burial depth) starts at 4.8 Ma while the point is still heating up, and that rapid exhumation starts before rapid 
cooling. The vertical shaded bars indicate nominal closure temperature ranges for various thermochronometers: 
A = apatite fission track; M = mica 4°Ar/39Ar; H = hornblende 4°Ar/39Ar; T = U-Pb on titanite. Cooling rates 
(°C Ma -1) and amounts of exhumation (Az) shown for 100-300°C, 300-500°C and 500-600°C intervals• (d) The 
model region containing points that reach peak temperatures within the Barrovian field. Points at shallower 
crustal levels reach maximum temperatures on the low-temperature side of the Barrovian field; points lying at 
deeper crustal levels reach peak temperatures on the high-pressure side of the Barrovian field. 

u p w a r d  across the re t ro-shear  zone,  then  
decrease again.  The  m e t a m o r p h i c  field g rad ien t  
tha t  wou ld  be observed  in a t ransect  across the  
mode l  o rogen  at this t ime co r responds  approxi-  
mate ly  to the  n o r m a l  Bar rov ian  progress ion  

t h r o u g h  the garnet ,  s taurol i te  and  kyani te  zones  
back  d o w n  to the  garne t  zone.  However ,  this 
m e t a m o r p h i c  field gradient  does n o t  c o r r e s p o n d  
to any the rmal  grad ien t  tha t  existed in the 
mode l ,  since no t  only  are the peak  condi t ions  
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recorded at different times (e.g. Ruppel & 
Hodges 1994) but they are reached in different 
places in the model orogen (e.g. Jamieson et al. 
1996; Batt & Braun 1997). 

Although experiments using different values 
for convergence and erosion rates were not run 
for models with crustal tarm, the effects are 
predictable by analogy with Models CC and CD. 
Reducing the convergence rate allows the orogen 
to heat up; in the limit where Pe=0 ,  the 
equilibrium Moho temperature is 875°C and 
the surface heat flux is 82.5mWm -2 (Fig. 2, 
column 3). In these models, where the crustal 
tarm zone is progressively deformed, eroded 
and reduced in volume during convergence, the 
post-convergence heating effect will be much 
stronger if convergence ceases early in the oro- 
genic evolution, e.g. before c. 15 Ma when the 
tarm zone is at its hottest, than if it ceases at 
28 Ma when the orogen is already cooling down. 
Although the P - T - t  paths for points 17 and 27 
already show a substantial component of near- 
isothermal decompression, increasing the ero- 
sion rate would enhance this effect, bringing 
more points from the kyanite into the sillimanite 
field during exhumation. Enhanced erosion rates 
would also allow deep crustal points to be 
partially exhumed before cooling. 

Discussion 

Of the various model styles investigated, accre- 
tion of a wide zone of moderately radiogenic 
crustal material during subduction, followed by 
continental collision, is clearly the most effective 
way to generate Barrovian P - T  conditions. 
In this respect, the present thermal-mechanical 
model results agree with those from thermal- 
kinematic models (e.g. Chamberlain & Sonder 
1990; Ruppel & Hodges 1994; Huerta et al. 
1996). However, our models show how thermal 
and mechanical effects interact during colli- 
sion, and how material points are transported 
through the deforming orogen, so that their 
final positions at the model surface do not reflect 
their initial positions within the model orogen. 
In models with crustal tarm, a broad region of 
the middle orogenic crust (Fig. 20d) reaches 
Barrovian conditions within 15 Ma of the onset 
of collision. However, during convergence 
(at l c m a  -l)  the crustal tarm is eroded and 
deformed into a narrow zone lying along the 
retro-shear, and becomes an ineffective mid- 
crustal heat source after about 20Ma. Mantle 
tarm, bypassed by the orogenic crust during 
deformation, serves as an effective heat source 
for the deep crust over the 38.5 Ma time span 

investigated in these models, but has only a 
minor effect on the middle and upper crust. 

After 20-30Ma of convergence, the mantle 
tarm wedge reaches temperatures greater than 
800°C; temperatures in this zone would exceed 
900°C within 10Ma of the end of convergence 
(e.g. Fig. 11). Under these conditions, metasedi- 
ment in this zone would undergo dehydration 
melting (Thompson & Connolly 1995; Carring- 
ton & Harley 1995; Skjerlie & Johnson 1996), 
yielding granitoid magma within 20 Ma of the 
orogenic peak. Heating is more rapid than that 
associated with lithospheric-scale diffusive ther- 
mal relaxation because the heat is radiogenic and 
generated within the buried crustal material 
itself. Some anatexis associated with dehydration 
of muscovite (e.g. Fig. 1) might be expected in the 
immediately overlying crust, where temperatures 
may exceed 700°C; however, in the absence of 
mantle tarm, melting within the orogenic crust 
is unlikely to yield large volumes of magma. 
Upward migration of granitoid magma would 
change the thermal structure of the crust sub- 
stantially from that investigated here by advect- 
ing heat into the upper crust and by transferring 
heat-producing material from the upper mantle 
and lower crust into the upper crust. The models 
presented here are not capable of treating the 
effects of melting and plutonism quantita- 
tively. However, efficient heating of the upper 
crust would produce regional low-pressure high- 
temperature metamorphism (e.g. Chamberlain 
& Sonder 1990; Sandiford & Powell 1991), and 
would also lead to broadly distributed defor- 
mation in the hot, weak upper crust, in con- 
trast to the style of deformation shown in the 
present models. 

Models using average initial values for crustal 
heat production produce orogenic crust that is 
too cold to attain Barrovian P - T  conditions. 
However, the deep crust in these models reaches 
pressures in excess of 12kbar at 600-750°C, 
making the formation of lower crustal eclogite a 
distinct possibility. In some models, cooling at 
high pressure (Fig. 16) suggests that eclogite 
assemblages would be preserved, although exhu- 
mation of the eclogites would be unlikely in the 
same orogenic phase. The subduction model 
yields P - T - t  paths that lie within the blueschist 
field, with peak P - T  conditions on the order of 
300-400°C at 10-12kbar (Fig. 16).  These 
models thus provide a feasible way to form the 
high-P-low-T metamorphic assemblages nor- 
mally associated with subduction. 

An intriguing aspect of the models is the way 
in which the tectonic regime responds to heat- 
ing of the lower orogenic crust to tempera- 
tures above c. 650°C. This reduces crust-mantle 
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coupling, allowing the orogenic crust to detach 
and migrate away from the S-point toward the 
retro-side of the system. The retro-shear zone is 
re-established where lateral strength contrasts 
focus defomation of the weak orogen against 
colder, stronger crust, for example, on the retro- 
side of the mantle tarm wedge in Models CB, 
CC and CD, or on the retro-side of the crustal 
tarm zone in models CE and CF. Decoupling of 
the middle and upper orogenic crust from the 
lower crust leads to the formation of a 5-10 kin 
thick zone of hot, weak lower crust that is 
trapped beneath the actively deforming orogen. 
This zone, which would be characterized by 
relatively flat-lying synmetamorphic foliations, 
reaches temperatures of at least 700-750°C, hot 
enough to produce migmatites or granulites in 
rocks of suitable composition. These high-grade 
rocks are unlikely to be exhumed until a sub- 
sequent tectonic episode, if ever. Their pro- 
longed residence at high temperature in the deep 
crust would initially lead to the formation 
of well-equilibrated peak metamorphic assem- 
blages; however, these would be susceptible to 
retrograde zoning and exsolution during sub- 
sequent slow cooling. These are common fea- 
tures of many granulite terranes. 

The models investigated here suggest that 
many first-order features of orogenic belts, 
including the array of metamorphic and struc- 
tural styles, may be explained through a normal 
tectonic progression from subduction through 
accretion to collision (Fig. 22). The initial 
subduction phase is associated with the forma- 
tion of blueschist in the accretionary wedge and 
eclogite in the deeper part of the subduction 
zone (Fig. 22a). Subduction that leads to the 
accumulation of a significant volume of radio- 
active sedimentary material in the crust or upper 
mantle provides the necessary precursor condi- 
tions for the development of Barrovian regional 
metamorphism during subsequent continental 
collision (Fig. 22b, c). With the onset of colli- 
sion, the depth of the basal detachment changes 
from c. 10 to c. 35kin, with a corresponding 
increase in temperature from <300°C to >500°C 
(Fig. 22b) that decreases the cooling effect of 
the subducting slab. Because the volume of 
crustal tarm is progressively reduced during 
deformation and erosion accompanying collision 
(Fig. 22c), the optimal time scale for Barrovian 
metamorphism in the small orogens considered 
here is on the order of 15-20 Ma from the onset 
of collision. In orogens where crustal tarm is 
accreted during subduction, Barrovian assem- 
blages would be expected to overprint blueschists 
or eclogites, a common pattern in metamorphic 
belts (e.g. Alps, Ring 1992; Fleur de Lys Super- 

group, Jamieson 1990; Fig. 1). The progres- 
sion of metamorphic zones predicted to appear 
at the surface in models with crustal tarm, with 
metamorphic grade increasing up structural 
section, approximates that seen in normal 
Barrovian sequences (Fig. 21). In orogens 
with mantle tarm, granulites should form, and 
remain buried, in the lower crust while Barro- 
vian sequences are formed and exhumed at 
the same time in the middle and upper crust 
(Fig. 22c). Heating of mantle tarm to tempera- 
tures above 800°C, or greater than 900°C after 
convergence ceases, could yield late-orogenic 
to post-orogenic granitoid magma from partial 
melting of subducted crustal material (Fig. 22d) 
on time scales of 10-30Ma. For models with 
crustal tarm, the presence of mantle tarm makes 
very little difference to the P - T  conditions at 
mid-crustal levels and hence Barrovian meta- 
morphism; however, in the models investigated 
here, only models with mantle tarm reach the 
high temperatures necessary to form lower 
crustal granulites or substantial volumes of 
granitoid magma. 

Conclusions 

The first-order predictions of the models pre- 
sented in this paper are compatible with first- 
order observations from Barrovian regional 
metamorphic belts. However, some caution is 
required because the sensitivity of the model 
predictions to different thermal and tectonic 
parameters has not been tested, and the effects 
of gradual accretion of crustal and mantle tarm 
prior to collision have not been investigated. 
We concur with the conclusions of previous 
workers that tectonically accreted or thickened 
heat-producing crustal material is important 
for producing high-temperature metamorphism 
(e.g. Chamberlain & Sonder 1990; Ruppel & 
Hodges 1994; Huerta et al. 1996). However, this 
work shows that accumulation of tarm in the 
crust or upper mantle leads to complex feed- 
backs between thermal and tectonic processes 
which strongly influence orogenic evolution. 
These feedbacks would become even more 
important in models in which a more realistic 
distribution of material properties is likely to 
produce significantly lower effective viscosities 
and/or more pronounced lateral or vertical 
strength variations. 

It is well known that particular metamorphic 
conditions and associated P - T - t  paths can be 
reproduced by a range of model assumptions, 
including the unrealistic tectonic conditions 
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implicit in one-dimensional models; conse- 
quently, unique solutions will not be obtained 
from thermal modelling alone. Instead, we have 
addressed in simplified form the more complete 
and more complex problem of coupled thermal-  
tectonic evolution. The novelty lies not in the 
predicted P - T - t  paths themselves, but in link- 
ing the model metamorphic histories to the 
overall evolution of the model orogen in space 
and time. The models yield internally self- 
consistent sets of predictions, including meta- 
morphic and thermal history and large-scale 
crustal structure, which can be compared with a 
diverse range of observations from orogens. As 
subduction progresses into collision, the model 
metamorphic and tectonic conditions corre- 
spond closely to those observed in small 
orogenic belts like the Alps. Model predictions 
concerning which types of metamorphic rocks 
will be buried, exhumed, or stored as pockets 
of weak material, only to be exhumed later, 
are also consistent with general observations. 
Lastly, the models indicate that special condi- 
tions, such as a long tectonically quiescent 
phase during which thermal relaxation occurs, 
are not necessary for model temperatures to 
correspond to those observed. Instead, Barro- 
vian thermal conditions may be achieved while 
continental subduction continues during colli- 
sional orogenesis (e.g. as in the Alps), if heat 
production within the orogenic crust and upper 
mantle above the subduction zone is sufficient 
to offset cooling by subduction at Pe >> 1. Since 
redistribution of heat-producing material within 
the deforming orogen means that this condition 
is likely to be transient, the orogenic phase 
associated with Barrovian metamorphism in 
small orogens is likely to be relatively short- 
lived, on the order of 20 Ma. It appears that the 
most promising direction for future research is 
the disequilibrium competition between the 
cooling effect of subduction and radioactive 
heat production within the deforming orogen. 
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Abstract: Using pressure-temperature (P-T) paths to decipher sequences of tectonic events 
in the evolution of contractional orogens is difficult because in most metamorphic terrains 
only a limited part of the path can be inferred from petrologic evidence. Perturbations such 
as thermal pulses may not be recorded if they occurred over very short geological time scales. 
Deviations from standard P-T path shapes (e.g. pressure and temperature increase followed 
by decompression and cooling) are seldom recognized although they may reflect major 
crustal processes that affect the thermal structure of continents during active tectonism. In 
particular, recognition of complex P-T trajectories with multiple thermal peaks is essential 
for understanding tectonic, metamorphic and magmatic processes that occur during 
unroofing of metamorphic terrains. Using the example of the Ni~de metamorphic core 
complex (Turkey) and other similar terrains, we propose that P-T paths with initial 
Barrovian trajectories followed by one or more low-pressure-high-temperature thermal 
spikes (increase in temperature at nearly constant pressure) may be characteristic of 
metamorphic core complexes. These temperature spikes are commonly associated with 
granitic magmatism that results when metasedimentary rocks are buried and heated during 
regional metamorphism. Additional thermal contributions such as enhanced mantle heat 
flow or mafic magmatism are not required to explain the thermal spikes. 

Pressure-temperature (P-T) paths can be recon- 
structed for rocks metamorphosed in the mid- to 
lower crust from petrologic information 
recorded in mineral compositions and textures. 
They are a primary means for linking petrologic 
and tectonic processes, and therefore for dedu- 
cing and evaluating the driving forces of 
metamorphism in contractional orogens. P-T  
path shape, however, is not unique to any 
particular tectonic setting, as it is influenced by 
a range of factors such as radiogenic heat 
production in the crust, mantle heat flux, and 
timing/rates of deformation and decompression. 
Nevertheless, certain P-T paths (e.g. those with 
a component of nearly isothermal decompres- 
sion) are interpreted by many geologists to 
describe characteristic sequences of tectonic 
events that occur during mountain building: 
burial, heating and unroofing by erosion and/or 
extension. 

Most P-T paths reconstructed for contrac- 
tional orogens comprise an initial increase in 
pressure and temperature, representing the crus- 
tal thickening phase; an increase in temperature 
during initial decompression, representing ther- 
mal relaxation to the peak of metamorphism; 
followed by a decrease in pressure and tempera- 
ture during unroofing. In most cases, the simple 
shape of the reconstructed path reflects the 
difficulty in deciphering the complete history of 

a metamorphic terrain from limited data. It is 
therefore generally not possible to use P-T paths 
to extract detailed information about the 
mechanisms responsible for or accompanying 
decompression (e.g. erosion, extension, magma- 
tism), although documenting the exhumation 
process(es) is of great interest for understanding 
the evolution of mountain belts. 

Syn- to post-contractional extension has been 
increasingly recognized as a major geodynamic 
process affecting the evolution of orogens 
(e.g. Glazner and Bartley 1985; Sonder et al. 
1987; Liu 1996). A typical result of extension is 
the exhumation of medium- to high-grade 
metamorphic rocks and associated plutons, but 
the driving forces of extension are debated. 
If detailed P-T- t ime (t) paths can be determined 
for these rocks, the paths should provide useful 
information about the transition from crustal 
thickening to decompression, and may also help 
constrain unroofing mechanisms as a function of 
crustal depth and temperature. 

In this paper, we describe the P-T evolution of 
a metamorphic core complex in central Anatolia, 
Turkey, that records two thermal peaks in its 
high-grade central region, and we compare 
its history to similar terrains. We discuss paths 
with multiple thermal peaks (MTP) in the 
context of the driving forces of regional meta- 
morphism and associated magmatism. 

WHITNEY, D. L, & DILEK, Y. 1998. Characterization and interpretation of P-T paths with multiple thermal 
peaks. In: TRELOAR, P. J. & O'BRIEN, P. J. (eds) What Drives Metamorphism and Metamorphic Reactions? 
Geological Society, London, Special Publications, 138, 53-60. 
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Metamorphic geology of Turkey 

The eastern Mediterranean region in Turkey 
consists of fragments of oceanic and continental 
crust that are exposed in east-west trending 
tectonic belts (Pontide, Anatolide, Tauride; 
Fig. 1) formed during closure of Tethyan sea- 
ways and subsequent collisional events in the 
Late Mesozoic-Early Cenozoic. Extension in 
the Aegean region followed convergence and 
resulted in widespread core complex develop- 
ment in the Cycladic Islands, Greek mainland, 
and Turkey (e.g. Lee & Lister 1992; Dinter & 
Royden 1993; Bozkurt & Park 1994). 

The Anatolide tectonic belt in Turkey com- 
prises several large crystalline massifs, including 
the Klrsehir, Akda~ and Ni~de massifs - which 
together constitute the Central Anatolian crys- 
talline complex ( C A C C ) - a n d  the Menderes 
massif in western Turkey (Fig. 1). Protoliths of 
the metamorphic rocks were platform sediments 
from the northern margin of Gondwana. 

Burial and exhumation of crystalline rocks in 
the Anatolide tectonic belt occurred during an 
orogenic event in the Mesozoic and early 
Cenozoic. This paper focuses on the Ni~de 
massif in south-central Anatolia because it con- 
tains well exposed metasedimentary rocks with 

assemblages suitable for thermobarometry, and 
because it contains evidence for metamorphism 
and magmatism during both crustal thickening 
and extensional phases of the Alpine orogeny. 

The Ni~,de massif 

The Ni~de massif is an isolated structural dome 
located at the southern margin of the CACC 
(Fig. 1), and has recently been interpreted as a 
metamorphic core complex that developed 
between Eocene and Miocene time (Whitney & 
Dilek 1996, 1997). It contains amphibolite- to 
granulite-facies metapelitic and metacarbonate 
gneiss in its core, with metamorphic grade 
decreasing structurally upward into lower- 
grade metaclastic schist and homogeneous 
marble. A detachment fault zone characterized 
by deformed marble in the footwall separates 
the metamorphic rocks in the footwall from 
unmetamorphosed, brittly deformed sedimen- 
tary rocks of the hanging wall. 

The pressure-temperature history of the Nifgde 
massif has been deduced from reaction textures 
involving aluminosilicate polymorphs and gar- 
net, and thermobarometric results from meta- 
pelitic rocks. Details of the petrology and P-T 
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Fig. I. Map of the Aegean region showing the location of crystalline massifs in the Anatolide tectonic belt, 
Turkey: the Menderes, and the Klrsehir, Akda~ and Ni~de massifs (the latter three collectively constitute the 
Central Anatolian crystalline complex). 
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history of the Ni~de massif are described by 
Whitney & Dilek (1997) (see also G6ncfio~lu 
1981, 1986), and are summarized here. 

Sillimanite gneiss in the central part of the 
Ni~de massif records an initial clockwise P - T  
path involving burial and heating to c. 730°C at 
5-6 kbar (Fig. 2), with formation of sillimani- 
te + potassium feldspar and generation of per- 
aluminous leucosomes (potassium feldspar+ 
plagioclase + quartz +garnet + muscovite + tour- 
maline). This metamorphic peak was followed 
by decompression/cooling to much lower P - T  

conditions, as evidenced by growth of andalusite 
and cordierite in the contact aureole of a large 
Miocene granite (f2Tgkaplll pluton) that intruded 
the high-grade gneiss (G6ncfio~lu 1986). Intru- 
sion of the granite caused a widespread increase 
in temperature in the core of the massif. This 

second thermal peak occurred at low pressure 
and high temperature and resulted in the par- 
tial replacement of andalusite by sillimanite, 
i.e. the prograde transformation andalusi te~ 
sillimanite (Fig. 3). 

Although the main body of granite crops out 
in the central part of the massif, isolated 
exposures of petrologically identical two-mica 
(+garnet + tourmaline) granite occur elsewhere 
in the high-grade metasedimentary gneiss. These 
isolated exposures may be connected in the sub- 
surface to the main body of the O~kaplll granite, 
and the pluton may therefore have been 
emplaced as a large sill-like body. This inter- 
pretation could account for widespread, late 
thermal effects in the massif that appear to 
extend beyond the narrow contact aure- 
ole observed in the field around the O~kaplll 
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Fig. 3. Photomicrograph of andalusite (And) partially replaced by coarse-grained sillimanite (Sil) in the vicinity 
of a Miocene pluton, Ni~de massif. Field of view = 1.75 mm. 

granite. In addition, extensive exposures of 
gabbro (age unknown) that apparently intruded 
shallow levels of the crust are present in the 
northern part of the massif. Intrusion of mafic 
magma may also have contributed to the late 
temperature increase documented in the meta- 
morphic rocks (see below for further discussion). 

Estimates of the rate of exhumation of the 
Ni~,de massif are broadly constrained by the 
Miocene crystallization age of the Uqkaplll 
granite (Whitney & Dilek 1996), 12Ma apatite 
fission track ages from the granite (Dilek et  al. 
1997), inferences from strata in adjacent sedi- 
mentary basins (i.e. sedimentary rocks in the 
hanging wall of the core complex), and compar- 
ison with age relations in the Menderes massif. 
Although there are significant uncertainties in 
estimates of the timing of the first thermal peak, 
calculated exhumation rates range from 1.9 to 
5.7mma -~. 

Examples from other metamorphic terrains 

P - T  paths with multiple thermal peaks are 
recognized in other terrains that experienced 
synmetamorphic extension. In continental rocks 
underlying the Alboran Sea, isothermal decom- 
pression from relatively high pressure to the 

andalusite stability field was followed by a late 
thermal spike at low pressure, as evidenced by 
the replacement of andalusite by sillimanite 
(Platt et al. 1996) (Fig. 2). Both the age of 
metamorphism (isothermal decompression) and 
the tinting of extension in the region are inferred 
to be early Miocene (Platt & Vissers 1989; Platt 
et  al. 1996), and the proposed P - T  path is 
similar to those inferred for neighbouring 
regions of the Betic Cordillera (e.g. Bakker 
et  al. 1989) (Fig. 2). The thermal spike has been 
attributed to the removal of lithospheric mantle 
and extensional thinning of the crust, processes 
which have been proposed for the region based 
on geophysical and other evidence (Vissers et al. 
1995; Seber et al. 1996; but see also Lonergan 
and White 1997). Because the samples analysed 
from the Alboran Sea are drill-core rather than 
terrestrial exposures, it is difficult to rule out 
other possible explanations for the thermal spike 
(e.g. magmatism). 

Although detailed P - T  paths have yet to be 
described for the Menderes massif, a core com- 
plex in western Turkey, it has been suggested 
that other regions of the Aegean extensional 
province (e.g. metamorphic core complexes in 
the Cycladic Islands) may have experienced late 
thermal spikes following Barrovian metamorph- 
ism (Lister & Baldwin 1993). This proposal is 
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based on interpretation of 4°Ar/39Ar data and 
inferred temperatures of deformation, rather 
than on observations of metamorphic mineral 
assemblages, but is consistent with the timing of 
intrusion of Miocene plutons relative to struc- 
tural development of the core complexes as well 
as the spatial relation between plutons and shear 
zones (Lister & Baldwin 1993). 

Metamorphic rocks exposed in active core 
complexes in the western Pacific (D'Entrecas- 
teaux Islands, Papua New Guinea) record early 
high-pressure conditions (eclogite facies), fol- 
lowed by decompression and cooling through 
amphibolite facies (Baldwin et al. 1995; Hill et al. 
1995) (Fig. 2). Late low- to moderate-pressure- 
high-temperature metamorphism (i.e. a second 
thermal peak; Fig. 2) is inferred from argon 
thermochronology and is attributed to the 
intrusion of a large sheet-like granodiorite 
during the final stages of exhumation. Although 
it is associated with contact metamorphism and 
retrogression of the host gneiss, the thermal 
spike was probably transient, as argon systema- 
tics of affected minerals were not reset (Baldwin 
et al. 1995). Rapid exhumation rates (10 mm a -1) 
are required to account for the inferred P - T - t  
path (Baldwin et al. 1995). 

Comparison with low-pressure-high-tempera- 
ture (LP-HT) metamorphic terrains that are not 
exposed in core complexes is useful for under- 
standing possible heat sources for thermal 
spikes. In a study of an Appalachian metamor- 
phic terrain in central Maine, USA, De Yoreo 
et al. (1989) and Lux et al. (1986) proposed that 
intrusion of large granitic sills, the products of 
crustal thickening, drove regional-scale LP-HT 
metamorphism that is characterized by the pro- 
grade transformation of andalusite to sillimanite, 
with geothermal gradients of 80-100°Ckm -1. 
The authors note that the plutons in the region 
do not have distinct contact aureoles, but that 
LP-HT metamorphic effects extend tens of 
kilometres from the nearest granite exposures. 
Similar late, high-temperature thermal spikes at 
low pressure, although transient, could be super- 
imposed on an overall P - T  path characteristic of 
crustal thickening (Fig. 2). 

Discussion 

The prograde transformation of andalusite to 
sillimanite requires a high geothermal gradient 
(>40OCkm 1; Fig. 2), and can occur in regions 
with high values of radioactive heat production, 
thermal conductivity, mantle heat flux, or where 
extensive magmatism has affected the thermal 
structure of the crust. Where the andalusite to 

sillimanite transformation has been preceded by 
Barrovian metamorphism, heat sources such as 
mantle heat flux and/or magmatism are impli- 
cated, as these parameters can change during the 
tectonic evolution of a mountain belt. In the 
following sections, we consider possible mechan- 
isms for driving metamorphism and magmatism, 
with a focus on the relation between regional 
metamorphism and the generation of crustal 
melts during core complex development. 

Role  o f  m a g m a t i s m  

Numerous studies have documented a temporal 
and spatial relation between magmatism and 
metamorphic core complex development and 
have therefore inferred a genetic link between 
the two (e.g. Coney 1980; Gans et al. 1989; Arm- 
strong & Ward 1991; Hill et al. 1995; Lister & 
Baldwin 1993). It is generally not known, how- 
ever, whether emplacement of crustally derived 
magma can account for the thermal and struc- 
tural features observed or whether an external 
source of heat is required (e.g. emplacement of 
mafic magma or enhanced mantle heat flow). 

In the case of the Ni~de massif, the first 
thermal peak was related to regional meta- 
morphism accompanying Alpine contraction. 
Crustal thickening resulted in high-grade meta- 
morphism and partial melting of metasedimen- 
tary rocks to produce migmatites in the middle 
crust. As described above, peraluminous magma 
(the l~lgkaplll granite), which formed at greater 
depths, intruded the metamorphic rocks once 
they had been exhumed to relatively shallow 
crustal levels. Similar granitoids are common in 
other core complexes (e.g. in the Basin and 
Range province; Crittenden et al. 1980). 

The late thermal spike recorded in the meta- 
edimentary rocks is clearly related to the e m -  
placement of the Ugkaplll granite. As the granite 
is peraluminous, it most likely formed by partial 
melting of metasedimentary protoliths. The 
burial and partial melting of the source region 
of the Ugkaplh magma may have been a deeper 
expression of the same tectonometamorphic 
event responsible for the regional (Barrovian) 
metamorphic event recorded in the meta- 
sedimentary rocks. Alternatively, the lJgkaplll 
granite may have been generated by addi- 
tional thermal events such as influx of magma 
from the mantle or enhanced heat flow owing to 
lithospheric thinning. To explore these possi- 
bilities, we constructed a series of diagrams 
(Fig. 4) that illustrate possible P - T - t  relations 
between the Ni~de gneiss and a hypothetical, 
unexposed source rock for the peraluminous 
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Fig. 4. Possible sequence of events to account for late 
low-pressure-high-temperature metamorphism as a 
result of intrusion of crustally derived granitic magma 
using the example of the Ni~de massif. (a) Thick solid 
black line with arrows = P-T path for Ni~de high- 
grade gneiss (see Fig. 2); thick striped line = possible 
path of magma source rocks, starting at greater depths 
than those recorded by exposed gneiss, with a 
decompression path that intersects the vapour-absent 
metapelite solidus (thin solid grey line). The water- 
saturated metapelite solidus (Le Breton & Thompson 
1988) is also shown (curved solid grey line). Dashed 
lines are isochrons: tl = first thermal peak recorded in 
gneiss; tz = generation of magma at depth and arrival 
of magma in the upper crust; t3 = second thermal peak 
(~t2). (b) Change in depth with time of the gneiss and 
possible magma source rocks. Dashed line = magma 
path; ta, t2 ,t3 as in (a). Ages are approximate. 
(e) Change in temperature with time showing the 
relation between the thermal history of the magma 
source rocks and the gneiss. 

magma that intruded the gneiss. At the time of 
the first thermal peak (tl) recorded in the gneiss, 
the magma source rock is at an arbitrary but 
greater depth than the gneiss (Figs 4a, b). The 
deeper rocks will reach their peak temperature 
slightly later and at a higher temperature than 
the shallower rocks (Figs 4a, c). According to 
this model, the gneiss follows the P-T path 
described above and the source rock follows a 
similar-shaped path until it reaches a solidus 
during decompression. If this model is correct, 
and the Ugkapdl magma largely formed by 
decompression melting rather than earlier 
during prograde (water-saturated or undersatu- 
rated) partial melting, then the timing of the 
emplacement of magma (t2, at an unknown time 
after generation and segregation of the magma) 
will occur after some amount of decompression 
of the country rock. As t2 essentially coincides 
with the second thermal peak (t3; transformation 
of andalusite to sillimanite), there is little dis- 
cernible difference between t2 and t3 (Figs 4b, c). 
This scenario can account for the thermal spike 
being caused by crustally derived magma with 
no external source of heat if the hypothetical 
P-T path for the magma source rocks is valid 
and the magma formed during decompression. 

As noted above, gabbro also intruded the 
Ni~de massif. The age of the gabbro is unknown, 
so it is not possible to discuss its role, if any, in 
the thermal history of the metamorphic rocks. 
As the thermal contribution of marie magma 
cannot be discounted in this particular case, the 
discussion above serves only to show that it is 
possible for crustally derived magma to generate 
thermal spikes without the help of external heat 
sources. Nevertheless, as the Ni~de massif had 
already been largely exhumed at the time of 
intrusion of both felsic and mafic magmas, 
magmatism was probably the driving force for 
L P - H T  metamorphism, but was not a cause of 
core complex formation. In addition, although 
the role of mantle-related processes (e.g. dela- 
mination, emplacement of basalt in the lower 
crust) also cannot be discounted, the geographi- 
cally limited extent of core complex development 
in central Anatolia (Whitney and Dilek 1996, 
1997) suggests that more local mechanisms, such 
as magmatism, were responsible for the late 
thermal spike. 

Role of  deformation 

Tectonic mechanisms such as high-angle faulting 
can juxtapose hot rocks brought rapidly from 
depth with cooler rocks at higher crustal 
levels, driving an increase in temperature in the 
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originally cooler rocks. For example, two- 
dimensional heat-flow models for displacement 
rates of 1 -5mma  -1 on a high-angle fault (60 °) 
predict a shift of isotherms at 6 -10km depth: 
~1 km upward on the footwall and a similar 
amount downward on the hanging wall (e.g. 
Ehlers & Chapman 1996). 

Delivery of heat to shallow levels by fault- 
related uplift of solid rock will be less efficient 
than advection by magma because, in most 
cases, magma is hotter and because magma 
incorporates the latent heat of fusion. Thus, the 
temperatures reached will be lower and the 
duration of heating will be shorter for fault- 
related 'contact'  heating than for conventional 
contact metamorphism. Although this general 
mechanism cannot be discounted, it is not the 
best explanation for many terrains that exhibit 
thermal spikes, as there is commonly a close 
spatial relation between plutonism and low- 
pressure-high-temperature metamorphism. 

Exhumat ion  rate and pa th  preservation 

Differences in peak pressure, temperature and 
dP/dT  slopes among the paths shown for 
various metamorphic terrains in Fig. 2 reflect 
variation in the amount of burial, magmatic 
(or other) heating, and rates of tectonic pro- 
cesses affecting each terrain. Post-peak dP/dT  
slopes are to some extent controlled by the rate 
of decompression, which is accomplished by a 
combination of erosion and extensional unroof- 
ing. In the examples discussed above, exhuma- 
tion rates as deduced from a variety of 
techniques were relatively rapid (1-10 mm a-a), 
and therefore may have had a significant compo- 
nent of extension, consistent with the occurrence 
of MTP paths in core complexes. Rapid unroof- 
ing is also consistent with inferences made based 
on the preservation of metamorphic mineral 
assemblages recording multiple thermal peaks in 
these terrains, and, whatever the mechanism, is 
probably required to preserve evidence for 
transient thermal spikes. 

Summary 

Paths with multiple thermal peaks characterize 
terrains such as metamorphic core complexes 
that experienced crustal thickening followed 
by relatively rapid exhumation and in which 
synextensional magmatism resulted in late 
low-pressure-high-temperature metamorphism. 
Metamorphic reactions are initially driven by 
tectonic burial and associated heating and later 

reactions by magrnatic heating. Inferred P - T - t  
paths suggest that late magmatism could have 
been generated by crustal melting associated 
with regional metamorphism and that external 
sources of heat are not required to account for 
the multiple thermal peaks. 
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Low- to medium-pressure Variscan metamorphism in 
Galicia (NW Spain): evolution of a kyanite-bearing synform 

and associated bounding antiformal domains 

J. R E C H E ,  F. J. M A R T i N E Z  & M.  L. A R B O L E Y A  

Dept  de Geologia, Universitat A u t ~ n o m a  de Barcelona, 08193 Bellaterra, Spain 

Abstract: Evidence for different substitution relationships between aluminosilicates in two 
domains east of the O110 de Sapo gneiss antiform in Galicia (NW Spain) suggests a high 
dependence of metamorphic evolution on the local tectonic and granitoid intrusion history. 
The Vivero pelite belt constitutes a pinched synformal domain located between the Ollo de 
Sapo antiform to the west and the Lugo dome to the east. Within this synform, black, A1- 
rich Silurian pelites contain kyanite that, along with muscovite, formed pseudomorphically 
after early pre-D2 andalusite. Syn-D2 inversion of andalusite to kyanite indicates an 
evolution from early, low-P to medium-P regimes. Locally, near the Vivero transtensional 
fault, which constitutes the E boundary of the synform new, late post-D2 pleochroic 
andalusite grew from staurolite and biotite indicating reinstallment of a new low-P regime 
during and after the D3 deformation phase, which is related to movement along the fault 
zone. The Ol10 de Sapo domain contains only a high T-low P series of metamorphic 
assemblages. The peak assemblage within this domain was cordierite-biotite-K-feldspar- 
andalusite/fibrolite related to emplacement of a pre- to syn-D2 swarm of sheet-like 
peraluminous granitoids located mainly in the core of the antiform. Early pre- to syn-D2 
staurolite-biotite + garnet, and late sillimanite-staurolite-biotite assemblages present on the 
west side of the Lugo dome testify to an early stage of nearly isothermal decompression 
followed by decompression with local heating. Stabilization of late andalusite in the Vivero 
pelite belt and of sillimanite west of the Lugo dome appear almost synchronous and clearly 
related to a syn-D3 thermal peak induced by Upper Carboniferous granitoid intrusion along 
the Vivero transtensional fault separating both domains. 

Low-pressure metamorphism with the prograde 
aluminium silicate sequence andalusite-+silli- 
manite has been considered characteristic of 
the latest episode of thermal evolution of the 
Variscan Chain in the Pyrenees and the Iberian 
Peninsula (Zwart 1986; Julivert & Martinez 
1987). Higher P events have been restricted to 
the very early stages of the Variscan orogeny. 
High P-h igh-T granulites and eclogites of Lower 
Devonian age (Santos Zalduegui et al. 1996) 
occur as allochthonous terranes (e.g. Cabo 
Ortegal) incorporated tectonically during the 
Variscan orogeny. The low-pressure meta- 
morphism implies late high thermal gradients 
which appear related to granitoid intrusion 
(Capdevila 1968a, b; Oen 1970; Martinez & 
R61et 1988; Reavy 1989; Hutton & Reavy 
1992) that takes place after a first stage of 
isoclinal folding (D1) with development of a 
pervasive slaty cleavage (S1). Intrusions seem to 
be related to subsequent episodes of sub-vertical 
refolding and local normal faulting that occur 
during the latest deformation stages of the chain. 
However, a more careful study reveals this 
scheme to be too simplistic as diverse data 
(Ayora et al. 1993) seem to point towards the 

existence of a medium-P event immediately 
predating the final high-T-low-P evolution. 

In NW Spain (Fig. 1), medium-pressure, 
kyanite-bearing assemblages occur in Ordovi- 
cian and Silurian pelite belts (Capdevila 1968a) 
which constitute pinched synforms situated 
between rimming low-P, high-T, antiforms 
cored by older materials of Precambrian and 
Cambrian age that sometimes constitute gneiss 
domes (Martinez et al. 1988). The western and 
eastern boundaries of these belts are constituted 
by ductile shear zones outlined by abundant 
granite intrusion; these zones are the Valdovifio 
sinistral strike-slip fault (Ponce de Leon & 
Choukroune 1980) and the Vivero normal 
dextral fault (Matte 1968; Ponce de Leon & 
Choukroune 1980; Martinez-Catalfin 1985; 
P6rez-Estaim et al. 1991; Briggs 1995; Martinez 
et al. 1996). The most pronounced of these 
belts is the Vivero pelite belt (Fig. 1), occupy- 
ing a syncline situated between two antiformal 
D2 structures refolding DI folds: the Ollo de 
Sapo gneiss dome (Parga Pondal et al. 1964; 
Gonzfilez-Lodeiro 1983; Diez-Balda et al. 1990) 
and the Lugo dome (Matte 1968; Martinez- 
Catalfin 1985; Bastida et al. 1986). The Vivero 

RECHE, J., MARTiNEZ, F. J. & ARBOLEYA, M. L. 1998. Low- to medium-pressure Variscan metamorphism in 
Galicia (NW Spain). In: TRELOAR, P. J. & O'BRIEN, P. J. (eds) What Drives Metamorphism and Metamorphic 
Reactions? Geological Society, London, Special Publications, 138, 61-79. 
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4°W The Pyrenees 
LA CORUIqA 

° 

The Variscan Iberia 

Fig. 1. Map showing the kyanite-bearing 
synform (shaded) and the two, western and 
eastern, bounding antiforms (O11o de Sapo 
gneiss and Lugo dome). Sample numbers 
correspond to those in Table 1. Main units as in 
the La Corufia sheet (Bastida et al. 1984) of the 
1 : 200,000 Geological Map of Spain. 

fault is situated on the eastern flank of the 
above-mentioned syncline, and constitutes the 
eastern boundary of the kyanite-bearing Vivero 
pelite belt bringing it into contact with the Lugo 
dome, with respect to which the belt constitutes 
the hanging wall (Martinez et al. 1996). 

Whereas the normal sequence of aluminium 
silicate polymorphs in the periphery of anti- 
formal areas constituting thermal domes in NW 
Iberia (Den Tex 1966; Capdevila 1968b; Marti- 
nez et al. 1988; P~rez-Estafin et al. 1991), and in 
the Pyrenees (Guitard 1970; Autran et al. 1970; 
Vielzeuf 1984; Zwart 1986; Soula et al. 1986; 
Wickham & Oxburgh 1987; Gibson & Bickle 
1994; Liesa 1994) is sillimanite following anda- 
lusite, kyanite occurs in the Vivero pelite belt 
replacing a subidioblastic, post-D1 pre-D2 chias- 
tolite. A later generation of post-D2 andalusites 
normally includes staurolite plus biotite and 

occasionally kyanite and chloritoid as well. 
These facts indicate that the kyanite-bearing 
medium-P event is located between two andalu- 
site-bearing events of higher-T and lower-P. 
This detail in the progressive changes of thermal 
regime has not been described so far, and is 
shown in this paper to be controlled by 
deformation and by two granitoid emplacement 
events, one post-D1 and pre- to syn-D2 and 
another syn-D2 lasting to post-D3. 

The aim of the present paper is to study the 
evolution of the metamorphism in the pelite belt 
and in the two bounding antiforms, west and 
east, in order to see the variation of the P - T  
conditions under which deformation has taken 
place. The occurrence of granitoid intrusions in 
the studied area causes local changes in the 
thermal gradient that substantially affect the 
metamorphic evolution. Since deformation takes 
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place contemporaneously with metamorphism, 
the mineral assemblage evolution is controlled 
by the structural history. 

Since the pelite belt occurs in a synform 
rimmed by two antiforms, three areas have 
been chosen for study. One embraces the pelite 
belt itself, showing the variation in metamor- 
phic assemblages across it from west to east. The 
other two areas are, respectively, the core of the 
Ollo de Sapo gneiss antiform situated to the west, 
and the western part of the Lugo dome antiform, 
situated to the east, whose contact with the pelite 
belt is constituted by the Vivero fault. 

Pelitic and psammopelitic lithologies from 
these three areas have been selected for studying 
the evolution of their mineral assemblages in 
order to deduce, and compare, trajectories 
followed by rocks in the pelite belt and in the 
two rimming antiforms. Mineral assemblages 
found in a set of representative samples from the 
studied lithologies are listed in Table 1. 

The lithology chosen from the O11o de Sapo 
antiform (Fig. 1) corresponds to an augen gneiss 
with cordierite K-feldspar-oligoclase-biotite- 
andalusite-fibrolite located near a pre- to syn- 
D2 gneissic granite. The cordierite in this assem- 
blage is pinnitized and includes remnants of 
resorbed andalusite (Fig. 2b); fibrolite occurs 
locally in contact with biotite (Fig. 2c) and seems 
later with respect to andalusite. Blastic secondary 
muscovite also occurs and part of the bio- 
tite is transformed into secondary chlorite. The 
main fabric in the augen gneiss is a composite 
foliation $1+2, although D2 folds containing 
an axial-planar $2 crenulation can be locally 
observed; these D2 folds are minor order folds 
of the larger D2 structure that constitutes the 
Ollo de Sapo antiform (Gonzfilez-Lodeiro 1983; 
Diez-Balda et al. 1990). Elongated cordierite 
aggregates that include resorbed andalusite and 
biotite seem to develop parallel to the conspic- 
uous composite fabric ($1+2) present in the 
rock defined by biotite, granoblastic elongated 
quartz and feldspars. Occasionally the cordierite 
aggregates are wrapped around feldspar augen. 
The bulk composition of this chosen lithology 
(sample 11, Fig. 8) plots below the garnet- 
chlorite AFM tie-line, and so do the other two 
samples (16 and 17) represented for comparison 
in the upper left inset of Fig. 8. 

The lithologies chosen in the pelite belt 
correspond to Al-rich graphitic Caradocian 
and Silurian metapelites that plot well above 
the garnet-chlorite tie-line in an AFM projec- 
tion (sample 42 of Fig. 9) and to less aluminous 
and Mn-richer samples that still plot above this 
tie-line but very close to it (sample 93 of Fig. 9). 
Metamorphic grade seems to stay constant 

across the pelite belt from west to east, increas- 
ing rapidly and reaching the maximum grade 
some tens of metres from the Vivero fault, 
especially in places where syn- to post-tectonic 
fault-related granite intrusions occur, either in 
the pelite belt or in the Lugo dome. The most 
widespread assemblage in the pelite belt 
is chloritoid-chlorite-muscovite + kyanite in the 
selected Al-rich graphitic lithology. In this 
assemblage kyanite and muscovite are pseudo- 
morphic after chiastolitic andalusite, whose 
shape and symmetric arrangement of inclu- 
sions can still be identified (Fig. 3c). As grade 
increases in the vicinity of the Vivero fault, the 
assemblages staurolite-chlorite-kyanite (Figs 
4b and d), staurolite-andalusite-biotite (Figs 5a 
and b) and biotit~andalusite (Figs 6a, b and c) 
are progressively developed in the A1- 
rich metapelites, whereas Al-poorer Mn-richer 
rocks contain garnet-staurolite chlorite, gar- 
net-staurolite-andalusite-biotite and, finally, 
garnet-andalusite cordierite-biotite (Fig. 6d). 

A sub-vertical strong $2 crenulation refolding 
the earlier $1 fabric is developed in the pelite belt 
associated with metric D2 fold hinges. The 
chiastolite pseudomorphosed by kyanite-mus- 
covite aggregates overprints the $1 slaty cleavage 
and appears either deformed by the $2 sub- 
vertical crenulation, whenever this latter fabric is 
observed (Figs 3a, b) in fold hinges, or rotated in 
the composite 81+2 fabric in the D2 fold limbs 
(Fig. 3c). Muscovite from the kyanite-muscovite 
aggregates that replace the pre-existing chiasto- 
lite appears stretched and incorporated into 
the external $1+2 fabric testifying for a pre- to 
syn-D2 replacement. Kyanite and chloritoid are 
pre- to syntectonic with respect to $2 (Fig. 3b). 

Finally, a sub-aluminous pelite lithology 
was chosen from the western part of the 
Lugo Dome antiform (Fig. 1). This lithology con- 
tains the assemblages fibrolite-staurolite-biotite 
-(garnet) muscovite (Fig. 7a), garnet-(stauro- 
lite)-biotite-muscovite-plagioclase (Fig. 7b) 
and fibrolite-staurolite-biotite (see Table 1). 
A strong sub-vertical recrystallized schistosity, 
which is an evolved $2 crenulation, is observed 
in these rocks. Partially resorbed garnet and 
staurolite are wrapped around by this schisto- 
sity (Figs 7a and b). 

KFMASH pseudosections have been con- 
structed for the selected lithologies using versions 
2.4 and 2.5ppc of THERMOCALC (Powell & 
Holland 1988) with the most recent databases of 
August 95 and December 97 (Figs 8, 9 and 10). 
Values of bulk compositional parameters, corre- 
sponding to values in real samples (11 for the O11o 
de Sapo antiform, 42 for the pelite belt and 31.1 
for the Lugo dome) are used in THERMOCALC 
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Fig. 2. (a) Mesoscale detail of pre- to syn-D2 peraluminous granite veins in the Ollo de Sapo gneiss 
antiform. Main foliation is a composite $1+2. White dot represents the location of sample 11 to which the 
photomicrographs correspond. (b) Elongated aggregates of pinnitized Crd including resorbed And. Light 
and dark bands define $1+2 foliation. (e) Detail of a Crd aggregate with inclusion of relict And which also 
occurs in the proximity. Fibrolite nucleated on Bt occurs near resorbed And. 
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Fig. 3. Relations of meso- and microstructures in the western part of the pelite belt near the O110 de Sapo 
gneiss antiform. (a) Detail of sub-vertical D2 folds, defined by psammitic layers, showing location of 
photomicrographs. A strong $2 crenulation is developed in fold hinges. (b) Ms pseudomorph after pre-D2 
chiastolite. $2 crenulation wraps around the pseudomorph. (c) Ky-Ms aggregates after pre-D2 chiastolite. 
$2 flattens around them. Tiny needle-like crystals surrounded by $2 in the matrix are Cld. Ky is also deformed 
by $2. Other matrix minerals are Ms, Chl, Qtz and graphite. (d) Ky-Ms pseudomorph after chiastolite. 
External fabric is a composite Sl+2 in which the pseudomorph appears slightly rotated in a D 2 fold limb. 
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Y 

Fig. 5. (a) And St-Bt hornfelsic schist in the Vivero fault zone. St is stable in the matrix and partially resorbed 
inside late And. Ky relicts occur with Ms in the matrix. Qtz and blastic Pig are also present. (b) Rotated 
pleochroic late And and St in an And St-Bt-Ms hornfelsic schist in the Vivero fault zone near the contact with 
the Lugo dome. $3 lies at low angle with former $1+2. 

calculations and are indicated in each of the 
pseudosections. AFM diagrams depicting bulk 
composition for the rest of representative 
samples in each domain are presented in each. 
Additional pseudosections, drawn from bulk 
composition values of real samples, are also 
presented as insets in the figures so as to reflect 
the observed local variations in bulk composi- 
tion within the Ollo de Sapo and the pelite belt 
domains (samples 17 and 93, respectively). Other 
calculations have shown that minor bulk com- 

position variations observed within Al-rich and 
Al-poor lithologies in each of the domains do 
not imply major displacements in the phase 
fields and hence seem not to have geological 
significance. 

A value of 0.9 is used for the water activity 
due to the presence of graphite, and hence of a 
binary CO2-H20 fluid, in black metapelites 
(Ohmoto & Kerrick 1977; Connolly & Cesare 
1993), whereas water activity was set at 1 in the 
Ollo de Sapo gneiss. Mineral solution models are 
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Fig. 7. (a) (Grt)-St-Bt-Sil-Ms schist from the Lugo dome. Grt is partially resorbed into Bt and Ms. Schistosity is 
a sub-vertical $2. (b) (St)-Grt-Bt-Ms psammitic schist. Ms surrounds resorbed St. Both samples are from the 
Lugo dome and their matrix is coarser-grained than that in preceding figures. 

used as in Xu et al. (1994) and Mahar  et al. 
(1997). A corrected activity was used to account 
for the presence of additional components like 
Zn in staurolite (activity of ferro-staurolite is 
calculated as 0.954 x 4 where x = [Fe/(Fe + Mg)]) 
as in Pitra & Guiraud (1996). 

Pressure-temperature evolution 

A pseudosection for a fine-grained augen gneiss 
in the Ollo de Sapo antiform is presented in 

Fig. 8, allowing deduction of the highest-T 
conditions reached by the western part of the 
antiform, where gneisses are high-grade rocks 
injected by a swarm of peraluminous granite 
veins deformed by D2 (Fig. 2a). Conditions 
deduced for the gneisses are those of the 
cordierite-K-feldspar-biotite-andalusite fibro- 
lite K F M A S H  divariant field, to the right side 
of the degenerated Ms + Qtz = Als + Kfs + H20 
equilibrium since there are multiple contacts of 
pinnitized cordierite with K-feldspar, and the 
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Fig. 8. KFMASH P - T  pseudosection for sample 11 from the Ollo de Sapo gneiss, showing the three-, two- and 
one-phase fields. All assemblages include plagioclase, quartz, H20 and either muscovite or K-feldspar. The two 
insets on the lower left represent the low-T assemblages developed in sample 11 and in a K-feldspar-rich, Al-poor 
lithology like samples 17 and 17 with 2% less A1203. Inset on the upper left shows AFM projection for bulk 
compositions of the Ollo de Sapo gneiss. Univariant reactions separating the higher-variance fields are from left 
to right: Chl + Ms + And + Qtz = Crd + Bt + H20; St + Chl + Ms = Bt + And + Qtz + H20; 
Grt + Chl + Ms = St + Bt + Qtz + H20; St + Bt + Qtz = Grt + Ms + Ky + H20; Bt + Als + beta- 
Qtz = Cd + Grt + Kfs + H20. Mineral abbreviations are after Kretz (1983). 

only existing muscovite is a blastic secondary 
one. However, given the narrowness of the 
divariant field, the occurrence of relict andalusite 
showing different degrees of resorption preserved 
inside the cordierite (Figs 2b and c) might reflect 
overstepping of the divariant field bringing the 
rock into the trivariant cordierite-K-feldspar- 
biotite field, at P conditions below the intersec- 
tion of the andalusite--sillimanite boundary 
with the cordierite-andalusite-biotite-musco- 
vite divariant band at c. 2.4 kbar (Fig. 8). 

Fibrolite surrounds corroded andalusite relicts 
and is also nucleated on biotite in the proximity 
of the andalusite (Fig. 2c), which suggests that 
the path has crossed the andalusite-sillimanite 
boundary. The absence of primary muscovite, 
which together with biotite defined the lower- 
grade rock foliation Sl+2, in the cordierite- 
biotite gneiss suggests that the univariant break- 
down of muscovite + quartz was also crossed. 
The peraluminous granite veins intruded in the 
cordierite-biotite-bearing gneiss contain aggre- 

gates of pinnitized cordierite and corroded relicts 
of andalusite and sillimanite which resemble 
those observed in the host rock. The presence of 
these aggregates, that most likely constitute 
microxenoliths, means that the granite was in 
equilibrium with the host rock. On the other 
hand, the absence of either staurolite or garnet in 
the Ollo de Sapo seems to imply that the prograde 
trajectory should have passed below the fields 
containing these minerals and so at pressures 
below 3.2kbar at 545°C, which represents the 
lowest pressure conditions of stability for the 
staurolite-bearing divariant bands (Fig. 8). 

Away from the granites, lower-grade augen 
gneisses containing chlorite-bioti te-muscovite- 
oligoclase + K-feldspar constitute the more 
abundant lithology within the Ollo de Sapo 
gneiss. Plagioclase (oligoclase) forms the major- 
ity of the augen and is more abundant than 
K-feldspar which appears relict inside plagio- 
clase. Biotite-muscovite or bioti te-K-feldspar- 
muscovite assemblages, lacking chlorite, have 
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Fig. 9. Pseudosections for the pelite belt synform. (a) KFMASH pseudosection for Al-rich sample 42. The dashed 
part of the path is deduced from assemblages observed in Al-rich samples similar to 42 as well as by assemblages 
in and thermometry done for Mn-richer lithologies represented by the lower right inset (e). (b) Outlined area in 
(a) showing chloritoid isopleths for studied samples (lines labelled with XFe in Cld) and Chl-Cld exchange 
thermometry (vertical lines). Open dots represent intersections for chloritoid core (left) and rim (right). 
(e) Mn-KFMASH pseudosection for Al-poorer, Mn-richer lithologies as sample 93. Sub-vertical lines in fields 
Grt-St-Chl and Grt-Bt-And represent, respectively, rim Grt-Chl and Grt-Bt exchange thermometry. 
Assemblages enclosed within ovals correspond to those observed in samples. Inset in the upper left corner shows 
AFM projection for bulk compositions of the Vivero pelite belt. All assemblages contain Ms, Qtz and H20. 

been observed in practically all low-grade 
samples, although restricted to feldspar-rich, 
felsic microdomains. Sample 11 also contains 
biotite and biotite-K-feldspar assemblages 
although the corresponding pseudosection of 
Fig. 8 does not show any of them. The two 
insets in Fig. 8 show the progressive expansion 
of different low-grade assemblages as bulk 
composition becomes K-richer and less alumi- 
nous than sample 11, as happens in a hypothe- 
tical Al-poorer sample 17 with 2% less A1203. 
The presence of biotite and biotite-K-feldspar 
assemblages in thin-section sub-domains of 
samples 17 and 11, probably represents local 
equilibrium in K-rich and Al-poor parts of the 
rock, such as those within the feldspar augen. It 
is interesting to observe that the coexistence of 
chlorite-K-feldspar is restricted to the least 
aluminous compositions of all. Reactions re- 
sponsible for K-feldspar resorption, observed 
in these samples, could have been related to 

prograde crossing of the divariant band 
chlorite-biotite-K-feldspar 2%. 

Taking into account all these constraints, an 
almost isobaric prograde path would result, the 
initial conditions being those of a chlorite- 
biotite-muscovite-oligoclase rock (Fig. 8). The 
pressure starting conditions for the path would 
be around 2.5kbar, similar to those of the 
western part of the pelite belt which is in contact 
with the gneiss, as will be explained below. It 
should be pointed out that this trajectory only 
reflects local conditions close to the peralumi- 
nous granite intrusions (De Yoreo et al. 1991), 
and means that during D2 antiform formation 
rocks were in the andalusite stability field, at 
conditions around 2.5kbar (Fig. 8). Peak tem- 
peratures must definitely have remained in the 
sillimanite field, at temperatures above the 
muscovi te+quar tz  equilibrium and pressures 
below the divariant band cordierite-sillimanite- 
biotite-K-feldspar (Fig. 8). 
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Fig. 10. KFMASH P T  pseudosection for sample 31.1 from the Lugo dome. Assemblages enclosed within 
rectangles correspond to those that have been recorded in this and other similar samples. Black dots are 
determinations using garnet-biotite-plagioclase barometry (Hoisch 1990) plus garnet-biotite thermometry 
(Hodges & Spear 1982). Open squares are average P, T determinations with Thermocalc 2.5, using the same 
mineral compositions. 

Figure 9 represents conditions for graphitic, 
black slates from the Vivero pelite belt. These 
lithologies occur all across the belt from its 
contact with the Ollo de Sapo augen gneiss, in 
the west, to its eastern contact with the Lugo 
dome. The lowest grade recorded in these litho- 
logies is represented by the divariant KFMASH 
assemblage kyanite-chloritoid-chlorite-musco- 
vite. In these rocks kyanite and muscovite aggre- 
gates pseudomorphically replace subidioblastic 
chiastolitic andalusite, whose shape and inclu- 
sions can still be identified. As explained before, 
microstructural relations indicate that the for- 
mer andalusite crystallized post-D1 but before 
D2 (Figs 3b, c and d). 

The muscovite-kyanite aggregates can be 
recognized in appropriate lithologies all across 
the pelite belt up to the higher-grade rocks, near 
the contact between the belt and the easterly 
Lugo dome-rimming antiform. Textural obser- 
vations indicate that lower-grade black slates, 
containing aluminosilicate plus chloritoid and 
chlorite, underwent the andalusite to kyanite 
replacement. The prograde attitude of the 

trajectory (Fig. 9a) has been deduced from 
chlorite-chloritoid thermometry plus the atti- 
tude of chloritoid isopleths in the kyanite- 
chloritoid-chlorite divariant field, which indi- 
cates higher T conditions of equilibration for the 
rims than for the cores of chloritoid, precluding 
any retrograde crossing of the andalusite- 
kyanite boundary and hence any anticlock- 
wise P - T  path. Perchuk's (1991) calibration 
was used for chlorite-chloritoid thermometry. 
Temperatures were obtained using matrix chlor- 
ite (XFe = 0.655, XMg = 0.340, XMn = 0.005, 
XAI_M2=0.810) from sample 77, containing 
the chloritoid-chlorite trivariant assemblage, 
together with chloritoid cores (Xve=0.874, 
X'Mg ---~ 0 . 1 0 6 ,  X M n  ~ 0.020) and rims (Xve = 

0.866, XMg=0.115, XMn=0.019) of the same 
sample, and give values of 440 and 500°C 
respectively. The intersections of these core 
and rim temperatures with calculated isopleths 
representing composition of chloritoid cores 
(XFe=0.835, XMg=0.165) and rims ( X v e  = 

0.867, XMg -= 0.133) from sample 73, containing 
the divariant assemblage kyanite-chloritoid- 
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chorite, are represented in Fig. 9b. Mn in this 
sample (X~n = 0.01) is not taken into account to 
calculate X values of the isopleths. 

Higher-grade rocks, which are chemically 
equivalent to the lower-grade Al-rich black slates 
previously mentioned, contain the assemblages 
staurolite-chlorite-kyanite and staurolite-anda- 
lusite-biotite. Kyanite-muscovite aggregates are 
still recognized in the first of these two assem- 
blages where they occur folded by a newly 
developed $3 sub-horizontal fabric that affects 
the earlier fabrics $1 and $2 (Fig. 4c) and which 
is only observed in the proximity of the fault. 
The latter of the two assemblages, the first 
containing biotite, occurs restricted to a narrow 
band in the eastern part of the pelite belt, near 
the Vivero fault, just at the contact between 
the pelite belt and the Lugo dome. Andalusite 
from this assemblage (Figs 5a and b) is late with 
respect to the earlier chiastolite pseudomor- 
phosed by kyanite-muscovite; it is subidioblastic 
and pleochroic and occurs syn- to post-tectonic 
with respect to the $3 sub-horizontal fabric. 
In addition, relicts of kyanite within muscovite 
aggregates, recalling those that originated after 
earlier andalusite, are still found in the 
rock matrix. Staurolite from the assemblage 
staurolite-andalusite-biotite is found partially 
resorbed, included in late andalusite and also 
stable in the matrix (Figs 5a and b), indica- 
ting that rocks with this assemblage crossed 
the relatively restricted divariant field stauro- 
lite-andalusite-biotite following a staurolite- 
consuming trajectory (Fig. 9a). Eventually, 
andalusite-biotite hornfelsic rocks are found 
representing the final prograde stage in Al-rich 
metapelites (sample 36 in Table 1) in contact 
with late tectonic granite. In these rocks, 
remnants of kyanite, staurolite and chloritoid 
occur enclosed in post-D3 idioblastic andalusite 
(Figs 6a, b and c). 

More psammitic, hornfelsic rocks with A1- 
poorer and Mn-richer compositions found in 
the same location, close to the Vivero fault, 
as those with andalusite-biotite, contain the 
assemblages: garnet-staurolite-chlorite, garnet- 
staurolite-andalusite-biotite and garnet-cordie- 
rite-andalusite-biotite (Fig. 6d). A decompres- 
sion trajectory can be deduced for these assem- 
blages from the Mn-KFMASH pseudosection of 
Fig. 9c. Temperatures for the peak pressure stage 
of the P - T  path followed by these rocks were 
obtained from garnet-chlorite pairs in sample 93 
containing garnet-staurolite-chlorite (see Table 
1). Calibrations used for garnet rims were those of 
Dickenson & Hewitt (1986) and Perchuk (1991). 
Temperatures using matrix chorite (J(Fe = 0.591, 
X M g = 0 . 4 0 9 ,  X A I _ M 2 = 0 . 8 0 0 )  plus garnet rim 

(X'AI m = 0.744, X p r  p ---- 0 .051 ,  XSp s = 0 .121 ,  XGrs = 
0.084) are 532 and 544°C for 4.6kbar and 
6.3 kbar, respectively, for the P-dependent cali- 
bration of Dickenson & Hewitt (1986) and 552°C 
for the P-independent calibration of Perchuk 
(1991). Temperatures obtained using Fe-richer 
garnet cores (XFe=0.931-0.964) are in the 
range 390-486°C, which are lower than those 
obtained using garnet rims and well outside the 
stability field of garnet-staurolite-chlorite in 
Fig. 9c. Peak temperatures were obtained using 
sample 99 (see Table 1) garnet-biotite pairs. 
Matrix biotite composition (XFe = 0.591, XMg= 
0.409, XAl_M2=0.52) was taken as an average 
of 17 analyses. Hodges & Spear's (1982) 
calibration gives around 546-556°C at 2.3- 
5kbar using garnet rim (XAlm=0.819, XPrp= 
0.053, XSps=0.026, XGrs=0.102) and matrix 
biotite pairs, whereas Williams & Grambling's 
(1990) calibration gives 600-608°C at 2.4- 
4.6kbar using the same garnet (rim)-biotite 
pairs. Garnet cores (XA~ = 0.707, Xpr  p = 0.034, 
Xsp~=0.165, X~rs=0.094) give much lower 
T than any of the previously cited calibra- 
tions when using the same average matrix 
biotite composition. The earlier segments of the 
trajectory followed by these Al-poor rocks is 
assumed to be equivalent to that deduced for 
the Al-richer ones within which they are 
intercalated. 

A pseudosection valid for the Lugo dome 
psammitic schist is shown in Fig. 10. Simul- 
taneous solution using the GPT Exce( TM 

spreadsheet (Reche & Martinez 1996), the 
garnet-biotite (Hodges & Spear 1982) thermo- 
meter and the garnet-biotite-plagioclase-quartz 
barometer (Hoisch 1990) (Fig. 10) was per- 
formed in sample 31.1 (see Table 1). Using 
matrix biotite (XVe = 0.456, XMg = 0.544, 
XAa_M2=0.198) and matrix plagioclase (XAn= 
0.286), gives pressures between 7.1 and 8.4kbar 
and temperatures between 582 and 628°C 
for garnet cores (XA1m=0.70-0.68, XPrp= 
0.13-0.15, XSps = 0.07-0.07, Xars = 0.09-0.10), 
whereas garnet rims (XA~m = 0.75--0.75, 
Xprp = 0.14-0.13, XSps = 0.06-0.07, Xar~ = 0.06- 
0.06) give pressures between 4.6 and 4.1 kbar for 
temperatures between 554 and 530°C. These 
results agree with conditions within the garnet- 
absent fields in the pseudosection drawn in Fig. 10 
for sample 31.1. Average P - T  calculations using 
THERMOCALC (Powell & Holland 1988) 2.5 with 
recent database of Spring 97 gives a set of P - T  
points displaced towards lower T and slightly 
higher P than those obtained with conven- 
tional thermobarometry. Activities of the end- 
members used in the average P - T  calculations 
were calculated with the program AX of T. J. B. 
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Holland, according to a two-site mixing model 
plus Newton & Haselton's (1981) activity 
coefficients for garnets, Holland & Powell's 
(1990) mixing model with Eugster et al. 's 
(1972) gammas for biotite, and Holland & 
Powell's (1992) mixing model 1 for plagioclase. 
Results range from 7.9 to 8.8 kbar and from 551 
to 596°C if garnet cores are used, and from 5.9 
to 5.6 kbar and from 522 to 499°C using garnet 
rims. Re-equilibration and compositional reset- 
ting of the core of the resorbing garnets and of 
matrix phases during decompression and cool- 
ing could be responsible for the discrepancy 
between the results from core thermobarometry 
and the location of garnet-staurolite-biotite 
divariant and staurolite-biotite trivariant fields 
in the pseudosection of Fig. 10. 

Major decompression in the Lugo dome, 
deduced from thermobarometry, is confirmed 
by the sequence of progressively lower-pressure 
assemblages going from staurolite-biotite+ 
garnet through fibrolite-staurolite-biotite to, 
finally, fibrolite-biotite. Garnet and staurolite 
are found showing different degrees of resorp- 
tion to biotite, muscovite (Figs 7a and b) and 
occasionally to fibrolite as well. Chlorite is 
present inside staurolite in sample 40 and is 
considered to be a relict phase as staurolite or 
garnet. The occurrence of chlorite together with 
the absence of kyanite reinforces the simulta- 
neous cooling during decompression (Fig. 10), 
as outlined by thermobarometric results, as 
opposed to a merely isothermal P - T  path. 

The higher-pressure assemblages containing 
garnet and staurolite in the Lugo dome seem to 

be pre-D2, since $2 schistosity defined by micas 
and fibrolite wraps around the resorbed garnet 
and staurolite porphyroblasts. The last part of 
the Lugo dome evolution is given by the 
progressive consumption of staurolite within 
the divariant assemblage fibrolite-staurolite- 
biotite, leading to a final fibrolite-biotite trivar- 
iant assemblage. This evolution would be 
coherent with decompression and heating, 
assuming a previous earlier part of the trajectory 
characterized by cooling and decompression as 
shown in Fig. 10. Presence of assemblages with 
fibrolite implies conditions of only slightly 
higher P and T than those recorded by the 
andalusite-staurolite-biotite assemblage in the 
Vivero pelite belt, which developed partially 
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Fig. 11. Schematic cross-section including the Ollo de 
Sapo antiform, the Vivero pelite belt synform and the 
Lugo dome antiform, showing a qualitative 
interpretation for the related tectonothermal evolution 
within all three domains during the Variscan orogeny. 
(a) Tectonothermat picture at the onset of D2 
deformation phase, which refolds previous D1 
overturned folds and nappes. Above each locality the 
corresponding progression of the interpreted P - T  
path is depicted in a simplified P - T  diagram. 
(b) Advanced stage of D2 deformation phase showing 
an evolved synform, nucleation of the Vivero fault 
nd further granitoid intrusions. (c) Cross-section 
showing present level of erosion. Position of isotherm 
as during D3 deformation phase. P - T  paths show 
evolution during and after this phase of deformation. 
VF, vivero fault; OS, Ollo de Sapo antiform; VPB, 
Vivero pelite belt; LD, Lugo Dome. 1, Ollo de Sapo 
gneiss; 2, Cambrian and Precambrian of the Lugo 
dome; 3, Ordovician and Silurian of the Vivero pelite 
belt; 4, syntectonic granitoids (syn-D2 within OS and 
syn-D3 along VF); 5, Syn-D2 to syn-D3 Vivero granite; 
6, Post-tectonic granitoids. 
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syntectonically with fault-related sub-horizontal 
cleavage $3. This suggests that the location of 
Lugo dome and Vivero pelite belt referenced 
samples did not differ much at this stage of 
evolution, the two staurolite-consuming reac- 
tions being approximately synchronous in both 
domains, also suggesting a common heating 
episode, which is interpreted to be related to 
granite intrusion during syn-D3 fault movement. 

The similar P - T  conditions and metamor- 
phic evolution recorded in the pelite belt and 
Lugo dome samples would mean that they were 
about to become levelled during the syn-fault- 
movement heating episode, and finally became 
coupled and followed a common decompres- 
sional evolution after motion ceased along the 
Vivero fault. Whereas during the early stages, 
when the two samples were nearly level, heating 
due to granite emplacement along the Vivero 
fault dominated the thermal regime, later on 
both areas cooled down. During this late stage 
of general cooling, post-tectonic granites 
induced local heating that was recorded by 
hornfelsic samples containing the andalusite- 
biotite and cordierite-biotite-bearing assem- 
blages which have been found in the eastern 
part of the pelite belt. 

Summary of metamorphic and 
tectonic evolution 

The P - T  paths deduced indicate that it would be 
too simplistic to ascribe the low-P Variscan 
metamorphism in the studied areas to an almost 
isobaric T increase in a local extensional regime. 
Actually, the close relationship between the 
location of kyanite belts resulting from andalu- 
site to kyanite replacement in D2 synforms 
indicates that sub-vertical refolding played a 
major role in the metamorphic evolution, down- 
dragging the pre-D2 chiastolite-bearing materi- 
als, and bringing them into the kyanite stability 
field. Then, although the overall attitude of 
the P - T  paths deduced reflects a temperature 
increase, dP/dT did not remain constant since, 
locally, previous low-P gradients of c. 45°C km -1 
(Fig. 8), possibly related to intrusion of earlier 
peraluminous granitoids, as deduced from the 
presence of chiastolite previous to kyanite in the 
pelite belt, evolved to intermediate-P ones 
(c. 34°Ckm-1). The localized change in dP/dT 
is related to the D2 sub-vertical planar, coaxial, 
synformal refolding of D1 fabric, since the 
replacement of chiastolite by kyanite is confined 
to the synform constituted by the pelite belt 
located between the Ollo de Sapo and Lugo 
dome antiforms. 

It is assumed that after the first deformation 
phase (D1), which caused isoclinal folding and 
thrusting in the area, isotherms should have 
been sub-horizontal. D2 caused subvertical fold- 
ing of the isotherms. In the Ollo de Sapo 
antiform, granitoid intrusion substantially mod- 
ified the attitude of isotherms (Fig. l la) gen- 
erating locally high thermal gradients. Rock 
bodies within the Ollo de Sapo domain, located 
close to lens-shaped injections of peraluminous 
granitoids, would attain their thermal peak 
immediately after granite intrusion, undergoing 
the andalusite to sillimanite replacement. Nucle- 
ation of fibrolitic sillimanite was probably not 
only due to changing P and T conditions but 
also driven by 'Carmichael-type' ionic reactions 
that imply fluid flow in an open system with 
exchange of K + and H + ions (Carmichael 1969; 
Vernon 1987; Yardley 1989). Rocks in the Ollo 
de Sapo would probably have undergone 
decompression as a result of antiformal evolu- 
tion during D2, but this is not recorded by the 
observed staurolite or garnet-free assemblages. 
Alternative hypotheses explaining why decom- 
pression is not recorded are either that the 
heating event was short-lived and hence sub- 
stantial decompression did not take place during 
it, or that the decompression really existed (the 
P - T  path thus having transected staurolite- 
bearing stability fields), although remains of 
these higher-P assemblages have not been 
found yet, due in part to the existence of strong 
gradients implying extremely condensed zoning 
and to complete final re-equilibration of rocks 
near the granites at very high T, near 700°C. 

During D2 the Vivero belt pelites underwent 
an increase in P due to their down-dragging into 
a synform (Fig. 1 lb). Simultaneously, tempera- 
ture increased due to progressive relaxation of 
isotherms caused by heat transfer from the Ollo 
de Sapo antiform; an additional effect of early 
granite intrusions in the nearby Ollo de Sapo 
domain may have enhanced the increase in 
temperature. The scarce penetration of the 
kyanite stability field by the prograde P - T  
path (Fig. 9a) is coherent with the fact that 
transformation from andalusite to kyanite is not 
related to a polymorphic inversion but to ionic 
reactions involving phyllosilicates. Those reac- 
tions would be kinetically more favourable, not 
requiring a large overstep into the kyanite 
stability field and probably would be enhanced 
by D2 deformation as proved by the fact that the 
nearly completely replaced chiastolites are those 
surrounded by the strongest D2 fabrics (crenula- 
tions or reworked composite $1+2). 

Progressive decompression and cooling was 
taking place in the Lugo dome simultaneously 
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with sinking of the pelite belt. The onset of slip 
on the Vivero fault zone increased the raising of 
the Lugo dome and locally modified the 
isotherms, inducing higher gradients near the 
fault. Granite intrusion along the fault zone also 
caused modification of the thermal structure in 
the proximity of the fault, and the same 
happened in the Lugo dome core where granites 
were intruded contemporaneously with the 
movement of the fault. As a result, the area 
near the Vivero fault became a region character- 
ized by a strong thermal gradient in its deeper 
parts (Fig. l lb). At the present erosion level 
(Fig. 1 lc), granite intrusions caused a tempera- 
ture increase in the materials situated on both 
sides of the Vivero fault, in such a way that the 
Vivero pelite belt and the Lugo dome underwent 
contemporaneous heating. When the thermal 
effect of synfault granites vanished, both areas 
cooled down during continuous uplift. Probably 
the Ollo de Sapo domain was also undergoing 
decompression during this late stage as no major 
fault is present between this domain and the 
Vivero pelite belt but, since no late intrusions 
were emplaced in the eastern Ollo de Sapo 
domain, this decompression event is not 
recorded. Therefore the later part of the path 
designed for the O11o de Sapo in Figs 1 lb and 
1 l c is hypothetical and has been designed with 
the same slope as that in the pelite belt. Post- 
tectonic granites, emplaced in the Lugo dome 
antiform and locally along the Vivero fault, may 
have induced local thermal effects at some points 
along this later segment of the decompressional 
P - T  path being responsible for the post-D3 
andalusite-biotite or cordierite-biotite assem- 
blages in hornfelsic samples close to the Vivero 
fault in the pelite belt. 

Absolute time constraints for the proposed 
tectonometamorphic evolution are difficult to 
set precisely as scarce data are at present 
available for granitoid intrusives within the 
studied areas. The thermal peak in the Ollo de 
Sapo gneiss near Sanabria, 200 km south of the 
studied area, was dated as intra-Namurian 
(325 + 2 Ma) by Lancelot et al. 1985. This is in 
good agreement with ages measured for meta- 
luminous and peraluminous early granitoids, 
whose ages cluster around 320 to 335 Ma (Pinto 
& Gil Ibarguchi 1987; Priem & Den Tex 1984; 
Galfin et al. 1996). As, in our model, compres- 
sion related to D 2 in the Vivero pelite belt nearly 
coincides with the thermal peak in the Ollo de 
Sapo, it follows that the establishment of the 
Barrowian gradients in the syncline involving 
replacement of early chiastolite by kyani te-  
muscovite aggregates should also be intra- 
Namurian. The Rb-Sr  age of a post-tectonic 

pluton in the Lugo dome, south of the studied 
area, is 287~:10Ma (Cocherie 1978), and a 
K/Ar age for a post-tectonic granodiorite in 
the northwesternmost tip of Ollo de Sapo anti- 
form (see Fig. 1) is 280Ma (Ries 1979). These 
Stephano-Permian ages are probably those of 
the decompressional part of the path shared by 
the three domains. K-Ar  dating of biotite from 
the mylonitic foliation present in the Vivero 
fault zone syntectonic granitoid also gives a 
late Carboniferous age of 269 Ma (Ries 1979). 
As this is a cooling age, it only places a mini- 
mum age constraint on the intrusion of synfault 
granites and hence on the episode of heating 
under which the rocks near the fault on the 
Vivero pelite belt and Lugo dome areas attained 
their thermal peak. 

A similar kyanite-bearing belt has been 
described south of Oporto in northern Portugal 
in the Oliveira de Azemeis-Albergaria a Velha 
metamorphic belt (Atherton et al. 1974; Oen 
1974) although the age of the metasediments in 
which this belt develops is not known (unlike the 
case in NW Spain). However, the similar 
position of this belt, occurring in the hanging 
wall of a late normal fault separating the kyanite 
belt from the Oporto-Viseu low-pressure meta- 
morphic belt, strongly suggests that its meaning 
might well be very similar to the one presented 
in this study. 
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On the occurrence and characterization of 
ultrahigh-temperature crustal metamorphism 

S I M O N  L. H A R L E Y  

Department of Geology and Geophysics, University of Edinburgh, Kings Buildings, 
West Mains Road, Edinburgh, EH9 3JW, UK 

Abstract: Ultrahigh-temperature (UHT) crustal metamorphism is a division of medium- 
pressure granulite facies metamorphism where peak temperatures of 900-1100°C have been 
attained at pressures in the range 7-13kbar. The key indicators of UHT conditions are 
mineral assemblages involving combinations of sapphirine, garnet, aluminous ortho- 
pyroxene, cordierite, sillimanite, spinel and quartz in pelites and quartzites. Experimentally 
constrained and calculated FMAS and KFMASH petrogenetic grids involving these phases 
and additional osumilite and melt indicate that sapphirine + quartz is stable only at 
> 1040°C in reduced rocks, that osumilite is restricted to >900°C for pressures greater than 
6 kbar and has an ultimate stability limit of 9 kbar in FMAS, and that the ortho- 
pyroxene + sillimanite + quartz assemblage is restricted to pressures greater than 8 kbar in 
KFMASH. These criteria, coupled with the grids isoplethed for the Mg/(Mg + Fe) of garnet 
and Al-content of orthopyroxene allow the peak pressure-temperature (P-T) conditions of 
several UHT occurrences to be defined and the post-peak P-T paths delineated. 

UHT conditions are seldom determined from slowly cooled granulites using conventional 
geothermometry principally because of the propensity of Fe-Mg exchange thermometry to 
only record closure temperatures of 700-850°C. However, pressure-convergence calculations 
for several granulites with UHT mineral assemblages yield back-calculated mineral 
compositions that are consistent with temperatures of 950-1000°C prior to post-peak 
Fe-Mg re-equilibration. The best compositional indicator of UHT conditions remains the 
preservation of high A1203 contents (8-12 wt%) in orthopyroxene coexisting with garnet, 
sillimanite or sapphirine. 

The P T  conditions and records preserved in the currently documented UHT localities 
and terranes are varied. Both types of post-peak P T  path isobaric cooling and isothermal 
decompression (ITD) are recorded from reaction textures in different UHT terranes, and 
several preserve very similar ITD histories that may reflect the final stage of collisional 
orogenesis. Although counter-clockwise and clockwise P-T paths have been proposed on 
the basis of textural observation for some terranes, the prograde P-T histories of most UHT 
areas are not known. Such information, and further experimental constraints on quartz- 
absent assemblages at UHT conditions, are of prime importance to interpret further this 
extreme form of crustal metamorphism. 

In recent years the realm of metamorphic 
petrology has undergone a radical reappraisal, 
and what we now regard as being the pressure- 
temperature domain of metamorphism has been 
vastly expanded as its extremes have become 
increasingly recognized in the geological record. 
In terms of pressures and depths of metamorph- 
ism, the discovery of metamorphic coesite and, 
more recently, of metamorphic diamonds has led 
to the recognition of ultrahigh-pressure (UHP) 
metamorphism, with its major implications for 
how continental crust may behave during sub- 
duction, collision and thickening in convergent 

Mineral abbreviations: Bt, biotite; Crd, cordierite; 
Crn, corundum; Grt, garnet; Kfs, K-feldspar; Ky, 
kyanite; L, liquid (granitic melt); Opx, orthopyroxene; 
Os, osumilite; Plag, plagioclase; Qz, quartz; Sil, 
sillimanite; Spl, spinel; Spr, sapphirine. 

plate regimes. Likewise, at the extremes of tem- 
perature, the reality of ultrahigh-temperature 
(UHT) regional metamorphism in which crustal 
rocks are subjected to temperatures of 900- 
1050°C at only moderate pressures (7-13 kbar) is 
now generally accepted by the metamorphic 
community. This too has important implications 
for the rheological and chemical behaviour of 
the continental crust during orogeny, its resi- 
lience to mantle-derived thermal pulses, and 
the tectonic situations in which such extreme 
thermal conditions can arise. Determination of 
the pressure-temperature (P-T) conditions and 
P-T histories of such granulites remains funda- 
mental to evaluation of the tectonomagmatic 
models applied to high-grade gneiss terranes 
(e.g. Bohlen 1987, 1991; Ellis 1987; Sandiford 
1989; Harley 1989, 1992; Loosveld & Etheridge 
1990; Sandiford & Powell 1990, 1991). 

HARLEY, S. L. 1998. On the occurrence and characterization of ultrahigh-temperature crustal metamorphism. In: 
TRELOAR, P. J. & O'BRIEN, P. J. (eds) What Drives Metamorphism and Metamorphic Reactions? Geological 
Society, London, Special Publications, 138, 81-107. 
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In this paper I will present a brief overview of 
UHT crustal metamorphism, including a descrip- 
tion of some examples of UHT metamorphism 
on both regional and more local scales. I will also 
describe and evaluate the available mineral 
assemblage and thermobarometric constraints 
that allow the characterization of UHT meta- 
morphism, and introduce some new constraints 
and approaches derived from recent experimen- 
tal studies and models of reaction behaviour 
under UHT conditions. Although a number of 
UHT terranes and localities have now been 
documented, an undue reliance on cation parti- 
tioning geothermometers has in many cases led 
workers to report erroneously low peak tempera- 
ture conditions for these examples. As a con- 
sequence, the peak temperature remains the 
key parameter to constrain when dealing with 
UHT metamorphism. This work outlines two 
approaches to temperature estimation and 
demonstrates how the P - T  histories of UHT 
terranes can be determined through the judicious 
combination of reaction texture interpretations 
with improved petrogenetic grids developed from 
recent experiments. Of course, any such P - T  
history or 'path' only provides part of the 
information necessary to infer past tectonic 
settings and crustal evolution, and the question 
of whether the P - T  record documents a con- 
tinuous thermal and baric evolution or is instead 
the result of episodic overprinting in a punctu- 
ated history requires complementary and multi- 
technique geochronology. The latter aspect of 
the characterization of high-grade and UHT 
metamorphism is both broad and also specific to 
any given terrane, and will not be dealt with in 
general terms here. 

Definition of UHT: The P - T  field of interest 

UHT metamorphism can be considered as a sub- 
division of the granulite facies, which itself is 
generally regarded as embracing metamorphic 
conditions of 3-15 kbar and 700-1000°C (Harley 
1989, 1992). For the purposes of this work, but 
not entirely as a matter of convenience as will be 
seen later, UHT metamorphism is defined as 
crustal metamorphism that has occurred at peak 
conditions of greater than 900°C and at mid- to 
deep-crustal levels. The effective field of UHT 
metamorphism involves temperatures of 900- 
1100°C and pressures in the range 7-13 kbar. 

Granulites have traditionally been divided 
into three baric types, largely based on the 
appearance of garnet in quartz-deficient and 
quartz-bearing metabasites. Hence, we can con- 
sider low-, medium- and high-pressure granulites 

as an initial division of the facies (Green & 
Ringwood 1967). UHT granulites are generally 
medium-pressure granulites in the sense of 
Green & Ringwood (1967). Low-pressure gran- 
ulites, such as those in Namaqualand and 
numerous other areas worldwide (e.g. Waters 
1986, 1991; Clarke et al. 1989) are often referred 
to as h i g h - T / l o w - P  granulites and are the 
ultimate products of low-pressure regional 
metamorphism. Such granulite terranes certainly 
imply high transient geotherms (e.g. Loosveld & 
Etheridge 1990; Sandiford & Powell 1990) as 
characterized by their high field geothermal 
gradients of 45-55°Ckm -1. However, the max- 
imum temperatures attained in these terranes 
seldom exceed 850°C, even at depths equivalent 
to 5-6 kbar, and so these h i g h - T / l o w - P  granulite 
terranes are not examples of UHT metamorph- 
ism as defined herein. The mineral assemblage 
and reaction features of h i g h - T / l o w - P  terranes 
will only be discussed here where they bear upon 
problems of defining P - T  conditions from 
spinel+quartz assemblages, which may also 
appear in definitive UHT terranes (Nixon et al. 
1973; Lal et al. 1987; Sandiford et al. 1987; 
Sengupta et al. 1991), and in relation to osumi- 
lite stability relations. 

Occurrence and distribution of UHT 
terranes and localities 

Several examples of terranes that have experi- 
enced UHT regional metamorphism are now 
recognized. These are the Napier Complex of 
Antarctica (Dallwitz 1968; Sheraton et al. 1980, 
1987; Ellis et al. 1980; Grew 1980; Harley 1985; 
Sandiford 1985); Wilson Lake, Labrador (Morse 
& Talley 1971; Arima et al. 1986; Currie & 
Gittins 1988); the Eastern Ghats of India (Grew 
1982b; Lal et al. 1984, 1987; Dasgupta 1995); the 
In Ouzzal complex of Algeria (Kienast & 
Ouzegane 1987; Bertrand et al. 1992; Ouzegane 
& Boumaza 1996); the Labwor Hills of Uganda 
(Nixon et al. 1973; Sandiford et al. 1987); and 
the Sutam Block of the Aldan Shield, Siberia 
(Marakushev & Kudryavtsev 1965; Perchuk 
et al. 1985). These terranes are listed and key 
mineral composition, assemblage and textural 
features summarized in Table 1. A greater 
number of relatively isolated UHT localites or 
areas of restricted proven extent are also known 
(e.g. Karsakov 1973; Lutts & Kopaneva 1968; 
Harley et al. 1990; Motoyoshi & Ishikawa 1998), 
and will be considered here as these often pre- 
serve excellent evidence for assemblage and P - T  
evolutions. These localites or 'sub-areas' are also 
summarized in Table 1. 
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It should be noted that the age distribution of 
these terranes and localities demonstrates that 
UHT crustal metamorphism does not reflect the 
secular thermal evolution of the Earth in any 
simple way. Whilst the Napier Complex, Sipi- 
wesk Lake, Sutam Block and possibly the 
Labwor Hills are Archaean in age, Proterozoic 
ages for UHT metamorphism are documented 
or inferred for many of the other terranes and 
localities listed in Table 1, and Phanerozoic 
UHT metamorphism has been doucmented at 
Rundv5gshetta, Antarctica (Motoyoshi & Ishi- 
kawa 1998) and the Gruf Complex, Italy (Droop 
& Bucher-Nurminen 1984). It is not possible 
here to detail all the UHT occurrences, or to 
describe any one in full. The aim instead is to 
outline those key features that individually and 
collectively bear on the characterization and 
documentation of UHT crustal metamorphism, 
following an analysis of the principal constraints 
now available and being developed. 

Pelite grids: key indicators of 
UHT metamorphism 

The  F M A S  s y s t e m  

Mineral assemblages and reaction textures in 
sapphirine-, spinel- and orthopyroxene-sillima- 
nite granulites have been instrumental in defin- 
ing and demonstrating UHT metamorphism. 
In particular, petrogenetic grids involving min- 
eral equilibria in the FeO-MgO-A1203-SiO2 
(FMAS) (Hensen 1971, 1986, 1987; Hensen & 
Green 1973; Grew 1980; Bertrand et al. 1991) 
and KFMAS(H) systems (Hensen 1977; Ellis 
et al. 1980; Grew 1982a; Hensen & Harley 1990; 
Audibert et al. 1995; Carrington & Harley 
1995a, b; Holland et al. 1996) enable qualitative 
analysis of the changes in pressure or tempera- 
ture implied by arrested symplectite and corona 
textures in these aluminous granulites. 

Pioneering studies of the stability of Gr t+  
Crd assemblages and their limiting reactions 
(Hensen 1971; Hensen & Green 1971, 1972, 
1973) identified a Spr + Qz stability field at tem- 
peratures in excess of 1050°C and defined Opx + 
Sil + Qz to occur at pressures beyond maximum 
cordierite stability conditions of 10-11kbar. 
However, these results conflicted with experi- 
ments in simpler systems which define a 
significantly lower-pressure maximum stability 
for anhydrous Mg-cordierite (Newton 1972). 
Furthermore, Annersten & Seifert (1981) pro- 
duced Spl+Qz as breakdown products of 
Opx+Si l  under the P - T  conditions where 
Spr + Qz would be predicted from the Hensen 

& Green (1973) experiments. As a consequence, 
the UHT conditions implied by Spr+ Qz and 
O p x + S i l + Q z  have been treated with some 
scepticism by many petrologists. 

Recent experimental data and theoretical 
considerations now provide support for the 
general applicability of the Hensen & Green 
(1973) grid and its derivatives. Firstly, Hensen 
(1986) and Powell & Sandiford (1988) have 
shown that the grid and the experiments of 
Annersten & Seifert (1981) can be reconciled 
when the relative effects of fo2 on spinel and 
sapphirine stability are taken into account. 
Experiments on the stability relations of sap- 
phirine and H20- or CO2-bearing cordierite in 
FMAS and at low fo2 (Bertrand et al. 1991) 
confirm that Grt + Crd + Sil + Qz stability can 
extend to pressures as high as 11 kbar, consistent 
with calculations by Aranovich & Podlesskii 
(1989), and that Spr + Qz is encountered only at 
temperatures above 1050°C. 

The key to the FMAS grid, presented here in 
Fig. 1, is the location of the Spl-absent invariant 
point (hereafter referred to as [Spl]) that involves 
the phases Grt, Crd, Opx, Sil, Spr and Qz. The 
pressure position is largely controlled by the 
stability of G r t + C r d  relative to the higher 
pressure assemblage Opx + Sil + Qz. Hensen & 
Green (1973) placed the invariant points [Spl] 
and [Opx] at P - T  conditions of 9.54- 1 kbar, 
1030°C and 8.1 4- 1 kbar, 1040°C respectively, in 
an approximate FMAS system in which cordier- 
ire was probably stabilized by H20 and CO2, 
and garnet by minor Ca. Bertrand et al. (1991) 
determined similar pressure stability limits for 
cordierite under both H20- and CO2-bearing 
conditions, and placed the equivalent FMAS 
invariant points at 10.84-lkbar, 1040°C and 
9.6 4- 1 kbar, 1060°C (Fig. 1). Recent calcula- 
tions of the P - T  location of the reaction: 

Grt + Crd = Opx + Sil + Qz (Spl, Spr) 

in the FMASH system with fully hydrated 
cordierite and using an internally consistent 
dataset (Berman & Aranovich 1996; Aranovich 
& Berman 1996; see curve AB96 in Fig. 2) place 
the reaction at 10.2-10.5kbar at temperatures 
appropriate to the incoming of Spr+Qz at 
the [Spl] point (1000-1050°C). This vindicates 
the experimental work, and also predicts mineral 
compositions near [Spl] (XMg of Grt = 60, c. 9% 
A1203 in Opx) that are in reasonable agree- 
ment with predictions from natural assemblages 
(Harley 1985; Hensen & Harley 1990). 

Hensen (1987) placed the FMAS [Qz] point 
at c. 920-950°C and 8-9 kbar from topological 
and natural assemblage constraints. Reactions 
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extending from this point to the other, higher 
P or T points in FMAS are critical for the 
interpretation of mineral assemblages and reac- 
tion textures involving Grt, Opx, Sil, Spr, Crd 
and Spl in many examples of quartz-deficient but 
nevertheless UHT gneisses. The precise locations 
of this point and the related Qz-absent univar- 
iant lines are, however, not yet experimentally 
determined. 

The  K F M A S H  system." osumil i te  s tabi l i ty  

The FMAS results summarized above are for 
experiments in systems where a free fluid phase 
was probably present and the Crd was either 
fully hydrated or had maximum channel occu- 
pancy of H20 and CO2. In hydrous systems with 
additional K20 (KFMASH) the presence of 
melt is inescapable, and the phase relations will 
be largely determined by melt-bearing equilibria. 
Recent KFMASH experimental studies of bio- 
tite dehydration melting (Carrington & Harley 
1995a) and the determination of osumilite 

stability relations in KMAS (Motoyoshi et al. 
1993) and KFMASH (Audibert et al. 1995; 
Carrington & Harley 1995b) now provide a 
useful framework for characterizing UHT 
assemblages formed at temperatures between 
900 and 1050°C (e.g. Ellis et al. 1980; Arima & 
Gower 1991). 

The KFMASH grid of Carrington & Harley 
(1995a) for equilibria involving Bt, Grt, Crd, 
Opx, Sil, Os, Qz, Kfs and L is presented in 
simplified form in Fig. 2, and will be used as 
a basis for evaluating mineral composi- 
tional variations in later sections (Fig. 4). 
A KFMAS(H) grid produced from combining 
this work with the higher-temperature Spr- 
bearing but Bt-absent experiments of Audibert 
et al. (1995), modified from Carrington & Harley 
(1995b) in the light of calculations by Holland 
et al. (1996), is presented in Fig. 3. An important 
feature of these grids is the constraints they 
place on the stability of osumilite. For pres- 
sures of greater than 6kbar, the O s + G r t  
assemblage is restricted to temperatures of 
>900°C in KFMASH (Fig. 3a). The ultimate 
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pressures greater than c. 8 kbar. 

pressure stability of O s ÷ G r t  in KFMAS is 
limited to less than c. 9kbar  at 950-1050°C by 
the reaction (Fig. 3a): 

Grt + Os = Opx + Sil + Kfs + Qz 

(Bt, Spr, Crd, L) 

and in the presence of melt (in KFMASH) 
Os + Grt + Crd assemblages are restricted to less 
than c. 7 .5-8kbar  by the non-degererate reac- 
tion (Fig. 3a): 

Grt + Os + Crd = Opx + Sil + Qz + L 

(Bt, Spr, Kfs) 

These pressure-sensitive equilibria have been 
successfully used to elucidate the pressures of 
post-peak near-isobaric cooling (IBC) in the 
Napier Complex (Audibert et al. 1995; Carting- 
ton & Harley 1995b), and verify the NNE to SSW 
pressure gradient inferred in earlier work (Sher- 
aton et al. 1980; Harley 1985; Hensen & Harley 
1990). IBC at less than 8 kbar is inferred for those 
parts of the Napier Complex where Grt + Crd 
coronas form on Spr + Qz and where Os + Grt is 
stable, whereas higher pressures (8-10 kbar) can 
be deduced for areas where Opx + Sil coronas 
form on S p r + Q z  and where the assemblage 
Opx + Sil + Kfs + Qz occurs in preference to 
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Os + Grt, as shown in Fig. 3b. The grids can also 
constrain the P - T  conditions and histories of 
other UHT terranes from which Os or its break- 
down products have been reported. For example, 
the former stability of Os with Opx + Sil + Qz 
and Spr at various localities in the northern 
domain of the Eastern Ghats (Lal et al. 1987; Lal 
1997) indicates peak pressures of >8-10 kbar. 

T h e  K F M A S H  s y s t e m .  b io t i t e  d e h y d r a t i o n  

m e l t i n g  a n d  g a r n e t - c o r d i e r i t e  s tab i l i t y  

The grid of Fig. 2, based on the experimental 
results of Carrington & Harley (1995a) and the 
calculations of Holland et al. (1996), also forms 
a useful framework for interpreting quartz- 
bearing mineral assemblages in the hitherto 
elusive temperature range 875 to 975°C. Firstly, 
in this simple syste;n in which Bt is not stabilized 
by additional components such as Ti and F 
(e.g. Mouri et al. 1996), Opx + Sil + Qz assem- 
blages will be restricted to pressures greater than 
7.5 kbar, and to temperatures greater than 900°C 
if melting has taken place (e.g. Long Point 
(Harley & Fitzsimons 1991); Forefinger Point 
(Harley et al. 1990); Palni Hills (Raith et al. 
1997)). Melting at lower pressures results in 
Grt + Crd assemblages that may be stable to 
siginficantly lower temperatures (800-850°C) 
and hence do not necessarily imply UHT. 
Secondly, Carrington & Harley (1995a) and 
Carrington (1995) deduced that the (Spl, Spr) 
reaction controlling the upper stability limit 
of G r t + C r d  in the KFMASH system is of 
the form: 

Grt + Crd + Kfs + Qz = Opx + Sil + L 

(Spr, Spl, Os, Bt) 

rather than being as writtten for (Spl, Spr) in the 
FMAS system described above. The Crd in this 
reaction is hydrous but H20-undersaturated, 
buffered by the presence of granitic melt down 
to a minimum H20 content dictated by the 
partitioning behaviour of H20 between Crd-L 
(Dw = 4: Carrington & Harley 1996). This melt- 
bearing KFMASH reaction has a negative slope 

and occurs at 8.9 to 7.8 kbar (each +0.5 kbar) in 
the temperature range 900-950°C (Fig. 2). Crd 
H20 contents along this reaction calculated 
using Crd-L volatile partitioning data (Carring- 
ton & Harley 1996), vary from 1.1 to 0.5wt% 
with increasing temperature. Comparison of the 
experimental data obtained by Carrington & 
Harley (1995a) with the higher-temperature 
KFMASH experiments of Audibert et al. 
(1995) led Carrington & Harley (1995b) to 
perform cross-calibration experiments to test 
the pressures reported in the latter study. 
Compatibility between the experimental datasets 
is achieved if the pressures of the high-T 
osumilite grid of Audibert et al. (1995) are 
corrected downwards by c. 2 kbar, as presented 
here in Fig. 3. Holland et al. (1996) have 
extracted thermodynamic data on osumilite 
and developed a calculated grid broadly con- 
sistent with the KFMASH experiments and grid 
of Carrington & Harley (1995a, b). The intern- 
ally consistent dataset produced by Holland 
et al. (1996) also indicates that the pressure 
positions of reactions determined by Audibert 
et al. (1995), and by Motoyoshi et al. (1994) in 
KMAS, are 1.5-2kbar too high. 

As shown in Fig. 2, the pressures at which 
volatile-undersaturated cordierite and garnet 
react to form Opx+Sil-bearing assemblages 
(with melt) in the KFMASH system are lower 
than those defined by Hensen & Green (1973) 
for FMAS(H) but are still near or above 
8 + 0.5 kbar, in a CO2-free system. These pres- 
sures are also 0.7-2 kbar lower than the position 
of the FMASH (Spl, Spr) reaction as calculated 
by Aranovich & Berman (1996) using fully 
hydrated Crd (Fig. 2). The KFMASH results 
imply that the analogue of the [Spl] point in this 
system, involving Grt, Opx, Sil, Qz, Spr and 
CO2-free Crd coexisting with a KFMASH 
silicate melt, will occur at pressures lower than 
those in the FMAS(H) system but still at 
ultrahigh temperature (1050°C: Audibert et al. 
1995). By the same reasoning, the position of 
any equivalent to the [Qz] point (Fig. 1) in 
KFMASH (i.e. [Bt, Qz]) is likely to be shifted to 
lower pressures than those preferred by Hensen 
(1987) for this point in FMAS(H). Experiments 

Fig. 3. (a) KFMASH P - T  diagram showing the relation of the lower-T, Spr-absent equilibria focused on 
invariant point [Bt, Spr] (labelled [Bt] in Fig. 2) to the higher-T equilibria involving Spr with Os determined by 
Audibert et al. (1995). This grid is modified from Carrington & Harley (1995b) in light of revised estimates of Mg- 
osumilite (Mg-Os) stability by Holland et al. (1996). Note the presence of different sub-systems, denoted by 
distinctive invariant point symbols and line styles. Some key assemblages are distinguished by shading. Original 
experimental data are from Chatterjee & Schreyer (1972), Motoyoshi et al. (1993), Audibert et al. (1995) and 
Carrington & Harley (1995b). (b) The same grid as in (a) but simplified to illustrate the stability range of Spr + Qz 
in the presence of melt (L) and the effect of IBC at higher pressures (greater than the pressure of (Bt, Spr, Kfs) 
reaction) in the southern part of the Napier Complex compared with the northern part of the Complex. 
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are currently in progress to define the key 
reactions involving biotite dehydration and 
sapphirine stability in the silica-undersaturated 
portion of KFMASH, but the stability of the 
[Bt, Qz] invariant point is not yet established. 

Improvements on pelite grids: isoplethed 
diagrams and their applications 

The utility of the FMAS and KFMASH pelite 
grids described above is vastly improved if they 
can be contoured for variations in mineral 
compositions along the univariant reactions 
and in the intervening divariant fields. Such 
isopleth diagrams, and the related pseudosec- 
tions developed by Hensen (1971) to depict the 
incoming and outgoing of assemblages for 
specific rock compositions, are powerful tools 
for the definition of P - T  conditions and inter- 
pretation of reaction histories (Hensen & Green 
1973; Hensen 1986, 1987; Powell & Sandiford 
1988; Aranovich & Podlesskii 1989; Hensen & 
Harley 1990; Aranovich & Berman 1996). For 
example, as noted in the preceding section, 
Aranovich & Berman (1996) have recently cal- 
culated the XMg of garnet in the Grt + Opx + 
Crd + Qz divariant field in FMASH and found 
that it has an XMg of 60--62 at the UHT 
conditions of the (Spl, Spr) reaction. 

The P-Tdiagrams of Fig. 4 are isoplethed with 
the XMg of Grt (Figs 4a and b) and Opx (Fig. 4b), 
and the XAI of Opx (Fig. 4c) in key assemblages 
defined from the experiments of Carrington & 
Harley (1995a). These diagrams have been 
constructed using the Opx and Crd XMg compo- 
sitional data reported by Carrington & Harley 
(1995a) for various P - T  conditions and in 
the KFMASH assemblages (all with excess 
Kfs and L) Grt + Opx + Sil ÷ Qz, Grt + Opx + 
Crd + Qz and Grt + Crd + Sil + Qz. These data 
have been combined with existing Fe-Mg 
partitioning thermometers to calculate the XMg 
of coexisting garnet at these P - T  points, a 
procedure adopted because Carrington & 
Harley (1995a) were unable to obtain consistent 
and reproducible garnet XMg data in their 
experiments. The Fe-Mg partitioning relations 
used were Harley (1984a) for Grt-Opx and 
Perchuk et al. (1985) for Grt-Crd. A total of 
35 Grt XMg values extending over the P - T  ranges 
5-12.8kbar and 875-1000°C were calculated 
using this approach, and in 12 of these cases 
the results were cross-checked using both Fe-Mg 
partitioning relations and found to be mutually 
consistent. Contours for XMg were then fitted to 
the calculated Grt data and extrapolated to be 
internally consistent along the relevant bounding 

univariant reactions (Fig. 4a and Grt isopleths in 
Fig. 4b). For example, the Grt isopleths in the 
Bt + Sil + Grt field of Fig. 4a were inserted to be 
consistent with the strongly pressure-sensitive 
variations in XMg along the Bt melting curves 
(Os, Opx) and (Os, Crd). In a second calculation 
cycle, Opx XMg values were interpolated between 
the starting compositional data using the calcu- 
lated Grt isopleths to produce the Opx isopleths 
of Fig. 4b. The A1 isopleths for Opx in Grt + Qz 
assemblages with Crd or Sil (Fig 4c) were then 
calculated using the starting and interpolated 
Opx XMg values obtained at various P - T  con- 
ditions coupled with the P - T  dependent 
Al-solubility relationship inherent in the thermo- 
barometer of Harley & Green (1982). 

The resultant XMg isopleths are precise to +2 
units, equivalent to pressure uncertainties of 
4-0.5-0.7 kbar. The actual values at a given P - T  
depend on the Fe-Mg partitioning relationship 
chosen. If the thermometer of Lee & Ganguly 
(1988) is used instead of Harley (1984a) the 
calculated Grt XMg values are lower by approxi- 
mately 2 units at any given P - T  condition, and 
any Opx XMg values then calculated using the 
Grt compositions will be lower by ¢. 2 units. 
In effect, the isopleths would be shifted up- 
pressure by c. 0.5-0.7 kbar. The A1 isopleths for 
Opx (Fig. 4c) are precise to 15 A1 units (or 0.015 
in terms of XAI), equivalent to 15-20°C, but are 
dependent upon the positions of the Opx XMg 
isopleths and will be displaced to higher T if the 
Opx XMg is actually lower than the values used 
in the calculations at a given P-T.  Slightly lower 
A1 contents (by 10 units or 0.01 in terms of XA1) 
are also calculated at the higher-T conditions if 
the Harley (1984b) thermobarometer is used 
rather than that of Harley & Green (1982). 

As would be expected, Fe-richer Bt+  Grt + 
Sil +Qz assemblages begin melting at lower 
temperatures than Mg-richer ones (Fig. 4a). Grt 
isopleths in the lower-pressure Crd-bearing 
assemblages have positive dP/dT slopes, consis- 
tent with recent calculations (e.g. Aranovich & 
Berman 1996). Isopleths in the Grt + Opx ÷ Sil 
field are negative at T < 975°C (Fig. 4a), and 
as a consequence isobaric increases in T at 
P > 8 kbar will produce garnet at the expense of 
Opx + Sil in the melt-bearing assemblage. The 
XMg of Grt at the [Os] invariant point is 60 + 2, 
and that at the incoming of Os (the [Bt] point) is 
near 55. Along the key reaction (Os, Bt) that 
joins these points and across which Grt + Crd 
breaks down to Opx + Sil in KFMASH, Grt 
decreases in XMg with increasing temperature, 
and the coexisting Opx would have XMg decreas- 
ing from 75 to 69 and A1203 increasing from 
7.5 to 9 wt%. The steep dP/dT slopes of the A1 
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Fig. 4. Isopleth diagrams for phases in the KFMASH 
system experiments of Carrington & Harley (1995a). 
See text for explanation of the contouring (isoplething) 
procedures. Note that the positions of these isopleths 
depend on the locations of the univariant reactions as 
presented by Carrington & Harley (1995a). In the case 
of assemblages with Crd the isopleth positions also 
depend on H20-content and are displaced to lower P 
relative to isopleths for the volatile-saturated case. 
(a) XMg isopleths for Grt in the three Sil + Qz + L 
bearing divariant assemblages Bt + Grt (dashed line 
isopleths), Grt + Opx (solid line isopleths), and 
Grt + Crd (short dashed isopleths). XMg isopleths 
are labelled for [Mg/(Mg+ Fe)] x 100 (circled). 
(b) XMg isopleths for Grt in the assemblage 
Grt + Opx + Crd + Qz + L and for Opx in the 
Grt + Opx + Sil + Qz + L assemblage. XMg isopleths 
are labelled for [Mg/(Mg + Fe)] x 100 (circled for Grt, 
boxes for Opx). (e) Isopleths of XA1 in the M1 site of 
Opx in the two assemblages noted in (b). XA1 isopleths 
are labelled for [A1 cations in M1] x 1000 (figures in 
ellipses). Note that Opx in these assemblages will have 
XA1 of greater than c. 0.150, corresponding to A1203 
contents of >7 wt%, if formed at T > 900°C. 

isopleths in Fig. 4c confirm that high equili- 
brium AI20 3 contents in Opx (e.g. > 7-8 wt%) 
are excellent indicators of U H T  conditions, 
notwithstanding the discrepancies between the 
various datasets and approaches to calculating 
these isopleths. 

The isopleths in Fig. 4 can be compared with 
calculations recently presented by Holland et  al. 
(1996) and Aranovich & Berman (1996). Hol- 
land et al. (1996), using an updated Thermocalc 
dataset, calculate Grt  and Opx XMg values near 

the two invariant points that are in good accord 
with, though slightly more magnesian than, the 
XMg values indicated here. For example, Grt at 
[Os] and [Bt] has XMg of c. 63 and 61 respectively 
(Holland et al. 1996). Aranovich & Berman 
(1996) calculate a high-pressure stability limit 
for G r t ÷ f u l l y  hydrated Crd that lies 0.7kbar 
higher at 900°C and 1.9kbar higher at 940°C 
than the limits given here. This discrepancy is 
attributable to the H20-undersaturated charac- 
ter of Crd in the K F M A S H  melt-bearing 
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system, a factor that also affects the comparative 
positions of the Xug isopleths for Crd and hence 
Grt and Opx. As fully hydrated Crd of any given 
XMg will also be stabilized to higher pressure 
relative to the fluid-undersaturated case, it 
follows that XMg isopleths calculated by Arano- 
vich & Berman (1996) for Crd-bearing assem- 
blages will be displaced to higher pressures by 
between 0.7 and 1.5 kbar relative to those in Fig. 
4. Hence, the Grt XMg at the P - T  condi- 
tions used here for the [Os] point would be c. 54, 
and that at the [Bt] point only c. 43, if the 
FMASH calibration of Aranovich & Berman 
(1996) is applied. Like Holland et al. (1996), 
Aranovich & Berman (1996) calculate Opx A1203 
contents of between 6 and 7 wt% at these points, 
lower than the contents given in Fig. 4c but 
consistent with the conclusion that highly alu- 
ruinous Opx (with 8-12 wt% A1203) in pelitic 
gneisses is indicative of UHT metamorphism. 

The contoured KFMASH grid can be used to 
estimate P-Tconditions for garnet-bearing UHT 
assemblages reported in the literature. Qz-bear- 
ing and Qz-deficient Grt + Opx + Sil assem- 
blages from several areas summarized in Table 1 
contain garnets with uncorrected XMg values of 
60 or greater, and also preserve high initial 
A1203 contents (8-12 wt%) in early orthopyrox- 
ene. These compositional features are consistent 
with UHT metamorphic conditions of 8-9 kbar 
and >950°C (Figs 4a, c). Grt (XMg=70)÷ 
Opx + Sil assemblages from Long Point (Harley 
& Fitzsimons 1991; see below) would imply P - T  
conditions of >10 kbar and 1000°C on the basis 
of Fig. 4, and 11 kbar/1060°C using the calcula- 
tions of Aranovich & Berman (1996) and 
assuming unit water activity. 

Pitfalls and problems with pelite grids: spinel 
and fo2 considerations 

A key feature of a number of UHT terranes 
noted in Table 1, including Labwor Hills (Nixon 
et  al. 1973; Sandiford et al. 1987), Wilson Lake 
(Morse & Talley 1971; Arima et  al. 1986; Currie 
& Gittins 1988) and the Eastern Ghats northern 
region (e.g. Lal et  al. 1987; Sengupta et  al. 1991; 
Dasgupta et al. 1995) is the stability of spinel in 
quartz-bearing assemblages. These assemblages 
generally contain Fe Ti oxide phases (magne- 
tite, hemoilmenite, hematite) rather than rutile, 
may coexist with sapphirine, cordierite and 
orthopyroxene, but almost invariably lack 
garnet. In particular, the assemblage Opx+ 
Sil + Spl + Qz, recognized at Labwor Hills and 
in the Eastern Ghats (here also denoted (Spr, 
Grt, Crd)) is not allowable in the 'low fo2' grid 

of Hensen (1971, 1986) but is stabilized in the 
inverse topologies presented for 'high fo2' 
conditions (Hensen 1986; Powell & Sandiford 
1988), consistent with experimental data at high 

fo2 (Annersten & Seifert 1981). This arises 
principally because the additional components 
in spinel, particularly Zn and Fe 3+, stabilize 
Spl + Qz to higher pressures relative to Grt + 
Crd and other FMAS and FAS assemblages 
(Hensen 1986; Harley 1986; Shulters & Bohlen 
1989). Ultimately this will lead to a topological 
inversion, where the formerly metastable invar- 
iant points become stable, when the stability 
field of an intervening assemblage collapses. 
In the case of oxidation the stability fields of 
Opx + Sil + Qz and Spl + Qz converge and over- 
lap at the expense of the intervening Gr t+  
Crd + Sil + Qz field, and Spr + Qz also migrates 
to lower temperatures. 

The precise nature of these inversions and 
their importance depends on the partitioning of 
the minor components (Zn, Cr and Fe 3+) 
between spinel and the other ostensibly FMAS 
phases. In the case of Fe 3+ the situation is not 
straightforward, as emphasized by Hensen 
(1986) and Powell & Sandiford (1988), because 
appreciable Fe 3+ can enter sapphirine, sillima- 
nite and orthopyroxene as well as stabilizing 
hematite as fQ increases. In addition, spinel is 
often observed to have undergone decomposi- 
tion (granular exsolution) into polyphase 
domains of spinelss + magnetites~ + hemoilmen- 
ite+corundum. In these circumstances it is 
extremely difficult to reconstruct the initial, 
UHT, spinel composition and hence determine 
the correct partitioning behaviour of Fe 3+ 
between spinel and the other phases (e.g. sapphi- 
rine). Integration of former spinel compositions 
using image analysis usually shows that its 
composition was far removed from the FMAS 
system and hence not amenable to treatment 
either using simple-system grids or thermody- 
namic databases. For example, Dasgupta et al. 
(1995) reconstructed an initial spinel composi- 
tion of Mtso(Spl+Hc+Gh)50 for spinel in a 
Spl + Opx + Qz granulite from the Eastern 
Ghats for which P - T  conditions of approxi- 
mately 950°C and > 9 kbar have been deduced. 

As a consequence of these effects and uncer- 
tainties it is not reasonable to infer UHT 
metamorphic conditions solely on the basis of 
Spl + Qz and even Spl + Spr + Qz assemblages in 
oxidized rock types, a point discussed elegantly 
by several workers (Hensen 1986; Powell & 
Sandiford 1988; Waters 1991) and recently 
emphasized for the sole to the Semail ophiolite 
(Gnos & Kurz 1994). Nevertheless, the oxidized 
Opx + Sil + Spl + Qz assemblage has proven to 
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be a UHT one when considered along with all 
the other mineral assemblage evidence in 
Labwor Hills and the Eastern Ghats. 

pressure obtained from nearby pelites. Clearly 
there is much scope for further investigation of 
calc-silicate equilibria under UHT conditions. 

Constraints from other rock types 

When searching for other unequivocal evidence 
for UHT mid- to deep-crustal metamorphism it 
is important to restrict the evidence to that 
which is derived from rocks that are not of 
igneous parentage. Such orthogneisses may 
preserve partially recrystallized but inherited 
high-T igneous phases (e.g. hypersolvus feld- 
spars, sub-calcic ferroaugites and pigeonite) that 
have no direct relation to the grade of meta- 
morphism. Two distinctive rock types that have 
potential to record UHT signatures are meta- 
ironstones and calc-silicates. 

Metamorphic pigeonite and sub-calcic pyrox- 
ene have been reported in quartz-magnetite 
ironstones from the Napier Complex (Grew 
1982a; Sandiford & Powell 1986; Harley 1987), 
where their high X~g values of 38-44, obtained 
after reintegration of exsolved phases, imply 
temperatures (980-1030°C) that are entirely 
consistent with those deduced from pelite phase 
relations and from thermobarometric retrieval 
calculations (see below). Likewise, relatively 
magnesian (XMg=30) but Mn-bearing meta- 
morphic pigeonite from Scourie (Barnicoat & 
O'Hara 1979) provides some of the best evidence 
for peak temperatures in excess of 900°C in the 
mainland Lewisian of NW Scotland. 

The assemblage wollastonite + scapolite, 
occurring along with other phases such as 
Plag, grossular-rich Grt, Qz and calcite in calc- 
silicate granulites, also has some potential as a 
UHT indicator (Harley & Buick 1992). This is 
only the case, however, if the scapolite is highly 
calcic (EqAn>88) and if the pressures of 
metamorphism can be independently deter- 
mined to be greater than 8 kbar. Even with 
these additional constraints, few granulite ter- 
ranes have yet been shown to preserve the 
buffering assemblages that are required in order 
to fully define T-Xco2 conditions from 
wollastonite-scapolite calc-silicates. Buffering 
assemblages of wollastonite-scapolite-calcite- 
grossular-quartz in calc-silicates of the Rauer 
Group (Harley & Buick 1992) only require 
temperatures of c. 870°C at 7-8 kbar and hence 
fall short of the UHT field for the preferred 
pressures. However, Dasgupta (1993) deduced 
peak temperatures in excess of 900°C (and hence 
UHT conditions) from similar calc-silicate 
assemblages in the Eastern Ghats on the 
assumption that they equilibrated at 9 kbar, a 

Thermobarometry and retrieval calculations 

As noted in the Introduction, the reliable calcu- 
lation of the P-T conditions is a prerequisite for 
any further understanding of the processes 
involved in metamorphism. Fe-Mg exchange 
thermometers have been extensively applied to 
granulites and many workers have used them 
with varying success to infer peak, or near-peak, 
temperatures in upper-amphibolite to lower- 
granulite terranes that have, from independent 
mineral assemblage criteria, experienced tem- 
peratures of 700-850°C. The applicability of Fe-  
Mg thermometers to UHT granulite terranes is, 
however, fraught with problems. Reliance on 
this approach has led to the popular notion that 
most granulites formed at 750-850°C (Bohlen 
1987, 1991), and many workers may still be of the 
view that UHT metamorphism is an incidental 
oddity. Mineral thermobarometry is inherently 
unreliable for UHT metamorphism because of 
post-peak diffusional exchange and closure 
effects (Harley 1984b; Frost & Chacko 1989; 
Perkins 1990) that lead to both mismatch and 
feedback (Harley 1989) between temperature 
and pressure estimates. This can, however, be 
used to advantage to estimate peak temperature 
through retrieval, or convergence, calculations. 

The principle underlying retrieval calculations 
as applied to thermobarometers is explained by 
Fitzsimons & Harley (1994) and Pattison & 
Begin (1994). If Fe-Mg exchange between two 
phases continues subsequent to the cessation of 
effective A1 exchange or net-transfer, then the 
pressures calculated using an A1 barometer in 
which the activities of the components also 
depend on Mg/Fe will diverge from pressures 
calculated using independent equilibria that are 
not affected by such feedback. The independent 
pressure estimator, which may be a geobarom- 
eter or an appropriate grid constraint, is termed 
the reference pressure. An important feature 
seen in coherent sets of data from single terranes 
is that the difference between the reference 
pressure and that estimated by Grt-Opx 
A1 barometry increases as the temperature 
calculated using the Grt-Opx Fe-Mg exchange 
thermometer decreases: the Grt-Opx A1 barom- 
eter pressure estimates are closure pressures 
resulting from the feedback effect (Fitzsimons 
& Harley 1994). 

Retrieval and convergence tests then involve 
back-calculating the Fe-Mg compositions of the 
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participating phases until the pressure estimate 
(e.g. Grt-Opx A1 barometry) overlaps with the 
reference pressure for that sample or group of 
samples. The 'retrieved' or 'back-exchanged' 
mineral compositions may then be used to 
calculate the temperature at which A1 transfer 
ceased, which may be a reasonable estimate of 
the peak metamorphic temperature. Mineral 
compositional data are required from several 
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Fig. 5. Results of retrieval calculations for 26 
magnesian Grt-Opx granulites from the Napier 
Complex (see Harley (1985) for summary of analytical 
data). (a) Correlation of the extent of pressure 
underestimation [P(HG)-P(Har84) where P(HG) is 
a reference pressure and P(Har84) is the pressure 
recorded using Harley (1984b)] with the Fe-Mg 
exchange temperature as recorded using the 
thermometer of Harley (1984a) (horizontal axis). 
The reference pressure, P(HG), is based on Harley & 
Green (1982) and a range of other grid and barometer 
estimates as noted in the text. (b) The range of 
pressures recorded in the Napier Complex. Reference 
barometry indicates a range from 8 to 11 kbar 
(north to south; see earlier discussion) that correlates 
well with corrected pressures obtained using Harley 
(1984b) when the Grt and Opx compositions are 
back-exchanged so that the Fe-Mg exchange 
thermometer records 1000°C, a reasonable estimate 
of the peak of metamorphism. 

samples with differing mineral modes and grain 
sizes and it is very important to use such a suite 
of samples to enable the internal consistency of 
the method to be tested and realistic uncertain- 
ties placed on the retrieved peak temperature 
estimates. Application of such retrieval calcula- 
tions to several UHT terranes, and to other 
granulites, confirms that a high content of A1203 
in orthopyroxene (8-12 wt%) is one of the most 
reliable indicators of high metamorphic tem- 
peratures, a point emphasized by Hensen (1987) 
and Harley (1989) and noted above in relation to 
the contoured phase diagrams. 

Retrieval calculations have been performed on 
26 Grt + Opx granulites from the UHT region 
of the Napier Complex (Fig. 5). This uses the 
data of Harley (1985) but includes only those 
samples in which the garnets have low grossular 
contents (<5 mol%) and both garnet and ortho- 
pyroxene are magnesian (Grt XMg > 45) in order 
to minimize the uncertainty in estimated pres- 
sure arising from analytical uncertainties in XA1 
(i.e. dP/dXAO. The extent of pressure under- 
estimation obtained using the Fe-Mg sensitive 
Grt-Opx A1 barometer (Harley 1984b) ranges 
from 8 to -1  kbar and correlates very well with 
the apparent temperatures calculated using the 
Grt-Opx Fe-Mg exchange thermometer of 
Harley (1984a) (Fig. 5a). The latter range from 
800 to 960°C, but only three G r t + O px  pairs 
yield Fe-Mg temperatures within 50-100°C of 
the peak of metamorphism. Back-calculation of 
Grt or Opx XMg values following the approach 
of Fitzsimons & Harley (1994) yields an intern- 
ally consistent peak temperature estimate of 
980+40°C for the range of peak pressures 
(8-11 kbar) defined by independent barometry 
and petrogenetic grids. In this case the reference 
pressures are provided by the thermobarometer 
of Harley & Green (1982) [P(HG)] supported 
by Grt + Opx + Qz + Plag barometry (Moecher 
et al. 1988), Grt + Sil + Qz + Plag barometry 
based on THERMOCALC (Holland & Powell 
1990), and the experimentally constrained 
KFMASH petrogenetic grids described above. 
The correlation between the reference pressure 
across the Napier Complex and the pressures 
calculated using the Harley (1984b) barometer 
following correction for Fe-Mg exchange is 
shown for 1000°C in Fig. 5b. 

Grt-Opx data on suitably magnesian samples 
from other UHT terranes are limited, and checks 
for internal consistency of the retrieved tempera- 
tures in any one terrane cannot be applied 
rigorously. However, the retrieval procedure 
has been applied collectively to ten sapphirine 
granulites from UHT terranes (Eastern Ghats, 5; 
Wilson Lake, 1; Sipiwesk Lake, 1; In Ouzzal, 1; 
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Labwor Hills, 1; Forefinger Point, 1) and the 
results are illustrated for assumed peak tempera- 
tures of 1000 and 950°C in Fig. 6. These plots 
again show that the extent of pressure under- 
estimation using Grt-Opx A1 barometry corre- 
lates well with the temperature underestimate 
obtained using Grt-Opx Fe-Mg exchange ther- 
mometry. Five samples from the Eastern Ghats 
define a best-fit peak temperature of 950°C and 
underestimate that temperature by between 40 
and 105°C. Further reliable reference pressure 
data, including the grid constraints, are required 
to confirm these peak temperature estimates. 

The calculations outlined above indicate that 
Fe-Mg exchange, as monitored by the Harley 
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Fig. 6. Results of retrieval calculations for ten 
examples of magnesian Grt-Opx sapphirine granulites 
from some UHT terranes summarized in Table 1. Both 
(a) and (b) show a good correlation of the extent of 
pressure underestimation [P(HG)-P(Har84)] with the 
amount of temperature underestimation recorded 
using the Fe-Mg exchange thermometer of Harley 
(1984a) (horizontal axis). In (a) the assumed peak 
temperature is 1000°C whereas in (b) it is 950°C. Most 
of these UHT samples fit a line through the origin 
(i.e. no P or T underestimation) for case (b). 

(1984a) thermometer, in general continues to 
temperatures some 100-200°C (average 141°C) 
lower than the retrieved peak temperatures 
relevant to UHT metamorphism. Even if more 
recent calibrations of this Fe-Mg exchange 
thermometer are used (Lee & Ganguly 1988; 
Aranovich & Berman 1996) the extent of 
temperature underestimation for most UHT 
samples is still 40-150°C, and the average 
underestimate is 81-51°C. If the change in 
mineral X~g, or tie-line rotation, is partitioned 
equally between the phases then the shift in XMg 
of garnet for most Grt + Opx + Sil granulites is 
3-4 units, and takes the Grt X'Mg to values in the 
range 67-63 for all areas apart from Long Point, 
where XMg is as high as 71, and Wilson Lake, 
where oxidized Grt + Opx + Spr ÷ Sil gneisses 
contain Grt with XMg of only 50. In the latter 
area the compositional adjustment would be to 
54. These Grt-Opx compositional shifts would 
be less if the Lee & Ganguly (1988) thermometer 
is applied to the data, but are still of the order of 
2.X'Mg units in each phase. 

An outline of key UHT areas and their P - T  

path interpretation 

The constraints, approaches and caveats intro- 
duced and evaluated above allow for detailed 
consideration of the P-T conditions and paths 
of most of the presently documented UHT 
terranes and localities. In the following sections 
I selectively describe and highlight some of these 
UHT occurrences to illustrate both how their 
features can be interpreted and the present limits 
on our understanding. The UHT occurrences 
are distinguished in Table 1 and are depicted on 
Figs 7 and 8 along with their post-peak P-T 
'path' - IBC or ITD. The Eastern Ghats, where 
a spectrum of possible P-T paths have been 
proposed, is considered individually. 

The Napier Complex and other areas with 

IBC histories 

Napier Complex, Enderby Land, Antarctica. 
In the 3000-2500 Ma Archaean Napier Complex, 
the best preserved example of UHT regional 
metamorphism, the extreme metamorphic con- 
ditions are best defined from the occurrence of 
Spr + Opx + Qz, Grt + Opx + Sil + Qz, Spl + Qz 
and Os + Grt (Sheraton et al. 1980, 1987; Ellis, 
1980; Ellis et al. 1980; Grew 1980, 1982a; Harley 
1985; Sandiford 1985). Sp r+Gr t  assemblages, 
with Opx+ Sil and occasionally Qz also occur 
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(Harley & Hensen 1990). The stability of 
relatively calcic mesoperthite in pelites (Sheraton 
et al. 1980; Ellis et al. 1980; Harley 1986), and the 
presence of Mg-rich inverted pigeonite and sub- 
calcic pyroxenes already noted above for meta- 
ironstones from this Complex, confirm the U H T  
conditions of > 1000°C. High alumina contents in 
orthopyroxene (8-11wt% A1203) coexisting 
with garnet yield high calculated temperatures 
(950-1000°C) consistent with the basic FMAS 
and K F M A S  assemblage constraints. In addi- 
tion, the FMAS and new K F M A S H  grids 
discussed in previous sections support previous 
interpretations that post-peak near-isobaric 
cooling occurred at less than 8kbar  in the 
northern parts of the U H T  region and at 
9-10 kbar in areas further south (Sheraton et al. 
1980; Harley 1985; Harley & Hensen 1990). 
A peak-T pressure gradient (Figs 3b, 7a; areas 
la, lb and lc in Fig. 8) is strongly supported by 
the following features. 

1. Lower core A1203 and higher XMg in Opx 
equilibrated with Grt + Sil and either Spr or 
Qz in the southerly part of the complex 
(Harley 1985, and unpublished data); 

2. S p r + Q z  is rimmed by coronas involving 
combinations of Crd, Sil and Grt  in the 
northerly areas whereas it is rimmed by 
Opx + Sil in the areas south of Amundsen 
Bay (Sheraton et al. 1980; Motoyoshi & 
Matsueda 1984; Harley 1985; Sandiford 
1985). This implies cooling at P < P[Spl] in 
the north compared with P > P[Spl] in the 
south (Sheraton et al. 1980, 1987). 

3. Os + Grt, stable in the areas to the north of 
Amundsen Bay, gives way to the composi- 
tionally equivalent assemblage Opx + Sil + 
Kfs + Qz southwards and eastwards, imply- 
ing pressure conditions either side of the 
(Bt, Spr) reaction shown in Fig. 3b (Audi- 
bert et al. 1995; Carrington & Harley 1995b). 

4. The consistency of the reference barometry 
in the retrieval calculations described in the 
previous sections. 

IBC is well documented in the Napier Com- 
plex not only on the basis of the pelite corona 
textures noted in point 2 above but also from 
Grt  and Grt  + Qz coronas developed on Opx in 
pelites, O p x + P l a g  in intermediate and semi- 
pelitic rocks, and Opx + Cpx in mafic granulites 
and pyroxenites (Sheraton et al. 1980, 1987; Ellis 
1980; Harley 1985; Sandiford 1985). Whether 
the IBC is real, in the sense of being a 
continuous path, or apparent, resulting from 
episodic overprinting in discrete deformation 
events, is not fully established. Harley (1985) 
interpreted a high-T phase of IBC but also 
pointed out that lower-T coronas formed at 
7-8 kbar and 650-750°C may reflect an over- 
printing event (see also Harley & Black 1987). 

The prograde path of the UHT granulites in 
the Napier Complex has received consider- 
able attention, with both clockwise (Ellis 1987; 
Harley 1989) and counter-clockwise (Motoyoshi 
& Hensen 1989; Hensen & Motoyoshi 1992) 
trajectories being proposed. Whilst there is little 
clear evidence for the clockwise model, and it is 
very likely that polymetamorphism has obscured 
the prograde paths, the counter-clockwise 
path model is consistent with the following 
observations. 

1. Only Sil (never Ky) is observed as inclusions 
in Grt  porphyroblasts. 

2. Motoyoshi & Matsueda (1984) and Moto- 
yoshi & Hensen (1989) have described 
classic Spr + Qz (+minor Opx) graphic and 
lamellar intergrowths (see also Ellis et al. 
1980; Sheraton et al. 1987) and interpreted 
them as pseudomorphs after earlier Crd on 
the basis of their morphology and point- 
counted average compositions. If  this criti- 
cal interpretation is correct it provides not 
only a key to the prograde path of the 
Napier Complex but also those of other 
U H T  areas where S p r + Q z  intergrowths 
have been observed. This textural interpre- 
tation warrants further evaluation from a 
larger range of samples. 

Fig. 7. Slightly simplified versions of the FMAS(H) grid of Fig. 1 annotated with some examples of (a) apparent 
IBC and (b) apparent ITD post-peak P - T  paths and key reaction textures. The divariant reactions interpreted 
from textures at various localities are labelled with alphabetic letters as in Table 1, and some P - T  fields of relevant 
divariant reactions are shown with ornaments as given in the key. (a) Examples of IBC paths from the Napier 
Complex, Lace xenoliths and other areas given in Table 1. Note the counter-clockwise prograde path suggested 
for the Napier Complex on the basis of early Spl + Qz and potential Spr + Qz pseudomorphs after Crd. The paths 
for Labwor Hills and some northern Eastern Ghats localities are placed at low P on this diagram but will be 
displaced to higher pressures because of their oxidized character (see text for discussion). Also shown is a 
summary ITD path for the northern Eastern Ghats area. This may post-date the IBC features also seen in these 
granulites (dashed IBC path at P near P [Spl]). (b) Examples of ITD paths. Long Point is used to represent and 
illustrate the progression of reactions seen in several areas (see Table 1 and text for details). In Ouzzal preserves a 
distinctive ITD path involving heating to beyond the [Spl] point. Note the clockwise prograde paths inferred for 
some areas from the presence of early kyanite. 
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Fig. 8. Summary of the peak P - T  conditions of the 
various UHT terranes and localities listed in Table 1 
and identified by the numeral given to them in that 
table. Apparent post-peak P - T  paths IBC, IBC/ITD 
and ITD are shown by arrowed heavy lines and the 
FMAS(H) grid is positioned in light lines behind 
the P - T  circles. Peak P - T  conditions have been 
obtained by combining the assemblage-temperature 
constraints from the grids of Figs 1, 2 and 3 with 
pressures calculated using Grt-Opx thermobarometry 
(Harley 1984b; Fitzsimons & Harley 1994) following 
back-exchange of Fe-Mg to be consistent with these 
temperatures, pressures obtained from Harley & Green 
(1982), or pressures quoted from other barometers in 
the original sources, corrected back to UHT peak 
temperatures. Using this approach most UHT terranes 
and localities cluster near 10:t= 1 kbar at 1000°C, and 
all are in the 8-12kbar range. 

Spl is present as an early phase mantled by 
Spr in some Sil-bearing pelites (Ellis et al. 
1980; Harley 1986)• This Spl usually con- 
tains Zn and Fe 3+, but in some cases these 
contents are low and hence an approach 
to UHT conditions from lower P may be 
argued. 

New evidence in favour of either cooling or 
compression at UHT conditions beyond the 
(Spl, Sil) univariant of Fig. 1 (i.e. at >1050- 
1100°C) is seen in Spr + Opx + Qz gneisses from 
Mt Riiser Larsen, where pressures of 8 kbar have 
been estimated (Figs 7a, 8). Layers containing 
coarse (0.3-0.6mm), oriented subhedral Opx 
and Spr trace out isoclinal folds, but the phases 
are recrystallized to granoblastic fabrics with a 
higher Spr :Opx ratio after this folding. The 
coarse Opx contains 11-12.5 wt% A1203 whereas 
the Opx in Opx + Spr + Qtz granoblastic mosaics 

contains only 8.5-10 wt% A1203. These features 
suggest the following continuous reaction: 

A1-Opx = lower-A10px + Spr + Qz, 

which would progress from left to right with 
increasing pressure or cooling within the 
Spr + Opx + Qz field and hence would be con- 
sistent with a counter-clockwise P - T  path at 
these elevated temperatures. 

Other I B C  Areas. Near-isobaric P - T  trajec- 
tories have also been deduced from reaction 
textures in a number of other UHT granulites 
(Fig. 8). Of those apparently equilibrated under 
low fo2 conditions, with rutile-ilmenite (and 
graphite) stable rather than magnetite-hematite, 
Sipiwesk Lake and the Lace granulite xenoliths 
provide some of the best examples of high-T 
coronas. The Archaean (c. 2550 Ma) Spr+  Qz 
xenoliths in the Lace Kimberlite pipe, South 
Africa, imply peak P - T  conditions of 9-11 kbar 
and >1040°C (locality 5, Fig. 8), and may be 
representative of a significant part of the sur- 
rounding Kaapvaal Craton. Coronas of Grt + Sil 
between Spr + Qz in initial Grt + Spr + Sil + Qz 
xenolith assemblages, reflect progress of the 
FMAS divariant reaction: 

Spr + Qz = Grt + Sil (Spl, Opx, Crd) 

from left to right with either cooling or compres- 
sion. Rarer coronas involving Grt + Crd, formed 
through the related divariant reaction: 

Spr + Qz + Grt = Crd (Spl, Opx, Sil) 

also imply cooling, and a post-peak P - T  path 
with d P / d T  of between 9 + 6 bars °C -t  is con- 
sistent with the two divariant reactions (Dawson 
et al. 1997). This cooling occurred at pressures 
between the [Spl] and [Opx] FMAS invariant 
points of Fig. 7a. A similar IBC trajectory can be 
deduced for Sipiwesk Lake where similar tex- 
tures related to (Spl, Opx, Crd) are observed 
(Arima & Barnett 1984; Hensen 1987). The 
Archaean Spr + Sil + Qz granulites at the latter 
locality equilibrated at 9.4-10.3 kbar (Arima & 
Barnett 1984) if the peak temperature was 
1000°C, a minimum suggested here from the 
grid constraints and retrieval calculations (local- 
ity 4, Fig. 8). This peak temperature is signifi- 
cantly greater than that originally estimated by 
Arima & Barnett (1984) on the basis of Grt-Bt  
Fe-Mg thermometry (830 + 50°C). Although the 
evidence is sparse, a counter-clockwise prograde 
P - T  path for the Sipiwesk Lake was proposed 
by Hensen (1987), who interpreted the presence 
of Spl and Crn relicts in O p x + S p r + C r d  
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granulites in terms of the former stability of 
Opx + Crn, replaced up-temperature by succes- 
sive Spl- and Spr-bearing assemblages. The 
stability of Opx + Crn in silica-undersaturated 
granulites remains an important question to 
be resolved. 

IBC under higher fo: conditions has been 
described in detail for the c. 8-10kbar Spl+ 
Sil + Qz granulites of Labwor Hills (Sandiford 
et al. 1987; locality 2, Fig. 8) and considered here 
in relation to the problem of grid inversions. 
At Wilson Lake, Labrador, both highly oxidized 
Spr + Sil + oxide rocks and less-oxidized (but still 
relatively high fo2) quartzofeldspathic gneisses 
with Sil and minor Spr + Opx occur (Arima et al. 
1986: Currie & Gittins 1988). Initial Spr + Opx + 
Sil + Qz (+ hematite) suggests peak P - T  condi- 
tions near [Spl], which in this case will be 
displaced to lower P - T  conditions than given in 
Figs 1 and 7 due to the presence of substantial 
Fe 3+ in Spr, Sil and Opx. Initial post-peak IBC 
here is suggested by the presence of Opx ÷ Sil 
coronas on Spr+Qz (Morse & Talley 1971; 
Currie & Gittins 1988) and by Grt coronas on 
Opx+Plag  in other rocks. Currie & Gittins 
(1988) have also demonstrated a later phase of 
isothermal decompression (ITD) at c. 800-700°C 
that resulted in the breakdown of gedrite 
assemblages formed late in the IBC stage. 

The  Eas t e rn  Ghats ,  India:  c o m p l e x i t y  in I B C  

a n d  I T D  histories 

Spr-, Opx-Sil and Spl-bearing quartz-saturated 
and undersaturated granulites have been recog- 
nized from the Eastern Ghats of India for some 
time (Grew 1982b). These have now been 
described in some detail and their extensive 
reaction textures interpreted based on FMAS 
and KFMASH system grids (Mohan et al. 1986; 
Lal et al. 1987; Hensen 1987, 1988; Kamineni & 
Rao 1988; Sengupta et al. 1990, 1991; Dasgupta 
1995; Dasgupta et al. 1994, 1995; Raith et al. 
1997). Although the Eastern Ghats is often 
referred to as one 'terrane', the UHT assem- 
blages have been recognized from localities in 
two principal regions: a northerly area some 
10 000 km 2 in size centred on Paderu-Anantigiri 
in Andhra Pradesh; and a southern region west 
of Madras and further south near Kodiakanal 
(Ganguvarpatti, the Palni Hills, and Kiranur). 
Geochronology in the Eastern Ghats has not yet 
clarified which of the early Proterozoic, 1000 Ma 
or 500-600Ma, tectonothermal events corre- 
lates with the UHT assemblages and post-peak 
P - T  paths in each region (e.g. Dasgupta 1995; 

Raith et al. 1997), and it is probable that the 
P - T  conditions and evolutions in each reflect 
tectonic events of differing age. 

Peak metamorphism in the northern UHT 
region, where the former stability of Spr + Qz 
and of osumilite is inferred, occurred at 
8-10kbar and >950-1000°C (Dasgupta 1995; 
Dasgupta et al. 1994, 1995; see Fig. 8), although 
Fe-Mg exchange geothermometers record lower 
temperatures (see retrieval section). Opx + Sil + 
Spl + Qz forms a peak assemblage (e.g. Lal et al. 
1987; Sengupta et al. 1991; Dasgupta et al. 1995), 
stabilized by the presence of Zn, Cr and Fe 3+ 
in spinel. The most magnesian Grt in the 
UHT assemblages is reported from Anakapalle 
(XMg = 59: Dasgupta et al. 1995). UHT condi- 
tions are indicated in the southern Eastern Ghats 
region by the presence of Opx + Sil + Qtz (Grew 
1982b), but the best evidence is described from 
Qz-deficient assemblages at Ganguvarpatti and 
nearby localities in the Palni Hill Ranges 
(Mohan et al. 1986; Hensen 1987, 1988; Raith 
et al 1997). At these localities early Mg-rich Grt 
(X'Mg = 52-60 and up to ?70)+ Opx (8-9wt% 
A1203) assemblages also may involve Sil, but the 
field of Spr+ Qz was not reached. From the 
available evidence it appears likely that the 
southern region experienced UHT metamorph- 
ism at marginally higher pressures (up to 11 kbar 
cf. 8-10kbar) and slightly lower temperatures 
than the northern region (Fig. 8). 

Dasgupta (1995) has noted that evidence for 
both IBC and ITD is present in the northern 
domain of the Eastern Ghats. Post-peak decom- 
pression (ITD; Fig. 7a; localities 6a, 6b in Fig. 8) 
is strongly suggested by reaction textures includ- 
ing the breakdown of Mg-rich Grt to Opx + 
Spr ÷ Sil and Opx + Spr + Crd symplectites, 
Fe-richer Grt + Qz replaced by Opx + Plag 
(Dasgupta et al. 1994) and Spr+ Crd replacing 
Opx+Si l  (Lal 1997). However, coronas of 
Grt + Sil and Opx + Sil on early Spr + Qz or 
Sp l+Qz (Lal et al. 1987; Sengupta et al. 1991; 
Dasgupta et al. 1995; Lal 1997) are not con- 
sistent with this. In this case the interpretation of 
these textures is complicated by the presence 
of Zn and Cr in spinel the high fo2 conditions 
relevant to some assemblages (Fe 3+ in the spinel, 
coexisting magnetite-hematite). Nevertheless, 
the reactions involving a complex ZnFMASO 
system Spl: 

Spl + Qz = Opx + Sil (Spr, Grt, Crd) 

Spl + Qz = Grt + Sil (Spr, Opx, Crd) 

are comparable to those reported from the 
Labwor Hills (Nixon et al. 1973; Sandiford 
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et al. 1987) and most likely reflect IBC. This is 
supported by the reactions involving Spr + Qz: 

Spr + Qz = Opx + Sil (Spl, Grt, Crd) 

Spr + Qz = Grt + Sil (Spl, Opx, Crd) 

which are consistent with cooling at pressures 
near an analogue of the [Spl] point of Fig. 7a, 
which again will be displaced to lower pressures 
(and temperatures) than those shown in the 
figure because of the extensive Fe 3+ incorpo- 
rated into Spr, Opx and Sil (Lal et al. 1987: 
0.7-1.5 % Fe203 in Sil). These corona textures 
on Spr + Qz are essentially the same as those 
observed in the Napier Complex (Ellis et al. 
1980; Sheraton et al. 1987) and the other UHT 
localities where IBC has been inferred. 

The relative timing of these IBC and ITD P - T  
segments from the northern region is not clear. 
Certainly, the Opx+Si l  coronas cannot have 
formed following decompression to 5-6 kbars as 
at such pressures Grt + Crd would form instead. 
IBC at c. 9 kbar is consistent with the Opx + Sil 
textures and it is suggested that IBC was 
followed by ITD that may be related to exhu- 
mation in a separate tectonic event. However, 
Dasgupta et al. (1994) deduce from textural 
relations that cooling post-dated the high-T 
decompression seen in granulites at Anakapalle. 
Possible evidence in support of this interpreta- 
tion, not considered by Dasgupta et al. (1994), 
can be seen in the textures portrayed in their 
fig. 11 (p. 441). This back-scattered electron 
image (BEI) shows Grt partially replaced by a 
rib-like intergrowth of Spr + Opx and another 
phase (dark in BEI; Crd?); Sil is reported to be 
in the symplectite but cannot be seen in the 
photograph (it too should be dark in BEI). 
On closer inspection this texture also has more 
localized domains of what could be interpreted 
to be new Grt growing outwards from the 
resorbed Grt/symplectite interface along and 
around the Opx+Spr  ribs, reflecting a Grt- 
forming reaction: 

Opx + Spr + Crd = Grt (Spl, Sil, Qz) 

This would be indicative of either cooling or 
compression/burial following the decompres- 
sional phase, and would progress at pressures 
of 7-8 kbar (Figs 1, 7a). 

In contrast to the northern UHT domain of 
the Eastern Ghats, single- or multistage ITD 
paths appear to characterize the southern UHT 
region (Fig. 7b; locality 7, Fig. 8). At Gang- 
uvarpatti, Hensen (1987) has demonstrated how 
the different symplectites formed during garnet 
breakdown related to the initial garnet X~g 
composition, with Opx + Spl + Crd forming on 
the less-magnesian garnets at lower pressures 

than Opx + Spr + Crd symplectites on garnets 
with higher XMg. Raith et al. (1997) also describe 
textures in which Opx + Sil, Grt and Grt + Sil 
break down to assemblages involving sub-sets of 
the phases Opx, Spr, Crd and Spl. These 
assemblages are then partially replaced by Bt 
prior to a final stage of Opx + Crd corona for- 
mation. These textures, and their relative timing, 
are very similar to those reported from Forefinger 
Point, Antarctica (Harley et al. 1990) and are 
attributed to decompression from 11 to c. 8 kbar 
at 950-1000°C (i.e. T<T[Spl]), followed by 
another stage of decompression at 850-900°C 
in both examples (Harley et al. 1990; Raith et al. 
1997). Oriented siUimanite aggregates are inter- 
preted by Raith et al. (1997) to be pseudomorphs 
after coarse twinned kyanite formed in the 
prograde stage of a clockwise P - T  evolution. 
This interpretation invokes a similar P - T  history 
to that determined for 520Ma (Pan African) 
Grt + Opx + Sil UHT assemblages from Rund- 
v~gshetta, Ltitzow-holm Bay, Antarctica, where 
Ky has actually been observed as inclusions in 
highly magnesian Grt (XMg = 57; Motoyoshi & 
Ishikawa 1998; Fig. 7b). 

Occurrences  with I T D  histories:  the 

In O u z z a l  terrane a n d  other  locali t ies 

In Ouzzal. Metamorphic assemblages and reac- 
tion relationships in the In Ouzzal UHT terrane 
of the Hoggar, Algeria, have been superbly 
documented in a series of papers over the past 
decade (Kienast & Ouzegane 1987; Bertrand 
et al. 1992; Mouri et al. 1996; Ouzegane & 
Boumaza 1996). Peak conditions of 1050°C and 
10 kbar are deduced from assemblages in pelitic 
or aluminous rock compositions, and a clockwise 
P - T  trajectory terminated by near-isothermal 
decompression inferred from textures (Fig. 7b; 
locality 8, Fig. 8). This P - T  history is widely 
considered to be continuous and related to the 
Eburnean tectonic cycle at c. 2000 Ma (Ouzegane 
& Boumaza 1996). 

UHT in this terrane is well defined from quartz- 
present assemblages including Opx + Sil + Qz, 
Grt60 + Qz, former osumilite, and Spr + Qz 
(+ Opx). Quartz-deficient assemblages including 
Opx + Sil + Spr and Grt + Opx + Sil are consis- 
tent with the quartz-bearing ones and imply 
peak conditions located near or above the 
FMAS [Spl] point (Fig. 7b). Three further 
features noted for this terrane distinguish it 
from several others. 

1. The rare and elusive assemblage Opx + Crn 
is inferred to have been stable prior to 
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Spr+ Sil on the prograde P - T  evolution 
(Bertrand et al. 1991). This, together with the 
occurence of texturally early Mg-rich garnet 
breaking down to coarse fabrics involving 
Opx + Sil and even Spr + Qz, has been used 
to suggest a clockwise prograde path. 
Ouzegane & Boumaza (1996) report 
Spr + Qz replacing Opx + Sil assemblages. 
This is consistent with decompression (and 
heating?) initially at temperatures greater 
than those of the [Spl] point. This feature is 
unique among the presently recognized 
UHT terranes with ITD paths, as all the 
other examples appear to have experienced 
ITD at T < T[Spl] (e.g. Harley et al. 1990; 
Raith et al. 1997; see Table 1 and Fig. 7b). 
Despite the very high peak temperatures, 
biotite (phlogopite) remained stable 
throughout the P - T  history because of its 
high F contents (up to 4.2wt% F: Mouri 
et al. 1996). Mouri et al. (1996) provide a 
detailed analysis of how the presence of F in 
biotite affects KFMASH phase relations. 
These workers also show how the [Qz] point 
in the grid of Hensen & Harley (1990) will 
be rendered metastable with respect to 
dehydration melting reactions involving 
F-biotite, ultimately causing a grid inversion 
and stabilization of the unique assemblage 
B t + S p r + Q z .  The continued stability of 
biotite to the highest UHT conditions 
contrasts with the situation seen in other 
areas (e.g. Herd et al. 1986; Harley et al. 
1990; Harley & Fitzsimons 1991; Motoyoshi 
& Ishikawa 1998; Raith et al. 1997) where 
early biotites with low F (and Ti) contents 
are only found included in garnet, and 
biotite disappeared through melting reac- 
tions at temperatures lower than the peak 
conditions but then reappeared on the post- 
peak P - T  path as late platy grains over- 
printing Spr ÷ Opx symplectites. 

Other I T D  case studies. As demonstrated for 
the Eastern Ghats and In Ouzzal areas, the tex- 
tural and assemblage evolutions of Qz-deficient 
Grt + Opx + Sil granulites can be nicely inter- 
preted with reference to the FMAS P - T  grid 
modified from Hensen (1986) and Hensen & 
Harley (1990) (Figs 1, 7b). The reactions con- 
trolling texture formation are usually at least 
divariant in FMAS and define P - T  fields or 
bands focused either on the univariant (Spl, Qz) 
point which lies at P - T  conditions between the 
[Spl] and [Qz] points: 

Opx + Sil = Grt + Spr + Crd (Spl, Qz) 

or on the (Opx, Qz) and (Sil, Qz) reactions that 
occur at lower pressures (Fig. 7b): 

Grt + Spr + Sil = Crd + Spl (Opx, Qz) 

Grt + Spr = Opx + Crd + Spl (Sil, Qz) 

As discussed by Hensen (1987, 1988), these 
univariant reactions are themselves rarely 'seen' 
by the reacting rock compositions. 

Examples from Forefinger Point (Harley et al. 
1990), St Maurice (Herd et al. 1986), Long 
Point (Harley & Fitzsimons 1991), Rundvfig- 
shetta (Motoyoshi & Ishikawa 1998), Sri Lanka 
(Kriegsman 1991), the Sutam and Tokskii blocks 
of Siberia (Perchuk et al. 1985), the central zone 
of the Limpopo Belt (Harris & Holland 1984; 
Droop 1989; Hisada & Miyano 1996) and the 
Gruf Complex (Droop & Bucher-Nurminen 
1984) are all consistent with high-T evolutions 
from pressures near or greater than the [Spl] 
point through to lower pressures near or below 
[Qz], with Spr + Opx + Crd and Spl + Crd sym- 
plectites being produced through divariant 
breakdown of garnets with XMg varying from 
65 to 48. As the features from several of these 
localities are very similar to those described 
above from the southern UHT domain of the 
Eastern Ghats, they need not be considered 
further. However, the unique features of two 
important localities, Rundvfigshetta and Long 
Point, should be emphasized. 

As noted with reference to the textural 
interpretations of Raith et al. (1997), the UHT 
locality Rundvfigshetta in Lfitzow Holm Bay, 
Antarctica (Fig. 7b; locality 12, Fig. 8), pre- 
serves kyanite as inclusions in magnesian Grt 
(Motoyoshi & Ishikawa 1998). As in the Gruf 
Complex (Droop & Bucher-Nurminen 1984), 
this implies a clockwise prograde P - T  path at 
high pressure. Moreover, the presence of early 
kyanite is totally consistent with inclusion 
assemblages reported in the lower-grade (amphi- 
bolite to granulite) gneisses within the Lfitzow 
Holm Bay complex as a whole. 

Magnesian pelites from Long Point in the 
Rauer Group, Antarctica (Fig. 7b; locality 11, 
Fig. 8), contain Grt + Opx + Sil, Opx + Sil + Qz 
and Grt + Sil + Qz assemblages but lack Os and 
Spr+Qz.  This locality preserves the most 
pyropic Grt yet recorded in equilibrium with 
Sil (XMg = 68-71 in Qz-absent domains). Unu- 
sually, peak metamorphic conditions of 12 kbar 
and 1050°C are in this instance indicated by 
petrogenetic grids and by geothermobarometry 
(Harley & Fitzsimons 1991). Indeed, Fe-Mg 
partitioning between Grt and included Opx 
(8-11 wt% A1203) records temperatures of over 
1030°C. ITD at >950°C (symplectite Opx with 
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8 wt% A1203) is well defined as Grt with different 
XMg (70, 68--65, 58 and 50) and Opx + Sil are 
replaced by domain- and reactant-specific lower- 
pressure symplectites similar to those from other 
ITD areas. The experimental petrogenetic grid of 
Carrington & Harley (1995a) contoured for the 
XMg ratios of Grt and Opx (Figs 4a, b) demon- 
strates that partial melting to produce Grt 
(X~g > 58) + Opx + Sil migmatites in this case 
proceeded at minimum P - T  conditions of 
8.6kbar and 910°C along a prograde heating 
path, and implies a clockwise P - T  trajectory. 

S u m m a r y  comments  on U H T  occurrences 

The features of various UHT terranes outlined 
above and in Table 1 demonstrate that there is 
real diversity in both their peak P - T  conditions, 
their post-peak P - T  paths, and potentially 
(though less confidently) in their prograde 
evolutions. However, like the many granulites 
that have not been to such extreme conditions 
(Harley 1989, 1992), the UHT areas group into 
those characterized by real or apparent IBC 
post-peak paths, those with ITD paths, and 
some in which both paths are seen probably as a 
result of polymetamorphism (Fig. 8). Hence, the 
same problems of tectonic interpretation and 
synthesis that are recognized in granulites in 
general apply to UHT metamorphism, only 
more so. The positive aspect that emerges from 
consideration of all the occurrences examined 
here is that in general we now have a reasonable 
framework in which to make first-order infer- 
ences (e.g. P - T  conditions, textural evolutions) 
that provide a sound basis for further inter- 
pretation and modelling. 

Concluding remarks 

Tectonic scenarios: cautionary comments  

The precise tectonic settings necessary for the 
development of UHT metamorphism remain 
problematic, and it is not within the scope of this 
paper to develop or present a holistic model for 
the formation and evolution of UHT meta- 
morphic terranes. The extreme temperatures 
attained, however, suggest that convective thin- 
ning or detachment of the lithospheric thermal 
boundary layer during or after crustal thicken- 
ing may play a major role in the formation of 
UHT metamorphic belts and hence the evolu- 
tion of the deep continental crust (e.g. Harley 

1989; Sandiford 1989; Sandiford & Powell 
1990). Whilst this concept may be appropriate 
at least as a starting model for the larger UHT 
terranes such as the IBC-dominated Napier 
Complex, its applicability to the small or 
isolated UHT localities that preserve high- 
temperature ITD in otherwise 'lower-grade' 
areas is not obvious. The tectonic and relative 
structural significance of many of the latter 
occurrences are in general not well defined or 
understood, and a major goal of further work 
with UHT localities must be to elucidate their 
local structural evolution in more detail and 
then place this in regional contexts using precise 
dating methods. For example, Forefinger Point 
in Enderby Land was interpreted by Harley et al. 
(1990) as a margin of the Archaean Napier 
Complex reworked in the Proterozoic. However, 
recent isotopic dating suggests a Pan-African 
age and would be consistent with a collisional 
setting comparable to that inferred for the 
520 Ma Rundv~.gshetta locality on the basis of 
integrated structural and metamorphic studies 
(Motoyoshi & Ishikawa 1998). 

This problem of context and the age relation- 
ship between the UHT event and the preserved 
post-peak history, central to any tectonic inter- 
pretation, is also manifest in other localities and 
terranes. The uncertainty surrounding the rela- 
tive significance of 500 Ma, 1000 Ma and earlier 
events in the Eastern Ghats has already been 
alluded to. The St Maurice UHT occurrence in 
Quebec has been interpreted as part of a 
polycyclic allochthonous terrane caught up in 
later collisional Grenvillian events (Herd et al. 
1986), though its age and the timing of its ITD 
path are not known. The In Ouzzal granulites, 
and their textures indicative of ITD, have been 
attributed to a 2000 Ma metamorphism asso- 
ciated with collision, though it is possible that 
final uplift and exposure may have been caused 
by an unrelated and considerably younger Pan- 
African event (Bertrand et al. 1991). It is clear 
that a unified model for the origin of UHT 
metamorphism is not yet warranted in view of 
the present gaps in our knowledge of these and 
other areas. 

Further issues to be addressed 

I have demonstrated that there is significant and 
consistent evidence for UHT crustal meta- 
morphism, and that many of its key features 
can be constrained using present quantitative 
and semi-quantitative methods. However, to 
further refine the characterization of UHT 
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crustal metamorphism, more experimental and 
petrological data and observations are required, 
some of which are noted below: 

supported by NERC grant GR3/9099 and is a contri- 
bution to the granulites theme of IGCP project 368 
'Proterozoic Events in East Gondwana'. 

1. Qz-absent equilibria need to be experimen- 
tally located and defined both in FMAS and 
KFMASH so that the existing grids can 
be developed further and quantified in the 
900-1000°C region. 

2. Reliable experimental data on FMAS- 
system Spr are urgently needed to enable 
the upgrading of internally consistent ther- 
modynamic datasets and their application 
to UHT assemblages. 

3. An intensive study of textural and composi- 
tional variations in Spl from UHT localities 
needs to be undertaken using the latest 
imaging methods to place better limits on its 
reintegrated peak composition under both 
relatively reduced and oxidized conditions. 

4. Evidence of pre-peak evolu t ions-  the pro- 
grade p a t h s - h a v e  to be searched for 
intensively, with a focus on inclusions in 
porphyroblasts (e.g. Ky, Fe-rich Crd). 
Related to this, the scarce and little-known 
O p x + C r n  assemblage requires detailed 
documentation and potential pseudomorph 
textures after Grt and Crd require further 
textural and bulk analysis. 

5. Lastly, Crd remains a key phase that controls 
the positions and stoichiometry of many 
reactions both in and bounding the UHT 
field. New data in KFMASH are only 
consistent with FMASH calculations if we 
take the volatile undersaturation of Crd into 
account. Quantitative data on Crd-L volatile 
partitioning and the Crd volatile saturation 
state in the presence of L and CO2-bearing 
vapour will be essential to define the reac- 
tions most relevant to natural cordierites, as 
those formed under or near UHT conditions 
contain appreciable CO2 (0.5 to 1.05 wt% in 
the Napier Complex: Harley, unpublished 
SIMS data) and hence are stabilized to 
higher pressures than would be predicted 
from KFMASH data alone. 

I thank the organizers of the 'What Controls Meta- 
morphism?' meeting at Kingston for their excellent 
efforts and for the invitation to present this work. 
I especially thank P. Treloar for his extra efforts to 
prompt an otherwise tardy contributor. This work has 
benefited from discussions over the years with many 
people, but most notably B. Hensen, I. Fitzsinaons, 
M. Brown, Y. Motoyoshi, L. Y. Aranovich, M. Sandi- 
ford and L. Kriegsman. M. Sandiford and C. Friend 
are thanked for their positive reviews. Fieldwork at 
Long Point was funded by NERC grant GR9/271 and 
ASAC projects DV/05/88 and 497. This work was 

R e f e r e n c e s  

ANNERSTEN, H. & SEIFERT, F. 1981. Stability of the 
assemblage orthopyroxene-sillimanite-quartz in 
the system MgO-FeO-Fe203-A1203-SiOz-H20. 
Contributions to Mineralogy and Petrology, 77, 
158-165. 

ARANOVICH, L. YA. & BERMAN, R. G. 1996. Opti- 
mized standard state and solution properties of 
minerals II. Comparisons, predictions, and appli- 
cations. Contributions to Mineralogy and Petrol- 
ogy, 126, 25-37. 

- -  & PODLESS~II, K. K. 1989. Geothermometry of 
high-grade metapelites: simultaneously operating 
reactions. In: DALY, J. S., CLIFF, R. A. & YARDLEY, 
B. W. D. (eds) Evolution of Metamorphic Belts. 
Geological Society, London, Special Publication, 
43, 45-62. 

ARIMA, M. & BARNETT, R. L. 1984. Sapphirine 
bearing granulites from the Sipiwesk Lake area 
of the late Archaean Pikwitonei granulite terrain, 
Manitoba, Canada. Contributions to Mineralogy 
and Petrology, 88, 102-112. 

& GOWER, C. F. 1991. Osumilite-bearing 
granulites in the eastern Grenville Province, 
eastern Labrador, Canada: mineral parageneses 
and metamorphic conditions. Journal of Petrol- 
ogy, 32, 29-62. 

- - ,  KERRICH, R. & THOMAS, A. 1986. Sapphirine- 
bearing paragneiss from the northern Grenville 
province in Labrador, Canada: protolith compo- 
sition and metamorphic P-T conditions. Geology, 
14, 844-847. 

AUDIBERT, N . ,  I-tENSEN, B. J. & BERTRAND, P. 1995. 
Experimental study of phase relations involving 
osumilite in the system system K20-FeO-MgO- 
A1203-SiO2-HeO at high pressure and temperature. 
Journal of Metamorphic Geology, 13, 331-344. 

BARNICOAT, A. C. & O'HARA, M. J. 1979. High- 
temperature pyroxenes from an ironstone at 
Scourie, Sutherland. Mineralogical Magazine, 43, 
371-75. 

BERMAN, R. G. & ARANOVICH, L. YA. 1996. Opti- 
mized standard state and solution properties of 
minerals I. Model calibration for olivine, ortho- 
pyroxene, cordierite, garnet, and ilmenite in the 
system system MgO-FeO-MgO-CaO-A1203-TiOz- 
SiO2. Contributions to Mineralogy and Petrology, 
126, 1-24. 

BERTRAND, PH., ELLIS, D. J., & GREEN, D. H. 1991. The 
stability of sapphirine-quartz and hypersthene- 
sillimanite-quartz assemblages: an experimental 
investigation in the system system FeO-MgO- 
A1203-SIO2 under H20 and CO2 conditions. Con- 
tributions to Mineralogy and Petrology, 108, 55-71. 

- - ,  OUZEGANE, KH. & KIENAST, J.-R. 1992. P-T-X 
relationships in the Precambrian A1-Mg-rich 
granulites from In Ouzzal, Hoggar, Algeria. 
Journal of Metamorphic Geology, 10, 17-31. 



104 S. L. H A R L E Y  

BOHLEN, S. R. 1987. Pressure-temperature-time paths 
and a tectonic model for the evolution of 
granulites. Journal of Geology, 95, 617-632. 

- - 1 9 9 1 .  On the formation of granulites. Journal of 
Metamorphic Geology, 9, 223-229. 

CARRINGTON, D. P. 1995. The relative stability of 
garnet-cordierite and orthopyroxene-sillimanite- 
quartz assemblages in metapelitic granulites: 
experimental data. European Journal of Mineral- 
ogy, 7, 949-960. 

& HARLEY, S. L. 1995a. Partial melting and 
phase relations in high-grade metapelites: an 
experimental petrogenetic grid in the KFMASH 
system. Contributions to Mineralogy and Petrol- 
ogy, 120, 270-291. 

& 1995b. The stability of osumilite in 
metapelitic granulites. Journal of Metamorphic 
Geology, 13, 613-625. 

- - -  & - -  1996. Cordierite as a monitor of fluid and 
melt water contents in the lower crust: an 
experimental calibration. Geology, 24, 647-650. 

CHATTERJEE, N. D. & SCHREYER, W. 1972. The 
reaction enstatitess + sillimanite = sapphirines~ + 
quartz in the system MgO-A1203-SiO2. Contribu- 
tions to Mineralogy and Petrology, 36, 49-62. 

CLARKE, G. L., POWELL, R. & GUIRAUD, M. 1989. Low- 
pressure granulite facies metapelitic assemblages 
and corona textures from MacRobertson Land, 
east Antarctica: the importance of Fe203 and TiO2 
in accounting for spinel-bearing assemblages. 
Journal of Metamorphic Geology, 7, 323-335. 

CURRIE, K. L. t~ GITTINS, J. 1988. Contrasting 
sapphirine parageneses from Wilson Lake, Lab- 
rador and their tectonic implications. Journal of 
Metamorphic Geology, 6, 603-622. 

DALLWITZ, W. B. 1968. Coexisting sapphirine and 
quartz in granulites from Enderby Land, Antarc- 
tica. Nature, 219, 476-477. 

DASGUPTA, S. 1993. Contrasting mineral parageneses 
in high-temperature calc-silicate granulites: exam- 
ples from the Eastern Ghats, India. Journal of 
Metamorphic Geology, 11, 193-202. 

- - 1 9 9 5 .  Pressure-temperature evolutionary history 
of the Eastern Ghats granulite province: recent 
advances and some thoughts. India and Antarctica 
During the Precambrian. Memoir of the Geological 
Society of India, 34, 101-110. 
, SANYAL, S., SENGUPTA, P. & FUKUOKA, M. 
1994. Petrology of granulites from Anakapalle-  
evidence for Proterozoic decompression in the 
Eastern Ghats, India. Journal of Petrology, 35, 
433-459. 
, SENGUPTA, P., EHL, J., RAITH, M. t~; BARDHAN, 
S. 1995. Reaction textures in a suite of spinel 
granulites from the Eastern Ghats Belt, India: 
evidence for polymetamorphism, a partial petro- 
genetic grid in the system KFMASH and the roles 
of ZnO and Fe203. Journal of Petrology, 36, 
435-461. 

DAWSON, J. B. & SMITH, J. V. 1987. Reduced sapphirine 
granulite xenoliths from the Lace Kimberlite, 
South Africa: implications for the deep structure 
of the Kaapvaal Craton. Contributions to Miner- 
alogy and Petrology, 95, 376-383. 

- - ,  HARLEY, S. L., RUDNICK, R. L. & IRELAND, T. 
1997. Equilibration and reaction in Archaean 
sapphirine granulite xenoliths from the Lace 
kimberlite pipe, South Africa. Journal of Meta- 
morphic Geology, 15, 253-266. 

DROOP, G. T. R. 1989. Reaction history of garnet- 
sapphirine granulites and conditions of Archaean 
high-pressure granulite facies metamorphism in 
the Central Limpopo Mobile Belt, Zimbabwe. 
Journal of Metamorphic Geology, 7, 383-403. 

- -  & BUCHER-NURMINEN, K. 1984. Reaction tex- 
tures and metamorphic evolution of sapphirine- 
bearing granulites from the Gruf Complex, Italian 
Central Alps. Journal of Petrology, 25, 766-803. 

ELLIS, D. J. 1980. Osumilite-sapphirine-quartz gran- 
ulites from Enderby Land, Antarctica: P-T 
conditions of metamorphism, implications for 
garnet-cordierite equilibria and the evolution of 
the deep crust. Contributions to Mineralogy and 
Petrology, 74, 201-210. 

- - 1 9 8 7 .  Origin and evolution of granulites in normal 
and thickened crust. Geology, 15, 167-170. 

- - ,  SHERATON, J. W., ENGLAND, R. N. & DALLWITZ, 
W. B. 1980. Osumilite-sapphirine-quartz granu- 
lites from Enderby Land, Antarctica-mineral 
assemblages and reactions. Contributions to 
Mineralogy and Petrology, 72, 123-143. 

FITZSIMONS, I. C. W. & HARLEY, S. L. 1994. The 
influence of retrograde cation exchange on 
granulite P-T estimates and a convergence 
technique for the recovery of peak metamorphic 
conditions. Journal of Petrology, 35, 543-576. 

FROST, B. R. & CHACKO, T. 1989. The granulite 
uncertainty principle: limitations on thermobaro- 
metry in granulites. Journal of Geology, 97, 
435-450. 

GNOS, E. & KURZ, D. 1994. Sapphirine-quartz and 
sapphirine-corundum assemblages in metamor- 
phic rocks associated with the Semail Ophiolite 
(United Arab Emirates). Contributions to Miner- 
alogy and Petrology, 116, 398-410. 

GREEN, D. H. & RINGWOOD, A. E. 1967. An experi- 
mental investigation of the gabbro to eclogite 
transformation and its petrological applications. 
Geochimica et Cosmochimica Acta, 31, 767-833. 

GREW, E. S. 1980. Sapphirine+quartz association 
from Archaean rocks in Enderby Land, Antarc- 
tica. American Mineralogist, 65, 821-836. 
1982a. Osumilite in the sapphirine-quartz terrane 
of Enderby Land, Antarctica: implications for 
osumilite petrogenesis in the granulite facies. 
American Mineralogist, 67, 762-787. 
1982b. Sapphirine, kornerupine and sillimanite 
orthopyroxene in the charnockitic region of south 
India. Journal of the Geological Society of India, 
23, 469-505. 

HARLEY, S. L. 1984a. An experimental study of the 
partitioning of Fe and Mg between garnet and 
orthopyroxene. Contributions to Mineralogy and 
Petrology, 86, 359-373. 
1984b. The solubility of alumina in orthopyroxene 
coexisting with garnet in FeO-MgO-AlzO3-SiO2 
and CaO-FeO-MgO-A1203-SiO2. Journal of Pet- 
rology, 25, 665-696. 



U H T  CRUSTAL M E T A M O R P H I S M  105 

- - 1 9 8 5 .  Garnet-orthopyroxene bearing granulites 
from Enderby Land, Antarctica: metamor- 
phic pressure-temperature-time evolution of the 
Archaean Napier Complex. Journal of Petrology, 
26, 819-856. 

- - 1 9 8 6 .  A sapphirine-cordierite-garnet-sillimanite 
granulite from Enderby Land, Antarctica: impli- 
cations for FMAS petrogenetic grids in the 
granulite facies. Contributions to Mineralogy and 
Petrology, 94, 452-460. 

- - 1 9 8 7 .  A pyroxene-bearing metaironstone and 
other pyroxene-granulites from Tonagh Island, 
Enderby Land, Antarctica: further evidence for 
very high temperature (>980°C) Archaean regio- 
nal metamorphism in the Napier Complex. 
Journal of Metamorphic Geology, 5, 341-356. 

- - 1 9 8 9 .  The origins of granulites: a metamorphic 
perspective. Geological Magazine, 126, 215-247. 

- - 1 9 9 2 .  Proterozoic granulite terranes. In: CONDIE, 
K. (ed.) Proterozoic Crustal Evolution. Elsevier, 
Amsterdam, 301-359. 

- -  & BLACK, L. P. 1987. The Archaean geological 
evolution of Enderby Land, Antarctica. In: PARK, 
R. G. & TARNEY, J. (eds) Evolution of the Lewisian 
and Comparable High-grade Terranes. Geological 
Society, London, Special Publication, 27, 285-296. 

& BuIc~¢, I. S. 1992. Wollastonite-scapolite 
assemblages as indicators of granulite pressure 
temperature-fluid histories: the Rauer Group, East 
Antarctica. Journal of Petrology, 33, 693-728. 

- -  & FITZSIMONS, I. C. W. 1991. Pressure-tempera- 
ture evolution of metapelitic granulites in a poly- 
metamorphic terrane: the Rauer Group, East 
Antarctica. Journal of Metamorphic Geology, 9, 
231-243. 

- -  & GREEN, D. H. 1982. Garnet-orthopyroxene 
barometry for granulites and peridotites. Nature, 
3 0 0 ,  697-701. 

- -  & HENSEN, B. J. 1990. Archaean and Proterozoic 
high-grade terranes of East Antarctica (40-80°E): 
a case study of diversity in granulite facies meta- 
morphism. In: ASHWORTH, J. R. & BROWN, M. 
(eds) High-temperature Metamorphism and Crus- 
tal Anatexis. Unwin Hyman, London, 320-370. 
, & SHERATON, J. W. 1990. Two-stage 
decompression in orthopyroxene-sillimanite 
granulites from Forefinger Point, Enderby Land, 
Antarctica: implictions for the evolution of the 
Archaean Napier Complex. Journal of Meta- 
morphic Geology, 8, 591-613. 

HARRIS, N. B. W. & HOLLAND, T. J. B. 1984. The 
significance of cordierite-hypersthene assemblages 
from the Beitbridge region of the Central Lim- 
popo Belt; evidence for rapid decompression in the 
Archaean? American Mineralogist, 69, 1036-1049. 

HENSEN, B. J. 1971. Theoretical phase relations 
involving cordierite and garnet in the system 
MgO-FeO-AI203-SiO2. Contributions to Mineral- 
ogy and Petrology, 33, 191-214. 

- - 1 9 7 7 .  The stability of osumilite in high grade 
metamorphic rocks. Contributions to Mineralogy 
and Petrology, 64, 197-204. 

- - 1 9 8 6 .  Theoretical phase relations involving garnet 
and cordierite revisited: the influence of oxygen 

fugacity on the stability of sapphirine and spinel 
in the system Mg-Fe-AI-Si-O. Contributions to 
Mineralogy and Petrology, 92, 191-214. 
1987. P-T grids for silica-undersaturated granu- 
lites in the systems MAS (n+4)  and FMAS 
(n + 3) - tools for the derivation of P-T paths of 
metamorphism. Journal o[ Metamorphic' Geology, 
5, 255-271. 
1988. Chemical potential diagrams and chemo- 
graphic projections: application to sapphirine- 
granulites from Kiranur and Ganguvarpatti, 
Tamil Nadu. Evidence for rapid uplift in part of 
the South Indian Shield? Neues Jahrbuch ffir 
Mineralogie Abhandlungen, 158, 193-210. 
& GREEN, D. H. 1971. Experimental study of the 

stability of cordierite and garnet in pelitic composi- 
tions at high pressures and temperatures. I. 
Compositions with excess alumino-silicate. Contri- 
butions to Mineralogy and Petrology, 33, 309-330. 

- -  & 1972. Experimental study of the stability 
of cordierite and garnet in pelitic compositions at 
high pressures and temperatures. II. Composi- 
tions without excess alumino-silicate. Contribu- 
tions to Mineralogy and Petrology, 35, 331-354. 

- -  & 1973. Experimental study of the stability 
of cordierite and garnet in pelitic compositions at 
high pressures and temperatures. III. Synthesis of 
experimental data and geological applications. 
Contributions to Mineralogy and Petrology, 38, 
151-166. 

- -  & HARLEY, S. L. 1990. Graphical analysis of 
P-T-J( relations in granulite facies metapelites. 
In: ASHWORTH, J. R. & BROWN, M. (eds) High 
Temperature Metamorphism and Crustal Anatexis. 
Unwin Hyman, London 19-56. 

- -  & MoTo¥osm, Y. 1992. Osumilite-producing 
reactions in high-temperature granulites from the 
Napier Complex, East Antarctica: tectonic impli- 
cations. In: YOSHIDA, Y., KAMINUMA, K. & 
SHIRAISHI, K. (eds) Recent Progress in Antarctic 
Earth Science. Terrapub, Tokyo, 87-92. 

HERD, R. K., ACKERMAND, D., WINDLEY, B. F. & 
RONDOT, J. 1986. Sapphirine-garnet rocks, 
St. Maurice area, Quebec: petrology and implica- 
tions for tectonics and metamorphism. In: 
MOORE, J. M., DAVIDSON, A. & BAER, A. J. 
(eds) The Grenville Province. Geological Associa- 
tion of Canada, Special Paper, 31,241-253. 

HISADA, K. & MIYANO, T. 1996. Petrology and 
microthermometry of aluminous rocks in the 
Botswanan Limpopo Central Zone: evidence for 
isothermal decompression and isobaric cooling. 
Journal of Metamorphic Geology, 14, 183-197. 

HOLLAND, T. J. B. & POWELL, R. 1990. An enlarged 
and updated internally consistent data-set with 
uncertainties and correlations: the system K20- 
Na20-CaO-MgO-MnO-FeO-Fe203-A1203-TiO2- 
SIO2-C-H2-O2. Journal of Metamorphic Geology, 
8, 89-124. 

- - ,  BABU, E. V. S. S. K. & WATERS, D. J. 1996. 
Phase relations of osumilite and dehydration 
melting in pelitic rocks: a simple thermodynamic 
model for the KFMASH system. Contributions to 
Mineralogy and Petrology, 124, 383-394. 



106 S. L. H A R L E Y  

I~AMINENI, D. C. & RAO, A. T. 1988. Sapphirine- 
bearing quartzite from the Eastern Ghats granu- 
lite terrain, Visianagaram, India. Journal of 
Geology, 96, 517-533. 

KARSAKOV, L. P. 1973. Pyrope-bronzite-sillimanite 
schist of Eastern Stanovik and the pressure- 
temperature conditions during its metamorphism. 
Doklady Akademii Nayk SSSR, 210, 187-190 
(translated in Doklady of the Academy of Sciences 
of the USSR, Earth Science Sections, 210, 171-173 
1973). 

KIENAST, J. R. & OUZEGANE, K. 1987. Polymeta- 
morphic A1-Mg rich parageneses in Archaean 
rocks from Hoggar, Algeria. Geological Journal, 
22, 57-79. 

KIHLE, J. & BUCHER-NURMINEN, K. 1992. Orthopyr- 
oxene-sillimanite-sapphirine granulites from the 
Bamble granulite terrane, southern Norway. 
Journal q[ Metamorphic Geology, 10, 671-683. 

KRIEGSMAN, L. 1991. Sapphirine-bearing granulites 
from central Sri Lanka: outcrop description and 
mineral chemistry. In: KRONER, A. (ed.) The 
crystalline crust of Sri Lanka. Part 1. Summary of 
research of the German-Sri Lankan Consortium. 
Geological Survey Department of Sri Lanka, 
Professional Paper, 5, 178-187. 

LAL, R. K. 1997. Internally consistent calibrations for 
geothermobarometry of high-grade Mg-A1 rich 
rocks in the system MgO-A1203-SiO2 and their 
application to sapphirine-spinel granulites of East- 
ern Ghats, India and Enderby Land, Antarctica. 
Proceedings of the Indian Academy qf Sciences 
(Earth and Planetary Sciences), 106, 91-113. 

- - ,  ACKERMAND, D., RAITH, M., RAASE, P. & 
SEFIERT, F. 1984. Sapphirine-bearing assemblages 
from Kiranur, Southern I n d i a - a  study of 
chemographic relationships in the Na20-FeO- 
MgO-A1203-SiO2-H20 system. Neues Jahrbuch 
fiir Mineralogie Abhandlungen, 150, 121-152. 
, & UPADHYAY, H. 1987. P-T-X relation- 
ships deduced from corona textures in sapphirine- 
spinel-quartz assemblages from Paderu, southern 
India. Journal of Petrology, 28, 1139-1168. 

LEE, H. Y. & GANGULY, J. 1988. Equilibrium compo- 
sitions of coexisting garnet and orthopyroxene: 
experimental determinations in the system FeO- 
MgO-A1203-SiO2, and applications. Journal of 
Petrology, 29, 1, 93-114. 

LOOSVELD, R. J. H. & ETHERIDGE, M. A. 1990. A 
model for low-pressure facies metamorphism 
during crustal thickening. Journal of Metamorphic 
Geology, 8, 257-267. 

LUTTS, B. G. & KOPANEVA, L. N. 1968. A pyrope- 
sapphirine rock from the Anabar Massif and its 
conditions of metamorphism. Doklady Akademii 
Nayk SSSR, 179, 1200-1202 (translated in Dok- 
lady of the Academy of Sciences of the USSR, 
Earth Science Sections, 179, 161-163, 1968). 

MARAKUSHEV, A. A. & KUDRYAVTSEV, V. A. 1965. 
Hypersthene-sillimanite paragenesis and its impli- 
cation. Doklady Akademii Nayk SSSR, 164, 
179-182 (translated in DokIady of the Academy of 
Sciences of the USSR, Earth Science Sections, 164, 
145-148, 1966). 

MOECHER, D. P., ESSENE, E. J. & ANOVITZ, L. M. 1988. 
Calculation and application of clinopyroxene- 
garnet-plagioclase-quartz geobarometers. Contri- 
butions to Mineralogy and Petrology, 100, 92-106. 

MOHAN, A., ACKERMAND, D. & LAL, R. K. 1986. 
Reaction textures and P-T-X trajectory in the 
sapphirine-spinel bearing granulites from Gang- 
uvarpatti, Southern India. Neues Jahrbuch fu'r 
Mineralogie Abhandlungen, 154, 1-19. 

MORSE, S. A. & TALLEY, J. H. 1971. Sapphirine 
reactions in deep seated granulites near Wilson 
Lake, Central Labrador, Canada. Earth and 
Planetary Science Letters, 10, 325-328. 

MOTOYOSHI, Y. & HENSEN, B. J. 1989. Sapphirine- 
quartz-orthopyroxene symplectites after cordier- 
ite in the Archaean Napier Complex, Antarctica: 
evidence for a counterclockwise P-T path. Eur- 
opean Journal of Mineralogy, 1, 467-471. 

& ISHIKAWA, M. 1998. Metamorphic and 
structural evolution of granulites from Rundvfig- 
shetta, Lfitzow-Holm Bay, East Antarctica. In: 
RIccI, C. A. (ed.) The Antarctic Region: Geologi- 
cal Evolution and Processes. Terra Antarctica 
Publications, Siena. 
& MATSUEDA, H. 1984. Archaean granulites from 
Mt. Riiser-Larsen in Enderby Land, East Antarc- 
tica. Memoirs of National Institute of Polar 
Research (Tokyo): Special Issue, 33, 103-125. 

- - - ,  HENSEN, B. J. & ARIMA, M. 1993. Experimental 
study of the high-pressure stability limit of 
osumilite in the system K20-MgO-AI203-SiO2: 
implications for high-temperature granulites. Eur- 
opean Journal of Mineralogy, 5, 439-445. 

- - - ,  ISHIKAWA, M. & FRASER, G. L. 1994. Reaction 
textures in granulites from Forefinger Point, 
Enderby Land, East Antarctica: an alternative 
interpretation on the metamorphic evolution of the 
Rayner Complex. Proceedings of the NIPR Sym- 
posium on Antarctic Geosciences. National Institute 
of Polar Research, Tokyo, 7, 101-114. 

Mourn, H., GUIRAUD, M. & HENSEN, B. J. 1996. 
Petrology of biotite-sapphirine-bearing A1-Mg 
granulites from Ihouhaouene, In Ouzzal, Hoggar, 
Algeria: an example of phlogopite stability at high 
temperature. Journal q[ Metamorphic Geology, 14, 
725-738. 

NEWTON, R. C. 1972. An experimental determination 
of the high-pressure stability limits of magnesian 
cordierite under wet and dry conditions. Journal 
of Geophysical Research, 80, 398-420. 

NIXON, P. H., REEDMAN, A. J. & BURNS, L. K. 1973. 
Sapphirine-bearing granulites from Labwor, 
Uganda. Mineralogical Magazine, 39, 420-428. 

OUZEGANE, K. & BOUMAZA, S. 1996. An example of 
ultrahigh-temperature metamorphism: orthopyr- 
oxene-sillimanite-garnet, sapphirine-quartz and 
spinel-quartz parageneses in A1-Mg granulites 
from In Hihaou, In Ouzzal, Hoggar. Journal of 
Metamorphic Geology, 14, 693-708. 

PATTISON, D. R. M. & BEGIN, N. J. 1994. Composi- 
tional maps of metamorphic orthopyroxene and 
garnet: evidence for a heirachy of closure tem- 
peratures and implications for geothermometry of 
granulites. Journal of Geology, 12, 387-410. 



UHT CRUSTAL M E T A M O R P H I S M  107 

PERCHUK, L. L., ARANOVICH, L. YA., PODLESSKII, 
K. K., LAVRENT'EVA, I. V., GERASIMOV, V. Y., 
KITSUL, V. I., KORSAKOV, L. P. & BERDNIKOV, 
N. V. 1985. Precambrian granulites of the Aldan 
Shield, eastern Siberia, the USSR. Journal of 
Metamorphic Geology, 3, 265-310. 

PERKINS, D. 1990. Thermometry and barometry of 
mafic granulites based on garnet-clinopyroxene- 
plagioclase-quartz assemblages. In: VIELZEUF, D. 
& VIDAL, PH. (eds) Granulites and Crustal Evolu- 
tion. Kluwer Academic, Dordrecht, 435-450. 

POWELL, R. ~; SANDIFORD, M. 1988. Sapphirine and 
spinel phase relationships in the system FeO- 
MgO-AlzO3-SiO2-TiO2-O2 in the presence of 
quartz and hypersthene. Contributions to Miner- 
alogy and Petrology, 98, 64-71. 

RAITH, M., KARMAKAR, S. • BROWN, M. 1997. Ultra- 
high temperature metamorphism and multistage 
decompressional evolution of sapphirine granu- 
lites from the Palni Hill Ranges, southern India. 
Journal of Metamorphic Geology, 15, 379-400. 

SANDIFORD, M. 1985. The metamorphic evolution of 
granulites at Fyfe Hills: implications for 
Archaean crustal thickness in Enderby Land, 
Antarctica. Journal of Metamorphic Geology, 3, 
155-178. 

- - 1 9 8 9 .  Horizontal structures in granulite terrains: 
a record of mountain building or mountain 
collapse? Geology, 7, 449-452. 

& POWELL, R. 1986. Pyroxene exsolution in 
granulites from Fyfe Hills, Enderby Land, Ant- 
arctica: evidence for 1000°C metamorphic tem- 
peratures in Archaean continental crust. American 
Mineralogist, 71, 946-954. 

- -  & 1990. Some isostatic and thermal con- 
sequences of the vertical strain geometry in 
convergent orogens. Earth and Planetary Science 
Letters, 98, 154-165. 

& 1991. Some remarks on high-tempera- 
ture-low pressure metamorphism in convergent 
orogens. Journal of Metamorphic Geology, 9, 
333-340. 

- - ,  NEALL, F. B. & POWELL, R. 1987. Metamorphic 
evolution of aluminous granulites from Labwor 
Hills, Uganda. Contributions to Mineralogy and 
Petrology, 95, 217-225. 

SENGUPTA, P., DASGUPTA, S., BHATTACHARYA, P. K., 
FUKUOKA, M., CHAKRABORTI, S. ,~ BHOWMICK, 
S. 1990. Petro-tectonic imprints in the sapphirine 
granulites from Anantagiri, Eastern Ghats mobile 
belt, India. Journal of Petrology, 31, 971-996. 

- - ,  KARMAKAR, S., DASGUPTA, S. ,~ FUKUOKA, M. 
1991. Petrology of spinel granulites from Araku, 
Eastern Ghats, India, and a petrogenetic grid for 
sapphirine-free rocks in the system FMAS. 
Journal of Metamorphic Geology, 9, 451-459. 

SHERATON, J. W., OFFE, L. A., TINGEY, R. J. & ELLIS, 
D. J. 1980. Enderby Land, Antarctica; an unusual 
Precambrian high-grade metamorphic terrain. 
Journal of the Geological Society of Australia, 27, 
1-18. 

- - ,  TINGLY, R. J., BLACK, L. P., OFFE, L. A. & ELLIS, 
D. J. 1987. Geology of Enderby Land and Western 
Kemp Land, Antarctica. Australian Bureau of 
Mineral Resources, Bulletin, 223. 

SHULTERS, J. C. & BOHLEN, S. R. 1989. The stability of 
hercynite and hercynite-gahnite spinel in corun- 
dum- or quartz-bearing assemblages. Journal of 
Petrology, 30, 1017-1031. 

WATERS, D. J. 1986. Metamorphic history of sap- 
phirine-bearing and related magnesian gneisses 
from Namaqualand, South Africa. Journal of 
Petrology, 27, 541-565. 
1991. Hercynite-quartz granulites: phase rela- 
tions, and implications for crustal processes. 
European Journal of Mineralogy, 3, 367-386. 



Australian Proterozoic high-temperature, low-pressure 
metamorphism in the conductive limit 

M I K E  S A N D I F O R D  & M A R T I N  H A N D  

Department  o f  Geology and Geophysics, University o f  Adelaide, 

South Australia 5005, Australia 

Abstract: High-temperature, low-pressure (HTLP) metamorphism often reflects transient 
advection of heat due to magma ascent. However, the origin of HTLP metamorphism in a 
number of Australian Proterozoic terranes remains contentious either because of the 
deficiency of magmatic bodies in the terranes, or because the long time delay (>100 Ma) 
between magmatism and metamorphism precludes heating by existing magmatic bodies. 
Furthermore, a number of Australian Proterozoic HTLP terranes (such as the Reynolds 
Range in central Australia) show evidence of an extended history (c. 30 Ma) of HTLP 
mineral growth suggesting metamorphism during a thermal regime dominated by 
conduction at lithospheric length scales. Australian Proterozoic metamorphic terranes are 
characterized by both elevated modern-day heat flows (averaging c. 851nWm -2) and 
granitic gneisses with anomalously high heat production rates (commonly >5 10 #Wm-3). 
We show that the conditions required for HTLP metamorphism may result from conduc- 
tion if the crustal heat production responsible for modern-day heat flows is concentrated 
at mid-crustal levels (15-20km). Importantly, for low-intermediate mantle heat fluxes 
(10-20mWm -2) and moderate synmetamorphic crustal thicknesses (c.45km), the con- 
ductive geotherms attendant with such HTLP metamorphism do not necessarily lead to 
significant melting of a refractory lower crust. Importantly, the thermal regimes are very 
sensitive to the depths at which crustal heat production is localized. The strong dependence 
of the resulting geotherms on the depth of the heat-producing layer has the important 
consequence that only minor burial may be required to induce HTLP metamorphism, while 
only minor erosion (c. 5 km) is necessary to terminate the event. 

High-temperature, low-intermediate-pressure 
(HTLP) metamorphism at temperatures in 
excess of about 600°C and pressures of less 
than about 5 kbar has been widely interpreted as 
resulting from transient thermal events asso- 
ciated with the ascent of magmas through the 
crust (Lux et al. 1978; DeYoreo et al. 1991; 
Collins & Vernon 1991; Sandiford et al. 1991). 
In many HTLP terranes the close spatial and 
temporal association between metamorphism 
and magma emplacement clearly supports this 
interpretation (Holdaway et al. 1988; Sisson 
et al. 1989; Sisson & Hollister 1988) which 
remains the governing paradigm for such 
metamorphism (Barton & Hanson 1989). Meta- 
morphism governed by advective heat transfer 
should be characterized by dramatic lateral 
variations of grade and temporal transience 
(Sandiford et at. 1991, 1995b). As shown by 
Sandiford et al. (1991), the inverse exponential 
temperature dependence of crustal strength 
provides a logical reason for the coupling of 
deformation and heating in such terranes (e.g. 
Karlstrom & Williams 1995). In convergent 
orogens, such a thermomechanical coupling 
may be expected to be evidenced by 'antic- 
lockwise' pressure-temperature-time paths. 

In HTLP terranes that lack compelling field 
evidence or geochronological data supporting a 

close genetic association of magmatism and 
metamorphism, the necessity for magmatic 
heat advection has been advanced largely on 
the basis of thermal arguments. For example, 
Sandiford & Powell (1991) argued ' . . .h igh-  
T-low-P metamorphic terranes cannot simply 
reflect the conductive response to crustal thick- 
ening since the resulting Moho temperatures 
would greatly exceed the crustal solidus.' With 
regard to this kind of thermal argument, it is 
important to realize that the uncertainty in the 
basic properties governing the thermal regime 
within the mid- to deep continental crust (such 
as thermal conductivities at elevated tempera- 
ture and the distribution of heat-producing 
elements) implies a corresponding uncertainty 
in the deep crustal thermal structure. For 
example, available measurements would (con- 
servatively) allow an uncertainty of at least 30% 
in the thermal conductivity structure of the mid- 
to deep crust, leading to equivalent uncertainties 
in deep crustal temperatures (that is, an uncer- 
tainty in Moho temperature of around 200°C 
due to conductivity uncertainties alone). 

Recent studies in a number of Australian 
Proterozoic HTLP terranes (e.g. Mt Isa and 
northern Arunta Inliers) that contain abundant 
granitic bodies have shown that the main HTLP 
metamorphism post-dates the major granite 

SANDIFORD, M., & HAND, M. 1998. Australian Proterozoic high-temperature, low-pressure metamorphism in 
the conductive limit. In: TRELOAR, P. J. & O'BRIEN, P. J. (eds) What Drives Metamorphism and Metamorphic 
Reactions? Geological Society, London, Special Publications, 138, 109-120. 
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emplacement events by as much as 150Ma 
(Jaques et al. 1982; Reinhardt 1992; Conners & 
Page 1995; Williams et al. 1996; Hand et al. 
1995; Vry et al. 1996). Furthermore, thermo- 
chronological data in the Reynolds Range 
(Williams et al. 1995) indicate that elevated tem- 
peratures during the HTLP event were sustained 
for as much as 30Ma, with little change in 
pressure, suggesting that synmetamorphic ther- 
mal regimes approached steady state. 

A notable feature of many Australian Proter- 
ozoic HTLP terranes is the unusually high 
present-day surface heat production (Fig. 1). 
For example, in the Mesoproterozoic Mt Painter 
Inlier in South Australia, heat production in 
granitic gneisses typically exceeds 1 0 # W m  -3 
(Fig. l a). The mean and median heat produc- 
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Fig. l. Heat production values for some Australian 
metamorphic HTLP terranes. (a) Mesoproterozoic Mt 
Painter Inlier, South Australia. Data were compiled by 
N. Wall mostly from Minerals and Energy South 
Australia unpublished reports (227 analyses). 
(b) Anmatjira and Reynolds Ranges (total number of 
analyses is 89, and includes data from Australian 
Geological Survey Organisation). For clarity, extreme 
heat production values (in excess of 45 W m -3) are not 
shown but have been incorporated in calculation of the 
mean and median of the distributions. 

tions (recalculated at 1500 Ma) of 227 samples 
(granitic gneisses and metasediments) for which 
analyses are available are 16 and 8 # W m  -3, 
respectively. In the Reynolds and Anmatjira 
Ranges in central Australia, 89 analyses of 
granitic gneisses (which which constitute more 
than 60% of the terrane) indicate a mean 
heat production of c. 8 # W m  -3 at the time of 
metamorphism some 1600Ma ago (Fig. lb). 
Similarly, high heat production values are 
known from regionally extensive granites in the 
Mt Isa region, such as the Sybella and Wonga 
granites (Loosveld 1989). Modern-day heat 
flows averaging around 85 m W m  -2, and locally 
in excess of 100mWm -2, through this Austra- 
lian Proterozoic metamorphic province (Sass & 
Lachenbruch 1979; Cull 1982; Fig. 2) confirm 
the regional influence of these high heat produc- 
tion values but also imply that any near-surface, 
high heat production layer is of only moderate 
thickness. For example, considering that this 
province now forms part of a tectonically 
quiescent craton with a lithosphere estimated 
to be about 250km thick (Zielhuis & van der 
Hilst 1996), we might expect reduced heat flows 
of around 10 -15mWm -2, with the remaining 
70-75 mW m -2 of the observed surface heat flow 
due to crustal sources. For the observed surface 
heat productions of between 5 and 10#Wm -3 
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Fig. 2. Heat flow data from Australian Proterozoic 
terranes, illustrating the generally anomalous nature of 
this heat flow province (the data are taken from the 
tabulation of Cull 1982). Two outlying measurements 
from Warrego (160 mW m -2) and Cattle Creek 
(48 mW m -2) have been excluded from the analysis. 
The mean of 25 remaining measurements is 
85 mW m -2. 
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such a contribution would be provided by a 
layer of total thickness 7-15 km. 

The notion that anomalous heat production 
associated with granites and/or metasediments 
within the metamorphic pile (as opposed to 
advective heating) provides a primary control on 
metamorphic grade in high-grade terranes has 
been suggested by Chamberlain & Sonder 
(1990), who were able to correlate variations in 
the metamorphic grade in New England with 
current heat flow and surface heat production. 
Similarly, unconformity-related HTLP meta- 
morphism in the Mt Painter region of the 
northern Flinders Ranges, South Australia, has 
been attributed to the anomalous heat produc- 
tion in the basement (Mildren & Sandiford 
1995). One obvious question raised by this 
discussion is whether it is feasible to generate 
the conditions associated with H T L P  metamorph- 
ism without generating significant quantities of  
melt in the deeper crust. Motivated by this 
question, we seek to evaluate the plausibility 
of HTLP metamorphism in the steady-state 

thermal limit. Our approach is essentially para- 
metric in that we are primarily concerned with 
evaluating the thermal parameter space that 
may allow steady-state HTLP at mid- to upper 
crustal levels without appreciably melting the 
deep crust. In the discussion we return to the 
question of applicability of our calculations to 
the metamorphic and geochemical character of 
select Australian HTLP terranes. 

A model for heat production distributions in 
Australian Proterozoic HTLP terranes 

The way in which heat production is distributed 
with depth in the continental crust has been a 
long-standing source of interest (e.g. Lachen- 
bruch 1968). The upper crust has long been 
recognized as having significantly greater heat 
production than the lower crust, both from the 
analysis of surface heat flow-heat production 
data (Lachenbruch 1968) and from geochemical 
studies of the distribution of heat-producing 
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Fig. 3. (a) Heat production distribution specified by equation (2) for a range of values of hr (2 km, 4 km, 
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elements. Such studies have led to the notion that 
heat production (H(z)) varies approximately with 
an inverse exponential dependence on depth (z), 
with a form: 

H(z)= Hiexp (--~ z) (1) 
with a characteristic length scale (hr) of about 
l0 km. At the time of metamorphism of many 
Australian Proterozoic HTLP terranes (when 
current surface exposures were at 15-20km 
depth) this relation would imply implausibly 
high surface heat production rates (>30#W/ 
m-3), and thus is unlikely to be appropriate. 
Rather, the high heat production at the current 
surface exposures is likely to have been anom- 
alous not only in terms of the deeper crust but 
also the shallower crust during metamorphism. 
The implication of an anomalous heat produc- 
tion at the crustal levels appropriate to these 
HTLP terranes suggests that the attendant 
thermal regimes may be approximated by a 
heat production distribution that is concentrated 
at a discrete horizon within the crust (we leave 
the question of the origin of such heat produc- 
tion distributions until the discussion). In order 
to investigate the thermal consequences of heat 
production distributions that are concentrated 
at a discrete level within the crust we propose a 
variation of equation (1): 

- - ( Z  - -  • 

In this distribution H(z) varies exponentially 
with depth but rather than reaching its max- 
imum value Hi at the surface, the maximum 
heat production occurs at depth zi (Fig. 3a). 
As for equation (1), the parameter hr provides a 
measure of the spread of the heat production 
distribution (Fig. 3a), with the heat produc- 
tion falling to hr- e -1 at depths Z i -'J- hr. 

In the steady state, the integrated crustal heat 
production (qc) represents the crustal contribu- 
tion to the surface heat flow: 

ji c 
qc = H(z) dz 

For the heat production distribution given by 
equation (2), the integrated crustal heat produc- 
tion is given by: 

Hihr v/-~ ( E r f ( ~ )  + Erf ( ~ ) )  (3) 
qc - ---5---- 

and the steady-state temperature distribution in 
the crust of thickness Zc subject to a basal heat 

flux qm with a depth-independent thermal 
conductivity k is: 

T(z) - 

qmZ Hih2r 
_ - - - - . . . [ - - -  

k 2k 

x ( e x p (  z~'~_ -z)Z'~ h 2) ( (Zi exp ~ /#) 
hrH i~ (zEr f (~ )  

+ 2k 

+ (z / -  z) E r f ( ~  zi ) 

+ z i E r f ( Z ~ ) )  (4) 

In the following sections we use equation (4) to 
evaluate the steady-state limit to HTLP meta- 
morphism. One useful attribute of the distribu- 
tion specified by equation (2) is that it allows 
evaluation of the effect of variably concentrating 
a given total heat production (as highlighted by 
Fig. 3a). Providing zi > 2hr then the integrated 
crustal heat production is linear in Hi and hr 
(see Fig. 3b) and consequently the effect of 
lumping up (or spreading out) the heat produc- 
tion for a given total crustal heat production is 
obtained by varying hr as 1/H i. 

Parameter ranges and solutions 
to equation (4) 

We are interested in seeking solutions to 
equation (4) that allow HTLP metamorphism 
without violating (our) imposed Moho melt- 
ing condition (see below). Such solutions 
must comply with known constraints on the 
independent parameters and boundary condi- 
tions that govern the behaviour of equation (4), 
notably thermal conductivity (k) and mantle 
heat flow (qm). We also require a definition of 
the Moho melting criterion and realistic bounds 
on the magnitude of qc and zc during metamor- 
phism. In the following discussion we consider 
explicitly thermal conductivity in the range 
1.5-3.5 W m  -1 K -1 and mantle (or reduced) heat 
flows in the range 10-40mW/m z. 

The thermal regimes required for large-scale 
melting of the lower crust are likely to depend 
on the lithological makeup of the deep crust 
which in turn will depend greatly on its prior 
tectonothermal history. Fertile crust may 
undergo significant melt extraction at tempera- 
tures as low as 700-750°C. However, in the 
HTLP terranes we are concerned with here, 
metamorphism typically post-dates (by up to 
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150 Ma) very significant granite melt extraction 
events, that are likely to have produced a 
refractory lower crust (as well as enriching the 
mid-crustal levels in heat production; see Dis- 
cussion). Such a lower crust is probably able 
to withstand very high temperatures (up to 
1000°C) without significant melting. An example 
of a lower crustal fragment that withstood 
temperatures of at least 1000°C without sig- 
nificant melting is provided by the Napier 
Complex in Enderby Land, Antarctica (Harley 
1991; Sandiford 1985). In the following discus- 
sion we set, somewhat arbitrarily, an upper limit 
of 1000°C on the maximum sustainable tem- 
peratures T(Moho) in the deep crust without 
significant melting. 

A lower limit on total crustal heat production 
qc relevant to the Australian Proterozoic ter- 
ranes is provided by the measured heat flows 
(averaging 8 5 m W m  -2) which, together with 
evidence for a 250 km thick lithosphere (Zielhuis 
& van der Hilst 1996), suggests that presently 
the integrated crustal heat production contri- 
butes, on average, at least 7 0 m W m  -2 to the 
surface heat flow. At the time of metamorphism, 
total crustal heat productions are likely to have 
been considerably higher, due to the contribu- 
tion from the upper 10-20km that has subse- 
quently been removed from the metamorphic 
pile, and the secular decline in radiogenic heat 
production (resulting in a decline in heat produc- 
tion of about 20% over the last 1500-1600Ma 
for the analyses shown in Fig. 1). We consider 
the likely range for synmetamorphic qc to be 
75-100 m W m  -2. Note that this is a factor of 2-3 
higher than is typically used in modelling meta- 
morphic conditions in the crust (e.g. England & 
Thomson 1984). 

As discussed by Sandiford & Powell (1991), 
total crustal thicknesses (zc) during metamorph- 
ism of HTLP terranes are unlikely to exceed 
about 45-50 km, because greater crustal thick- 
nesses are likely to have induced deeper levels of 
denudation. Note that estimating zc simply by 
summing the total denudation and current 
crustal thicknesses is compounded by significant 
post-metamorphic deformation in many of the 
Australian Proterozoic terranes relevant to our 
discussion. 

Main results 

A summary of the principal results is provided 
in Figs 4-9. Figures 4a, 5a, 6a and 7a show geo- 
therms for a range of k, qm, Zi and hr values. 
Note that, in these figures, the heat production 
parameters have been set such that total crustal 

heat production q c = 7 5 m W m  -2. In Figs 4-6  
this has been achieved by using a fixed param- 
eter set (Hi= 7.5 # W i n  -3 and hr = 5.6 km) while 
Fig. 7 shows the effect of varying Hi as 1/hr for 
a constant qc = 75 m W m  -2. Figures 4b, 5b, 6b 
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Fig. 4. (a) Geotherms for a range of thermal 
conductivities with total crustal heat production 
qc--75mWm-2. In this figure (and Figs 5-7) solid 
lines represent solutions to equation (4) and are 
appropriate to a thermally stabilized lithosphere (TSL) 
while dashed lines are appropriate to a chemically 
stabilized lithosphere (CSL). (b) Variation of 
temperatures Tz at depths of 10, 15 and 20 km with 
thermal conductivity. Note that variations of thermal 
conductivity within the experimentally plausible range 
(1.5-3 Wm -1 K -1) have a dramatic effect on the 
geotherm, allowing a range in temperatures at 15 km in 
excess of 300°C for both the TSL and CSL (note that 
not all solutions shown are viable since some lead to 
unrealistically high Moho temperatures). Default 
parameter ranges for Figs 4-7 are zc = 40 km, 
zi= 15km, hr = 5.6km, Hi= 7.5 #Wm -3, 
qm=25mWm -2 and k=2 .25Wm-lK -1. 
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and 7b show the temperatures at tained at depths 
of  10, 15 and 2 0 k m  as a function of  the vari- 
able parameters.  Default  parameter  ranges 
for Figs 4 -7  are: z c = 4 0 k m ,  z i =  15km, h r =  
5.6km, H i = 7 . 5 # W m  -3, q m = 2 5 m W m  -2 and 
k = 2 . 2 5 W m  -a K -1. 

Figures 4-7 indicate that  the thermal structure 0 
of  the crust is very sensitive to the thermal 
conductivity (Fig. 4), and to the depth  of  the 
heat-producing layer Z i (Fig. 6). In comparison,  
the variations in the reduced heat flow qm and 
the spread of  the heat  product ion  distr ibution hr -10 
(for a given total crustal heat  product ion)  
provide only second-order controls. The impor-  
tant  results illustrated in these figures are that  v 

"-" -20 lowering the conductivity and increasing the N 
depth of  the heat-producing layer both  effect a 
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Fig. 5. As for Fig. 4 but with variable reduced heat 
flow qm. Varying qm within the defined range 
(20-30mWm -2) results in a 70°C range in 
temperature at 15 km depth (b) and thus in comparison 
with the effect of conductivity (Fig. 4b) and depth of 
the radiogenic layer (Fig. 7b), provides only a second- 
order control. 

dramatic  rise in mid-crustal temperatures.  More  
details relating to the individual diagrams can be 
found in the figure captions. 

A problem with the representat ion in Figs 4-7 
is that  it is not  obvious how mid-crustal and 
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Fig. 6. As for Fig. 4 but with variable depth (z;) of the 
radiogenic layer. The figure shows that the parameter 
zi has a first-order effect on the temperatures at 
mid-crustal levels (of the same order as variations in 
conductivity). The effect is somewhat diminished in 
the CSL model (dashed lines in Fig. 4b), but remains 
profound. Note that once the heat-producing layer is 
significantly below the depth of the observation, then 
temperatures cease to change with further increases in 
z; (and for the CSL model even decline a little with 
further burial of the heat-producing layer). This figure 
has profound implications when we consider that 
changes in zi will reflect the processes of burial and 
excavation essential to orogenesis. For example, the 
burial of radiogenic granitic basement beneath a 
sedimentary succession provides an excellent model 
for the heat production distribution specified by 
equation (2). 
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Moho temperatures correlate for a given 
thermal parameter range. Furthermore, these 
diagrams do not show the effects of varying the 
total crustal heat production qc with the other 
independent parameters. Figure 8a is an attempt 
to show these effects by plotting solutions to 
equations (3) and (4) in a parameter space 
defined by the Moho temperature T(Moho) that 
results from a particular thermal configuration 
and either k (Figs 8a and 8b) or zi (Figs 8c and 
8d). Note that we have specifically chosen k and 
z; as the independently variable parameters 
because, as shown in Figs 4-7, they provide 
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Fig. 7. As for Fig. 4 but with variable heat production 
parameters h r and H i. Note that the total heat 
production H; is varied inversely with hr such that 
the product Hihr 7r °5 remains fixed at 75 mW m -2. For 
hr < 7.5 km (0.5zi) the total crustal heat production qc 
is given by Hih: °'5 (Fig. 3b). (b) shows that variations 
in hr for a given qc provide only a small (second-order) 
variation in temperatures T(z) at depths near zi and 
very limited variation in temperatures at any 
significant depths above or below zi. 

the first-order controls on the thermal structure 
of the middle crust. In Fig. 8, shaded areas 
indicate regions where parameter ranges pro- 
duce the approximate conditions of HTLP 
metamorphism without violating our Moho 
melting criterion or requiring excessive total 
crustal heat production. 

The darker shaded areas in Fig. 8 indi- 
cate that thermal conductivities in the range 
2 .0 -2 .5Wm -1K -1 combined with an anoma- 
lous heat-producing layer buried to depths of 
around 15-20 km may allow steady-state condi- 
tions appropriate to HTLP metamorphism 
without excessively high Moho temperatures 
(i.e. T(Moho)<lO00°C), or requiring exces- 
sive total crustal heat production (i.e. qc< 
75 mWm-Z). For higher total heat productions 
(up to 100 mW m -z) the solution space pertinent 
to low HTLP metamorphism spans the much 
larger range in thermal conductivities 2.0-3.0 
W m  - 1 K  -1 . At qc = 75 m W m  -2 and T(Moho)= 
1000°C, the maximum attainable temperatures 
at 15km T(15km)=620°C, and T(2Okm)= 
715°C; for q~ = 100 mW m -2 the corresponding 
temperature maxima are T(15 km)= 660°C, and 
T(20 kin) = 755°C. 

The role of conductivity highlighted by Fig. 8, 
which suggests that intermediate to high thermal 
conductivities favour the prospect of HTLP 
metamorphism, may seem at odds with Fig. 4, in 
which low thermal conductivities clearly result 
in steeper geotherms. This apparent contra- 
diction reflects the role of conductivity in 
mediating the geothermal gradient not only in 
the middle to upper crust but also in the deep 
crust. Since decreasing k results in steeper lower 
crustal geotherms (for a given mantle heat flux) 
it will reduce the maximum sustainable mid- 
crustal temperature for a given Moho tempera- 
ture. Conversely, a higher k will, by reducing 
lower crustal thermal gradients, allow higher 
mid-crustal temperatures for a given Moho 
temperature. For very high k, steep geotherms 
in the upper crust can only be maintained by 
unrealistically high heat production levels. Thus 
the apparent contradiction between Figs 4 
and 8 simply reflects the important balance 
resulting from the requirement to minimize 
lower crustal temperatures whilst maximizing 
mid-crustal temperatures. 

Alternative boundary conditions 

In deriving equation (4) we have assumed a 
thermally stabilized lithosphere (TSL) effecting a 
constant heat flow through the mantle part of 
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zi= 15km, while in b and d, k = 2 . 2 5 W m  -1K -1 .  

the l i thosphere .  A n  al ternat ive mode l  tha t  m a y  
be equal ly appl icable  is tha t  of  a chemical ly  
stabilized l i thosphere  (CSL) in which  the basal  
b o u n d a r y  cond i t ion  is specified as a cons t an t  
t empera tu re  cond i t ion  at the base o f  the li tho- 
sphere,  zl. The  i m p o r t a n t  difference is tha t  in the 

CSL  m ode l  the the rmal  proper t ies  o f  the crust  
will m o d u l a t e  the  effective hea t  flow f rom the 
mant le ,  whereas  for the T S L  m o d e l  the hea t  
flow t h r o u g h  the man t l e  l i thosphere  is indepen-  
den t  o f  the over lying crust.  There  is a g o o d  deal  
o f  uncer ta in ty  in jus t  h o w  th ick  the con t inen ta l  
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Fig. 9. As for Fig. 8 but with T(z) contours (dashed) based on the CSL model with total lithospheric 
thickness zl set at 100 km. The assumed temperature at the base of the lithosphere T(z3 is 1300°C. 

lithosphere may be, and thus specifying the 
boundary condition for the CSL model is sub- 
ject to the same kind of uncertainty as specifying 
qm for the TSL model. 

Figures 4a, 4b, 6b, 7b and 9 show the main 
results for the CSL model. Note that, for high 
Moho temperatures, a lower boundary condi- 
tion of fixed temperature at fixed depth appro- 
priate to the CSL effectively limits the heat flow 
into the lower crust and thus is equivalent to 
reducing qm in the TSL model. For the CSL, this 
effective heat flow parameter is inversely coupled 

to the thermal state of the overlying lithosphere 
(and thus reduces with decreasing conductivity 
k, as shown by the dashed lines in Fig. 4a, or 
increasing the depth of the radiogenic layer zi). 
Consequently, the thermal effects of changing k 
and zi are somewhat diminished for the CSL, 
compared to the TSL. An important implication 
of this is that the effective range of parameters 
allowing HTLP metamorphism is significantly 
larger for the CSL than the TSL, as shown by 
the comparative sizes of the shaded regions in 
Figs 8 and 9. 
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Discussion 

As illustrated in Figs 4-9, solutions to equa- 
tion (4) clearly indicate that burial of an 
anomalously radiogenic layer c. 5 km thick, to 
depths appropriate to HTLP metamorphism, 
allows the possibility of generating HTLP 
metamorphism in conductive thermal regimes 
for a plausible range in thermal parameters. 
Importantly, at Moho depths of 40-50km the 
temperatures may remain lower than 1000°C 
and thus could preclude widespread melting of a 
refractory lower crust during the HTLP meta- 
morphism in the middle crust. Of course, for 
more fertile lower crust, such thermal regimes 
engender the possibility of extensive melting, 
with any consequent advection of the melt 
serving to boost the already elevated geotherms 
in the middle crust (e.g. Chamberlain & Sonder 
1990). We believe that the calculations summar- 
ized in the previous section cast significant doubt 
on the view that HTLP metamorphism cannot 
result from conductive heat transfer because it 
would result in widespread melting of the lower 
crust. We note that, while our analysis clearly 
does not demonstrate a pre-eminent role for 
conduction in any particular HTLP terrain, it 
does demonstrate a fallacy in this conventional 
thermal argument. While we are greatly encour- 
aged (and indeed were initially motivated) by the 
existing datasets that point to very high heat 
production levels (5-10 #Win -3) in a number of 
Australian Proterozoic terranes (Fig. 1), we 
must stress that the quality of the dataset 
pertinent to the thermal energy budget of these 
terranes is still very poor. Any thorough analysis 
of the thermal energy budget of specific HTLP 
terranes will require much more detailed evalua- 
tion of heat production parameters, and we urge 
workers interested in assessing the thermal 
energy budgets of metamorphic terranes to 
undertake such evaluations. 

A principal finding of our analysis concerns 
the influence of the depth of an anomalous heat- 
producing layer zi on the thermal structure of 
the crust. As shown in Fig. 6, a change in depth 
of the radiogenic layer by c. 5 km may induce a 
change in T ( z  = 15 km) of c. 150°C. This finding 
has a number of potentially important ramifica- 
tions. For example, it implies that only minor 
tectonic burial may be required to induce such 
HTLP metamorphism, while only minor ero- 
sion (c. 5 km) is necessary to terminate the event. 
Of great relevance here is the fact that the 
resulting Moho temperature is also strongly 
coupled to the depth of the heat-producing layer 
particularly for the thermally stabilized litho- 
sphere (Figs 8 and 9). In view of the very strong 

dependence of lithosphere strength on Moho 
temperature (e.g. England 1987; Zhou & Sandi- 
ford 1992), changes in the depth of burial of a 
radiogenic layer may have dramatic implications 
for the mechanical response of the lithosphere. 
We note that many of the Australian Mesopro- 
terozoic provinces of relevance to this discus- 
sion, show extensive reactivation during the 
Phanerozoic, where they have been deformed 
in 'thick-skinned' fashion along with a thick 
cover succession. The implication is that the 
burial of these high-heat-production Mesopro- 
terozoic provinces beneath Neoproterozoic and 
Phanerozoic sedimentary basins effected a local 
thermal weakening of the lithosphere (Sandiford 
et al. 1995a). 

A second implication of the sensitivity of 
conductive temperatures to the depth of an 
anomalous heat-producing layer is the relation- 
ship between the rates of cooling and the shapes 
of retrograde P - T  paths. The notion that HTLP 
events result from advective thermal processes 
(Lux et al. 1978; DeYoreo et al. 1991; Collins & 
Vernon 1991; Sandiford et al. 1991) provides a 
framework for understanding P - T  paths that 
show isobaric cooling (England & Thomson 
1984; Sandiford et al. 1991), which should 
consequently reflect very fast cooling rates. In 
contrast, genuine isobaric cooling paths would 
not be possible in the case where the primary 
control on the thermal regime is an anomalously 
enriched heat-producing layer (at least, for 
cooling rates that exceed the time constants for 
secular decay in heat production). However, 
Figs 6 and 8 show that relatively small reduc- 
tions in zi could induce significant temperature 
reductions in the middle crust. In many systems, 
the limiting retrograde P - T  trajectories implied 
by Fig. 8 of about 100°Ckbar - l ,  may be 
petrologically indistinguishable from truly iso- 
baric paths. 

As we have noted in the Introduction, 
Australian Proterozoic HTLP terranes typically 
form in crustal provinces that have experienced 
very significant differentiation events associated 
with voluminous granite magmatism up to 
150Ma prior to metamorphism. This early 
differentiation presumably has had the twofold 
effect of developing a very refractory lower crust 
depleted in heat-producing elements and a 
complementary middle to upper crust enriched 
in heat-producing elements, thus providing 
an ideal setting for the style of HTLP meta- 
morphism advocated here. Of course, in order 
to generate the heat production distribu- 
tions appropriate to HTLP metamorphism, 
it is not enough to differentiate the crust. 
Equally important is the requirement for the 
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total  crustal heat  p roduc t ion  to be anomalous  
(c. 7 5 - 1 0 0 m W m - 2 ) ,  and we suggest that  the 
absolute heat  p roduc t ion  levels in the Aust ra l ian  
Proterozoic  provinces are likely to be int imately 
related to the style of  granite  magmat i sm that  is 
character ized by very high temperature ,  strongly 
f ract ionated granites, with a strong mant le  
signature. Of  course, while such high-heat-  
p roduc t ion  granite provinces abound  in the 
Proterozoic  record,  they are clearly not  unique 
to the era. The Cornub ian  batholi th,  which is 
associated with total crustal  heat  product ions  of  
a round  9 0 - 1 0 0 m W m  -2, provides a younger  
example. The analysis presented here suggests 
that  anywhere  such enriched granites (or o ther  
rocks types) occur there is the potent ial  for 
developing H T L P  me tamorph i sm as a con - =  
ductive response to the burial o f  the granit ic 
layer. 

We thank N. Wall who collated the data shown in 
Fig. la as part of her BSc Honours research pro- 
gramme, and A. Bingemer whose research around the 
Mount Painter Inlier has helped clarify many of our 
views on how geology works in this astonishing region. 
I. Cartwright, J. Clemens and S. Harley are thanked 
for their reviews of an earlier version of this manu- 
script. 
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Abstract: The Vredefort Dome, the central uplifted portion of the c. 300km diameter, 
2.02 Ga Vredefort Impact Structure, exposes a c. 20 km deep profile through the crust of the 
Kaapvaal Craton of southern Africa which displays evidence of greenschist- to granulite- 
facies low-pressure metamorphism. Reaction textures in the medium- to high- 
grade metamorphic rocks indicate an anticlockwise isobaric cooling P-T evolution, and 
peak metamorphic temperatures consistent with a mid- to upper-crustal geotherm of 
40-50°C km -1 . The metamorphism is attributed to craton-wide intraplating of mantle- 
derived magmas into the deep crust during the 2.05-2.06 Ga Bushveld Event. Felsic volcanic 
rocks and high-level intrusions in the Bushveld Complex represent anatectic derivatives 
from the deeper, high-grade parts of the metamorphic terrane. The intracratonic setting, the 
absence of evidence of concomitant orogenic deformation, and the preservation of the pre- 
existing diamondiferous lithospheric root beneath the craton, suggest that the thermal event 
was triggered by the transient positioning of the Kaapvaal Craton over a mantle plume. 

Mantle-derived magmas are widely regarded as 
playing a major role in advecting heat into the 
crust in order to effect regional high-temperature 
low-pressure metamorphism (e.g. Wells 1980; 
Harley 1989; De Yoreo et al. 1991). In most 
cases of low-P metamorphism documented in 
the literature, the root is inferred to be a 
disturbance in the structure of the lithosphere, 
and immediately underlying asthenosphere, 
brought about by plate tectonic processes such 
as subduction (Bohlen 1987), tectonic thinning 
of the lithosphere (Sandiford & Powell 1986) or 
removal of the mantle lithosphere from the crust 
due to tectonic overthickening (Loosveld 1989; 
Sandiford & Powell 1991). In this paper we 
document an early Proterozoic regional, greens- 
chist- to granulite-facies, low-P metamorphic 
terrane in the Kaapvaal Craton (South Africa) 
which occurs in an intracratonic setting, spa- 
tially and temporally unrelated to orogenic 
activity. We attribute this event to intraplating 
of mafic-ultramafic magmas generated by 
mantle plume activity. The preservation of 
some of the magmatic rocks and voluminous 
felsic extrusive and intrusive rocks in proximity 
to the metamorphic rocks provides a rare 
example where the link between mantle magma- 
tism, regional low-P metamorphism and crustal 
anatexis can be studied. 

Regional  setting 

The Kaapvaal Craton of southern Africa (Fig. 1) 
is one of the oldest known fragments of Arch- 
aean continental crust, comprising a nucleus of 
subsidiary arc-like oceanic terranes (greenstones) 

and tonalite-trondjhemite-granodiorite base- 
ment ranging in age from 3.7 to 3.1 Ga (De Wit 
et al. 1992). Following consolidation of the 
cratonic nucleus at 3.1 Ga, four major uncon- 
formity-bounded supracrustal sequences (the 
Dominion Group and the Witwatersrand, Ven- 
tersdorp and Transvaal Supergroups) were 
deposited on the craton in Late Archaean to 
Early Proterozoic times (Table 1). Between 2.7 
and 2.65 Ga, the craton was docked with the 
Zimbabwe Craton to the north along the 
Limpopo Belt (Fig. 1). 

Following the formation of the Archaean to 
Proterozoic basins, the Kaapvaal Craton experi- 
enced a major magmatic episode, the Bushveld 
Event, at c. 2.05-2.06Ga (Table 1). The most 
voluminous component of this magmatism 
comprises ultramafic to mafic intrusive rocks in 
the Bushveld (Rustenburg Layered Suite) and 
Molopo Farms Complexes (Fig. 1) which are 
located within the upper levels of the Transvaal 
Supergroup, as well as abundant sills in the 
immediately underlying supracrustal succession. 
Geochronological data (Table 2) indicate an age 
of 2 0 6 1 + 2 7 M a  for the Rustenburg Layered 
Suite (Walraven et al. 1990). Coetzee & Kruger 
(1989) obtained a similar age (2041 + 41 Ma) for 
the Losberg Complex, a small outlier of mafic 
and ultramafic rocks located 100 km south of the 
main outcrops of the Bushveld Complex (Fig. 1). 

The Rustenburg Layered Suite is intruded and 
overlain by rocks of the Lebowa Granite Suite 
(Fig. 1), dated at 2054:t :2Ma (Walraven & 
Hattingh 1993). Both Suites intrude a sequence 
of heterogeneous, predominantly felsic, volcanics 
and minor intercalated sedimentary rocks (Rooi- 
berg Group) and granophyre sills (Rashoop 

GIBSON, R. L. & STEVENS, G. 1998. Regional metamorphism due to anorogenic intracratonic magmatism. 
In: TRELOAR, P. J. & O'BRIEN, P. J. (eds) What Drives Metamo~Thism and Metamo~Thic Reactions? Geological 
Society, London, Special Publications, 138, 121-135. 
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Vredefort Dome. The sub-outcrop limits of the Molopo Farms Complex, which is not exposed at surface, are 
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Granophyre Suite) (Fig. 1) which were originally 
regarded as being over 100Ma older than 
the Bushveld intrusions (Coertze et al. 1978). 
However, recent field and geochemical studies 
(Hatton & Schweitzer 1995; Schweitzer et al. 
1995) suggest that the eruption of the Rooiberg 
Group was penecontemporaneous with the 
intrusion of the Rustenburg Layered Suite. This 
is supported by a U-Pb zircon age of 2061-t- 
2Ma  for a Rooiberg Group lava (Table 2; 
Walraven 1997). 

In addition to the mafic-ultramafic and felsic 
magmatism in the central and western portions 
of the craton, two alkaline complexes of similar 
age (Table 2), Phalaborwa (2060.6+0.5Ma; 

Reischmann 1995) and Schiel (2059+35Ma;  
Walraven et al. 1992), intrude the Archaean 
basement in the northeast of the craton (Fig. 1). 

The Bushveld Event was closely followed by 
the formation of the Vredefort Dome in the 
south-central parts of the craton (Fig. 1) at 
c. 2.02 Ga (Table 1). Apart from limited tectonic 
reactivation of cratonic lineaments, and loca- 
lized magmatic activity and intracratonic basin 
sedimentation in some parts of the craton, most 
subsequent tectonomagmatic activity in the 
region was confined to the craton boundaries 
where lateral accretion of material onto the 
craton occurred towards the end of the early 
Proterozoic Ubendian Event (c. 1.8 Ga; Master 
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Table 1. Generalized Archaean to Early Proterozoic evolutionary scheme for the Kaapvaal Craton 

Age (Ga) Event Interpretation 

2.02 Vredefort 
2.05-2.06 Bushveld 
2.2-1.8 Ubendian 

2.43-2.22 Upper Transvaal 
2.58-2.43 Lower Transvaal 
2.70-2.65 Limpopo 

2 . 7 1  Ventersdorp 
2.84-2.71 Upper Witwatersrand 

2.98-2.91 Lower Witwatersrand 
3.09-3.07 Dominion 
3.7-3.1 Archaean craton 

large meteorite impact 
voluminous mafic-ultramafic intrusions, felsic volcanics and intrusions 
SE-directed subduction beneath Kaapvaal Craton along NW margin, 

culminating in orogenesis at 1.8 Ga 
c. 3-4 km arenaceous-argillaceous foreland basin sedimentation 
c. 1-2 km dolomite epicontinental shelf sedimentation 
Alpine convergence and amalgamation of Kaapvaal and Zimbabwe 

Cratons 
c. 4 km tholeiitic flood basalts and subsidiary rift sedimentation 
c. 3 km arenaceous-rudaceous fluvio-deltaic foreland basin 

sedimentation 
c. 4 km argillaceous-arenaceous sub-tidal passive margin sedimentation 
c. 2.5 km bimodal volcanics and subsidiary rift sedimentation 
mafic-ultramafic volcanic arcs and sediments + tonalite-trondjhemite- 

granodiorite-granite intrusions 

After Stanistreet & McCarthy (1991), De Wit et al. (1992), Robb & Meyer (1995), Cheney 1996. 

Table 2. Detailed geochronology of  the Bushveld Complex 

Unit Age (Ma) Technique Source 

Lebowa Granite Suite 2054 ± 2 
Rustenburg Layered Suite 2061 -I- 27 
Rashoop Granophyre Suite 2060 ± 2 
Rooiberg Group 2061 ± 2 

single-zircon Pb-evaporation 
Rb-Sr whole-rock 
single-zircon Pb-evaporation 
single-zircon Pb-evaporation 

Walraven & Hattingh (1993) 
Walraven et al. (1990) 
Walraven (1997) 
Walraven (1997) 

1991) and during the 1.2-1.0Ga Namaqua, and 
c. 500Ma Pan-African Events (Thomas et al. 
1994). As a result, much of the Archaean and 
Early Proterozoic structure of the craton has 
been preserved largely intact. 

General geology of the Vredefort Dome 

The Vredefort Dome is an 80-km-wide structure 
located 120 km southwest of Johannesburg, par- 
tially covered by Phanerozoic sediments and 
dolerites of the Karoo Supergroup (Figs 1 and 2). 
Its core is composed of heterogeneous pre-3.1 Ga 
granitoid gneisses and subsidiary metamor- 
phosed supracrustal rocks and mafic intrusions. 
Stepto (1990) divided this core into an inner 
domain, dominated by leucogneisses (Inlandsee 
Leucogranofels Terrane), and an outer domain 
dominated by heterogeneous granodioritic, 
trondjhemitic and granitic gneisses and granites 
(Outer Granite Gneiss Terrane) (Fig. 2). The core 
is surrounded by a collar ofgeneraUy sub-vertical 
to overturned supracrustal rocks of the post- 
3.1 Ga late Archaean to early Proterozoic sedi- 
mentary-volcanic sequences of the Dominion 
Group and the Witwatersrand, Ventersdorp and 

Transvaal Supergroups (Fig. 2). The steep dip of 
the supracrustal strata in the collar shallows 
outward into a rim synclinorium that surrounds 
the dome. The stratigraphically highest unit 
exposed in the core of this syncline is the mafic 
to ultramafic Losberg Complex (Fig. 1). Other 
intrusive rocks in the supracrustal succession 
include Bushveld-related mafic sills in the Trans- 
vaal Supergroup beneath the Losberg Complex, 
Ventersdorp-age mafic sills in the Witwatersrand 
Supergroup (Pybus et al. 1995), and several small 
peralkaline and dioritic complexes (Fig. 2). 
Walraven & Elsenbroek (1991) estimated a 
c. 2.2 Ga age for these complexes, but recently 
Moser (1997) obtained a U/Pb single-zircon age 
of 2078 :t: 12 Ma. 

A variety of unusual features in the rocks of 
the Vredefort Dome (shatter cones, planar 
microdeformation lamellae in quartz, coesite 
and stishovite) indicates that they have been 
exposed to shock pressures in excess of 20 kbar, 
consistent with an origin by meteoritic impact 
(see review in Reimold & Gibson 1996). The 
Vredefort Dome is thus interpreted as the 
rebound-induced central uplift of a large, 
c. 250-300km diameter impact structure that 
encompasses most of the Witwatersrand Basin 
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Fig. 2 Simplified geological map of the Vredefort Dome showing the distribution of the amphibolite- and 
granulite-facies metamorphic zones. 

(Henkel & Reimold 1995; Reimold & Gibson 
1996, and references therein). One of the effects 
of the impact-related deformation was the 
generation of abundant, extremely voluminous 
pseudotachylitic breccias (Reimold & Colliston 
1994; Gibson et  al. 1997a, b) similar to those 
observed in the Sudbury impact structure in 
Canada (Thompson & Spray 1996). U-Pb dating 
of shock-metamorphosed zircons from the base- 
ment rocks, and zircons from these pseudota- 
chylitic breccias, indicates an age of 2023 :t: 4 Ma 
for the impact event (Kamo et  al. 1996), cor- 
roborating earlier Ar-Ar results of c. 2.02Ga 
from other pseudotachylitic and impact breccias 
(Walraven et  al. 1990; Allsopp et  al. 1991; 
Trieloff et  al. 1994; Spray et  al. 1995). 

The geometry of the dome indicates that it 
exposes a cross-section through a large part of 
the crust of the Kaapvaal Craton. Based on 
geochemical studies in the core of the dome, 
Slawson (1976) proposed that the exposures 
represent an almost complete crustal section, a 
view shared by Hart et  al. (1990) who suggested 
that ultramafic rocks situated close to the 
surface in the centre of the dome represented 
upper mantle. Recent geophysical modelling of 
the impact structure (Henkel & Reimold 1995) 
and quantitative thermobarometry (see below) 
suggest, however, that only upper- and mid- 
crustal levels are exposed. In the remainder of 
this paper we describe the metamorphic features 

observed in these rocks and relate these to a 
model for their formation. 

Greenschist- to granulite-facies rocks 
exposed in the Vredefort Dome 

In the goldfields at the margins of the Witwa- 
tersrand Basin, which surrounds the Vredefort 
Dome, the regional grade of metamorphism has 
been established as lower greenschist facies 
(350+50°C, 2-3kbar; Phillips & Law 1994). 
In the dome itself, metamorphic facies are 
distributed broadly concentrically, with grade 
increasing radially inwards (Fig. 2). The peak 
metamorphic assemblages are affected by the 
shock deformation phenomena and pseudota- 
chylitic breccias (Gibson & Wallmach 1995; 
Gibson et  al. 1997b; Stevens et  al. 1997b), indi- 
cating that this metamorphism predated the 
shock event (Fig. 3a, b). 

G r e e n s c h i s t - f a c i e s  z o n e  

The greenschist-facies zone in the outer collar of 
the dome is located in dolomites (lower Trans- 
vaal Supergroup), mafic lavas and sills (Venters- 
dorp Supergroup) and orthoquartzites with 
minor pelites (upper Witwatersrand Super- 
group). The pelites contain chloritoid and alu- 
minosilicate minerals (Nel 1927; Bisschoff 1982) 
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Fig. 3. Metamorphic features of metapelites from the Vredefort Dome. (a) Andalusite metapelite from the lower 
Witwatersrand Supergroup (amphibolite-facies zone). Note the well preserved sedimentary bedding defined by 
the light grey quartz-rich layers and the thin pseudotachylite veinlet cutting andalusite porphyroblasts (arrowed). 
(b) Pelitic migmatite (granulite-facies zone) showing pseudotachylitic breccia veins cutting and displacing thin 
leucosomes. (e) Pelitic stromatic migmatite from the granulite facies zone showing large garnet crystals produced 
by fluid-absent biotite melting. (d) Staurolite-muscovite-quartz aggregates replacing andalusite porphyroblast 
(centre); lower Witwatersrand Supergroup, amphibolite-facies zone. Scale bar 500 #m. 
(e) Retrogressive replacement of peak metamorphic orthopyroxene (opx) by vermicular biotite-quartz 
intergrowths related to leucosome recrystallization in granulite-facies migmatite. Scale bar 150 #m. 

and Bt + Chl + white mica (mineral abbrevia- 
tions after Kretz 1983), indicative of lower- to 
mid-greenschist-facies conditions. This is con- 
firmed by assemblages in the mafic lavas of the 

Ventersdorp Supergroup and the Ventersdorp- 
age mafic sills within the upper Witwatersrand 
Supergroup (Chl + Act + P1 (relict) + Ep; Bissch- 
off 1982). 
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Amphibolite-facies zone 

The amphibolite-facies zone straddles the bound- 
ary between the supracrustal recks in the collar 
of the dome and the Archaean basement in the 
core (Fig. 2). In the collar, this zone includes 
pelites, orthoquartzites and banded ironstones of 
the lower Witwatersrand Supergroup, the mafic 
lavas of the Dominion Group and intercalated 
Ventersdorp mafic sills. The boundary between 
the greenschist- and amphibolite-facies zones is 
defined by the appearance of fibrous hornblende, 
with clinozoisite partially replacing calcic plagi- 
oclase in the mafic sills (hornblende-zoisite zone; 
Bisschoff 1982). In the lowermost parts of the 
Witwatersrand Supergroup, the sills contain a 
Hbl + Pl (andesine) + Qtz + Spn + Zo paragen- 
esis (hornblende-andesine zone; Bisschoff 1982), 
indicative of mid-amphibolite-facies metamor- 
phic grades. A similar assemblage occurs in the 
mafic Dominion Group lavas (Jackson 1994). 
The most informative assemblages are those in 
the metapelites, which involve biotite, chlorite, 
muscovite, cordierite, andalusite, garnet and/or 
staurolite, and which occur in various combina- 
tions depending on bulk rock composition 
(Bisschoff 1982; Gibson & Wallmach 1995). 
The rocks contain two poorly defined, synmeta- 
morphic foliations oriented oblique to bedding 
(Gibson 1993), but no evidence has been found 
of related outcrop- or larger-scale folding and 
the preservation of delicate sedimentary struc- 
tures indicates only low ductile strain in these 
rocks (Fig. 3a). Kyanite and fibrolitic sillimanite 
occur as rare phases, always in association with 
andalusite. Minerals show no evidence of com- 
positional zoning (Gibson & Wallmach 1995). 

In the Archaean basement in the outer parts 
of the core of the dome (Outer Granite Gneiss; 
Stepto 1990; Fig. 2), amphibolitic xenoliths 
contain Hbl + Bt + P1 + Qtz assemblages, con- 
sistent with upper amphibolite facies conditions. 
There are no other rock types containing 
diagnostic assemblages. 

Granulite-facies zone 

The amphibolite- to granulite-facies transition 
coincides with the gradational transition 
between the Outer Granite Gneiss and the 
Inlandsee Leucogranofels Terranes (Fig. 2). 
Outcrop within the granulite-facies zone is 
poor and field relationships are complicated by 
extensive structural disruption caused by the 
impact event. Within the leucogneiss are found 
xenoliths of a dismembered supracrustal succes- 
sion comprising pelitic, ironstone and mafic 

granulites. Peak metamorphic assemblages are 
coarse-grained and texturally well equilibrated 
and, in the pelites, are associated with anatectic 
features (Fig. 3b, c). The peak assemblage in 
the ironstones is Grt + Opx + Qtz + Mag + Cpx 
whereas the mafic granulite assemblages com- 
prise Cpx+Hbl+  P1 + Mag 4- Opx (Stepto 1979). 
In the metapelites, coarse-grained garnet, cor- 
dierite and orthopyroxene crystals occur in asso- 
ciation with stromatic leucosomes (Fig. 3c) or in 
anhydrous, aluminous restitic assemblages. The 
garnet commonly contains inclusions of relict 
sillimanite and biotite and, more rarely, hercy- 
nitic spinel. The evidence points to the attain- 
ment of conditions consistent with incongruent 
biotite melting such as: B t + S i l + Q t z + P l =  
Gr t+Crd  4- Opx + Kfs + M. The restitic assem- 
blages, e.g. Grt + Qtz, Grt + Opx, Crd + Kfs + 
Rt, indicate that temperatures in some parts of 
the terrane exceeded the upper limit of biotite 
stability. 

Peak P - T  conditions, P - T  paths and 

geothermal gradients 

The calculation of peak P-T  conditions in the 
amphibolite-facies metapelites in the collar of 
the dome is hampered by a pervasive retrograde 
event that post-dates the impact shock event. 
This led to overgrowth of the peak metamorphic 
assemblages by a secondary paragenesis, and to 
chemical re-equilibration of garnet and biotite 
(Gibson & Wallmach 1995; Gibson et al. 1997b). 
However, two critical prograde to peak reaction 
textures are preserved, and allow constraints to 
be placed on the P-T  conditions and P-T path: 

1. in magnesian bulk rock compositions 
(XMg ~ 0.5--0.6), andalusite occurs as a rim 
around cordierite porphyroblasts, suggest- 
ing the reaction: Crd + Ms = And + Bt + 
Qtz; and 

2. in intermediate XMg bulk compositions 
(XMg ~ 0.3-0.45), staurolite replaces anda- 
lusite by the reaction: And + Bt = St + Ms ÷ 
Qtz (Fig. 3d). Staurolite also pseudomorphs 
cordierite porphyroblasts in these rocks. 

Both of the above reactions have shallow 
positive dP/dT slopes, with the products occur- 
ring on the high-P side (Holland & Powell 1990) 
(Fig. 4). The textures thus indicate an anti- 
clockwise P-T  path for the rocks and peak 
P-T  conditions of 570-600°C at 4.0-4.5kbar 
(Fig. 4). Similar P-T  conditions were estimated 
by Jackson (1994), from assemblages in the 
mafic Dominion Group lavas. A broadly iso- 
baric cooling (IBC) path is inferred for these 
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Fig. 4. P-T path for amphibolite facies metapelites 
from the lower Witwatersrand Supergroup in the 
Vredefort Dome, based on reaction textures. P-T 
pseudosection for XMg = 0.3 for the assemblage 
Grt + St + Als + Crd + Chl + Bt (excess 
Ms + Qtz + H20) from Dymoke & Sandiford (1992). 

rocks as estimates of the depth of overburden 
at the time of the meteorite impact (estimated to 
be 14km from reconstructions using shatter- 
cone orientations; Manton 1965) are similar 
to the maximum burial depths of the rocks 
during the metamorphic peak (Fig. 4). 

In the metapelitic granulites, the restitic, 
biotite-free nature of some of the assemblages 
indicates that they experienced peak tempera- 
tures in excess of the upper limit of biotite 
stability. Experimental studies suggest that this 
limit is reached at c. 920°C in pelites containing 
biotite with normal Ti and F contents (Vielzeuf 
& Hollaway 1988; Stevens et al. 1997a). The 
presence of peak metamorphic biotite in some of 
the migmatites indicates that not all of the 
granulites experienced these temperatures. How- 
ever, minimum temperatures of c. 850°C are 
necessary to produce significant melt propor- 
tions in pelitic protoliths by biotite breakdown 
(Stevens et al. 1997c). Schreyer (1983) esti- 
mated similar peak temperatures of >875°C for 
the mafic granulite assemblages and Schreyer 
et al. (1978) estimated peak temperatures of 
>800°C in the ironstone granulites, based on 
clinoeulite-ferroaugite exsolution textures after 
ferropigeonite. 

Mineral compositional data for the pressure 
estimates (Table 3) were obtained from the JEOL 
JSM 6400 SEM in the Geology Department at 
the University of Manchester (for operating 
conditions, see Stevens et al. 1997b). Using the 
program Thermocalc (Powell & Holland 1988) 
with the updated dataset of Holland & Powell 

(1990), the assemblage Grt -Crd-Opx-Qtz  in 
samples VT596 and VGS3 yields peak meta- 
morphic pressures of 5.1 + 1.6kbar and 4.8 + 
1.3 kbar respectively at 900°C. The G r t +  Sil = 
Spl + Qtz geobarometer of Nichols et al. (1992) 
yielded similar pressures of 4.9 :t: 0.9 kbar at 
800°C and 6.3 + 0.8 kbar at 900°C respectively, 
for sample VT600. 

The near-peak prograde P - T  path for the 
granulites can be constrained from the textural 
relations between spinel and garnet. Spinel 
occurs only as inclusions within garnet, indicat- 
ing that the reaction Grt + Sil = Spl + Qtz was 
crossed from the spinel to the garnet side. As 
this reaction has a positive dP/d T slope, and as 
the spinel occurs as inclusions in the peak- 
metamorphic garnet (indicating that the reaction 
occurred prior to or during the attainment of 
peak metamorphic temperatures), the rocks 
must have evolved along an anticlockwise P - T  
path (Fig. 5). 

Post-peak, retrograde cooling in the migma- 
titic metapelites involved partial rehydration of 
cordierite from the peak assemblage to produce 
Bt + Sil + Qtz, and orthopyroxene to produce 
B t + Q t z  (Fig. 3e). The absence of similar 
retrograde effects in the melt-depleted restitic 
granulites suggests that this reaction was related 
to crystallization of the leucosomes. No evidence 
has been found of concurrent garnet breakdown 
through pressure-sensitive equilibria, suggesting 
that cooling was approximately isobaric. 

Both the peak and the retrograde granulite 
assemblages are overprinted by a post-impact, 
lower-P, lower-granulite-facies event which 
produced fine-grained symplectic partial re- 
placement textures involving Opx + Crd 4- Spl 
(Stevens et al. 1997b). 

The peak P - T  estimates obtained from 
the amphibolite- and granulite-facies metapeli- 
tic assemblages indicate that the synmeta- 
morphic geothermal gradient in the upper 
and middle crust must have reached values of 
40-50°C km -1, at least locally. This is similar to 
the estimate for the greenschist-facies meta- 
morphism observed in the Witwatersrand gold- 
fields (Phillips & Law 1994) and implies 
extremely high heat flux through the craton at 
this time. 

Discuss ion  

Timing o f  the me tamorph i sm 

The textural evidence from the metapelites in the 
Vredefort Dome (Fig. 3a, b) indicates that the 
metamorphic peak occurred prior to the impact 
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Table 3. Mineral compositions.for geobarometry 

Garnet Cordierite 

VT596 VGS3 VT600 VT596 VGS3 

Orthopyroxene Spinel 

VT596 VGS3 VT600 VT600 

SiO2 37.82 37.57 38.88 49.81 50.41 
A1203 20.68 20.39 20.64 34.12 33.97 
Cr203 0.41 0.32 0.41 - - 
Fe203 1.90 1.51 2.07 - - 
FeO 32.77 31.98 28.41 4.48 4.33 
V205 . . . . .  
MnO 0.93 1.04 0.84 - - 
MgO 5.72 5.66 8.62 10.84 10.94 
ZnO . . . .  
CaO 1.05 1.53 1.33 - - 
Na20 - - - 0.31 0.36 
Total 101.28 100.00 101.19 99.56 99.38 

Si 5.94 5.97 6.00 4.98 3.98 
A1 3.83 3.82 3.74 4.01 3.98 
Cr 0.05 0.04 0.05 - - 
Fe 3+ 0.22 0.18 0.24 - - 
Fe 2+ 4.31 4.25 3.66 0.37 0.36 
g . . . . .  

Mn 0.12 0.14 0.11 - - 
Mg 1.35 1.34 1.98 1.62 1.62 
Zn . . . . .  
Ca 0.18 0.26 0.22 - - 
Na - - - 0.06 0.07 
Total 16.00 16.00 16.00 11.04 11.04 

O 24.00 24.00 24.00 18.00 18.00 
Mg# 23.85 23.97 35.11 81.41 81.81 

50.77 51.12 - - 
3.12 3.11 56.99 57.63 
- - 2.31 2.37 
- - 1 . 9 6  1 . 5 5  

28.75 28.53 24.62 25.33 
- - 1.42 0.82 

- 0 . 1 1  0.11 
16.92 17.24 7.99 7.75 
- - 4.61 4.24 
0.16 - - - 

99.72 100.00 100.01 99.80 

1 . 9 6  1 . 9 5  - - 

0 . 1 5  0.14 15.01 15.17 
- - 0.41 0.42 
- - 4.60 4.73 
0.93 0.91 0.33 0.26 

- 0.21 0.12 
- 0.02 0.02 

0.97 0.98 2.66 2.58 
- - 0.76 0.70 
0 . 0 1  - - - 

4.02 3.98 24.00 24.00 

6.00 6.00 32.00 32.00 
51.05 51.85 36.64 35.29 

event.  The  available geochrono log ica l  da ta  f rom 
the amphibo l i t e -  and  granuli te-facies rocks,  
however ,  suggests a t empora l  over lap  be tween  
the m e t a m o r p h i s m  and  the impac t  event: 

1. Ar -Ar  minera l  (Allsopp et al. 1991; Gibson ,  
unpub l i shed  data)  and  Rb-Sr  whole - rock  
da ta  (Har t  et  al. 1981; Wal raven  et al. 1990; 
Al l sopp  et al. 1991) display a spread be tween 
c. 2 0 7 0 M a  and  c. 1950Ma,  with the m a i n  
cluster be tween c. 2060 M a  and  c. 2010 M a  
(Re imold  et al. 1995); and  

2. a S H R I M P  U-Pb  zircon age o f  2017 + 5 M a  
ob ta ined  f rom a small leucograni te  b o d y  in 
the granul i te  facies gneisses (Gibson  et  al. 
1997a) is indis t inguishable  f rom the age 
ob ta ined  for  the impac t  event  
(2023 ± 4 M a ;  K a m o  et al. 1996). 

Addi t iona l ,  c i rcumstant ia l  evidence suppor t i ng  a 
close t e m p o r a l  re la t ionship  be tween  the  meta-  
m o r p h i s m  and  the impac t  event  is pro-  
vided by textural  studies o f  the impact - re la ted  
shock  d e f o r m a t i o n  features  (e.g. Grieve et  al. 
1990; Mar t in i  1992) and  quant i t a t ive  and  semi- 
quant i ta t ive  g e o t h e r m o m e t r y  f rom m e t a m o r -  
phic  assemblages  tha t  pos t -da te  the  impac t  event  

(Schreyer 1983; Fr icke  et al. 1990; G ibson  & 
W a l l m a c h  1995; G ibson  et  al. 1997a, b; Stevens 
et al. 1997b). These  indicate  unusua l ly  h igh  post-  
impac t  t empera tu res  in the rocks  o f  the dome ,  
c o m p a r e d  with the rocks  exposed in the  com-  
parab ly  sized Sudbu ry  impac t  s t ruc ture  in 
C a n a d a  (e.g. Dressler  1984). Such  elevated 
pos t - impac t  t empera tu res  are best expla ined if 
the crustal  geo the rm at the  t ime o f  impac t  
exceeded tha t  expected in stable c ra ton ic  crust.  
G i b s o n  et al. (1997b) es t imated  a m i n i m u m  
value for the p re - impac t  g e o t h e r m  in the 
Vrede fo r t  region o f  c. 25°C k m  -~, in con t ras t  to  
a value o f  1 5 - 1 6 ° C k m  -1 predic ted  f r o m  heat-  
flow studies (Grieve et al. 1990; Jones  (1988) in 
Mar t in i  1992). Such an  elevated p re - impac t  
geo the rm suggests the occurrence  o f  a t rans ient  
the rmal  event  on the  c ra ton  shor t ly  before  the 
2.02 Ga  impact .  

F u r t h e r  evidence is p rov ided  by the persis- 
tence, unti l  after  the impac t  event,  o f  anatect ic  
melts  der ived dur ing  the m e t a m o r p h i c  peak  in 
the granul i tes  (Gibson  et al. 1997a; Stevens et  al. 
1997b). This  indicates  tha t  par ts  o f  the  granuli te-  
facies te r rane  were still at  t empera tu res  above  
the grani te  solidus at the  t ime o f  impact .  
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F i g .  5 .  P - T  path for metapelitic granulites in the 
Vredefort Dome. Stippled field represents the 
experimentally determined field of biotite-melt 
coexistence (after Stevens et al. 1997a). Slope 
of Grt + Sil = Spl + Qtz reaction from Nichols 
et al. (1992). 

From this, we conclude that the metamorphic 
and impact events must have occurred within a 
period of no more than a few tens of millions of 
years. As the Bushveld Complex predates the 
impact by only some 30Ma (2.05-2.06Ga; 
Table 1), the most plausible explanation is that 
the metamorphism was linked to the Bushveld 
magmatic event. 

T h e  B u s h v e l d  r n a g m a t o t h e r m a l  even t  

Given the temporal link between the greenschist- 
to granulite-facies metamorphism and the 
Bushveld magmatism indicated by the geo- 
chronological studies, the anticlockwise P - T  
paths documented for the medium- and high- 
grade rocks are inferred to reflect magmatic 
thickening of the upper crust due to shallow- 
level intrusions and/or volcanism (the lateral 
equivalents of the Bushveld Complex and the 
underlying mafic sills). The thermobarometric 
data for the rocks in the Vredefort Dome indi- 
cate, however, that the heat source for the 
mid-crustal metamorphism was located at 
depth. Thus, the Bushveld event must have 
also included voluminous lower- to sub- crustal 
mantle-derived intrusions. 

Mid- to lower-crustal harzburgitic intrusions 
which display a chemical affinity with the 
Rustenburg Layered Suite have been described 
from borehole core from the central granulite 
terrane in the Vredefort Dome (Merkle & 
Wallmach 1997). In addition, deep-crustal 
reflection seismic data from the vicinity of the 
Vredefort Dome indicate several major, laterally 
extensive, sub-horizontal lower crustal reflectors 

that could represent mafic to ultramafic sills 
(Durrheim et al. 1991). The main evidence in 
support of voluminous lower crustal intraplating 
of mantle magmas during the Bushveld Event 
comes, however, from bulk and mineral chemi- 
cal studies of the Rustenburg Layered Suite. 
Cawthorn & Davies (1983) and Kruger (1994) 
noted that the parental magmas for the Rusten- 
burg Layered Suite are enriched in Si, K, Rb and 
87Sr/86Sr, indicating contamination by a silic- 
eous source. The mineral chemistry and crystal- 
lization sequence observed in the Rustenburg 
Layered Suite also suggests that the parental 
magmas underwent varying degrees of crystal 
fractionation in deeper-level magma chambers 
prior to their final emplacement (Cawthorn 
& Walraven 1997). The remarkably uniform 
chemistry of individual magma pulses across 
the Bushveld Complex indicates that the mag- 
mas spent sufficient time at these deeper levels 
to achieve thorough mixing with the crustal 
contaminants. 

Cawthorn & Walraven (1997) conservatively 
estimated the volume of mafic to ultramafic rock 
preserved within the present outcrop limits of 
the Bushveld Complex to be 384000 km 3. This 
figure does not include eroded material, the 
Molopo Farms Complex (Fig. 1) which has an 
estimated volume of 200 000 km 3 (Reichardt 
1994), or the sills in the underlying Transvaal 
Supergroup which attain a cumulative thickness 
of 2.5 km in places (Sharpe 1984). Modelling of 
the crystallization history of the Rustenburg 
Layered Suite also indicates that a volume of 
magma at least equivalent to that comprising the 
presently preserved Rustenburg Layered Suite 
must have escaped fi'om the Bushveld Complex 
magma chamber before it could crystallize 
(Cawthorn & Walraven 1997). In addition to 
this, the crystallized residuum left in the deeper- 
level magma chambers must be included. Thus, 
the evidence suggests a cumulative volume of 
mantle-derived magma in excess of 1 x 106 to 
1.5 x 106kin 3. This volume is comparable to the 
volumes of mafic volcanic rocks found in major 
flood basalt provinces such as the Deccan and 
North Atlantic Tertiary Province, although the 
estimates for the latter do not include the 
intrusive rocks inferred to underlie these pro- 
vinces (White & McKenzie 1995). The most 
recent geochronological data available for the 
Bushveld Complex (Table 2), although not as 
precise as those obtained for some flood basalt 
provinces, suggest that rates of magma produc- 
tion during the Bushveld Event were of the same 
order of magnitude (i.e. cubic kilometres per 
year) (White & McKenzie 1995; Cawthorn & 
Walraven 1997). 
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Experimental studies by Cawthorn & Biggar 
(1993) suggest that the parental magmas of the 
Rustenburg Layered Suite intruded at tempera- 
tures in excess of 1300°C. Given that the 
magmas underwent fractional crystallization at 
lower crustal levels prior to their final emplace- 
ment, this implies that their initial temperatures 
were even higher. Experimental and theoretical 
work by Huppert & Sparks (1988) has shown 
that, in the case of intraplating at such 
temperatures and in such volumes, the lower 
crust in contact with the intraplated magmas 
would have undergone widespread partial melt- 
ing on a time scale of the order of 102 to 10 3 

years. This is in marked contrast to terranes 
dominated by conductive heat transfer where 
prograde heating through the fluid-absent melt- 
ing interval is either extremely unlikely or, in the 
case of crust with a prior elevated heat flux, will 
take tens of millions of years (e.g. England & 
Thompson 1984). Geochemical studies of the 
felsic volcanic rocks and granophyres (Schweit- 
zer et al. 1995) and the Lebowa Granite Suite 
(Kleeman & Twist 1989) in the Bushveld Com- 
plex have established both that they were de- 
rived from crustal sources, and that they were 
emplaced at the same time as the Rustenburg 
Layered Suite. This, together with their excep- 
tional volumes (> 110 000 km 3 to 300 000 km 3 for 
the lavas of the Rooiberg Group (Twist & French 
1983; J. Schweitzer, pers. comm. 1997)), and a 
minimum of approximately 90 000 km 3 for the 
Lebowa Granite Suite (Kleeman & Twist 1989) 
supports the existence of a regionally extensive, 
intraplating-driven heating event in the lower 
crust of the Kaapvaal Craton. The emplacement 
temperature of the granites (in excess of 900 °C; 
Kleeman & Twist 1989) suggests that they were 
derived from levels similar to those exposed in the 
central granulite-facies terrane in the core of the 
Vredefort Dome. 

To summarize, the greenschist-to granulite- 
facies metamorphic terrane exposed in the Vrede- 
fort Dome represents part of a much more 
extensive, craton-wide, low-P metamorphic ter- 
rane that developed in response to the intru- 
sion of voluminous mantle-derived magmas at 
c. 2.05-2.06 Ga. In the next section we discuss 
the constraints on the origin of the mantle 
magmatism which gave rise to this event. 

Constraints on the origin o f  the Bushveld 

magmat ic  event 

Voluminous mafic magmatism is generally 
attributed to decompression melting of the 
upper mantle asthenosphere (e.g. McKenzie & 

Bickle 1988) associated with thinning of the 
overlying lithosphere or convection within 
the asthenosphere itself. In recent years, a 
variety of mechanisms for lithospheric thin- 
ning have been proposed to explain how such 
decompression might also account for region- 
al low-P metamorphism in which magmatic 
intraplating or underplating was involved 
(e.g. Bird 1979; Houseman et al. 1981; Sandiford 
& Powell 1986, 1991; Loosveld 1989). Most of 
these studies invoke lithospheric plate tectonic 
processes (subduction, tectonic overthickening 
or tectonic thinning) as the cause of the 
decompression. 

In the case of the Bushveld event, it is 
apparent from regional studies in the Kaapvaal 
Craton that the magmatism and metamorphism 
could not have been associated with orogenic 
activity, as (a) the rocks of the Transvaal 
Supergroup show no evidence of significant 
pre-Bushveld deformation, and (b) their pre- 
servation over large parts of the craton indicates 
a lack of significant erosional exhumation which 
is a normal consequence of crustal thickening. 
At 2 Ga, the craton formed part of a larger 
continental mass incorporating, inter alia, the 
Zimbabwe Craton and several other smaller 
cratons to the north, the Grunehogna Block of 
Antarctica to the east and, possibly, the Pilbara 
Craton to the south (Master 1991; Cheney 
1996). According to Master (1991), between 
2.2 Ga and 1.8 Ga this continental mass formed 
the overriding plate above a SE-dipping sub- 
duction zone whose trench was located some 
1200 km to the NW of the central parts of the 
Kaapvaal Craton. Subduction was finally termi- 
nated at c. 1.8 Ga (Ubendian Orogeny; Master 
1991). During the Bushveld Event the Kaapvaal 
Craton experienced extensional and strike-slip 
reactivation of Archaean structures, consistent 
with NE-SW directed extension which A. Friese 
(pers. comm. 1997) attributes to plate boundary 
forces related to this subduction event. The 
preservation of the volcanic rock and shallow- 
level intrusive rocks of the Bushveld Complex 
indicates, furthermore, that the significant mag- 
matic thickening related to the Bushveld event 
must have been compensated by concomitant 
crustal thinning. 

The volume of magma estimated to have been 
involved in the Bushveld event is similar to that 
of a small- to medium-sized flood basalt event 
(White & McKenzie 1995). White & McKenzie 
(1995) suggest that the optimum conditions for 
such an event involve the interaction of a mantle 
plume with lithosphere that has been thinned to 
between 110 and 50 km. However, some authors 
(e.g. Richards et al. 1989) maintain that such 
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volumes of melting might be achieved within 
abnormally hot plumes without the need for 
lithospheric thinning. It is unfortunate that 
fractionation of the magmas that produced the 
Rustenburg Layered Suite, and their contam- 
ination by crustal material (Cawthorn & Davies 
1983; Kruger 1994; Cawthorn & Walraven 
1997), preclude direct estimation of the depth 
of formation of the parent magmas, which might 
resolve this issue. Homogeneous thinning of the 
Kaapvaal lithosphere to the values proposed by 
White & McKenzie (1995) can, however, be 
ruled out as the craton contains abundant Late 
Proterozoic to Cretaceous diamondiferous kim- 
berlites which contain a predominantly c. 3.1 Ga 
diamond population (Richardson et al. 1984). 
This indicates that a lithospheric root in excess 
of 140 km must have existed beneath the craton 
in the Archaean and that it must have survived 
the Bushveld event. One way to reconcile this 
with the White & McKenzie (1995) model is if 
lithospheric thinning was heterogeneous and the 
arrival of a plume beneath the lithosphere led to 
localized decompression melting in 'thinspots' 
(Thompson & Gibson 1991). Limited published 
geophysical data indicate that the crustal thick- 
nesses in the central parts of the craton vary by 
up to 30%, from 32km to 45 km (Green et al. 
1995). If  similar amounts of thinning also 
affected the underlying mantle lithosphere, it 
could indicate regions where the Kaapvaal 
lithosphere was only 100km thick. However, 
this value is at the lower limit of the range 
required for major melting proposed by White & 
McKenzie (1995). To compensate for this, the 
plume head would have to have been exception- 
ally hot and voluminous, conditions which are 
most likely to be achieved in juvenile plumes 
(Richards et al. 1989; Griffiths & Campbell 
1990; White & McKenzie 1995). Either the 
transient nature of such young plumes, which 
rapidly degenerate into cooler, smaller, steady- 
state plumes (Richards et al. 1989; Griffiths 
& Campbell 1990; White & McKenzie 1995), 
or migration of the craton away from the 
plume source, might explain why the Bushveld 
event never proceeded to the development of 
oceanic crust. 

Figure 6 shows the envisaged model for the 
Bushveld magmatothermal event, in which a hot 
juvenile plume reached the base of the Kaapvaal 
lithosphere at c. 2.06Ga, leading to partial 
melting within the plume head and in astheno- 
sphere beneath thinned regions of the litho- 
sphere (Fig. 6a). These 'thinspots' may already 
have existed in the Kaapvaal lithosphere prior to 
the Bushveld event. However, the tectonic 
reconstructions (A. Friese, pers. comm. 1997) 
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Fig. 6. Proposed model for the Bushveld magmatic 
and metamorphic event. (a) Rising plume beneath the 
thick Kaapvaal lithosphere results in decompression 
melting (dark stipple) in the plume head (p) and, 
possibly, in thinspots. (b) Mantle magmas (black) 
underplate and intraplate the deep Kaapvaal crust and 
undergo partial fractional crystallization, leading to 
medium- to high-grade metamorphism, with 
widespread anatexis at the highest grades (stipple). 
(e) Felsic anatectic melts and remaining mafic to 
ultramafic melts from the deep crustal magma 
chambers rise and are emplaced as the Bushveld 
Complex. Thermal weakening of the crust leads to 
thinning, assisted by rifting due to extensional 
boundary forces, to accommodate the magmatic 
overthickening. 

allow for syn-Bushveld extensional thinning. 
Once these mantle melts had formed, they rose 
to levels immediately below, or within, the crust 
where partial fractional crystallization occurred 
(Fig. 6b). The heat released from these magmas 
resulted in an elevated crustal geotherm, to 
values approaching 40-50°C km- 1, and regional 
metamorphism of the adjacent crust. Crustal 
anatectic magmas generated by this event rose to 
form the felsic volcanic rocks of the Rooiberg 
Group and the shallow-level intrusions of the 
Rashoop Granophyre and Lebowa Granite 
Suites. At the same time, the partially fractio- 
hated and contaminated mafic magmas were 
remobilized and rose to intrude shallow crustal 
levels as the Rustenburg Layered Suite and its 
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extensions in the Molopo Farms and Losberg 
Complexes (Fig. 6c). These rocks were preserved 
as a result of concomitant crustal thinning to 
compensate for the magmatic overthickening. 
This thinning prevented exhumation of the 
deeper levels of the metamorphic terrane until 
the Vredefort impact event at 2.02Ga in the 
south-central parts of the craton, explaining the 
IBC paths observed in the metamorphic rocks. 
The absence of evidence of the formation of 
oceanic crust suggests that the magmatic event 
was transient, either due to degeneration of the 
mantle plume from its initial state to a steady 
state, or due to migration of the craton away 
from the plume source. 

Implications for  regional low-P 
metamorphism 

It is clear from studies of recent and present-day 
plume activity (e.g. Hawaii, Kerguelen, R6union) 
that mantle plumes can exist independently both 
of the movement of lithospheric plates and of 
lithospheric plate boundaries. Starting plumes, 
in particular, appear capable of inducing volu- 
minous, transient, mantle-derived intraplating 
events in the crust which, under the right condi- 
tions, could generate regional low-P metamorph- 
ism and extensive crustal anatexis in intraplate 
settings unrelated to orogenic or other tectonic 
activity. This does not preclude such magma- 
tothermal events being associated with large- 
scale crustal deformation; magmatic intraplating 
may trigger deformation in the thermally wea- 
kened crust, due to plate boundary forces. Given 
that starting plumes may produce thermal ano- 
malies over regions 1500-2000km or more 
across (White & McKenzie 1995), such deforma- 
tion could be of regional extent. 

Conclusions 

1. A greenschist- to granulite-facies low-P 
metamorphic terrane exposed in the central 
parts of the Kaapvaal Craton, in the 
Vredefort Dome, is linked to intracratonic, 
anorogenic mantle-derived magmatism at 
2.05-2.06 Ga. The highest-grade rocks in the 
dome correspond to the upper levels of 
the anatectic lower crust that generated the 
felsic magmas, preserved as volcanic rocks 
and shallow-level granites in the Bushveld 
Complex. 

2. The anticlockwise P-T  paths deduced for 
the medium- and high-grade zones in the 
metamorphic terrane are consistent with 

magmatic loading by mantle-derived mag- 
mas and felsic melts derived from the lower 
crust. 

3. The volumes of mafic and felsic magma are 
consistent with the metamorphic event being 
regionally extensive. 

4. The lack of erosion of the Bushveld 
volcanics and high-level intrusions, and the 
IBC paths for the metamorphic rocks, 
indicate crustal extension and thinning 
concomitant with magmatic thickening. 

5. Evidence that diamondiferous, lower litho- 
spheric levels (beneath large parts of the 
craton) survived the Bushveld event indi- 
cates that extensive mantle lithospheric thin- 
ning may not be a prerequisite for low-P 
metamorphism. 

6. The intracratonic setting of the meta- 
morphic rocks, and the lack of evidence of 
temporally related orogenic activity and 
lithospheric thinning, suggest a mantle 
plume as the ultimate cause of the Bushveld 
magmatothermal event. The coincidence of 
felsic and mafic magmatism indicates that 
prograde heating of the lower and middle 
crust is likely to have been extremely fast 
(< 10 Ma). 

7. Exhumation of the amphibolite- to granu- 
lite-facies mid-crustal levels of the terrane 
was unrelated to the magmatothermal event 
itself and required the highly unusual 
mechanism of meteorite impact. 
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Ridge-trench interactions and high-T-low-P metamorphism, with 
particular reference to the Cretaceous evolution of the Japanese Islands 
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Abstract: A corollary of plate tectonics is that spreading ridges ultimately interact with 
trenches; this is a consequence of the closure phase of the Wilson cycle that eliminates ocean 
basins. Ridge-trench interactions generate distinctive igneous, metamorphic, structural and 
sedimentation effects, which commonly are diachronous parallel to the trench; effects vary 
with plate boundary geometry and rate of migration is controlled by relative motion vectors. 
Identification of such interactions in the geological record is uncommon, which suggests that 
geological events triggered by ridge trench interactions are attributed to other phenomena, 
such as changes in plate motion or a singularity at the trench. The estimated greater length 
of plate boundaries in the past means that subduction of a spreading ridge system could 
have been more common earlier in Earth history. 

High-T-low-P metamorphism requires a tectonic setting that allows enhanced heat flux, 
transient advection of heat due to magma ascent, unusually large internally generated heat, 
or some combination of these features. Subduction of a spreading ridge system produces 
anomalously high temperatures at shallow crustal depth through the development of a slab 
window, which allows transfer of sub-slab asthenospheric mantle across the slab to create an 
enhanced heat flux beneath the overriding plate. This process is important along convergent 
margins that develop a subduction-accretion complex, and drives low P/T ratio 
metamorphism and anatexis of the complex. Heat transport occurs by rising magma near 
the trench, which leads to formation of plutons with characteristic contaminated MORB 
geochemistry. Near-trench igneous activity and low PIT ratio metamorphism are the most 
striking features attributable to spreading ridge subduction and slab window formation, and 
together are likely to be diagnostic of ridge trench interactions. Geological features of the 
Cretaceous Ryoke and Abukuma high-T-low-P metamorphic belts in Japan are consistent 
with the expectations of ridge subduction and slab window formation. Based on modelled 
plate interactions in the North Pacific Ocean basin during the Cretaceous, a tectonic 
scenario is presented for the evolution of the Japanese Islands that involves interactions 
between the Farallon-Izanagi ridge and a trench along the Asian continental margin. Other 
low PIT ratio metamorphic belts that owe their high-T lineage to interactions between 
spreading ridges and trenches are the Shimanto and Hidaka belts of Japan, and the Chugach 
belt of Alaska, USA. The complex tectonic evolution of Palaeozoic orogenic belts such as 
the Appalachian orogen of eastern Canada and USA, implies that ridge-trench interactions 
were involved in their evolution, although terminal continental collision makes the effects of 
these interactions difficult to identify in the geological record. There are many older belts for 
which ridge subduction and slab window formation should be evaluated, including the 
Palaeoproterozoic evolution of the Arunta Inlier, Australia, and the late Archean evolution 
of the Slave Province, northern Canada. 

Regional metamorphism is a dynamic process 
intimately linked with orogenesis (Brown 1993), 
and orogenesis generally is related to plate 
tectonics, particularly along convergent margins 
(~eng6r 1991). Convergent margin processes 
may be separated into two groups: subduction- 
related processes and collision-related processes. 
Orogenic belts cannot be formed by convergent 
margin collision-related processes alone, as such 
processes are always superimposed on subduc- 
tion-related processes (e.g. the Appalachian, 
Variscan and Alpine-Himalayan orogenic sys- 
tems), but orogenic belts can be formed by 
subduction-related processes alone (e.g. the 
Andean orogenic system). In the 30 years since 

the introduction of plate tectonics, our under- 
standing of processes that occur along conver- 
gent margins has increased dramatically. 
Examples include development of the terrane 
idea (e.g. Jones et al. 1983; Schermer et al. 1984), 
the recognition of orogen-parallel stretching 
(e.g. Toriumi 1985; Ellis & Watkinson 1987), 
that probably reflects major displacements (e.g. 
Beck 1991), and the realization that bathymetric 
highs of sufficient size within ocean basins event- 
ually collide with overriding plates in trenches, 
where their ultimate fate is decided by their 
relative buoyancy (e.g. Nur & Ben-Avraham 
1983; Cloos 1993). Plate convergence typically is 
oblique, leading to the formation of transpressive 
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orogenic belts by basal forcing (Ellis et al. 1995). 
Thus, regional metamorphism is most commonly 
the manifestation of thermomechanical pertur- 
bations due to convergent margin processes. 
These include depression of the geotherm in 
trenches and elevation of the geotherm in arcs, 
crustal thickening and orogen collapse, and 
advection of heat by the rise of magma through 
the crust in both extensional and contractional 
environments. However, the burial and exhuma- 
tion history of rocks during an orogenic cycle 
involves a complex four-dimensional evolution in 
which modification of the geotherm occurs 
synchronously with orogen-normal and orogen- 
parallel displacements that lead to non-plane 
strain progressive deformation (Thompson et al. 
1997; Brown & Solar 1998). 

Plates meet at spreading ridge (R), transform 
fault (F) and subducting trench (T) boundaries, 
so that interactions among three plates must 
generate a triple junction defined by some 
combination of these boundaries. Migration 
along trenches of triple junctions that involve 
transform faults or spreading ridges is common 
in Mesozoic-Cenozoic plate tectonic history 
(Sisson et al. 1994). Accordingly, past plate 
interactions can be expected to leave their 
imprint in orogenic belts exposed at the surface 
of the Earth. A corollary of plate tectonics is 
that spreading ridge systems ultimately interact 
with trenches during the subduction process 
(DeLong & Fox 1977; DeLong et al. 1979). 
Orogenic belts formed by collision-related pro- 
cesses involve the elimination of ocean basins by 
subduction (the Wilson cycle). An implication of 
ocean basin closure is that a minimum of one 
spreading ridge system must have been sub- 
ducted during the closure process, unless sub- 
duction stops before the ridge intersects the 
trench, which may end sea-floor spreading. 
In spite of this implication, the identification of 
ridge-trench interactions in the geological 
record is uncommon (Pavlis et al. 1995), which 
indicates that geological events triggered by 
ridge subduction are attributed to other phe- 
nomena at the trench. For example, such events 
are typically interpreted to have been driven by 
changes in plate motion, and are less commonly 
interpreted to have been caused by some 
singularity at the trench, such as the impinge- 
ment of an aseismic ridge (e.g. Brown 1995a) or 
seamount chain (Cloos 1993). 

A minority of orogenic belts appear not to 
have involved ocean basin closure, such as the 
Neoproterozoic evolution of the Dalradian and 
Moine blocks of the Scottish Highlands (Demp- 
ster & Bluck 1995); for these belts the descrip- 
tion 'ensialic' remains useful. In the model 

proposed by Dempster & Bluck (1995), narrow 
orogenic belts characterized by Barrovian-type 
regional metamorphism are interpreted to 
develop in long-lived transform zones. These 
zones represent a tectonic setting in which 
extension and sedimentation may be followed 
by contraction and orogenesis. Metamorphic 
belts of this type are not considered further in 
this paper. 

Types o f  metamorphism and 'paired' 

metamorphic belts 

Miyashiro's (1959, 1961) classification of regio- 
nal metamorphic belts into five types, based on 
P/T ratio, placed high-T-low-P (low P/T ratio) 
and low-T-high-P (high PIT ratio) metamorph- 
ism as end-members of a diverse field of P - T  
conditions recorded by metamorphic belts 
exhumed to the surface. The occurrence in 
adjacent parallel belts of contrasting types of 
metamorphism in the circum-Pacific regions led 
him to develop the model of 'paired' meta- 
morphic belts. In this model, the low PIT ratio 
belt was formed on the foreland side of a 
subduction-related orogenic belt in a magmatic 
arc setting, whereas an associated high P~ T ratio 
belt was formed in the depth of the adjacent 
trench zone on the hinterland side of the 
orogenic belt. Although there is agreement 
concerning the tectonic setting in which low-T- 
high-P metamorphism occurs, the nature of the 
P - T  history and tectonic setting that lead to 
high-T-low-P metamorphism have remained 
debatable. There are two principal issues: (1) the 
question of distinguishing between clockwise and 
anticlockwise P-T  paths (e.g. Williams & Karl- 
strom 1996); and (2) the question of explaining 
the overall high thermal gradient during low 
PIT ratio metamorphism. 

The idea that ridge-trench interactions are the 
cause of high-T-low-P metamorphism raises a 
question about the validity of the classic idea 
that 'paired' metamorphic belts formed in situ by 
Pacific-type orogenesis. In an alternative view, 
'paired' metamorphic belts are formed by 
juxtaposition of tectonostratigraphic terranes 
with contrasting metamorphic histories because 
of trench-parallel displacements during oblique 
subduction. Allochthonous terranes (e.g. Nelson 
et al. 1994) and microplates (e.g. Stock & Lee 
1994) are features that form along active 
continental margins during ridge-trench inter- 
actions. Ridge subduction and slab window 
formation imply that any outboard high PIT 
ratio metamorphic belt must have been accreted 
after interaction between the spreading centre 
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and the trench, otherwise thermal overprinting 
and erasure of the high P / T  ratio metamorphic 
history would have occurred. Thus, the in situ 
development of 'paired' metamorphic belts may 
be incorrect, and belts with these different P - T  
histories are likely to be contemporaneous 
lateral equivalents subsequently juxtaposed 
(Brown 1998). 

High-T-low-P metamorphism 
It follows from the discussion above that a key 
issue in petrology is to explain the cause of 
high-T-low-P metamorphism. Although debate 
has focused on the roles of granite magmatism 
to advect heat versus thermal relaxation during 
exhumation in producing anomalously hot rocks 
in the shallow crust, most high-T-low-P meta- 
morphism probably requires a tectonic scenario 
that allows an enhanced heat flux and heat 
transport by sub-crustal magmas. In this sec- 
tion, the possible causes of high-T-low-P 
metamorphism and P - T  paths inferred from 
low P I T  ratio metamorphic belts are reviewed. 

Possib le  causes o f  h i g h - T - l o w - P  

m e t a m o r p h i s m  

At first sight, low P I T  ratio metamorphism in 
fore-arc sedimentary sequences appears to con- 
flict with plate tectonics, since the metamorph- 
ism typically expected in trench environments is 
of the high P~ T ratio type. However, anomalous 
near-trench igneous activity in a setting where 
low heat flow is the rule has often been regarded 
as the most striking geological effect of ridge 
subduction and slab window formation (e.g. 
Marshak & Karig 1977), and such magmatism is 
often associated with low P~ T ratio metamorph- 
ism. Many mechanisms for the development of 
high temperatures in fore arcs have been 
proposed, including subduction beneath a hot 
hanging wall (e.g. Platt 1975), relaxation of 
isotherms following the cessation of subduction 
(Hudson & Plafker 1982; James et al. 1989; 
Dirks et al. 1992), shear heating (Graham & 
England 1976; England & Molnar 1993; Molnar 
& England 1995) and subduction of an active 
oceanic spreading ridge (e.g. Uyeda & Miya- 
shiro 1974; Marshak & Karig 1977; DeLong 
& Fox 1977; DeLong et al. 1979; Kinoshita & 
Ito 1986; Kinoshita 1995; Sisson & Hollister 
1988; Sisson & Pavlis 1993; Nakajima et al. 
1990; Nakajima 1994; Brown & Nakajima 1994; 
Brown 1995b, 1998). 

Other processes proposed for high-T-low-P 
metamorphism include the following. (1) Ther- 
mal re-equilibration after orogenic thickening of 
anoxic basins next to continental margins; 
because the sediments in such basins have high 
contents of heat-producing elements, thermal 
relaxation following thickening generates higher 
than normal heat in the shallow crust that may 
produce large areas of high-grade metamorphic 
rocks and granites (e.g. Chamberlain & Sonder 
1990). (2) Thickening of tectonically thinned 
continental crust (lithosphere) and overlying 
sedimentary basins (e.g. Soula el al. 1986; 
Thompson 1989; Brown & Treloar 1992), in 
which the blanketing effect of cold low-con- 
ductivity sediments retards decay of the 
enhanced geotherm consequent upon extension 
so that subsequent basin inversion generates 
clockwise hairpin-like or looping P - T  paths. 
(3) Continental rifting (e.g. Wickham & 
Oxburgh 1985, 1987) or extension (e.g. Sandi- 
ford & Powell 1986; Zen 1995), involving 
enhanced heat flow and/or advection of heat 
through influx of sub-crustal magma (see also 
the rift-drift-delamination model for regional 
low-P metamorphism of Collins & Vernon 
(1994)). (4) Regional contact (overlapping tem- 
porally separate and spatially localized thermal 
events) or pluton-enhanced metamorphism, in 
which advection of heat occurred by upward 
transfer of magma typically of granodioritic 
or granitic composition (e.g. Lux et al. 1986; 
Barton & Hanson 1989; De Yoreo et al. 
1989a, b, 1991; Droop & A1-Filali 1989; Collins 
& Vernon 1991; Sttiwe et al. 1993; Sandiford et 
al. 1995; Amato et al. 1994; Warren & Ellis 
1996; Williams & Karlstrom 1996), or fluids 
(e.g. Chamberlain & Rumble 1988; Sisson & 
Hollister 1988), mainly in transpressional belts 
that exhibit limited overthickening. (5) Crustal 
thickening and synchronous erosion (thinning) 
of the mantle lithosphere (Loosveld & Etheridge 
1990) or delamination of the mantle lithosphere 
(Midgley & Blundell 1997). (6) Heat refraction 
due to lateral variations in the thermal con- 
ductivity of rocks, such as might be consequent 
on the emplacement of mantled gneiss domes 
or folding of basement-cover unconformities 
(e.g. Jaupart & Provost 1985; Allen & Cham- 
berlain 1989; Mildren & Sandiford 1995). 
(7) Transition from low-T-high-P to high-T- 
low-P conditions coincident with the cessation 
of subduction (e.g. Hudson & Plafker 1982, 
James et al. 1989; Hand et al. 1994), or with a 
transition from subduction to a transform plate 
boundary (Wakabayashi 1996). (8) Transition 
from high-T-high-P to high-T-low-P metamor- 
phism during catastrophic collapse of thickened 
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crust, extensive high-temperature crustal ana- 
texis and advection of heat to shallow crustal 
depths through ascent and emplacement of hot 
granite melts (Brown & O'Brien 1997). Addi- 
tionally, the mechanical consequences of granite 
emplacement during high-T-low-P metamorph- 
ism have been considered by Sandiford et al. 
(1991), Stfiwe et al. (1993) and Stfiwe & 
Sandiford (1994, 1995). 

P - T  paths in low P / T  ratio 

metamorphic belts 

P-T  paths found in low PIT ratio metamorphic 
belts vary from clockwise to anticlockwise, even 
from the same region (e.g. the southwestern 
United States (Grambling 1986; Grambling 
et al. 1989; Grambling & Dallmeyer 1993); the 
Arunta Inlier in central Australia (Collins & 
Vernon 1991, 1993; Hand et al. 1992, 1993; 
Vernon 1996)), although sometimes with good 
reason, such as paths that are clockwise in the 
hanging wall and anticlockwise in the footwall 
of an overthrust complex (e.g. southern Alaska 
(Sisson & Hollister 1988)). Williams & Karl- 
strom (1996) have argued that apparent P-T 
paths composed of a prograde thickening seg- 
ment with moderate dP/dT and an isobaric 
cooling segment with shallow dP/dT may be 
connected by a tight clockwise loop in P-T  
space. They propose that some P-T  paths 
previously inferred to be anticlockwise are 
better interpreted as clockwise, once the two 
segments are connected by a loop rather than 
a simple 'corner'. Such looping P-T paths 
may be typical of high-T-low-P metamorphism 
imprinted during long-term middle crustal resi- 
dence, and Williams & Karlstrom (1996) argue 
that this may provide a general explanation 
for apparent clockwise and anticlockwise P-T 
histories in regions of high-T-low-P meta- 
morphism, such as the southwestern United 
States. In contrast, Sttiwe & Sandiford (1994, 
1995) have related conflicting clockwise and 
anticlockwise P-T  paths derived from high-T- 
low-P metamorphic terrains to the interplay of 
rapid changes of the deviatoric and lithostatic 
components of the pressure field. They recom- 
mend that caution should be taken in the 
tectonic interpretation of P-T  paths from high- 
T-low-P metamorphic belts that involve 
decompression of < 1 kbar, and suggest that the 
widespread record of clockwise paths in many 
high-T-low-P metamorphic belts may be an 
artefact of the time scale of deformation rather 
than reflecting the exhumation history of the belt. 

Summary 

High-T-low-P metamorphism remains topical 
for two principal reasons. First, an unambig- 
uous evaluation of the changing depth with 
evolving T is difficult in circumstances where 
lithostatic P is low and variations in deviatoric P 
may be significant. Second, there is no general 
solution to the requirement to attain anoma- 
lously high temperatures at shallow crustal 
depths; this has led to multiple proposed 
solutions but little consensus. Although there 
may be more than one origin for high-T-low-P 
metamorphism, subduction of young oceanic 
lithosphere, and ultimately a spreading ridge 
system, must be common to many collisional 
orogens, and should be evaluated as part of the 
driving force for this type of metamorphism. 

Triple junction interactions at convergent 
plate margins 

Plate tectonics requires triple junction interac- 
tions, so it is important to identify the effects of 
triple junction interactions at convergent mar- 
gins during the evolution of recent tectonic 
systems, to interpret orogenic belts and infer 
ancient tectonic systems (Cronin 1992). There 
are 18 possible types of triple junction interac- 
tions that involve trenches at convergent plate 
margins (one RRT junction, two types of TTT 
junction, three types of TTR junction, four types 
of RTF, TTF and FTT junctions, where 
R = spreading ridge, T = subducting trench, 
F = transform fault; after Cronin 1992). Model- 
ling the finite time evolution of triple junctions 
that include one or more subduction zones has 
enabled us to understand better the motion of 
magmatic, metamorphic and deformation fronts 
that pass through an overriding plate during 
subduction of spreading ridge systems (McKen- 
zie & Morgan 1969; Cronin 1992). 

What are the effects o f  triple junction 

interactions at convergent plate margins? 

The effects described briefly below are possible 
characteristics of a triple junction 'event'. The 
greater the number of these effects identified in 
any orogenic belt, the more certain is the 
attribution of part of the evolution of that belt 
to triple junction interactions at a convergent 
plate margin. 

1. Diachroneity. It has been argued that a 
distinctive feature of triple junction interactions 
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in general, and ridge subduction in particular, is 
that the resultant geological 'event' migrates in 
time (Pavlis et al. 1995). For ridge-trench inter- 
actions, however, this will be decided by the 
relative orientation between the trench and the 
ridge segment being subducted. At a larger 
scale, the space-time relation is likely to be a 
step function as subduction of individual seg- 
ments of the spreading ridge system alternates 
with TTF triple junction evolution. Although 
diachroneity of a geological 'event' is not an 
exclusive characteristic of the effects of triple 
junction interactions, Pavlis et al. (1995) con- 
cluded that evidence for a rapidly migrating 
event is the most clear manifestation of a triple 
junction system. 

petrogenetic processes that occur consequent 
upon ridge-trench interactions are unique to 
these systems, and the potential to misinterpret 
an ancient fore-arc system as a magmatic arc 
assemblage, particularly in systems overprinted 
by collision-related processes, is clear. 

4. Fluid circulation. High-T regional-scale 
hydrothermal overprinting of palaeothermal 
structure in an accretionary prism may be 
common in ridge-trench systems, and in south- 
ern Alaska such an interaction was responsible 
for the widespread gold mineralization (Haeuss- 
ler et al. 1995). Fluid activity is common, 
however, in other tectonic situations and is 
unlikely to be diagnostic. 

2. Kinematics. Triple junction interactions are 
associated with abrupt changes in the kinematics 
of deformation at regional scale (e.g. Sisson & 
Pavlis 1993), commonly recorded as superim- 
posed deformation events (e.g. Byrne & DiTullio 
1992; Onishi & Kimura 1995; Pavlis & Sisson 
1995), and by juxtaposition of contrasting 
tectonostratigraphic terranes (e.g. Pavlis & 
Sisson 1995; Brown 1998). Changes in plate 
motion or collision-related processes, such as 
large-scale block rotations, however, may pro- 
duce similar effects, and arc-parallel strike-slip 
systems can dismember and obscure the geolo- 
gical record, whatever its origin. 

3. Magmatism. Magmatic signatures caused 
by ridge-trench interactions can include a gap 
in volcanic stratigraphy and/or location of 
volcanoes, a change from arc-like volcanism to 
MORB/OIB volcanism as a slab window opens 
(e.g. Hole & Larter 1993), parautochthonous 
MORB or contaminated MORB magmas in the 
fore arc (e.g. Harris et al. 1996; Lytwyn et al. 
1997), volcanic products with characteristics of 
slab melting, such as high Sr, Zr and La/Yb, and 
isotope signatures indicative of MORB, and 
alkaline magmatism in the back-arc region. The 
magmatic products of triple junction systems are 
a complex function of the thermal structures 
of the mantle wedge and the subducted slab 
(e.g. Tsuchiya & Kanisawa 1994), and the evo- 
lution of the slab window (Thorkelson 1996). 
Furthermore, the presence of a subduction- 
accretion complex may be important, and the 
occurrence of contaminated MORB magmas 
suggests that the presence of a subduction- 
accretion complex prevents basalt rising to the 
surface, so that ponded basalt may cause low 
PIT  ratio metamorphism and granite magma- 
tism. It is unclear, however, whether the 

5. MetammThism. Low PIT  ratio meta- 
morphism in the fore arc closely associated 
with plutonism is a typical effect of subduction 
of a spreading ridge (e.g. Sisson & Hollister 
1988; Nakajima 1994; Barnett et al. 1994; Brown 
1998), although the magmatism may extend 
normal to the trench with time as the slab win- 
dow is subducted deeper under the overriding 
plate (Nakajima 1996). Such metamorphism is 
likely to involve rapid heating and cooling, 
which may be reflected in distinctive hornfelsic 
textures and unusually fine grain size in high- 
grade metamorphic rocks (Brown 1998), and 
freezing-in of igneous microstructures in mig- 
matites (Vernon & Collins 1989). Although 
low PIT  ratio metamorphism may be a unique 
manifestation of ridge subduction and slab 
window formation, the potential for misinter- 
pretation as a magmatic arc system is obvious. 

6. Basin evolution. Ridge-trench interactions 
typically lead to dynamic fore-arc sedimentation 
that records rapid lateral migration of sedimen- 
tary sources and basins, and vertical responses 
to thermal perturbations, i.e. uplift followed by 
subsidence (e.g. Taira et al. 1983). Trench- 
parallel strike-slip fault systems may disrupt or 
destroy these basins, however, and similar basin 
evolution may be generated by other interac- 
tions at the trench, such as the impingement of 
an aseismic ridge or seamount chain. 

7. Accretionary prism evolution and ophiolite 
emplacement. Ridge-trench interactions may 
lead to punctuated periods of tectonic erosion 
of the accretionary prism, systematic younging 
in the age of accreted sediments that may culmi- 
nate in accretion of zero-age pelagic sediments 
associated with near-trench MORB volcanic 
rocks (Osozawa 1992, 1994), and accretion of 
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fore-arc ophiolite complexes characterized by 
an overall MORB chemistry but showing con- 
tamination by sedimentary components (e.g. 
Kaeding et al. 1990; Lytwyn et al. 1997). Un- 
fortunately, there are other potential causes of 
tectonic erosion at trenches, many ancient accre- 
tionary prisms preserve an incomplete record 
of accretion events, and there may be difficulty 
in distinguishing between stratigraphic associa- 
tions in ophiolite complexes formed by ridge- 
trench interactions and those formed in back- 
arc basins. 

Ridge- t rench  interactions and slab 

window format ion  

Ridge-trench interactions affect the overriding 
plate in three ways: (1) tectonic erosion of the 
fore arc; (2) change from arc-type to MORB- 
type volcanism; and (3) broad, thermally sup- 
ported uplift, high heat flow, and extension. The 
kinematic effects of ridge-trench interactions 
and the fate of the subducted slab depend on 
plate boundary geometry and the relative 
motion vectors between the plates (Farrar & 
Dixon 1993; Thorkelson 1996). Additional vari- 
ables that must be considered include the 
presence and size of a subduction-accretion 
complex, the type of overriding plate (continen- 
tal or oceanic), and at depth the style and vigour 
of corner flow in the asthenospheric mantle 
below the overriding plate. At the extremes, 
either welding of the trailing oceanic plate to the 
overriding plate or transform motion between 
the trailing oceanic and overriding plates may 
result, and development of microplates and 
ophiolite emplacement might be expected to 
occur. In most other cases, a spreading ridge 
ceases to exist upon subduction. In its place, an 
ever-widening slab window may open down-dip; 
the slab may steepen with depth, it may be 
removed by lateral displacement or it may decay 
thermally. 

Before a spreading ridge is subducted at a 
trench, it is an axial zone of plate growth where 
basalt generated by decompression melting of 
upwelling asthenosphere is added to the trailing 
edges of the diverging plates. As the ridge 
interacts with the trench, one or both of the 
plates descends and the plates continue to 
diverge. However, progressive thermal equili- 
bration of the plate edges inhibits and stops 
plate growth, while continued divergence results 
in a 'window' (Dickinson & Snyder 1979). 
Maximum slab window development may be 
approximated by assuming that magmatic accre- 

tion ceases when a ridge has fully entered a 
trench, while plate separation continues. 

The geometrical pattern and kinematics of the 
triple junction that forms when the spreading 
ridge system collides with the trench control 
whether a slab window develops and its evolu- 
tion. The simple case of a spreading ridge system 
oriented parallel to the trench (Fig. l a) illus- 
trates the basic principle of slab window forma- 
tion (DeLong & Fox 1977). Although there are 
18 types of triple junctions that involve trenches 
(Cronin 1992), from a generic viewpoint there 
are two important combinations of triple junc- 
tions that evolve slab windows for all ridge 
orientations, TTF-TTR and FFT-RTF systems. 
Normally, for a spreading ridge system oriented 
obliquely to a trench, there is an alternation at 
the trench between TTF and TTR triple junc- 
tions, so that a slab window forms (Fig. l b). 
Slab windows generally form in FFT-RTF 
systems, although the geometry will differ in 
detail between leading and trailing transform 
segments in the overriding plate (Fig. lc). 

The slab window is an anomalously hot 
interface between the base of the overriding 
plate and upwelling asthenosphere from beneath 
the slab (e.g. DeLong & Fox 1977; Thorkelson 
& Taylor 1989; Thorkelson 1994, 1996; Goes 
et al. 1997); it is this upwelling asthenosphere 
that provides the enhanced heat flux from the 
sub-slab asthenospheric mantle into the over- 
riding plate, either by fluid advection or con- 
duction. According to Liu & Furlong (1992), 
surface volcanism associated with slab window 
formation lags behind a migrating triple junction 
because of the time lag in upwelling processes; 
modelling suggests that complete thermal decay 
by conduction may take up to 10 Ma. The role of 
heat transport by magmas remains unclear, in 
particular since adiabatic decompression melting 
in a subducting spreading ridge system is likely 
to be inhibited and then stopped with increasing 
depth of subduction. As a result, the importance 
of basaltic underplating compared with con- 
ductive heating is still debated. Geophysical 
(e.g. Murdie et al. 1993; Daniel et al. 1995) and 
geochemical (see summary by Thorkelson 1996) 
data support the development of slab windows 
during continued subduction of a spreading 
centre after its entry into the trench. 

The age, thickness and density of oceanic 
lithosphere decrease towards a spreading ridge, 
so that as a ridge approaches a trench the negative 
buoyancy of the subducting slab decreases and 
subduction becomes more difficult (Luyendyk 
1995; Thorkelson 1996). According to Cloos 
(1993), oceanic lithosphere older than c. 10Ma 
is negatively buoyant and inherently subductable, 
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Fig. 1. Schematic examples of ridge trench interactions between three plates (A, B and C) and slab window 
formation (W). (a) Subduction of a spreading ridge system parallel to the trench, with velocities as defined in the 
upper frame, evolves so that the central ridge segment arrives at the trench (middle frame) and is subducted under 
the overriding plate to create a slab window (bottom frame) (after DeLong & Fox 1997). (b) General case of 
ridge-trench interaction that involves oblique subduction of the spreading ridge system (TTF-TTR triple 
junction system), based on the southern Chile triple junction (after Murdie et al. 1993). (e) Special case of ridge- 
trench interaction in which a transcurrent arm is developed on the trench hanging wall (FFT-RTF triple junction 
system). The triple junction in the north is of Mendocino type and the triple junction in the south is of the Rivera 
type (after Farrar & Dixon 1993). 

whereas oceanic l i thosphere younger  than  this is 
positively buoyant .  The width of  the zone of  
positively buoyan t  oceanic l i thosphere at a ridge 
depends on spreading rate. However,  since ridge 
systems are composed of  al ternat ing ridge and 
t ransform segments, during subduct ion of  any 
ridge segment the effect of  the zone of positively 
buoyan t  l i thosphere on the balance of  forces 
that  drive subduction may be insufficient to 
prevent subduct ion of  the ridge system. Alter- 
natively, the approach  of a spreading ridge to 

the trench may stop subduction,  and the 
spreading ridge may stall ou tboard  of  the 
subduct ion zone. In  these circumstances, Luyen- 
dyk (1995) has argued tha t  the subducted plate 
welds to the outboard  plate across the dor- 
mant  spreading centre and is captured by it. 
If  subduct ion is not  stopped, all but  the young- 
est parts  of  the positively buoyan t  l i thosphere 
will become negatively buoyan t  during subduc- 
t/on because of progressive metamorph ism to 
amphibol i te  and eclogite (Cloos 1993). 
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Potent ial  indicators o f  r idge-trench 

interactions 

Investigations of modern systems such as the 
southern Chile triple junction (Forsythe & 
Nelson 1985; Forsythe & Prior 1992; Murdie et 
al. 1993; Behrmann et al. 1994; Daniel et al. 
1995), in which the subducting ridge seg- 
ments are sub-parallel to the trench and at a 
high angle to convergence vectors (e.g. the 
schema in Fig. lb, which is based upon this 
example), imply that (1) oceanic kinematics 
continue as a spreading ridge system enters a 
trench, and (2) the continuing oceanic kine- 
matics within the downgoing slab profoundly 
influence the tectonics of the overriding plate. 
There are several unique geological features 
associated with the southern Chile triple junc- 
tion. These include the Taitao ophiolite, the 
Liquine-Ofqui fault system, the Golfo de 
Penas basin and associated gap in arc volcanic 
activity, and associated thermal effects that 
have increased hydrothermal activity. The site 
of ridge subduction can be traced onshore by 
several means, including a large east-west 
gravity anomaly, a gap in seismicity, a lack of 
back-arc basins, a time-transgressive structural 
history in the back-arc region, different mean 
elevations, ages of arc volcanic rocks, style of 
deformation, and the presence of igneous rocks 
thought to represent slab melts in the back-arc 
region (Forsythe & Prior 1992; Ramos & Kay 
1992; Kay et al. 1993; Murdie et al. 1993; 
Behrmann et al. 1994; Daniel et al. 1995). 

In contrast to the evolution of the southern 
Chile triple junction, when part of the Pacific- 
Farallon spreading ridge system interacted with 
the trench along the western North American 
continental margin, subduction was replaced by 
translational movement of the type observed 
along the San Andreas Fault system today 
(e.g. the schema in Fig. lc, which is based upon 
this example), and the Mendocino and Rivera 
triple junctions were formed (see summary in 
Atwater 1989). As the Mendocino triple junction 
moved to the north, a slab window filled with 
upwelling, hot, asthenospheric material was left 
in its wake (Dickinson & Snyder 1979). The 
asthenospheric material gradually cools and 
accretes to the Pacific and North American 
plates. The change in mechanical behaviour of 
the material in the slab window in space and 
time controls the evolution of the plate bound- 
ary at depth and is responsible for the complex 
patterns of crustal deformation and volcanism 
associated with the San Andreas Fault system 
(e.g. Atwater 1989). Evidence of shallow empla- 
cement of hot material has been found in surface 

heat flow, gravity anomalies, tomographic 
models of P-wave velocities, and variations in 
the depth of seismicity, and the thermal effects 
have been explored in the three-dimensional 
modelling of Goes et al. (1997). 

Based on these two recent examples, we expect 
the consequences of ridge-trench interactions to 
produce distinctive igneous, metamorphic, struc- 
tural and sedimentation effects in orogenic belts 
exhumed to the surface (Pavlis et al. 1995). 
However, there is no consensus on what these 
effects are, particularly in respect of the crust 
below the brittle-plastic transition, and it 
remains an important challenge to identify 
these effects to help in the correct interpretation 
of ancient systems. 

Questions that remain 

From the perspective of low P/T  ratio meta- 
morphism, there are several questions that 
relate to the thermal manifestation and evolu- 
tion of ridge-trench interactions that cannot be 
answered without more quantitative data on 
the time-temperature history of both ancient 
and modern systems. These questions include: 
(1) What are the controlling parameters in the 
thermal system and the relative roles of advec- 
tive versus conductive heat transport? (2) What 
are the interactions between the upwelling 
asthenospheric mantle beneath, and the corner 
flow in the asthenospheric mantle wedge above, 
the subducting spreading ridge system during 
slab window formation? (3) Can we simulate the 
thermal systems using numerical models and test 
the models with empirical data from modern 
systems and ancient systems? An example that 
addresses these questions is the work of Goes 
et al. (1997), who present a three-dimensional 
thermal model for the area around the Mendo- 
cino triple junction that is based on its kinematic 
evolution, incorporating the effects of a slab 
window, changes in relative plate motions 
and the trenchward migration of the spreading 
ridge system. 

Purpose o f  this review 

The primary objective of the present paper is 
to characterize features of Mesozoic-Cenozoic 
metamorphic belts likely to have involved 
ridge-trench interaction in their evolution. 
Examples of ridge-trench interactions in the 
younger part of the geological record include 
Cenozoic interactions between the Kula-Pacific 
spreading centre and the trench along the Asian 
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continental margin (e.g. Shimanto and Hidaka 
belts in Japan) and the Kula-Farallon (or 
Pacific-Farallon) spreading centre and the south- 
ern Alaska fore arc, and Cretaceous interactions 
between the trench along the Asian continental 
margin and the Farallon-Izanagi spreading 
centre (Kitakami batholith, and Abukuma and 
Ryoke belts in Japan). 

An important key to understanding Meso- 
zoic-Cenozoic orogenic belts is the record of 
sea-floor spreading present in the ocean basins. 
During Pre-Mesozoic Earth history, however, 
no record of the sea-floor spreading history 
of the ocean basins is available, and tectonic 
systems must be inferred from the geological 
record preserved in the continents. This record 
may be incomplete and partially to completely 
obscured through overprinting by younger oro- 
genic events. For example, during the Palaeo- 
zoic, the complex succession of events recorded 
in the Appalachian orogen of eastern USA and 
Canada reflects an evolution that involved 
multiple episodes of subduction and terrane 
accretion during oblique plate convergence. 
Although the main features of the development 
and destruction of the Iapetus and Rheic Ocean 
basins, and the subsequent collision of the 
adjacent continents, are generally understood 
(e.g. Picketing & Smith 1995; Dalziel 1997; Mac 
NiocaiU et al. 1997; and references therein), 
details of the timing and kinematics of terrane 
accretion are not completely resolved. Each 
terrane accretion event was probably preceded 
by ridge-trench interactions during the subduc- 
tion phase of orogenic evolution, but identi- 
fication of the effects in the geological record 
caused by these interactions is difficult due to 
overprinting by the terminal continental colli- 
sion and associated transcurrent displacements. 

A second objective is to identify and briefly 
review examples of older metamorphic belts for 
which ridge-trench interaction should be inves- 
tigated as a possible cause of high-T-low-P 
metamorphism. In the Precambrian, if estimates 
of the length of plate boundary at 2.4Ga of 
approximately twice the present length are 
correct, then we would expect many more triple 
junctions than there are today and we would 
expect subduction of spreading ridge systems 
and slab window formation to be a common 
source of thermal anomalies in the crust during 
the Archean (Nelson & Forsythe 1989; Abbott & 
Menke 1990). Precambrian belts for which 
ridge-trench interactions might be an appro- 
priate part of the evolutionary history include 
the Palaeoproterozoic Arunta Inlier, central 
Australia, and the late Archean Slave Province, 
northern Canada. 

The Cretaceous evolution of the 
Japanese Islands 

Miyashiro's (1959, 1961) perspicacious idea of 
'paired' metamorphic belts was based on an 
inferred coeval relationship between the Ryoke 
and Abukuma belts before wide application of 
geochronology, and synchroneity of develop- 
ment with the spatially adjacent Sambagawa 
belt before the development of the terrane idea. 
Re-examination of the geology and relations 
between the Mesozoic metamorphic belts of 
Japan reveals that metamorphism in the Abu- 
kuma belt occurred c. 10 Ma before that in the 
Ryoke belt (see summaries in Hiroi et al. 1998 
(Abukuma belt) and Brown 1998 (Ryoke belt)), 
and although exhumation of the Ryoke and 
Sambagawa belts essentially was coeval, this 
probably occurred during sinistral transcurrent 
displacement and terrane accretion (Dallmeyer 
& Takasu 1991; Brown 1998). In this section the 
Cretaceous development of the Japanese Islands 
is summarized with particular reference to the 
Ryoke and Abukuma belts, and a new plate 
tectonic model for their evolution is presented. 

The Ryoke belt 

In southwest Japan, the Ryoke belt extends for 
c. 700km in length but has a width of only 
30-50 km (Fig. 2); it is superimposed on part of 
the Jurassic accretionary complex, the Mino- 
Tanba belt. Metamorphic rocks occupy only 
20-30% of the total area of the Ryoke belt, 
because of the large number of granites that are 
characteristic of the belt; the metamorphism has 
been considered typical of Miyashiro's (1961) 
low-pressure facies series or andalusite-sillima- 
nite type, with metamorphic grade increasing 
towards the Median Tectonic Line. The Median 
Tectonic Line is a major plastic-to-brittle, pre- 
dominantly strike-slip fault with a complex dis- 
placement history (Takagi 1986, 1992), although 
the dominant sense of plastic displacement is 
inferred to have been left-lateral. Next to the 
Median Tectonic Line, on the Ryoke belt side, is 
the Izumi belt (Fig. 2), a series of synclinally 
folded Late Cretaceous fore-arc sedimentary 
basins that young successively eastward. South- 
ward from the Median Tectonic Line are the 
Sambagawa (high P/T ratio metamorphic belt), 
Chichibu and Shimanto belts (Fig. 2). 

Deformation. In the Ryoke belt, early defor- 
mation produced a bedding-parallel schistosity 
overprinted by peak metamorphic porphyro- 
blasts. FabriCs defined by mineral inclusions 
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Fig. 2. Geological map of southwest Japan, particularly to show the spatial arrangement of the Ryoke and 
Sambagawa belts. 

within porphyroblasts may be straight and 
continuous with the external foliation, they 
may curve through the rims of porphyroblasts 
into the matrix fabric, or the matrix fabric may 
wrap the porphyroblasts and be discordant to 
the internal fabric (e.g. Seo et al. 1981; Okudaira 
et al. 1995). At the scale of the belt, deformation 
and metamorphism were broadly synchronous. 
In the west, migmatites exhibit small leucosome- 
filled shear zones oriented N60°E, parallel with 
the strike of the belt, developed during progres- 
sive deformation synchronous with anatexis; 
they show a sinistral component of displace- 
ment. At map scale, the trend of the meta- 
morphic isograds conforms with the orientation 
of the dominant tectonic structures, such as 
the axes of intrafolial folds of schistosity 
and a mineral elongation lineation defined by 
the parallel alignment of the main metamor- 
phic phases, which trend parallel to the belt 
(e.g. N80°E in the western part) with shallow 
plunges, and to contours of strain magnitude 
(Nureki 1960; Toriumi 1985; Toriumi & Masui 
1986). The strain is prolate with a positive 
correlation between increasing metamorphic 
grade and increasing strain magnitude (Toriumi 

1985; Toriumi & Masui 1986). Generally, the 
maximum principal finite elongation is paral- 
lel to the thermal structure, and both are parallel 
to the belt, consistent with synmetamorphic belt- 
parallel plastic stretching (Toriumi 1985; Tor- 
iumi & Masui 1986). In both the west (Okudaira 
et al. 1995) and the east (M. Brown, unpubl. 
data), leucosome-filled extensional shears and 
an extensional crenulation cleavage have been 
developed; these show a component of top-to- 
the-north (sensu lato) extension. On the eastern 
side of the Komagane-Kashio District, rock 
units rotate sinistrally into the Median Tectonic 
Line and become mylonitic (e.g. Takagi 1986; 
Yamamoto 1994). 

Granites. Although granitic rocks are abun- 
dant within the Ryoke belt, the regional 
metamorphic isograds generally are independent 
of the outline of these intrusive rocks (e.g. Ikeda 
1991, 1993; Morikiyo 1984). Ryoke belt gran- 
ites comprise strongly gneissose to massive 
varieties. The gneissose granites exhibit concor- 
dant relationships with the high-grade meta- 
morphic rocks, and they have been interpreted 
as synmetamorphic (Hayama 1964; Ryoke 
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Research Group 1972; Okudaira et al. 1993). 
Thus, a component of the heat necessary to 
achieve the high temperatures at shallow crustal 
depths may have been advected internally 
within the Ryoke belt by ascent of granitic melt 
from lower to upper crustal levels (Okudaira 
et al. 1995; Okudaira 1996a, b). In contrast, 
massive granites of the Ryoke belt clearly 
crosscut the gneissose granites (Higashimoto 
et al. 1983; Ryoke Research Group 1972). The 
Late Cretaceous-Early Paleogene granite pro- 
vince of southwest Japan extends north from the 
Ryoke belt into the San-Yo and San-In belts. 
According to Terakado & Nakamura (1984), 
initial Sr isotope ratios increase to the E, while 
eNdt values decrease eastward in a stepwise 
fashion. Kagami et al. (1992) report variations 
in initial Sr isotope ratios and initial cNdt values 
in granites across the Ryoke, San-Yo and San-In 
belts (in the south: high Sri of 0.7070 to 0.7088 
and low eNdt of -3.0 to -8.0; in the north: low 
Sri of 0.7048 to 0.7068 and high of eNdt +3.0 to 
-2.2). These data are consistent with a decreas- 
ing crustal component and an increasing mantle 
component both eastward along strike and 
northward across strike of the belts, although 
the relative roles of partial melting of juvenile 
basaltic crust and mantle wedge magmas cannot 
be resolved with these data. 

granite that yielded a crystallization age of 
71.34-1.6Ma; these data were interpreted by 
Nakajima to imply an across-strike younging 
in the age of plutonism. An along-belt varia- 
tion of systematic eastward younging in mineral 
ages (K-Ar hornblende, Rb-Sr/K-Ar biotite 
and K-Ar K-feldspar ages) from Ryoke meta- 
morphic rocks and Ryoke/San-Yo type granites 
has been established (Kinoshita & Ito 1986; 
Kinoshita 1995; Nakajima et al. 1990). For 
example, the K-Ar biotite age data compiled by 
Kinoshita (1995) indicate cooling through 
c. 300°C (Harrison et al. 1985) at c. 90Ma in 
the W and c. 70 Ma c. 700 km to the E. Fission- 
track ages on zircon in the western part of the 
belt, in Kyushu, yield 90-74Ma (Kamp & 
Takemura 1993), whereas in the eastern part of 
the belt, east of the Izumi Group basins, fission- 
track ages on zircon/apatite are c. 64/52 Ma in 
the Kinki region in the SW and c. 54/49Ma 
in the Chubu region in the NE (Tagami et al. 
1988). The age data yield smooth cooling curves, 
which suggest fast rates of cooling of c. 40- 
10°C Ma-1, declining with decreasing T and 
faster in the west than in the east (Nakajima 
et al. 1990; Suzuki & Adachi 1998). Synchro- 
nous peak metamorphism but diachronous 
exhumation at a decreasing rate from west to 
east are implied by these data. 

Age data. Radiolarians suggest a pre-Early 
Cretaceous stratigraphic age for the protolith 
accretionary complex sediments (Wakita 1987). 
Very low-grade protolith rocks have yielded a 
Rb-Sr isochron age of 1284-14Ma and whole- 
rock K-Ar ages of c. 133-125Ma (Shibata & 
Mizutani 1980), and K-Ar mica ages of c. 134- 
122Ma (Takami et al. 1993; Takami & Itaya 
1996), interpreted to record the age of low-grade 
subduction-related metamorphism. The age of 
the superimposed Ryoke belt metamorphism is 
suggested to have been c. 100Ma, in both the 
west and east of the Ryoke belt, based on 
recently published Th-U-total Pb ages on mona- 
zite from samples of high-grade parts of the 
belt (Suzuki et al. 1994, 1996; Suzuki & Adachi 
1998), interpreted to date peak metamorphism. 
In the west of the Ryoke belt, the age span of the 
granites is c. 99 Ma to c. 83 Ma, whereas in the 
east the granites were emplaced over a longer 
period, from c. 100 Ma to c. 64Ma (Suzuki 
et al. 1995, 1996; Suzuki & Adachi 1998; Nakai 
& Suzuki 1996), based on Th-U-total Pb ages 
on monazite interpreted to date crystallization. 
Nakajima (1996) has reported U-Pb zircon ages 
from two granites in the Komagane-Kashio 
District, a Ryoke granite that yielded a crystal- 
lization age of 86.1+ 1.4Ma and a San-Yo 

Metamorphism. In the west of the belt, at 
medium and high metamorphic grades, up to 
five metamorphic zones may be distinguished in 
the Yanai District (Ikeda 1991, 1993, 1998; 
Okudaira et al. 1993, 1995; Nakajima 1994), 
after the disappearance of chlorite. The transi- 
tion from the biotite zone to the muscovite- 
cordierite zone can be represented by: 

biotite + muscovite 
cordierite + (Fe,Mg)_ 1Si_ ~ A12 

+ [Z_ISi_IKA1 + quartz + H20 

based on textures and mineral chemical data 
(Brown 1998; Ikeda 1998). Andalusite occurs 
in the lower-grade part of the K-feldspar- 
cordierite zone, but sillimanite is typical of the 
higher-grade part, and cordierite is abundant. 
At metamorphic grades above the muscovite- 
cordierite zone, pelites are variably migmatized; 
locally, schlieric diatexites (sensu Brown 1973) 
occur. Ikeda (1998) has discussed the progres- 
sive sequence of reactions, with particular 
reference to the formation of cordierite. Brown 
(1998) has catalogued petrographic features that 
he has used to define the P - T  paths of the 
higher-grade metamorphic zones. Based on 
information documented in Ikeda (1998) and 
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Brown (1998), the sequence of metamorphic 
reactions inferred from samples that record 
segments of P-T  paths successively along the 
metamorphic field gradient is: 

muscovite + quartz 
-+ andalusite + K-feldspar + H20, 

biotite + andalusite + quartz 
cordierite + K-feldspar + H20, 

andalusite ~ sillimanite, 

muscovite + plagioclase + K-feldspar + quartz 
sillimanite + melt, and 

biotite + sillimanite + quartz 
cordierite + K-feldspar + melt. 

Garnet coexisting with cordierite, and hercynitic 
spinel coexisting with cordierite, in migmatites 
record reactions such as: 

biotite + sillimanite + quartz 

garnet + cordierite + K-feldspar 
+ ilmenite + melt, 

garnet + ilmenite 4- K-feldspar + melt 
biotite + cordierite + quartz, and 

biotite + sillimanite ---+ 
cordierite + hercynitic spinel 

i K-feldspar + ilmenite + melt 

and record the prograde to retrograde part of 
the P - T  path at high T. More siliceous and 
less aluminous rock types are characterized by 
biotite +plagioclase + K-feldspar + quartz assem- 
blages (sillimanite-absent) throughout the three 
highest-grade metamorphic zones (Ikeda 1998). 
Thus, an upper limit to temperature may be 
derived from the absence of hypersthene-bearing 
assemblages, which shows that the stability of 
biotite + quartz is not exceeded. 

In the east of the Ryoke belt, Morikiyo (1984, 
1986) has used index minerals in metasedimen- 
tary rocks to distinguish nine metamorphic 
zones in the Komagane area, building on the 
earlier work of Hayama & Yamada (1977) and 
Ono (1969), and Brown (1998) has discussed 
pertinent petrographic information to constrain 
the P - T  paths of the higher-grade metamorphic 
zones. In highly aluminous pelite, cordierite 
coexists with muscovite, biotite and chlorite 
(no K-feldspar) to suggest the reaction: 

muscovite + chlorite + quartz 
--~ cordierite + biotite + H20 

At progressively higher grade, in highly alumi- 
nous pelite, the assemblage biotite+musco- 
vite + andalusite (no K-feldspar) is stable, which 

suggests the following reaction has been crossed: 

muscovite + cordierite 
---, andalusite + biotite + quartz 

This is succeeded, in 'normal' pelite, by the 
stable coexistence of andalusite and K-feldspar 
with residual muscovite and quartz and by 
the polymorphic inversion of andalusite to 
sillimanite. In the mesosome of fine-grained, 
finely migmatitic rocks, abundant cordierite 
(c. 0.5mm) occurs with biotite and sillimanite 
inclusions, whereas in and next to the leuco- 
some, cordierite is larger (c. 1.0mm) and has 
fewer inclusions, especially in the rims of the 
crystals, which are also more euhedral, consis- 
tent with the reaction: 

biotite + sillimanite + quartz 
cordierite + K-feldspar + melt 

At the highest grades of metamorphism, 
garnet (up to c. 1 mm), cordierite and K-feldspar 
(up to c. 2 mm) coexist in fine-grained rocks that 
are distinctly migmatitic. In these rocks, cordier- 
ite commonly is found against garnet but a clear 
reaction relationship is not apparent; sillimanite 
occurs as inclusions in cordierite. These features 
are consistent with the reaction: 

biotite + sillimanite ÷ quartz 
garnet + cordierite + K-feldspar 

+ ilmenite + melt 

An upper limit on temperature is inferred from 
the absence of hypersthene-bearing assemblages, 
which shows that the stability of biotite + quartz 
was not exceeded. 

P-Tpath. Mineral assemblages show that high 
temperatures were achieved at middle crustal 
depths. Peak metamorphic conditions in the 
highest-grade zones of the Ryoke belt meta- 
morphism probably correspond to c. 5 kbar and 
c. 850°C, based upon the mineral assemblages 
and an appropriate petrogenetic grid (Brown 
1998). The succession of mineral assemblages 
developed in pelites along the metamorphic field 
gradient suggests a nested series of hairpin- 
like 'clockwise' P- T  paths, with limited pro- 
grade thickening, only minor decompression at 
peak-T, and near isobaric cooling (Fig. 3). This 
P - T  evolution contrasts dramatically with the 
P - T  evolution of the Sambagawa belt (Takasu 
1989), which is shown for comparison in Fig. 3. 

The Abukuma belt 

The Mesozoic geology of northeast Japan 
(Fig. 4) comprises accretionary prism sedimen- 
tary rocks and an accreted terrane element of 
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Fig. 3. P - T  diagram to show metamorphic field gradients (MFG) and P - T  paths for high-grade metamorphic 
rocks of the Ryoke and Abukuma belts (after Brown 1998; Hiroi et al. 1998). Also shown for comparison 
are the P - T  trajectories of the Sambagawa progressive metamorphism and included tectonic blocks (after 
Takasu 1989). 

continental affinity (the Kitakami allochtho- 
nous terrane; see Saito & Hashimoto 1982), into 
which was emplaced a linear belt of Early Cre- 
taceous plutons, the Kitakami batholith (part 
of the Kitakami magmatic arc), the full extent of 
which has been delineated using aeromagnetic 
mapping (Finn 1994; Finn et al. 1994). Mag- 
matic activity in the Kitakami arc ceased by 
c. 110Ma (Shibata 1968), but proabably shifted 
westward as evidenced by Late-Cretaceous 
plutons in Sikhote Alin (Fig. 4). Three of the 
exposed plutons of the Kitakami batholith 
exhibit distinctive geochemical characteristics, 
particularly high Sr, that suggest derivation by 
melting of young oceanic lithosphere, probably 
the Izanagi plate (Tsuchiya & Kanisawa 1994). 
East of the Kitakami batholith are a Cretaceous 
fore-arc basin and high P I T  ratio metamor- 
phic rocks of the Kamuikotan (Hokkaido) and 
Susunai (Sakhalin) belts (Fig. 4). 

At the western margin of the Kitakami 
allochthonous terrane, and separated from it 
by theHatagawa fracture zone, is the Abukuma 
belt (Fig. 4). Across the Hatagawa fracture zone 
there are differences in the geophysical signa- 
ture, expressed on both aeromagnetic and 
residual gravity maps, between intrusive rocks 

of the Abukuma belt and those of the Kita- 
kami batholith (Kubo & Yamamoto 1990). 
Major transcurrent displacement is associated 
with the Hatagawa fracture zone and its exten- 
sion to the north (Sasada 1988), and mylo- 
nites within the zone exhibit S-C fabrics and 
shear band structures that record left-lateral 
motion (Koshiya 1988). On its western side, the 
Abukuma belt is bounded by the Tanakura 
fault zone, a major sinistral plastic shear zone 
system (Koshiya 1986) that separates the low 
P I T  ratio metamorphic belt to the E from 
metamorphosed Jurassic accretionary complex 
rocks of the Ashio belt to the W (equivalent to 
the Mino-Tanba belt west of the Itoigawa- 
Shizuoka Tectonic Line). Isotopic age data 
obtained from the mylonites (Shibata & Takagi 
1989) suggest that plastic deformation and 
accumulation of plastic strain had started by 
c. 107Ma and continued until c. 82Ma, with 
sporadic rejuvenation after that (Otsuki 1992). 

The Abukuma Plateau in the southern part of 
the belt represents a classic andalusite-sillima- 
nite metamorphic terrain (Miyashiro 1958; 
Shid6 1958), originally correlated with the 
Ryoke belt (Miyashiro 1959, 1961). Unfortu- 
nately, subsequent work has shown that the 
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sequence of aluminosilicate minerals developed 
during the P - T  evolution of the metasedimen- 
tary rocks in the western part of the Plateau was 
sillimanite ~ kyanite ~ sillimanite ~ andalusite 
(Hiroi et al. 1998), and isotopic dating methods 
have shown that metamorphism in the Abu- 
kuma belt occurred earlier than that in the 
Ryoke belt (Kimbrough et al. 1994; Hiroi et al. 
1998). Supracrustal rocks of the Abukuma 
Plateau are divided into the terrigenous Taka- 
nuki series and the structurally overlying oceanic 
Gosaisyo series (Fig. 4), with the metamorphic 
grade generally increasing westward (Miyashiro 
1958; see Fig. 4). 

The Takanuki series crops out in the western 
part of the Abukuma Plateau; it is mainly 
composed of medium-grained pelitic-psammitic 
gneisses with subordinate calc-silicate rock and 
amphibolite (Hiroi et al. 1998). The metasedi- 
mentary gneisses are commonly migmatitic, indi- 
cating that partial melting took place during 
high-grade metamorphism. The Gosaisho series 
crops out in the eastern part of the Abukuma 
Plateau; it consists principally of fine-grained 
mafic schists intercalated with pelitic schists 
and metacherts. Within the mafic schists, origi- 
nal textures of volcanic rocks have been recog- 
nized (Tagiri et al. 1993), and pillow-structured 
basaltic protoliths have chemical characteristics 
of MORB (Nohara & Hiroi 1989); Jurassic 
radiolarians have been recovered from finely 
bedded metacherts (Hiroi et al. 1987). 

Plutonic complexes dominate the map pattern 
(Fig. 4) and form a significant component of 
the Abukuma Plateau; contact metamorphism 
associated with the 'older' plutonic complexes 
is superimposed on the westward increase in 
regional metamorphic grade (Shid6 1958; Tagiri 
et al. 1993; see Fig. 4). In the west, the Ishi- 
kawa and Samegawa ('older'), and Hanawa 
('younger') plutonic complexes (Fig. 4) are 
predominantly composed of diorite/tonalite 
and granodiorite/granite; a wide zone of mig- 
matites was developed in host Takanuki series 
rocks around the Samegawa plutonic complex 
and migmatites were developed to a lesser degree 
around the Ishikawa plutonic complex, but the 
contact metamorphism associated with the 
Hanawa plutonic complex was slight, consistent 

with the interpretation that it is a 'younger' 
plutonic complex (Maruyama 1970; Faure et al. 
1986; Tanaka & Ochiai 1988). Further east, 
the Miyamoto and Tabito plutonic complexes 
(Fig. 4) exhibit a wider range of compositions, 
from hornblende gabbro/diorite to granodiorite/ 
granite; they were emplaced across the contact 
between the Gosaisho series and the Takanuki 
series, and in contact aureoles mafic schists have 
recrystallized to pyroxene hornfelses whereas 
metasedimentary protoliths have developed mig- 
matites (Shid6 1958; Tanaka 1974; Kishi 1987; 
Tagari et al. 1993). 

Deformat ion .  Tectonic structures within the 
Gosaisho series comprise bedding-parallel 
schistosity associated with small-scale isoclinal 
folds refolded during progressive deformation 
by tight upright folds; there is a sub-horizontal 
mineral elongation lineation (Faure et al. 1986; 
Ishikawa & Otsuki 1990). Mesoscopic and 
microscopic asymmetric structures such as S-C 
fabrics, pressure shadows, rotated crystals, fold 
asymmetry and boudinage are superimposed on 
the earlier structures during sinistral plastic 
shearing (Ishikawa & Otsuki 1990). The obser- 
vations suggest oblique transpressional defor- 
mation that became highly oblique with time. 
The oceanic Gosaisho series is inferred to have 
been thrust onto the terrigenous Takanuki series 
(Umemura 1979; Faure et al. 1986; Goto 1990). 
Hiroi & Kishi (1989b) postulated that this was 
related to obduction during oblique ridge 
collision. In the Takanuki series, east-plunging 
lineations to the northeast of the Samegawa 
plutonic complex and associated asymmetric 
boudins show top-to-the-east extension along 
this lineation (Faure et al. 1986) that suggests 
tectonic exhumation of the Takanuki series 
metamorphic rocks during transtension. 

A g e  data. An extensive dataset of whole-rock 
and mineral isotopic ages using the Rb-Sr, K-Ar 
and Sm-Nd isotope systems has been accumu- 
lated from granites and metamorphic rocks in 
the Abukuma Plateau. K-Ar and Rb-Sr mica 
ages from metamorphic rocks are in the range 
115-100Ma (Ueno 1977), and K-At ages on 

Fig. 4. Simplified geology of northeast Japan, Sikhote Alin and Sakhalin (after Hiroi et al. 1998; Finn 1994; Finn 
et al. 1994). S = Susunai belt; K = Kamuikotan belt; H -- Hidaka belt; NK = North Kitakami block; SK = South 
Kitakami block: together these make up the Kitakami allochthonous terrane. HFZ = Hatagawa fracture zone; 
TFZ = Tanakura fault zone. Inset shows geology of the southern part of the Abukuma Plateau. Is = Ishikawa 
plutonic complex; S = Samegawa plutonic complex; H = Hanawa plutonic complex; R = Ronden plutonic 
complex; Si = Shibayama plutonic complex; M = Miyamoto plutonic complex; T = Tabito plutonic complex; 
Y = Yoshimagawa plutonic complex; Ir--Iritono plutonic complex; metamorphic zones A, B and C after 
Miyashiro (1958), and C' after Shid6 (1958); metamorphic zones I-IV after Tagiri et al. (1993). 
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hornblendes from granitic rocks are in the range 
119-96Ma (Shibata & Uchiumi 1983). In the 
west, the Ishikawa plutonic complex has yielded 
a Rb-Sr whole-rock isochron age of 106 4- 16 Ma 
(Sri 0.70518 4- 15, MSWD 0.74), which is con- 
sistent with a less precise Sm-Nd whole-rock 
and mineral isochron age of 111 4-42 Ma (Ndi 
0.51251 4-3, MSWD 0.18) (Shibata & Tanaka 
1987). The Miyamoto plutonic complex has 
yielded Rb-Sr whole-rock isochron ages of 
120+17Ma on tonalites (Sri 0.705184-11, 
MSWD 0.32) and l 1 9 + l S M a  on granites 
(Sri 0.70489 4- 26, MSWD 0.13), consistent with 
the observed sequence of emplacement (Fuji- 
maki et al. 1991). Kimbrough et al. (1994) 
have reported a near concordant U-Pb age of 
113 4- 2 Ma on monazite separated from amphi- 
bolite-facies sillimanite gneiss of the Takanuki 
series, interpreted to date the metamorphic peak. 
Additionally, Hiroi et al. (1998) have reported a 
weighted mean 2°6pb/238U age of 111.9 4- 2.3 Ma 
on zircon separated from amphibolite of the 
Takanuki series, and a concordant U-Pb age of 
c. 110 Ma from rims of structured zircon grains 
separated from Takanuki series metapelite. The 
consistency among these U-Pb ages suggests 
that peak metamorphism in the Takanuki series 
occurred at c. l l0Ma, and consistency with 
K-Ar and Rb-Sr mineral ages suggests rapid 
cooling to temperatures below c. 500°C. 

Metamorphism. Metapelitic rocks of the Taka- 
nuki series typically have an assemblage com- 
posed of sillimanite + cordierite + garnet + bio- 
tite 4- plagioclase + K-feldspar + quartz + ilmenite 
+ pyrrhotite + graphite without primary musco- 
vite, to suggest that the stability of muscovite 4- 
quartz had been exceeded (Miyashiro 1958). 
Uruno & Kanisawa (1965) described staurolite- 
bearing rocks derived from silica-deficient A1-Fe- 
rich protoliths; staurolite occurs with sillimanite, 
hercynite, garnet, corundum, plagioclase, biotite 
and ilmenite. Staurolite is extensively replaced by 
sillimanite, hercynite and garnet to suggest the 
following reaction: 

staurolite ---, sillimanite 4- hercynite 
4- garnet + H20. 

Relict kyanite was discovered as inclusions in 
plagioclase in sillimanite-K-feldspar-grade meta- 
pelites of the Takanuki series (Kano & Kuroda 
1968; Uruno et al. 1974; Hiroi & Kishi 1989a), and 
Kano & Kuroda (1973) showed that garnet in 
metapelites of the Takanuki series has Mn- 
enriched rims consistent with garnet consump- 
tion during the P - T  evolution. Hiroi & Kishi 
(1989a, b) and Hiroi (1990) have argued for 

rapid loading and unloading during a single 
Cretaceous orogenic event based on a tempo- 
rally short excursion to high pressure before 
decompression to peak metamorphic tempera- 
tures during the P - T  evolution of rocks of the 
Abukuma Plateau. 

Hiroi et al. (1998) provide a summary of recent 
data concerning the clockwise P - T  evolution of 
the Takanuki series. Texturally sector-zoned 
garnet includes sillimanite (+kyanite), plagio- 
clase and quartz and exhibits dramatic chemical 
zoning from low Ca (c. 3 tool% grs) in cores, 
through high Ca (c. 30 mol% grs) interiors to low 
Ca (c. 3mo1% grs) rims, interpreted to record 
an early low-P stage, a high-P stage and the 
peak-T stage of the P - T  evolution. Additionally, 
garnet preserves rutile inclusions whereas ilme- 
nite characteristically is the matrix Fe-Ti 
mineral. Textural relationships between garnet 
and cordierite suggest replacement during 
decompression, while andalusite-biotite- 
quartz+muscovite assemblages that replace 
garnet reflect close to isobaric cooling to the 
stable geotherm. In the silica-deficient A1-Fe- 
rich rocks, Hiroi (1990) reported textures that he 
interpreted to reflect crossing the reaction: 

sillimanite + hercynite --~ corundum + garnet 

during the transition from the early low-P stage 
to the high-P stage and in reverse during 
decompression to the peak-T stage. In the 
same paper, Hiroi reported widespread occur- 
rence of anorthite-wollastonite-quartz assem- 
blages in calc-silicate rocks of the Takanuki 
series that support low-P at the peak-T stage. 

Emplacement depth of the plutonic complexes 
can be evaluated with the Al-in-hornblende 
barometer (Hammarstrom & Zen 1986), which 
relates total aluminum (Air) in hornblende to 
pressure. This has been calibrated empirically 
and experimentally (Schmidt 1992, and refer- 
ences therein). Schmidt (1992) suggested that 
his experimental calibration is accurate to 
4-0.6kbar, although there are additional uncer- 
tainties that reflect the variability of the analy- 
tical data. When these factors are combined, the 
calculated pressures are accurate to 4-1 kbar. 
Close agreement between the empirical calibra- 
tion of Hammarstrom & Zen (1986) and the 
experimental calibration of Schmidt (1992) 
confirms a linear relation between Alt in horn- 
blende and pressure. This suggests that rela- 
tive differences in calculated pressures may be 
significant. Samples collected from the Ishikawa, 
Samegawa and Hanawa plutonic complexes 
along the west side of the southern Abukuma 
Plateau have the complete buffering-phase 
assemblage for application of this barometer. 
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Rim compositions of late-crystallized hornble- 
nde (small euhedral hornblende crystals enclosed 
in interstitial quartz or alkali feldspar) were 
analysed by electron microprobe WDS (Center 
for Microanalysis, UMCP). For the Ishikawa 
plutonic complex sample, six hornblende ana- 
lyses yield a mean Alt of 1.974 +0.023, which 
suggests a pressure of 6.4 + 0.1 kbar. Six horn- 
blende analyses from a sample of the Samegawa 
plutonic complex sample yield a mean Alt of 
1.933±0.100, which suggests a pressure of 
6.2+0.5kbar.  For the Hanawa plutonic com- 
plex sample, three hornblende analyses yield a 
mean Alt of 1.699+0.075, which suggests a 
pressure of 5.1 4- 0.4 kbar. Although total uncer- 
tainties of at least 1 kbar limit interpretation of 
differences between the Ishikawa and Samegawa 
plutonic complexes and the Hanawa plutonic 
complex, the relative difference is consistent with 
younger emplacement of the Hanawa plutonic 
complex during decompression. Perhaps more 
importantly, the results suggest that the plutonic 
complexes were emplaced at crustal depths 
shallower than peak-P conditions and probably 
at depths close to the peak-T part of the 
metamorphic evolution. 

P-Tpa th .  Based on the mineral assemblages, 
textural interpretations and mineral chemistry, 
Hiroi & Kishi (1989b) and Hiroi et al. (1998) 
have proposed an early low-P stage of meta- 
morphism in the sillimanite stability field, a 
high-P stage in the kyanite stability field with 
maximum P of c. 12kbar, decompression to 
peak-T conditions of c. 750°C at c. 6kbar and 
near-isobaric cooling from the sillimanite to the 
andalusite stability field, as recorded by the late 
growth of andalusite in metapelites (Fig. 3). The 
preservation of both textural sector zoning and 
growth zoning in garnet suggests rapid growth 
and short duration of high-grade metamorphic 
conditions. 

Relationship to plate  interactions in the 

North  Pacific Ocean basin 

Linking plate tectonic models to convergent 
margin processes, particularly with respect to 
triple junction interactions and their effects, 
remains an important but elusive challenge in 
geology. The definitive model for plate interac- 
tions along the continental margins in the North 
Pacific Ocean basin is that of Engebretson et al. 
(1985; see also Hilde et al. 1977; Cox et al. 1989). 
Unfortunately, the timing of magmatic activity 
in the Kitakami arc and the timing of meta- 
morphism and plutonism in the Abukuma and 

Ryoke belts lie within the Cretaceous normal 
polarity superchron (119-83Ma), so no iso- 
chrons are available in the ocean floor to mark 
plate boundaries. Cox et al. (1989) suggested 
that comparison of their results with the geo- 
logic record along the margin of the North 
Pacific Ocean basin would provide a test of the 
models proposed by them. This is an important 
point since models of plate interactions along 
continental margins before the Mesozoic can 
only be based on the geological record of the 
continents. In this section, a plate tectonic 
scenario is proposed for the Cretaceous evolu- 
tion of the Japanese Islands that involves ridge- 
trench interactions along the Asian continental 
margin (Fig. 5). 

Plate interactions. During the Cretaceous- 
Paleogene, the plate geometry next to the Asian 
continental margin was a complex system of 
ridges and transforms (Cox et al. 1989). In 
Japan, the identity of the oceanic plate under- 
thrust at the trench along the Asian continental 
margin before c. 74 Ma is ambiguous, but was 
probably either the Farallon or the Izanagi plate. 
Before c. l l0Ma, the boundary between these 
plates is thought to have been a spreading ridge 
system. This spreading ridge system could have 
interacted with the trench along the Asian con- 
tinental margin during the Early Cretaceous. 
Although the motion of the Farallon and Izanagi 
plates compared with Asia is known, the 
orientation of the system of ridges and trans- 
forms that formed the boundary between them 
and the ridge segment/transform segment lengths 
along the boundary are not well constrained. 

Cox et al. (1989) have resolved convergence 
velocities into components normal and tan- 
gential to the continental margin (orientation 
taken to be N15°E), to allow comparison with 
geological evidence for contractional or trans- 
current tectonics along continental margins of 
the North Pacific Ocean basin. For Japan, two 
pulses of rapid convergence normal to the 
margin are suggested, one from 135 to 115 Ma 
and another from 100 to 56 Ma. The magnitude 
of these pulses depends upon whether the sub- 
ducting plate was Farallon (moderate to high 
rate) or Izanagi (high to very high rate). Between 
these two periods, rates of convergence were 
moderate or low and during the first half of the 
normal polarity superchron the rate of conver- 
gence of the Farallon plate was negligible. For 
the tangential component of convergence velo- 
city, a model with the Farallon plate at the 
trench gives a component of left-lateral motion 
before l l 9 M a  and essentially no tangential 
motion after that. With the Izanagi plate at the 
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Fig. 5. Schematic plate boundary relations along the Asian continental margin at c. 130 Ma (135 120Ma), 
c. l l 0 M a  ( l l5-100Ma) and c. 90Ma (100-85 Ma), based on the analysis of plate interactions by Cox et al. 
(1989). Sometime before 120 Ma, a segment of the ridge boundary between the Farallon and Izanagi plates 
subducted under the Kitakami batholith (K). A short segment of the ridge boundary further to the south 
subducted under the Abukuma belt (A) prior to c. 110 Ma. (W1) and (W2) are the projected positions of slab 
windows formed during ongoing ridge subduction. At ¢. 110 Ma, further segments of the ridge boundary between 
the Farallon and Izanagi plates subducted under the Ryoke belt (R). By c. 90 Ma, a TTT triple junction had 
migrated northeast along the Eurasian trench and the Izanagi plate was subducting under the Eurasian plate. 
As a consequence, the Susunai (Su), Kamuikotan (Ka) and Sambagawa (Sa) belts were translated from the 
southwest to dock against the Sikhote Alin, Kitakami batholith and Ryoke belt, respectively, during the late 
Cretaceous and Paleogene. 
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trench, left-lateral motion at very high tangen- 
tial velocities of more than 200 mm a-1 occurred 
from 135 to 85 Ma. 

An analysis of velocity fields in a fixed hot- 
spot reference frame for both plates (Engebret- 
son et al. 1985) suggests that sometime during 
the normal polarity superchron, the boundary 
between the Farallon and Izanagi plates became 
dominantly convergent. Cox et al. (1989) pos- 
tulate subduction of the Izanagi plate under the 
Farallon plate, with the subduction zone origi- 
nating along the locus of an earlier transform at 
c. 110 Ma. After 74 Ma, Cox et al. (1989) suggest 
that the Pacific plate was at the trench, although 
it is more likely to have been successively the 
Izanagi plate followed by the Kula plate (Byrne 
& DiTullio 1992; Onishi & Kimura 1995). 

Geological constraints: Ryoke belt. In recent 
years, ridge subduction has become a popular 
model for the origin of the thermal anomaly 
recorded by the Ryoke belt low-PIT type 
metamorphism (Kinoshita & Ito 1986; Naka- 
jima et al. 1990; Brown & Nakajima 1994; 
Kinoshita 1995; Brown 1998). Although not 
individually diagnostic, the following features 
are consistent with the ridge subduction hypoth- 
esis: (1) the long length and narrow width of 
the Ryoke belt, which suggest a linear thermal 
anomaly; (2) the very high temperatures at 
shallow crustal depths of c. 15 km, which require 
an enhanced heat flux from the mantle; (3) the 
fine-grained nature of even the highest-grade 
metamorphic rocks, which implies rapid heating 
and cooling on a regional scale; (4) the lack of 
evidence of significant crustal thickening, which 
is consistent with the absence of evidence of 
collision-related processes; (5) the hairpin-like 
'clockwise' P - T  paths, which require a thermal 
spike at shallow crustal depths; and (6) the fast 
rates of cooling implied by the geochronological 
data, which are in agreement with rapid passage 
of a sub-crustal thermal anomaly and subse- 
quent exhumation. 

The west-to-east pattern of younging in cool- 
ing ages has led to interpretations that the 
thermal anomaly responsible for the meta- 
morphism and the granite magmatism migrated 
with time (Kinoshita & Ito 1986; Nakajima et al. 
1990; Kinoshita 1995). However, the similarity 
of Th-U-total Pb ages on monazite from high- 
grade metamorphic rocks in the west and east of 
the Ryoke belt shows that peak metamorphism 
occurred synchronously along the length of the 
belt (Suzuki et al. 1994, 1996). Furthermore, 
granite plutonism began at a similar time as the 
peak of metamorphism, as discussed above and 
summarized by Suzuki & Adachi (1998). Thus, 

neither the thermal anomaly nor the granite 
magmatism migrated along the length of the belt 
with time, and another explanation for the west- 
to-east decrease in cooling ages is required. 
Additionally, the granites may become younger 
from south to north, from the Ryoke to the San- 
Yo belt, as discussed by Nakajima (1996), and 
the isotopic compositions show a decreasing 
crustal component from south to north (Kagami 
et al. 1992), which may reflect deeper sources, 
consistent with increasing depth to a slab 
window with distance from the trench in a 
ridge subduction model. 

Geological constraints. Kitakami batholith and 
Abukuma belt. After formation of the Early 
Cretaceous Kitakami batholith, which was 
finished by c. 110 Ma, arc magmatism probably 
shifted westward, as suggested by Late Cretac- 
eous plutons in Sikhote Alin. The presence of 
three plutons within the Kitakami batholith 
that have geochemical characteristics implying 
slab melting requires subduction of young 
oceanic lithosphere, consistent with a spreading 
ridge system approaching the trench during 
active magmatism along the Kitakami arc. 
In the Abukuma belt, peak metamorphism in 
the southern Abukuma Plateau occurred at 
c. 110 Ma. The Abukuma belt is characterized 
by a distinctive tectonic history that involved 
obduction and rapid thickening during highly 
oblique sinistral transpression, followed by 
rapid tectonic exhumation of high-temperature 
rocks from deeper to shallower crustal levels 
during transtension. It is likely that the evo- 
lution of the Abukuma belt is the result of 
triple junction interaction at the convergent 
plate margin. 

A Tectonic scenario. Figure 5 illustrates plau- 
sible plate tectonic geometries at three points in 
time, c. 130 Ma, c. 110 Ma and c. 90 Ma. The 
consistent age of peak metamorphism from 
W to E in the Ryoke Belt suggests that the 
thermal anomaly developed simultaneously 
along c. 700km of the overlying accretionary 
complex sediments of the facing plate. This 
thermal anomaly responsible for the Ryoke belt 
low-PIT ratio metamorphism is inferred to 
reflect subduction of a spreading ridge system. 
An implication of the synchronicity in meta- 
morphism along the length of the Ryoke belt is 
that the spreading ridge system was approxi- 
mately parallel to the trench. Given the age 
of peak metamorphism in the Ryoke belt of 
c. 100Ma, and assuming c. 10Ma time lag 
between initial subduction of the spreading 
ridge system and its thermal manifestation in 
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the overlying subduction-accretion complex, I 
postulate subduction of the spreading ridge 
system at c. l l 0Ma  (Fig. 5b). The obliquity of 
the Izanagi plate convergence vector with the 
trench created a circumstance in which the force 
due to slab pull probably exceeded the positively 
buoyant force associated with the ridge-prox- 
imal part of the subducting plate (Larter & 
Baker 1991). Also, the strength of the plate 
must have been sufficient for the slab to subduct 
without breaking up (van den Beukel 1990). The 
principal kinematic change consequent upon 
ridge subduction, which brought the Farallon 
plate into the trench, was to decrease displace- 
ment between the continental and oceanic plates 
(Cox et al. 1989). Ongoing divergence at the 
spreading ridge system during subduction is 
assumed, which would have created a slab win- 
dow and thermal anomaly (cf. Murdie et aI. 
1993; Thorkelson 1996). 

Subduction of a ridge segment or several 
closely spaced ridge segments of the Farallon- 
Izanagi spreading centre under northeast Japan 
before the ridge-trench interaction in southwest 
Japan is consistent with the orientation, age and 
petrogenesis of the Kitakami batholith (Tsuchiya 
& Kanisawa 1994) and the age of metamorphism 
in the Abukuma belt (Hiroi et  al. 1998; Brown 
1998). The change in plate convergence vectors 
from c. N (Izanagi plate, present coordinates) to 
c. NE (Farallon plate, present coordinates) after 
subduction of a ridge segment under the Kita- 
kami arc, implies sinistral displacement along 
the Hatagawa fracture zone and the Tanakura 
fault zone and sinistral transpression between. 
In the Abukuma belt, obduction of oceanic 
materials during sinistral transpressional defor- 
mation occurred as a short ridge segment 
between two RTF triple junctions approached 
the trench. Thus, the high temperature loading 
recorded in the metamorphic history is enabled 
by the underthrusting of progressively younger 
oceanic lithosphere during obduction and sinis- 
tral transpressional deformation. Subsequent 
subduction of this short ridge segment under 
the Abukuma belt brought the Farallon plate 
into the trench and changed the kinematics so 
that transtension occurred between the Hata- 
gawa fracture zone and the Tanakura fault zone. 
This enabled rapid decompression during high 
temperature maintained by an opening slab 
window. 

Around l l0Ma, a transform between the 
Farallon and Izanagi plates was converted to a 
subduction zone, and the TTF triple junction 
between the Farallon, Izanagi and Asian plates 
became a TTT triple junction. The N-directed 
convergence vector of the Izanagi plate implies 

that these triple junctions migrated NE along the 
trench at the Asian continental margin. Thus, 
the Sambagawa belt was probably translated 
from the SW, and juxtaposition of the h i g h - P / T  
type metamorphic rocks against the Ryoke belt 
was a result of strike-slip displacement follow- 
ing ridge subduction (Fig. 5c). Removal of 
part of the fore arc by lateral displacement may 
have been initiated during ridge subduction 
(c.f. Forsythe & Nelson 1985; Murdie et al. 
1993). Such an interpretation of the tectonic 
relationship between the Ryoke belt and the 
Sambagawa belt raises questions about the 
validity of the classic idea of 'paired' meta- 
morphic belts formed by Pacific-type orogenesis. 
Although 4°Ar/39Ar mineral age data from the 
Sambagawa belt suggest exhumation and cool- 
ing during the Late Cretaceous, no detritus from 
that belt occurs in the Late Cretaceous Izumi 
belt sedimentary rocks that overlie unconform- 
ably the Ryoke belt (Itaya & Takasugi 1988; 
Isozaki & Itaya 1990; Dallmeyer & Takasu 1991; 
Takasu & Dallmeyer 1990, 1992; Takasu et  al. 
1994). Late Cretaceous exhumation of the 
Sambagawa belt probably reflects the significant 
decrease in tangential component of conver- 
gence velocity after c. 85 Ma during a period of 
moderate to high normal component of conver- 
gence velocity (Cox et  al. 1989). The dominant 
regional tectonic fabric within rocks of th ~ 
Sambagawa belt was formed during exhum~ 
tion and plastic extension that involved c. 50 ° 
thinning during orogen-parallel shear, whic 
requires a changing strike-slip component of 
displacement along-strike (Wallis 1995). The 
diachronous nature and decreasing rate of cool- 
ing of rocks within the Ryoke belt from W to E 
is consistent with progressive docking at a 
decreasing rate of a Sambagawa belt terrane 
against the Ryoke belt, and the sequential 
younging from W to E of sedimentation within 
the Izumi belt. 

On Hokkaido and in Sakhalin to the north, 
the Kamuikotan and Susunai metamorphic belts 
lie outboard of the Early Cretaceous Kitakami 
Batholith of northeast Japan and the Cretaceous 
plutonic province of Sikhote Alin on the Asian 
mainland, respectively (Kimura 1994). It is likely 
that these high-pressure metamorphic belts have 
also been translated sinistrally along the Asian 
continental margin (Fig. 5c). Arc-parallel strain 
in fore arcs is sufficient to produce geologically 
significant effects, such as exhumation of high- 
grade metamorphic rocks during arc-parallel 
extension and disruption of transported fore-arc 
terranes (McCaffrey 1996). Furthermore, there 
is little evidence for wholesale arc-parallel 
translation of rigid fore arcs (Jarrard 1986; 
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Beck 1991), and they are probably not trans- 
ported great distances without breaking up. The 
time between ridge subduction and peak meta- 
morphism in the Ryoke Belt (c. l l0-100Ma)  
and cooling below c. 260°C (To zircon fission 
tracks), interpreted to record exhumation, is 
c. 25 Ma in the west of the belt and c. 50 Ma in 
the east of the belt, consistent with several 
thousand kilometres of sinistral displacement 
during this time. Thus, the Susunai, Kamuiko- 
tan and Sambagawa Belts have probably been 
displaced from a position SW of Japan (present 
coordinates) along the Median Tectonic Line to 
their present locations by the Early Paleocene. 

Other high-T-low-P metamorphic belts 

C r e t a c e o u s - N e o g e n e  e x a m p l e s  

The Chugach metamorphic complex. Many 
investigators have recognized Paleogene subduc- 
tion of the Kula-Farallon spreading ridge 
beneath North America as a fundamental 
feature of plate reconstructions in the North 
Pacific Ocean basin (e.g. Engebretson et al. 
1985; Atwater 1989). The geology of southern 
Alaska has been interpreted to record pas- 
sage of the Kula-Farallon ridge beneath the 
Chugach-Prince William composite terrane, a 
subduction-accretion complex formed along the 
North American continental margin (Marshak 
& Karig 1977; DeLong et al. 1978; Bradley 
et at. 1993). The most compelling evidence of 
ridge-trench interaction occurs within the 
Chugach terrane, which is the Mesozoic part 
of the accretionary wedge. Here, plutons and 
related dykes were emplaced into the accre- 
tionary prism anomalously close to the palaeo- 
trench and far seaward of the coeval volcanic 
arc (Hudson 1979; Bradley et al. 1993, and 
references therein). From c. 66 Ma in the west 
to c. 47Ma in the east, the near-trench mag- 
matism migrated c. 2200 km along the continen- 
tal margin (e.g. Wallace & Engebretson 1984; 
Bradley et al. 1993). Evidence that Paleogene 
near-trench magmatism was related to sub- 
duction of the Kula-Farallon spreading centre 
consists of: (1) the diachronous nature of the 
magmatism; (2) the near-trench position of 
the magmatism; and (3) the geochemistry of the 
igneous rocks that suggests a mixture of MORB 
source material and more local anatectic melts 
of the accretionary complex sedimentary rocks 
(Hudson et al. 1979), with the proportion of 
mantle-derived components increasing through 
time (Harris et al. 1996). The accretionary prism 
includes several dismembered ophiolites with 

ages that agree closely with those of the fore- 
arc plutons to suggest that the ophiolites are 
also relicts of ridge-trench interaction (Bradley 
et al. 1993). Haeussler et al. (1995, and refer- 
ences therein) relate gold mineralization to 
fluid circulation consequent upon ridge-trench 
interaction. 

A high-T-low-P metamorphic belt, the Chu- 
gach metamorphic complex, was developed 
within the Mesozoic part of the accretionary 
prism; the metamorphic grade increases from 
greenschist to upper amphibolite facies, with the 
development of anatectic migmatites (Hudson & 
PlaNer 1982; Sisson & Hollister 1988; Sisson 
et al. 1989; Barnett et al. 1994). Pervasive 
andalusite occurs with staurolite in the lower 
amphibolite facies; the polymorphic inversion 
of andalusite to sillimanite and the elimina- 
tion of staurolite both occur before the onset of 
anatexis, to suggest P of <4 kbar at T probably 
>650°C (Sisson & Hollister 1988). The P - T  
path is inferred to have been essentially iso- 
baric at the highest grades, and the heating is 
inferred to have been through advection in 
fluids and associated melts, now represented by 
abundant plutons (Sisson & Hollister 1988; 
Barnett et al. 1994). 

The belt has a complex structural evolution 
(Sisson & Pavlis 1993; Pavlis & Sisson 1995) 
with an early history of dextral orogen-parallel 
motions along a low-angle ductile shear zone 
followed by dramatic telescoping during oblique 
dextral transpression coincident with peak meta- 
morphism. These events have been interpreted 
as the products of ridge subduction and a plate 
reorganization at c. 56-52Ma; the change in 
kinematics involved clockwise rotation of the 
relative motion vector as the triple junction 
passed, with a consequent increase in the con- 
tractional component of deformation. It is not 
clear to what extent these events are unique to 
the Chugach metamorphic complex and the 
complexities of the particular triple junction 
interactions there, and to what extent orogen- 
parallel extension followed by contraction might 
be a characteristic structural imprint associated 
with passage of a subducting ridge segment. 

The Shimanto belt, Japan. The Shimanto belt is 
one of the most studied subduction-accretion 
complexes in the world. The age of the sub- 
ducted oceanic plate, the nature of the oceanic 
and infilled-trench sedimentary sequences, the 
style of deformation and the thermal history 
are well constrained by the large amount of data. 
The Shimanto belt is composed of a coherent 
turbidite sequence and a highly deformed m61- 
ange belt, thought to have been brought together 
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during subduction of juvenile oceanic lithosphere 
from c. 70 Ma (Taira & Ogawa 1991). A major 
phase of accretion in the Shimanto belt occurred 
during the Paleocene as recorded by K-Ar 
ages determined on cleavage-forming potassium- 
bearing phyllosilicates of c. 55 Ma in sediments 
with a Maastrichtian stratigraphic age (Agar 
et al. 1989). Evidence presented by Osozawa 
(1992) and Sakaguchi (1996) suggests Paleocene 
subduction of the ridge between the Kula plate 
and either the Pacific or the North New Guinea 
plate, according to the particular reconstruc- 
tion used. A second ridge subduction event was 
related to subduction of the Shikoku basin and 
its actively spreading ridge from c. 15 Ma (Hib- 
bard & Karig 1990; Underwood et al. 1992). The 
thermal history of the Shimanto belt suggests 
two episodes of cooling at _<70 Ma and c. 15 Ma, 
respectively (Tagami et al. 1995), consistent 
with uplift following each of the ridge sub- 
duction events. 

The Hidaka belt, Japan. In northeast Japan, 
the Hidaka belt crops out in central Hokkaido. 
Upthrusting of the belt along the western 
foothills of the Hidaka Mountains since the 
late Miocene has exposed a section of upper 
mantle to upper crust that shallows eastward 
(Komatsu et al. 1994). Metamorphic grade 
increases westward from greenschist to granulite 
facies to maximum conditions of c. 800°C and 
c. 5kbar (Osanai et al. 1991; Komatsu et al. 
1994) at c. 55Ma (Owada et al. 1992). Large 
gabbro plutons probably enhance the thermal 
perturbation through advection of heat; they 
represent primitive basaltic rocks typical of 
MORB (Maeda & Kagami 1996). The P - T  
path of the granulite facies unit of Hidaka 
metamorphic belt has the form of a clockwise- 
hairpin loop (Komatsu et al. 1994), similar to 
that within the highest-grade part of the Ryoke 
belt. Geochemical data from plutonic rocks, 
synchronicity of magmatism and metamorph- 
ism, and the likely location of the Kula-Pacific 
ridge along the northeast Japan part of the 
Asian continental margin in the Early Eocene 
suggest that the magmatism and metamorphism 
are related to ridge subduction and slab window 
formation. 

Precambr ian  e x a m p l e s  

Palaeoproterozoic evolution o f  the Arunta Inlier, 
central Australia. The Arunta Inlier is one of 
the largest Proterozoic terrains in Australia; 
it has been subjected to a protracted tecto- 
nothermal history, the details of which have 

become clear because of structural, metamor- 
phic and isotopic studies during the last decade 
(e.g. Collins & Shaw 1995; Collins et al. 1991; 
Warren & Hensen 1989). During the Palaeopro- 
terozoic, the Arunta Inlier was formed by 
repeated terrane accretion and orogenic acti- 
vity along the southern margin of a North 
Australian Craton. This evolution involved four 
main orogenic events at c. 1880-1850 Ma, 1780- 
1730Ma, 1680-1650Ma and c. 1620-1580Ma, 
respectively (Collins & Shaw 1995; Myers et al. 
1996). In the northern part of the Arunta Inlier, 
two separate episodes of high-T-low-P meta- 
morphism were partly superimposed during the 
first two orogenic events, but in the central part 
of the Arunta Inlier, high-T metamorphism was 
associated with the middle two orogenic events. 
These events represent short-lived thermal pulses 
of c. 10 Ma duration (Collins & Williams 1995) 
during which emplacement of granites was an 
integral part of the driving force for granulite 
facies metamorphism through advection of heat 
into the shallow crust. However, the kind of 
mantle perturbation that might generate such 
short-lived, spatially restricted thermal pulses 
was not specified. The recent proposal by 
Myers et al. (1996), that the Pal-a--e-o-l~rorerozoic 
tectonic evolution of the southern margin of the 
North Australian Craton can be interpreted to 
result from terrane accretion during convergent 
margin processes, implies loss of ocean basins 
and subduction of ridge systems. Thus, the 
short-lived, spatially restricted low P I T  ratio 
metamorphism may relate to ridge subduction 
during accretion of crustal fragments. 

Late Archean evolution o f  the Slave Province, 
Northern Canada. Tectonic models for the 
Slave Province are of two types: (1) those in 
which crustal thinning or rifting to form exten- 
sional basins generate a higher than normal 
geotherm so that sedimentation followed by 
basin inversion will drive high-T-low-P meta- 
morphism and granite magmatism (e.g. Thomp- 
son 1989); and (2) variations of plate tectonic 
models in which convergent margin processes 
of subduction, accretion and collision drive 
high-T-low-P metamorphism and granite mag- 
matism (e.g. Hoffman 1986; Fyson & Helm- 
staedt 1988; Kusky 1989; King et al. 1992; Davis 
et al. 1994). In the plate tectonic models, the 
western part of the Slave Province (Fig. 6) 
represents a microcontinent with its imbricated 
leading edge (Anton and Sleepy Dragon ter- 
ranes) exhumed along a suture zone, and the 
central and eastern parts of the Slave Province 
represent a west-verging fold-and-thrust belt 
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(Contwoyto terrane), equivalent to an accre- 
tionary prism, and an associated magmatic arc 
(Hackett River terrane) formed above an east- 
dipping subduction zone (Kusky 1989). Three 

groups of plutons emplaced at 2689-2650Ma 
(both high A1203 and low A1203 trondhje- 
mite and diorite), 2610-2600 Ma (hornblende- 
biotite monzodiorite to granodiorite, and 
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trondhjemite) and 2599-1580Ma (muscovite- 
biotite granite and biotite granite) are linked to 
subduction-related processes before 2610Ma 
and collision-related processes, including litho- 
sphere delamination, after that (Kusky 1990; 
King et al. 1992; Davis et al. 1994). Qualitative 
P - T  paths interpreted for the Contwoyto ter- 
rane in the central Superior Province are clock- 
wise and achieve temperatures sufficient to 
generate anatectic migmatites at pressures not 
much above the aluminosilicate triple point. 
As King et al. (1992) have pointed out, tradi- 
tional mechanisms for tectonic perturbations of 
the geotherm, such as thermal relaxation follow- 
ing crustal thickening and advection of heat 
through magma transfer and pluton construc- 
tion, were probably contributing to the driving 
force for metamorphism. However, ridge sub- 
duction has been proposed as a component of 
the driving force by Kusky (1990) and inevitably 
must have occurred during the ocean-closure 
phase before collision. 

The northeastern extension of the Slave 
Province across the Bathurst fault zone (Fig. 6) 
is enigmatic, in that it is composed of metasedi- 
mentary rocks that record a prograde andalu- 
site-sillimanite-type metamorphism, leading to 
extensive migmatization by anatexis and massive 
crustally derived plutonism (Thompson 1989; 
Culshaw & van Breeman 1990), but its relation- 
ship to the remainder of the province is not 
clear. Thompson (1989) has established clock- 
wise hairpin and looping P - T  paths with 
increasing depth within the metasedimentary 
rocks, and he has related the high-T-low-P 
metamorphism to overthickening of a sedimen- 
tary basin and underlying thinned sialic crust. 
Essentially, Thompson (1989) regards the tec- 
tonic evolution of the northeastern extension 
of the Slave Province to be one of ensialic 
orogenesis. The sillimanite zone schists formed a 
ductile envelope into which were emplaced 
bodies of two-mica granite derived from an 
underlying anatectic migmatite level (Culshaw & 
van Breeman 1990). Based on U-Pb zircon 
dating of early tonalite-diorite plutonic com- 
plexes (c. 2592 Ma) and U-Pb monazite dating of 
late two-mica granites (c. 2597-2585Ma), the 
evolution of the complex was rapid and took 
c. 10-15Ma (Culshaw & van Breeman 1990). 
The distinctive style of metamorphic-plutoni~ 
structural zoning recorded in this part of the 
Slave Province is similar to that reported by 
Brown & Solar (1998) for part of the Acadian 
belt in west-central Maine. Furthermore, the 
short length of the evolutionary cycle is con- 
sistent with data from other high-T-low-P 
metamorphic belts, such as those of the Arunta 

Inlier of central Australia, the Acadian belt of 
eastern Canada and USA, the Abukuma and 
Ryoke belts of Japan and the Chugach belt of 
Alaska, USA. Although the tectonic setting of 
this displaced part of the Slave belt is uncertain, 
an origin in common with other low P I T  ratio 
metamorphic belts that probably involved ridge 
subduction and slab window formation cannot 
be ruled out. 

Discussion and conclusions 

The impact of ridge-trench and other triple 
junction interactions on the development of 
orogenic belts is largely unappreciated. Perhaps 
this is not surprising, since a glance at the 
present pattern of plate boundaries along the 
western margin of the Pacific Ocean shows a 
complexity that will be difficult to unravel once 
the Pacific Ocean basin is closed and the recent 
history of its margins has been overprinted by 
collision-related processes. Ridge-trench inter- 
actions occur at the present day, as exemplified 
by the southern Chile triple junction and the 
Mendocino triple junction, and occur com- 
monly along Pacific-type ocean margins. These 
interactions are required by plate tectonics 
and are an inevitable component of the Wilson 
cycle. The process of subduction of a spreading 
ridge system may be a major overlooked 
mechanism in the formation and modification 
of the continents. 

The geological evolution of Mesozoic- 
Cenozoic metamorphic belts in Japan is con- 
sistent with convergent margin processes that 
include triple junction interactions, both ridge- 
trench and trench-trench interactions. Ridge- 
trench interactions are also identified within 
the Chugach-Prince William composite terrane 
in southern Alaska. However, the Mesozoic- 
Cenozoic evolution of the continental margins 
in the North Pacific Ocean basin has proved 
difficult to unravel, in part because the history of 
convergence along a continental margin depends 
critically upon knowing which oceanic plate lay 
adjacent to the margin, yet this is frequently the 
least well constrained element of any plate 
tectonic model. Complexity similar to the pre- 
sent-day Western Pacific Ocean basin appears to 
have been common in Earth history, well 
illustrated by the evolutionary history of the 
Appalachian orogen, but interpretation is very 
difficult without information from the contem- 
poraneous ocean basins. Thus, extrapolation of 
plate tectonics to pre-Mesozoic Earth history 
is more difficult because the only evidence 
for interactions between oceanic plates in the 
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geological record is the effects of those interac- 
tions recorded in the history of the overriding 
continental plates. These effects may be difficult 
to identify if masked by overprinting collisional 
orogenesis. Nonetheless, this should not be used 
as an excuse to ignore triple junction interac- 
tions, although it may explain why such inter- 
actions are difficult to establish unambiguously. 

In conclusion, ridge-trench interactions must 
have occurred and their effects must be recorded 
in pre-Mesozoic orogenic belts. Thus, identifica- 
tion of these interactions remains an important 
goal of geology. The most distinctive character- 
istic of triple junction interactions is an event 
that migrates in time, but diachroneity is not a 
requirement of all triple junction interactions. 
Ridge-trench interactions are likely to be 
characterized also by one or more of the 
following: (1) accreted units exhibit juxtaposi- 
tion of rocks with a progressive decrease in the 
age gap between sediments and underlying 
basalt, reflecting the approach of zero-age 
lithosphere; (2) migration of magmatic pro- 
vinces and their thermal manifestations; (3) 
systematic changes in geochemical signatures 
of igneous rocks, including products with slab 
melt components and contaminated MORB 
compositions; (4) low P/T  ratio metamorphism; 
(5) abrupt changes in the kinematics of defor- 
mation at regional scales; and (6) dynamic fore- 
arc sedimentation that records rapid lateral 
migration of sedimentary sources and basins, 
plus vertical responses to thermal perturbations. 
Although diachroneity of an 'event', near-trench 
magmatism and low P/T  ratio metamorphism 
together may be diagnostic of ridge-trench 
interactions, not all high-T-low-P metamorphic 
belts need be formed by these interactions. Thus, 
the assignment of ridge-trench interactions as 
the primary driving force for low PIT ratio 
metamorphism can normally only be made with 
support from other characteristic features of 
ridge-trench interactions. Unfortunately, such 
characteristic features are difficult to identify 
unambiguously in pre-Mesozoic orogenic belts. 

M. Tagiri and T. Nakajima (Abukuma belt) and 
Y. Hiroi, T. Ikeda, T. Morikiyo and T. Nakajima 
(Ryoke belt) generously guided me to key outcrops in 
Japan, for which I thank them. Visits to Japan were 
supported by the Geological Survey of Japan and by 
several universities. G. Droop and P. Treloar provided 
constructive reviews, for which I thank them; of 
course, remaining infelicities are nay responsibility 
alone. Also, I thank J. Martin for her word processing 
skills and patience, G. Solar for assistance in drafting 
Figs 1-5, and the Geological Society of America for 
permission to reproduce Fig. 6. 
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The implications of Sr-isotope disequilibrium for rates of prograde 
metamorphism and melt extraction in anatectic terrains 

N I G E L  H A R R I S  & M I C H A E L  A Y R E S  

Department of Earth Sciences, The Open University, Milton Keynes, MK7 6AA, UK 

Abstract: The preservation of chemical disequilibrium during anatexis can provide con- 
straints on the rates of high-temperature processes provided that, firstly, the appropriate 
diffusion coefficients are known, and secondly, isotopes in the protolith have not been reset 
by dynamic recrystallization. In one example of an anatectic migmatite from the western 
Himalaya, isotopic homogenization has been approached between the leucosome, mesosome 
and melanosome at c. 20 Ma, although apatite, with a low Sr diffusivity, remained in strong 
disequilibrium at that time. Intrusive granites are more likely to preserve evidence of iso- 
topic disequilibrium provided a rapid rate of prograde metamorphism culminates in a rapid 
rate of melt extraction. Evaluation of the available Sr-isotope database from the Miocene 
Himalayan granites and their metasedimentary protoliths suggests that any increase of 
87Sr/S6Sr in the melt relative to its source is less than 0.002. Mass-balance calculations 
indicate that isotopic exchange between plagioclase and mica in the protolith, and 
plagioclase and melt prior to extraction, must have occurred over a period in excess of 
100-200ka. Since rapid melt extraction (within <50ka) is indicated by accessory phase 
dissolution rates, a comparatively slow rate of prograde metamorphism is indicated by the 
lack of Sr-isotope disequilibrium. This supports heating from internal heat production in 
thickened crust rather than from thermal advection or dissipative heating. 

The measurement of rates of geological processes 
is a key objective for many recent geochemical 
studies. The rates of melt formation in volcanic 
systems over time scales of 10-100 ka have been 
constrained by the application of short-lived 
radiogenic isotopes (Ivanovich & Harmon 1992) 
whereas longer timescales required for orogenic 
processes ( l -10Ma)  have been obtained from 
interpretation and forward modelling of trace- 
element diffusion profiles in garnets (Vance 
1995). Chemical disequilibrium may be preserved 
for a range of chemical tracers during crustal 
anatexis due to the low temperatures involved 
(<800°C) relative to temperatures required for 
mantle-derived melts. In general, disequilibrium 
is most likely to be observed during crustal 
melting from the incongruent melting of mica, 
particularly muscovite, since such reactions pro- 
vide the lowest temperature conditions for melt 
formation in continental crust. 

In this study we explore the potential use of 
disequilibrium chemistry of Sr-isotopes for con- 
straining the rates of metamorphic and magmatic 
processes, and more specifically discuss the impli- 
cations of apparent equilibrium between melt 
and protolith for the formation of Himalayan 
crustal melts. These results are reviewed in the 
context of possible mechanisms for thermal 
heating during prograde metamorphism and 
for subsequent melt extraction. 

Sr-isotope disequilibrium during 
crustal melting 
The 87Sr/86Sr ratios of igneous rocks are fre- 
quently used to fingerprint their source region, 
an approach underpinned by the assumption 
that melts inherit the same isotopic ratio as their 
bulk sources at the time of their formation. 
If isotopic disequilibrium prevails during melt 
extraction, this assumption is clearly invalid. 
In general, disequilibrium during prograde meta- 
morphism and melting will occur when the time 
required for equilibrium to be attained by 
volume diffusion is greater than the time during 
which the system is open to diffusion between 
coexisting phases. 

For a migmatite, provided equilibration is 
determined by volume diffusion, the equilibra- 
tion period is the time during which the 
temperature of the rock exceeds the closure tem- 
perature for the phase with the slowest diffusion 
rate (Dodson 1973). For a protolith with two 
Sr-bearing phases, muscovite and plagioclase, 
the Sr-isotope ratio of each phase will increase 
through time at a rate dependent on its Rb/Sr 
ratios from the time of initial homogenization of 
Sr isotopes in the bulk rock, which in many cases 
will be an early metamorphic event. During 
subsequent prograde metamorphism, diffusive 
re-equilibration will be initiated at tp (Fig. 1), 

HARRIS, N. & AYRES, M. 1998. The implications of Sr-isotope disequilibrium for rates of prograde metamorphism 
and melt extraction in anatectic terrains. In: TRELOAR, P. J. 8¢ O'BRIEN, P. J. (eds) What Drives Metamorphism and 
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Fig. 1. Schematic evolution of 87Sr/86Sr in a 
muscovite-plagioclase protolith. Prograde 
temperatures exceed closure temperature in 
plagioclase at tp and retrograde temperatures 
decrease below this closure temperature at tr; 
melting is initiated at tin; melt is extracted at tx; 
isotopic equilibrium is reached in the protolith at t~. 
Lm = S7Sr/S6Sr of intial melt, Lx = S7Sr/S6Sr of melt 
when extracted from source; L = ~7Sr/86Sr evolution 
of granite extracted at tx. BR = bulk-rock evolution 
for protolith. Double-headed arrows indicate overall 
equilibration periods available for granite and 
migmatite. 

the time at which the closure temperature for 
exchange between muscovite and plagioclase is 
exceeded. Melt formation at [m (Fig. 1) intro- 
duces a third Sr-bearing phase. The precise 
STSr/86Sr of the melt Lm (and incidentally of any 
Sr-bearing peritectic phases that may form by an 
incongruent melt reaction) will be determined by 
the Sr-isotope ratios and elemental abundances 
for plagioclase and muscovite at this time and by 
the stoichiometric coefficients of the melt reac- 
tion. The system continues to re-equilibrate until 
melt, muscovite and plagioclase reach equili- 
brium at t e. The available equilibration period 
for the migmatite is therefore t p -  tr, where tr is 
the time at which retrograde temperatures drop 
below the relevant closure temperature for Sr. 
This period is a function of the rate of prograde 
heating, the duration of peak metamorphism, 
and the rate of retrograde cooling subsequent 
to peak metamorphism. If  t p -  tr > t p -  te, as 
shown in Fig. 1, then equilibration will be 
attained. Although heating may be rapid, 

depending on the mechanism of heat transfer, 
cooling of a migmatite will invariably result 
from conduction, a relatively slow process for 
both metamorphic and plutonic rocks. For such 
a T-t  path, homogenization times calculated 
using Sr-diffusion coefficients for plagioclase 
suggest that the preservation of isotopic dis- 
equilibrium between melt (leucosome) and res- 
rite in a migmatite is unlikely. Moreover, 
isotopic equilibration can also be achieved by 
pervasive dynamic recrystallization at tempera- 
tures well below the closure temperatures of 
component phases (Inger & Cliff 1994). 

For a granite melt that has segregated from its 
source, the period available for equilibration 
may be shortened by rapid melt extraction from 
its protolith. As with a migmatite, diffusional 
exchange during prograde metamorphism is 
initiated at tp and melt formation occurs at tm 
(Fig. 1). Instantaneous extraction of this melt 
would result in a Sr-isotope ratio in the melt 
equivalent to Lm. For a melt extracted after a 
finite period, at tx, the St-isotope ratio of the 
melt would be equivalent to Lx at the time of 
extraction, clearly distinct from the equilibrium 
value of the bulk rock. Diffusional exchange 
between protolith phases and the melt is effec- 
tively terminated at tx, hence the equilibration 
period for an intrusive granite is tp - tx. In other 
words, the period during which isotopic 
exchange can occur (the equilibration period) 
is the sum of two components: the time the solid 
phase assemblage in the protolith experiences 
prograde metamorphism above the closure tem- 
perature for diffusive exchange prior to melt 
formation, and the time the melt resides at its 
source prior to extraction. 

This analysis assumes that isotopic equilibra- 
tion is controlled by volume diffusion rates. 
During anatexis in a texturally static environ- 
ment, isotopic readjustment may not be driven 
by volume diffusion but by textural reorganiza- 
tion, as determined by changes in dihedral 
angles and grain coarsening, in which case 
isotopic equilibration will be reached more 
rapidly. Although during mantle melting high 
temperatures allow textural equilibrium to be 
maintained, for the much lower temperatures 
at which crustal melting can occur textural 
equilibrium may not be established, in which 
case volume diffusion will provide the rate- 
determining step. This is supported by abundant 
evidence of chemical disequilibrium in both 
natural and experimental studies of crustal 
anatexis. For example, studies of rhyolites 
and dacites indicate the prevalence of St-isotope 
disequilibrium between phenocrysts and liquid 
in anatectic magma systems (Munksgaard 
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1984; Ferrara et al. 1989; Feldstein et  al. 1994), 
reflecting magma-chamber processes. Anatectic 
granites generated by biotite breakdown during 
the Hercynian event in Spain have lower initial 
87Sr/86Sr ratios (by about 0.005) than their 
pelitic protoliths (Barbero & Villaseca 1995). 
In contrast, experimental studies suggest that 
partial melting of a plagioclase-mica protolith 
can result in elevated 87Sr/86Sr ratios in the melt 
due to the faster melting kinetics of mica 
(Hammouda et  al. 1996; Knesel & Davidson 
1996; Pichavent et al. 1996). It is probably true 
to say that virtually all detailed isotopic studies 
of crustal anatexis have revealed some degree of 
isotopic disequilibrium, either between coexist- 
ing phases in the melt, or between melts and 
their source regions. 

The rate of Sr-isotope equilibration between 
melt and restite will be determined largely by 
the diffusivity of Sr isotopes in plagioclase, both 
because plagioclase is the major Sr reservoir in 
metasedimentary assemblages and because the 
Sr diffusivity for plagioclase is lower than for 
micas (Giletti 1991). Diffusion parameters have 
been obtained for diffusion of an isotopic tracer 
(86Sr) in plagioclase (Giletti & Casserly 1994). 
The rate of tracer diffusion of Sr through 
plagioclase is strongly dependent not only on 
temperature but also on the composition of pla- 
gioclase. At a temperature of 700°C, and over 
1 Ma time interval, the diffusion length scale in 
albite (Xab ---- 0.9) is 1.3 mm compared to a value 
of 0.3 mm for andesine (Xab=0.6). Disequili- 
brium is clearly favoured by plagioclase of calcic 
composition metasediments. 

Under some circumstances, isotopic and ele- 
mental equilibration may be decoupled. Certainly 
for major elements where element substitutions 
affect the melt framework structure, isotopes 
will equilibrate by replacing isotopes of the same 
atomic species whilst retaining elemental dis- 
equilibrium between melt and mineral (van der 
Laan et al. 1994). Hence isotopic ratios can 
equilibrate more rapidly than elemental concen- 
trations. Sr-isotope diffusivities are reported to 
be up to ten times faster than elemental Sr 
diffusivities (Baker 1989). A study of Sr diffusion 
in plagioclase from Rutherford backscatter 
spectroscopy (Cherniak & Watson 1994) con- 
firms the dependence of diffusivities on plagio- 
clase composition and indicates slower Sr 
diffusion rates than obtained for tracer diffusion 
(Giletti & Casserly 1994). For example, Sr dif- 
fusion length scales are 40-80% of tracer 
diffusion length scales at 700°C for oligoclase- 
andesine compositions. In the present study we 
are concerned primarily with isotopic homo- 
genization of Sr and so have adopted the tracer 

diffusion parameters of Giletti & Casserly (1994) 
unless otherwise indicated. 

Anatexis during Himalayan metamorphism 

The High Himalayan Crystalline Series forms a 
belt of metasedimentary rocks and anatectic 
granites that extends along the strike of the 
Himalaya. It comprises a sequence of meta- 
pelites, metagreywackes and metacarbonates 
metamorphosed during the Himalayan orogeny 
(Hodges et  al. 1993). Small plutons and sheet 
complexes of peraluminous leucogranites were 
intruded into the northernmost exposures of 
these metasediments about 20 Ma ago (Le Fort 
et  al. 1987; Harris & Massey 1994). Major- 
element abundances and modal mineralogy 
indicate minimum-melt compositions formed at 
pressures of 500-1000 MPa, and at temperatures 
of 700-750°C (Harris et  al. 1995). Their isotope 
geochemistry (Sr, Nd and Pb) is strongly indic- 
ative of a mature crustal source (Deniel et  al. 
1987; Gari6py et  al. 1985). Two-mica and 
tourmaline-bearing varieties are seen to form 
distinct intrusive phases (Reddy et al. 1993) with 
slightly differing initial Sr-isotope ratios due to 
the nature of their respective protoliths (Guillot 
& Le Fort 1995). 

Modal mineral abundances from metapelitic 
schists from the High Himalayan Crystalline 
Series are not only strongly micaceous (up to 
20% muscovite) but also include a high plagio- 
clase component, of oligoclase composition, 
similar to the 'optimum mode' composition for 
the generation of granitic melts (Patifio Douce & 
Johnston 1991). Trace-element and isotope 
systematics of the leucogranites and the metape- 
litic lithologies of the High Himalayan Crystal- 
line Series indicate that these metasediments 
provide a likely source for the leucogranite 
magmas (Deniel et  al. 1987; Inger & Harris 1993). 

The age of melt formation has been well 
constrained at c. 20 Ma by a range of isotopic 
studies for a number of leucogranite intrusions 
(see Harris & Massey (1994) for review). How- 
ever, the age and duration of metamorphism in 
the High Himalayan Crystalline Series is more 
equivocal. Two periods of metamorphism are 
recognized: an earlier Barrovian event, rising to 
kyanite grade, has been locally overprinted by 
a sillimanite-grade event associated with ana- 
texis (Hodges & Silverburg 1988; Inger & Harris 
1992). The earlier metamorphism appears to 
be Oligocene (37-25Ma) in age (Vannay & 
Hodges 1996; Vance et  al. 1997). The silliman- 
ite overprint has been dated as early Mio- 
cene (22-19 Ma) by several studies of accessory 
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phases (Noble & Searle 1995; Parrish & Hodges 
1996) coeval with the formation of the leuco- 
granite intrusions. In this study we examine the 
anatectic event that led to granite formation 
during the early Miocene. 

Sr-isotope behaviour during anatexis of 
Himalayan metasediments 

Crustal anatexis results from the melting of 
protolith assemblages that incorporate some 
combination of mica, feldspar and quartz. 
Strontium in such protoliths is almost entirely 
sited in plagioclase and micas, although a small 
proportion (<0.5%) may be incorporated in 
apatite. In general, Sr-isotope ratios in micas are 
much more radiogenic than in feldspars due to 
their higher Rb/Sr ratios. Incongruent melting 
of micas could therefore result in a melt with a 
high 87Sr/86Sr ratio which, depending on diffu- 
sion rates, might re-equilibrate with feldspar 
prior to melt/restite segregation. However, over 
75% of the Sr budget for Himalayan mica 
schists and gneisses resides in plagioclase (Harris 
et al. 1995). The precise isotopic composition of 
the melt is therefore a balance between a small 
proportion of highly radiogenic Sr derived from 
mica, and a relatively large proportion of Sr with 
isotopic ratios from plagioclase that are only 
slightly below whole-rock values. 

Detailed Sr, Nd and O isotope studies of the 
leucogranites of northern Nepal indicate that 
their source lies in kyanite-grade metapelitic 
schists, or a geochemically similar lithology 
(Inger & Harris 1993; Harris & Massey 1994). 
Melt generation occurred through the break- 
down of muscovite in biotite-muscovite- 
kyanite-plagioclase-quartz schists (Harris et al. 

1995). The precise melt reaction and available 
melt fraction are determined by the activity of 
H20 during anatexis. We consider here two 
kyanite schists under both fluid-absent and 
fluid-present conditions. These represent end- 
members of feasible melt conditions. Stoichio- 
metric coefficients (given in mass units) for the 
two assemblages obtained from mineral com- 
positions and from average melt compositions 
are virtually identical for each reaction (Harris 
et al. 1995). 

For fluid-absent conditions: 

Mu + 0.2 Q + 0.2 P1 = 0.6 L + 0.4 Ksp + 0.3 Sill 

For fluid-present melting: 

Mu + 0.5 Q + 0.6P1 ÷ 0.1 V =2.0 L + 0.3 Sill 

Melt fractions (in mass ratios) obtained are 
0.10-0.17 and 0.44-0.55 respectively. In this 
study we have calculated the 87Sr/S6Sr ratio of 
the melt that results from these reactions by 
assuming that mass balance is preserved. The 
required input parameters from two meta- 
sedimentary rocks from the High Himalayan 
Crystalline Series are given in Table 1. 

The disequilibrium of isotope ratios between 
melt and protolith during melt formation is 
dependent on the difference between the isotopic 
compositions of component phases in the proto- 
lith (i.e. the displacement between muscovite and 
plagioclase isotopic ratios at tp, Fig. 1). This is a 
function of contrasting Rb/Sr ratios in coexisting 
phases and of the time elapsed since the previous 
whole-rock homogenization event. Melt forma- 
tion and high-grade metamorphism occurred in 
the High Himalayan Crystalline Series at 20 Ma. 
An earlier 500 Ma event is indicated by whole- 
rock Rb-Sr errorchrons of that age (Inger & 

Table 1. Critical modal and geochemical data for  two Himalayan metapelites 

Bulk-rock Biotite Muscovite Plagioclase 

SSM6 XAb=0.78 
Modal (wt%) 14 23 11 
Rb (ppm) 197 801 431 276 
Sr (ppm) 111 7 106 776 
87Sr/86Sr 0.76231 
(87 Sr/86 Sr)20* 0.76083 3.02838 0.80612 0.72841 

PAN3 XAb=0.84 
Modal (wt%) 13 29 11 
Rb (ppm) 173 560 271 118 
Sr (ppm) 113 4.2 128 321 
87Sr/86Sr 0.76207 
(87 Sr/86 Sr)20* 0.76081 3.37862 0.77245 0.74043 

Data for SSM6 from Harris et al. (1992); for PAN3 from Ayres (1997). 
* (87Sr/86Sr)20 calculated at 20 Ma assuming bulk-rock homogenization at 500 Ma. 



SR-ISOTOPE DISEQUILIBRIUM 175 

Table 2. Change in ST Sr/S6 Sr ratio* o f  me# relative to source for two 
Himalayan metapelitic schists 

(i) (ii) 

Vapour-absent melting SSM6 +0.029 +0.005 
PAN3 +0.016 +0.004 

Vapour-present melting SSM6 -0.007 -0.001 
PAN3 -0.004 -0.001 

* The change in ratio is calculated assuming (i) no isotopic exchange 
between mica and feldspar; (ii) 50% of Sr in plagioclase has exchanged 
with mica. 

Harris 1993), by Cambro-Ordovician granitoid 
intrusions exposed across the orogen (Pognante 
1992) and by inherited zircon ages from high- 
grade metapelites from the High Himalayan 
Crystalline Series (Noble & Searle 1995). For 
this study, we assume mineral homogenization 
occurred at 500 Ma, but that subsequent radio- 
active decay proceeded in a closed system for the 
component minerals until prograde heating of 
the metasedimentary rocks during Himalayan 
metamorphism. 

The rate of heating during this prograde event 
is a critical factor in preserving disequilibrium 
between coexisting phases, since a gradual in- 
crease in grade during the prograde history will 
cause partial or complete equilibration between 
reactants, thus reducing the effects of disequili- 
brium melting. Tracer diffusivites for Sr in micas 
are at least two to three orders of magnitude 
faster than those of feldspars (Giletti 1991). 
Since crustal anatexis cannot occur at tempera- 
tures <650°C, even in the presence of a fluid 
phase, it is highly improbable that two-mica 
metapelites will reach solidus temperatures 
before Sr-isotope equilibration between the two 
micas has occurred. Such exchange will have 
the effect of increasing the 87sr/g6Sr ratio of 
muscovite whilst decreasing that of biotite. Thus 
strontium diffusivities in micas are too rapid to 
affect the degree of isotopic equilibration pre- 
served between melt and restite, which must then 
largely be a function of the rate of isotopic 
exchange between plagioclase and contiguous 
phases. The role of Sr exchange between mica 
and plagioclase is apparent from Table 2; for 
either vapour-absent or vapour-present condi- 
tions, the consequence of partial equilibration 
between mica and plagioclase is to reduce 
significantly the isotopic disequilibrium between 
melt and protolith. We therefore assume that 
inter-mica equilibration has been reached and 
calculate the proportion of Sr residing in plagio- 
clase that can equilibrate with the radiogenic Sr 
of coexisting mica over a given exchange period 

in order to estimate the difference in 87Sr/86Sr 
ratio between protolith and melt. 

Precise calculations of the proportion of 
feldspar in a protolith lithology that reaches 
isotopic equilibrium in a given time are compli- 
cated by a number of factors, including the 
shape of the feldspar crystals and the fact that 
neither crystal nor melt represent an infinite 
reservoir. However, to a first-order approxima- 
tion we have calculated the diffusion length scale 
(x) from the relationship x 2 -  Dt  (where D is 
the diffusivity and t the available time). We 
have also assumed that feldspars are spher- 
ical, and that homogenization is approached by 
tracer diffusion (i.e. no concentration gradient is 
implied) within an outer annulus of thickness 
a - x, where a is the radius of the sphere. For 
x > a, complete homogenization has occurred. 

The modelled relationships between exchange 
period and isotopic disequilibrium during ana- 
texis of two Himalayan schists are illustrated in 
Fig. 2. For all melt reactions, St-isotope ratios in 
melt and source are virtually indistinguishable 
for an exchange period greater than c. 1 Ma, 
assuming a temperature of 700°C, the mean melt 
temperature obtained from accessory phase 
dissolution in leucogranite magmas from the 
Himalayas (Ayres et al. 1997). In practice, the 
modelled times will be a function of the d T / d t  
path of the protolith, but since thermal buffer- 
ing is likely to prevent the temperature of the 
protolith significantly exceeding the solidus 
temperature (Hodges et al. 1988) this approx- 
imation provides a realistic estimate of the 
degree of disequilibrium expected over a given 
time scale. 

During vapour-absent melting, the 87Sr/86Sr 
ratio of the melt is dominated by radiogenic 
Sr released by muscovite breakdown; this effect 
is enhanced by Sr exchange of muscovite with 
coexisting biotite prior to melting. Consequently 
the melt will inherit a higher 87Sr/86Sr ratio than 
the source. However, vapour-present melting 
leads to larger melt fractions and requires a 
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Fig. 2. Modelled disequilibrium for 87Sr/86Sr between 
restite (R) and melt (M) during incongruent melting of 
muscovite under fluid-absent conditions (heavy line) 
and fluid-present conditions (dashed lines); dotted line 
indicates STSr/S6Sr ratio for protolith; t = time elapsed 
since system was open for Sr exchange between mica 
and feldspar. Tracer diffusion coefficients from Giletti 
& Casserly (1994). Assumed grain size = 2mm and 
temperature = 700°C. (a) Langtang metapelite SSM6. 
(b) Zanskar metapelite PAN3 calculated from data in 
Table 1. Vertical bar indicates disequilibrium of 0.002 
between melt and protolith. 

greater contribution from plagioclase, resulting 
in little disequilibrium between Sr isotopes in 
melt and source. The sense of this small 
disequilibrium shift depends on the modal com- 
position of the source and the composition of 
plagioclase. 

Is isotopic disequilibrium preserved between 
Himalayan melts and their protoliths? 

Anatectic migmatites provide the simplest case 
for investigating isotopic disequilibrium since 

the isotopic characteristics of melt and protolith 
are clearly identified. Sr-isotope analyses of bulk 
rock and three separated components (leuco- 
some, melanosome, mesosome) from a stromatic 
migmatite from the Western Himalaya do not 
define an isochron but form a sub-linear array 
(errorchron) that lies close to a reference line of 
20 Ma (Fig. 3, Table 3), suggesting that isotopic 
homogenization over a scale of centimetres was 
approached during the early Miocene Himala- 
yan event. Interestingly, whole-rock Rb-Sr 
systematics for high-grade migmatites separated 
by distances of kilometres define a c. 500Ma 
errorchron (Inger & Harris 1993), placing a 
maximum constraint on the length scale of 
isotopic re-equilibration during the early Mio- 
cene. However, for phases with low Sr diffusiv- 
ities, such as apatite, disequilibrium appears 
to be preserved even over short length scales 
(Fig. 3). A bulk-rock apatite age of 346 Ma is 
unlikely to date a tectonic event of that age as 
there is no record of Carboniferous metamorph- 
ism in the Himalayas. However, it may indicate 
that partial equilibration occurred during Hima- 
layan (Miocene) prograde metamorphism. If  a 
grain size of 200 #m and a peak temperature of 
700°C are assumed then a period of 200ka is 
required for complete equilibration, applying the 
Sr-isotope diffusion coefficients of Cherniak and 
Ryerson (1993). Although this value is subject to 
considerable uncertainty in the diffusion data, 
and will decrease by almost an order of 
magnitude if actual temperatures rose to 
750°C, it illustrates how accessory phases from 
polymetamorphic assemblages can retain evi- 
dence of early events and potentially provide 
quantitative information on heating rates during 
the younger event. 

In contrast to migmatites, intrusive granites 
are more likely to preserve isotopic disequili- 
brium, since after extraction from their source 
region they are unable to equilibrate further with 
protolith phases. Detailed studies of the geo- 
chemistry of Himalayan leucogranites and their 
possible source regions have documented over 
200 Sr-isotope analyses (see caption to 
Fig. 4 for references). Average 87Sr/%Sr ratios 
(calculated at 20 Ma) for coeval granite sheets 
are 0.755 + 0.011, compared with average ratios 
of 0.763-4-0.035 for the metapelitic schists. The 
large variability of Sr-isotope ratios in the meta- 
sediments reflects lithological variations. 

However, comparing average St-isotope 
ratios is unlikely to yield actual isotopic shifts 
from disequilibrium melting since (i) sampling of 
the metasediments across the Himalayan orogen 
may not be representative of the precise proto- 
lith lithologies for the leucogranites, and (ii) the 
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Table 3. Rb-Sr isotopic data for a stromatic migmatite (BR) and leucosome 
(lc), melanosome (ml), mesosome (ms) and apatite (ap) separates .from 
sample 56.1a (Zanskar) 

Rb Sr 87Rb/86Sr 878r/86Sr ± (1cr) 
(ppm) (ppm) 

BR 209.0 108.0 5.60 0.76540 0.00001 
ms 221.4 78.9 8.12 0.76598 0.00001 
ml 245.0 120.0 5.91 0.76535 0.00001 
lc 219.9 193.4 3.29 0.76472 0.00001 
ap <1 115.0 0.00 0.73783 0.00003 

Analyst MA on Finigan MAT261 at the Open University. Apatite 
separated from bulk rock crushate using heavy liquids. Rb and Sr 
concentrations in apatite determined by ion-microprobe at the University 
of Edinburgh (Ayres 1997). 

leucogranites may not all be derived from the 
same protolith composition. A comparison of 
data from three detailed studies of Himalayan 
leucogranites and their associated protoliths 
(Fig. 4) suggests that in each case the minimum 
value of the 87Sr/86Sr ratio observed from the 
leucogranites exceeds that from metasediments 
from the same region of the orogen. In each 
case the offset lies in the range 0.005-0.01. 
The significance of this observation is equivocal. 
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Fig. 3. Rb-Sr errorchron for a stromatic migmatite 
(BR) and leucosome (lc), melanosome (ml), mesosome 
(ms) and apatite (ap) separates from sample 56.1a 
from the Zanskar Himalaya. Reference lines plotted 
through BR for 20 Ma and 500 Ma. Errors less than 
symbol size for all data given in Table 3. 

It may be that the leucogranites are derived from 
a range of metasedimentary sources, and thus 
each isotope analysis determined from a leuco- 
granite represents a weighted average of contrib- 
uting sources. This would explain why neither 
the lowest, nor the highest, initial ratios in the 
protoliths is reflected in the derived melts. 
Equally it could be argued that only protoliths 
with the appropriate combination of mica and 
feldspar (the 'optimum mode' composition) have 
melted, and these are characterized by a fairly 
narrow isotopic range. It could also be argued 
that if disequilibrium melting has occurred, the 
87Sr/86Sr ratio in the melt has increased by up to 
c. 0.01 relative to its source. Whichever of these 
explanations is correct, it appears that changes in 
87Sr/86Sr ratio between melt and source due to 
isotopic disequilibrium must be less than c. 0.01. 

This estimate can be further constrained from 
the detailed isotopic study of the Manaslu 
leucogranite (Guillot & Le Fort  1995). This 
work documents a bimodal peak in the 87sr/a6Sr 
ratios (calculated at 20 Ma) of both metasedi- 
mentary protoliths and leucogranites (Fig. 4a). 
More specifically, metagreywackes (87Sr/86Sr~ 
0.746) provide an appropriate protolith for two- 
mica leucogranites (87Sr/86Sr = 0.7475 + 0.0055) 
whereas metapelites (a7sr/86Sr~0.758) pro- 
vide a protolith for tourmaline leucogranites 
(87Sr/86Sr = 0.7591 + 0.0069). These data suggest 
that any increase in the 87Sr/86Sr ratio of the 
melt relative to its source is less than 0.002. 

The minimum time for isotopic equilibration 
can be inferred using the theoretical prediction of 
equilibration time scales. Since any disequili- 
brium results in a variation in 87Sr/86Sr ratio 
between melt and source of less than c. 0.002, it 
can be seen from modelled disequilibrium for 
two Himalayan metapelites (Fig. 2) that isotopic 
exchange between plagioclase and mica in the 
protolith, and plagioclase and melt prior to 
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Fig. 4. Compilation of 87Sr/86Sr data (calculated at 
20 Ma) for leucogranites (open bars) and 
metasedimentary schists (black bars) from three 
Himalayan leucogranite localities. (a) Manaslu (data 
from Guillot & Le Fort 1995); (b) Langtang (data from 
Inger & Harris 1993); (e) Gumberanjun (data from 
Searle & Fryer 1986; Ferrara et al. 1991; Ayres 1997). 

and if it is assumed that temperatures did not 
exceed c. 600°C until the Early Miocene, this 
suggests that Sr-isotope disequilibrium can only 
be preserved if (i) prograde heating rates from 
c. 600°C to the solidus temperature occurred at 
an average rate in excess of 0.5°Cka -1, and 
(ii) extraction of the melt was extremely rapid 
(<<200 ka). 

Clearly it would be valuable to distinguish the 
rate of prograde metamorphism from the rate of 
melt extraction. It is theoretically possible to use 
the elemental partitioning of Sr between melt 
and source to provide a minimum constraint on 
the melt extraction rate. Unfortunately, the 
variability of Sr concentrations in metapelitic 
schists, coupled with large uncertainties in 
appropriate crystal/melt partition coefficients, 
means that the proportion of elemental Sr in the 
Himalayan metasediments that has equilibrated 
cannot be realistically constrained. 

It might be argued that disequilibrium of Nd 
isotopes would provide a more useful indicator 
of rates of metamorphic processes since in 
general REE diffusivites are lower than those 
of Sr for major phases such as garnet (Coghlan 
1990). A very high proportion of the bulk-rock 
LREE budget for granites lies in accessory 
phases such as monazite and apatite (Harris 
et al. 1995), and although disequilibrium can be 
detected for 143Nd/144Nd between Himalayan 
melts and their protoliths (Ayres & Harris 1997), 
this does not provide quantitative constraints 
on prograde heating or melt extraction rates 
because of the paucity of experimental data on 
isotopic diffusivites for monazite and apatite. 

extraction, must have occurred over a period of 
at least 100-200 ka. More rapid rates ofprograde 
metamorphism and melt extraction would result 
in a demonstrable increase in STSr/86Sr ratios of 
melts relative to their source, unless the protolith 
had undergone dynamic recrystallization. 

For plagioclase-rich metasediments, the ex- 
change period extends from the time the 
temperature of the protolith rose above the 
approximate closure temperature of Sr in plagi- 
oclase. This has been estimated at 600°C assum- 
ing an infinite reservoir for Sr (Dodson 1973), 
but if it is assumed that equilibrium is reached 
locally along grain boundaries the effective 
closure temperature may be a function of the 
modal composition, particularly the mica/plagi- 
oclase ratio (Jenkin et al. 1995). Under these 
circumstances the closure temperature of plagi- 
oclase-biotite mineral pairs may drop to 550°C. 
If melting occurred at temperatures of c. 700°C, 

Implications for physical processes during 
Himalayan metamorphism and anatexis 

Prograde  heat ing  mode l s  

Alternative mechanisms for crustal melting 
imply differing rates of prograde heating. For 
example, advective heating from intrusion of 
basic magmas (Huppert & Sparks 1988) will lead 
to rapid heating rates (depending on the size of 
and distance from the intrusive body) and 
consequently to disequilibrium of Sr-isotopes 
between melt and restite (Knesel & Davidson; 
1996, Pichavent et al. 1996). Obduction of hot 
oceanic lithosphere onto continental crust is a 
particular form of advective heating which has 
been associated with rapid melt formation and 
the preservation of 87Sr/S6Sr disequilibrium 
(Tommasini & Davies 1995). However, advec- 
tive heating is unlikely to be relevant for the 
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Himalayan orogen since there is no evidence for 
basic and/or intermediate magmatism of appro- 
priate age nor for obduction of hot lithosphere. 

For convergent orogens, the most frequently 
invoked mechanism for thermal transfer is con- 
ductive heating by internal heat sources follow- 
ing crustal thickening (England & Thompson 
1984; Thompson & Connolly 1995). Heating by 
this mechanism will be of the order of 10- 
50°C Ma -~, up to two orders of magnitude too 
slow for St-isotope disequilibrium to be pre- 
served. Dissipative or frictional heating during 
active thrusting is also suggested as a mechanism 
for generating some Himalayan granites (Eng- 
land et al. 1992). This process could result in 
virtually instantaneous heating, depending on 
the proximity to the thrust. It would also subject 
the shear zone to dynamic recrystallization 
thus favouring isotopic equilibration, even at 
temperatures below the appropriate closure tem- 
perature. Finally, decompression melting (under 
fluid-absent conditions) resulting from rapid 
exhumation has been invoked as the cause of 
melting of Himalayan metasediments (Harris & 
Massey 1994). This mechanism requires that the 
temperature of the protolith is sufficiently hot 
for the fluid-absent solidus to be crossed during 
exhumation. The preservation of isotopic dis- 
equilibrium would depend on whether the proto- 
lith was initially heated slowly, as by thermal 
relaxation, or rapidly, as by frictional heating. 
Overall we conclude that the apparent lack of 
significant isotopic disequilibrium in Himalayan 
leucogranites is consistent with heating by 
internal heat sources, although it could be 
argued that it reflects frictional heating asso- 
ciated with dynamic recrystallization. However, 
the lack of textural evidence from migmatitic 
assemblages for dynamic recrystallization and 
indeed, the preservation of accessory phase 
disequilibrium in these assemblages (Fig. 3), do 
not support this interpretation. 

M e l t  e x t r a c t i o n  m o d e l s  

There are several processes that control how 
rapidly a melt is extracted. Firstly, the grain- 
boundary melts must be driven into a vein 
network, and secondly, magma that has col- 
lected in the veins must migrate through the 
network. Several recent studies have established 
that gravity-driven models cannot adequately 
account for the extraction of viscous granitic 
melts over realistic time scales (Clemens & 
Mawer 1992; Brown et al. 1995). For a melt 
fraction of less than 0.2, as suggested for 

Himalayan granites (Harris & Massey 1994), 
melt segregation is initially controlled by diffu- 
sion, usually resulting in migmatites (Vigneresse 
et al. 1996). Such melts can only escape in 
response to non-coaxial forces. Experimental 
studies have highlighted the importance of devi- 
atoric stress in aiding melt extraction (Rutter & 
Neumann 1995), suggesting that shear-enhanced 
compaction can reduce the extraction rates of 
granitic melts from many millions of years to 
less than 1 Ma. Once a melt has entered a vein 
network it can be rapidly extracted by porous 
flow through a high-permeability vein network. 
This process can be accelerated by fracture 
propagation that transports magma large dis- 
tances over a time scale of < 1 ka (Petford et al. 
1993). Fracture propagation is particularly 
likely where fluid-absent melting occurs due to 
an increase in molar volume resulting from the 
melt reaction. 

The rate-determining step for melt extraction 
is critically dependent on the viscosity of the 
magma, which in turn depends on its water 
content and temperature. Applying equation 23 
of Rutter & Neumann (1995) to Himalayan 
leucogranite melts formed under fluid-absent 
conditions at temperatures of 700-750°C, a 
viscosity in the range 107-109 Pas is obtained, 
consistent with estimates for viscosities of melts 
formed in migmatites (Brown et al. 1995). Under 
these conditions the rate-determining step is 
more likely to be flow through the vein network 
(Rutter & Neumann 1995, fig. 16); extraction of 
a 10% melt fraction by this process will occur 
over a period of 1-50 ka. 

For Himalayan leucogranites, evidence for 
rapid melt extraction rates comes from the 
undersaturation of LREE relative to Zr found 
in some leucogranites (Ayres et al. 1997). The 
relative dissolution rates of monazite and zircon 
suggest that the melt was extracted from its 
source over a period <50ka. This observation 
confirms that the lack of Sr-isotope disequili- 
brium observed between granite and protolith 
results from slow prograde heating rates rather 
than from a protracted melt residence time. 

Conclusions 

The direct controls on the extent of possible 
isotopic disequilibrium during crustal anatexis 
are: (i) the rate of prograde heating and melt 
extraction; (ii) the time elapsed since isotopic 
homogenization of the protolith prior to the 
prograde event leading to anatexis; (iii) the rela- 
tive masses of mica and feldspar consumed by 



180 N. HARRIS & M. AYRES 

the melt reaction; (iv) the composition of plagio- 
clase in the protolith; (v) the grain size of the 
source rock; (vi) the degree of strain and 
resulting dynamic recrystallization experienced 
by the protolith. 

In general, tracer diffusivites for plagioclase 
require that in order for significant isotopic 
disequilibrium to be preserved between melt 
and source, the protolith must be heated above 
600°C and melts extracted from their source over 
very short time scales (<200 ka). Sluggish heating 
rates will favour isotopic homogenization during 
prograde metamorphism. In contrast, frictional 
or advective heat sources will favour iso- 
topic disequilibrium. Melt extraction through a 
combination of shear-enhanced compaction and 
vein-network flow is likely to be sufficiently 
rapid that disequilibrium between protolith 
phases at the solidus will result in disequilibrium 
between melt and the restite assemblage. 

During prograde metamorphism in the Hima- 
laya, Sr-isotopes in micas and feldspars have 
approached equilibrium (on the scale of a hand 
specimen) in anatectic migmatites, although 
disequilibrium is preserved by apatite due to its 
low diffusivity. The extent of melt-restite dis- 
equilibrium in the intrusive leucogranites is more 
difficult to determine but the change in 87Sr/86Sr 
ratio is probably negligible and certainly less 
than 0.002. This suggests that at least 200ka 
elapsed between the onset of prograde meta- 
morphism in the protolith (>600°C) and final 
melt extraction. Given that trace-element data 
indicate rapid extraction of melt from its source, 
such a conclusion suggests that heat transfer 
during prograde heating resulted from inter- 
nal heat production in thickened crust. A fric- 
tional heat source is only possible if isotopic 
equilibration has been achieved by dynamic 
recrytallization of the protolith. 
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Low-pressure crustal anatexis: the significance of spinel and cordierite 
from metapelitic assemblages at Nanga Parbat, northern Pakistan 
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Abstract: Spinel-bearing domains in high-grade metapelitic rocks from Nanga Parbat 
represent zones of partial melting during biotite breakdown under vapour-undersaturated 
conditions. Spinel is essentially of the MgA1204-FeA1204 solid solution, and is therefore not 
stabilized by the presence of trace elements such as zinc, but is restricted to a quartz-absent 
petrogenesis. A new petrogenetic grid for metapelites has been constructed to allow for both 
vapour-undersaturated and quartz-undersaturated conditions. This grid contains a quartz- 
absent invariant point in KFASH that predicts quartz-absent melting will occur in biotite- 
sillimanite assemblages at low pressures. 

A P-T pseudosection drawn for bulk compositions with intermediate Fe/Mg ratios shows 
that at low pressures biotite will break down initially in the presence of quartz, to produce 
cordierite and K-feldspar and melt. At higher temperatures the quartz-absent reaction will 
be crossed, and biotite will break down to produce spinel in addition to cordierite, 
K-feldspar and melt. The sequence of assemblages is biotite-cordierite, biotite-cordierite- 
spinel, and finally cordierite-spinel. This biotite-absent assemblage is not observed, 
indicating that the quartz-absent reaction did not go to completion. Limits can be placed 
on the pressures and temperatures at which the biotite breakdown reaction is crossed, from 
the coexistence of solid phases and granite melt over a range of water activities. For the 
Nanga Parbat assemblages, pressures and temperatures lay at about 720°C and 5 kbar at 
water activity, aiJ2o _> 0.6. These conditions are consistent with a rapidly exhuming terrane, 
as suggested by isotopic constraints and thermal modelling of the region. 

Crustal anatexis of metapelitic assemblages in 
the absence of a free fluid phase usually involves 
the breakdown of biotite and/or muscovite 
leading to the coexistence of a melt and 
anhydrous peritectic phases (Gardien et al. 
1995; Le Breton & Thompson 1988; Patifio 
Douce & Johnston 1991; Vielzeuf & Holloway 
1988). In Himalayan lithologies, Miocene leuco- 
granites have been associated with sillimanite 
formation during the dehydration melting of 
muscovite (Harris et al. 1995), but temperatures 
were insufficient for biotite breakdown to occur. 
Cordierite-spinel metapelitic assemblages are 
reported here for the first time from the Hima- 
layas. The significance of spinel formation and 
its possible relationship with melt formation are 
investigated, using standard thermobarometric 
techniques combined with theoretical calcula- 
tions in the KzO-FeO-MgO-AlzO3-SiO2-H20 
(KFMASH) system. 

The rocks we have used in this study are from 
the Nanga Parbat -Haramosh Massif in north- 
ern Pakistan (Fig. 1). The massif, which marks 
the western extremity of the High Himalayas, 
is a polymetamorphic terrain comprising grani- 
tic orthogneisses and psammitic, pelitic and 

calcareous paragneisses which have experienced 
metamorphism both as part of the Indian 
craton, and more recently during the Himalayan 
orogeny. The most recent metamorphic episode 
is associated with rapid exhumation of the mas- 
sif over the last 10 Ma (Zeitler et al. 1982; Zeitler 
1985), which has led to leucogranite genera- 
tion through fluid-absent muscovite breakdown 
(Zeitler & Chamberlain 1991; Butler et al. 1997; 
Whittington et al. 1998) and high-T low-P 
metamorphic assemblages containing cordierite, 
sillimanite and K-feldspar. These assemblages 
fall into two categories: cordierite-K-feldspar 
leucosomes localized in shear zones, and biotite- 
sillimanite-K-feldspar 4- spinel domains within 
migmatitic pelitic 4- gneisses. The leucosomes 
have been attributed to fluid infiltration and 
localized fluid-present melting in shear zones 
(Whittington et al. 1998). This paper investigates 
the origins of spinel-beating domains in the 
pelitic gneisses. 

Petrography 

Metapelitic gneisses from the core of the Nanga 
Parbat Massif typically contain biotite, garnet, 

WHITTINGTON, A., HARRIS, N. & BAKER, J. 1998. Low-pressure crustal anatexis. In: TRELOAR, P. J. & O'BRIEN, 
P. J. (eds) What Drives Metamorphism and Metamorphic Reactions? Geological Society, London, Special 
Publications, 138, 183-198. 
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Fig. 1. Location maps for the sampled area. SS, Shyok 
Suture; MMT, Main Mantle Thrust; ISZ, Indus 
suture zone; MBT, Main Boundary Thrust. The rocks 
used in this study come from the Tato Valley, on the 
western margin of the massif (shaded area). At this 
point the western margin of the massif is marked by 
the Liachar Shear zone, still active. 

sillimanite, quartz, K-feldspar and plagioclase, 
with cordierite commonly occurring, and more 
rarely green hercynitic spinel. Ilmenite, pyrite 
and apatite are common accessory phases, with 
rutile, magnetite, chalcopyrite, zircon and mon- 
azite occurring more rarely. Small (centimetre 
scale) granitic leucosomes are common in these 
gneisses and some melting is inferred to have 
occurred. 

The most recent fabrics are defined by sheaves 
of biotite and sillimanite, wrapping around 
garnets which show inclusion trails at steep 
angles to foliation (Fig. 2a). This suggests that 
garnet was present before the most recent 
metamorphism. Garnet is often mantled by 
cordierite (Fig. 2b), which is not apparently 
associated with leucosome formation, and which 
is readily explained by the solid-state decom- 
pression reaction: 

garnet + sillimanite + quartz = cordierite (1) 

In many thin sections, biotite is observed to be 
breaking down in the presence of sillimanite. 
Microprobe investigation shows that cordierite- 
K-feldspar intergrowths are common. These 
textures may be explained by the reaction: 

biotite + sillimanite + quartz 
= cordierite + K-feldspar + melt (2) 

Carrington & Watt (1995) found that for the 
KFMASH system, reaction (2) was close to K- 
feldspar-absent degeneracy, and that K-feldspar 
was a reactant in experiments where the H20/ 
K20 ratio in the melt was less than the H20/K20 
ratio in reacting biotite. In previous experiments 
on reaction (2), where cordierite is a product, 
LeBreton & Thompson (1988) found K-feldspar 
was a product phase, but Vielzeuf & Holloway 
(1988) and Patifio Douce & Johnston (1991) 
found no K-feldspar generated by the reaction. 
While K-feldspar is common throughout Nanga 
Parbat metapelites, its occurrence as an inter- 
growth with cordierite suggests that in this case it 
is a reaction product. 

In some sections, thin zones of cordierite- 
spinel intergrowths are seen intimately asso- 
ciated with decomposing biotite (Fig. 2c). Where 
spinel is found in these zones, quartz is absent or 
present only as inclusions within other phases, 
for example plagioclase, and hence is texturally 
isolated from reaction (2). All available quartz 
has been consumed within these domains, 
although quartz coexists with biotite elsewhere 
in the same thin section, indicating chemical 
disequilibrium on a very small (sub-centimetre) 
scale. Spinel can be clearly seen overgrowing 
biotite, and spinel-cordierite intergrowths also 
occur (Fig. 2d), hence both these phases are 
reaction products. 

Mineral chemistry 

In this paper we have studied several spinel- 
bearing assemblages through microprobe ana- 
lyses of coexisting biotite, cordierite and spinel. 
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(a) (b) 

(c) (d) 

Fig. 2. Photomicrographs of thin sections, mineral abbreviations follow Kretz (1983). (a) Garnet showing 
inclusion trail (Si) oriented at a steep angle to external foliation defined by biotite and sillimanite in the presence 
of quartz and cordierite. (b) Cordierite rimming garnet and biotite, which are breaking down. Plain polarized 
light; long dimensions of photographs are 3 mm. (e) Backscattered electron image of spinel-bearing zone, showing 
biotite and sillimanite breaking down, with intimately associated cordierite and spinel. Scale bar is 500 ~m. (d) 
Spinel-cordierite intergrowth, and spinel rimming decomposing biotite and sillimanite. Scale bar 
is 100/~m. 

Spinel data are given in Table 1, and represen- 
tative analyses of all phases used in thermo- 
barometry are given in Table 2, including a 
silica-saturated biotite-cordierite-garnet meta- 
pelite (N1) for comparison. Of particular inter- 
est is the variation in mineral chemistry within 
a single thin section, depending on textural 
relations. 

As an example, X8 is a spinel-bearing metape- 
lite which also contains a garnet porphyroblast, 
rimmed by stable fabric-forming biotite and 
plagioclase. Biotite and plagioclase are also 
found as inclusions within the garnet, and biotite 
is observed breaking down in the presence of 
spinel elsewhere in the thin section. Garnet cores 
are of composition alm76prplsgrsssps4. Rims are 
less Mg-rich, but more Fe- and Mn-rich, with 
composition alm79prpl~grs4sps6 where in con- 
tact with biotite. Fe# varies from 84 in the core 
to 89 in the rim, where F e # = ( m o l %  Fe2+)/ 

(tool% Fe 2+ + m o l %  Mg) x 100. Biotite from 
X8 shows systematic variations in Fe number 
with its petrographic location (Table 2). Biotite 
inclusions in garnet have an average Fe# of 60, 
while biotite rimming garnet has an average Fe# 
of 65. Biotite analyses from the spinel zone show 
even higher Fe# of 67. Matrix plagioclase shows 
zoning, from about An28 in cores to An35 in 
rims. Plagioclase inclusions in garnet contain 
An30, approximately the core composition of 
matrix plagioclase. 

In spinel zones, cordierite has a fairly uniform 
composition within a single thin section, and 
even between different thin sections. Spinel has a 
limited range of Fe/Mg ratio, with Fe# varying 
only between 86 and 89, with only zinc abun- 
dances varying significantly. In contrast, biotite 
varies in composition across a single decompos- 
ing grain; for example X2 analyses 28 and 30 
shows variation of Fe# between 59 and 64 in a 
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single grain. Holtz & Johannes (1991), and 
Patifio Douce & Johnston (1991) reported that 
biotite compositions in equilibrium with a melt 
become more Mg-rich as biotite melting pro- 
gresses. Since unmelted matrix biotite from this 
same thin section has an Fe# of 64, this was 
probably the original biotite composition, and 
the more Mg-rich composition from the spinel 
zone reflects the coexistence of a melt. Further- 
more, Patifio Douce & Johnston (1991) noted 
an increase in TiO2 content of biotite with 
increasing temperature, and biotites from spinel- 
bearing zones at Nanga Parbat are also more 
Ti-rich than biotites from garnet-bearing zones 
(e.g. Z147 and X7, Table 2). 

Spinel stability 

The presence of spinel in metapelitic assemblages 
has been accredited to a number of factors. At 
temperatures greater than 900°C and pressures 
less than 8 kbar, spinel is stable in the presence of 
quartz and cordierite following garnet break- 
down (Hensen & Green 1973). The stability field 
of spinel may be extended to lower temperatures 
by the presence of additional components such as 
ferric iron (Dasgupta et al. 1995) and chromium, 
which substitute for aluminium, or zinc (Das- 
gupta et al. 1995; Nichols et al. 1992; Waters 
1991), which substitutes for iron and magnesium. 
In such cases, spinel cannot be used as a guide to 
metamorphic grade in petrogenetic grids con- 
structed in the KFMASH system, which can 
strictly only account for the hercynite (FeA1204) 
and spinel sensu s tr ic to  (MgA1204) end-members. 

Microprobe analyses in Table 1 have been 
recalculated by site allocation to estimate the 
ferrous/ferric iron ratios in spinel. Ferric iron 
averages between 3 and 5wt% of spinel, com- 
prising less than 10% of trivalent cations. Zinc, 
chromium and titanium occur in concentrations 
of up to 10.3, 1.2 and 0.3 wt% respectively. Zinc 
is clearly the most significant component outside 
the KFMASH system. 

The gahnite end-member (ZnA1204) may have 
an activity of up to 0.214 in spinel from these 
rocks, while coexisting phases contain no 
detectable zinc. Within a single domain, on the 
scale of a few millimetres, zinc concentrations 
are relatively constant, although zinc concentra- 
tions vary considerably between different sam- 
ples and even between different domains in the 
same thin section (e.g. sample 004 rings 1 and 2, 
Table 1), suggesting a local bulk compositional 
control. However, since in some sections spinel 
contains an average of less than 1 wt% of zinc 
(e.g. sample Z147, Table 1), it appears unlikely 

that spinel is stabilized primarily by the zinc 
content of the rock. Rather, it has scavenged 
available zinc during its formation (Stoddard 
1979). This view is supported by the lack of 
correlation between zinc content and modal 
abundance of spinel. 

Thus spinel does not appear to be stabilized 
primarily by significant components outside the 
hercynite-spinel solid-solution series, and its 
stability can be investigated within the 
KFMASH system. 

Phase equilibria 

For the AFM diagram (Fig. 3a), the coexistence 
of cordierite-sillimanite biotite is illustrated in 
the presence of K-feldspar, quartz and granitic 
liquid (Fig. 3b). However, the coexistence of 
spinel and cordierite in the absence of quartz 
suggests a new spinel-cordierite tie-line. The 
relative Fe/Mg ratios of the ferromagnesian 
phases can be seen to be Fe#spl > Fe#bt > Fe#crd 
(Table 2). This implies that biotite and sillima- 
nite coexist with cordierite and spinel in the 
absence of quartz through the reaction: 

biotite + sillimanite = cordierite + spinel 
+K- fe ldspa r+mel t  (3) 

Alternatively, it could be argued that spinel is not 
a product of a quartz-absent melting reaction, 
but is a reactant in the production of cordierite 
from the solid-state reaction: 

spinel + quartz = cordierite (4) 

Whilst this accounts for the incompatibility 
between spinel and quartz, it does not explain 
the complex intergrowths between spinel and 
cordierite as apparent reaction products of bio- 
tite breakdown (Fig. 2d). Reaction (4) should 
lead to cordierite rims separating spinel from 
quartz-rich domains which are not observed. 

We can further explore quartz-absent stability 
through the HS(FM) diagram (Fig. 3c) which 
can illustrate the effect of changing bulk silica 
and water content on phase compatibilities. 
On this diagram it is clear that as H20 and/or 
SiO2 contents decrease, the stable assemblage for 
the given bulk composition will change from 
biotite-cordierite quartz to biotite-cordierite- 
spinel. The local stability of spinel may then be 
explained if melting occurs and melt is removed, 
which will reduce the H20 content of the rock 
since melts are significantly more hydrous than 
the bulk rock, leading to the assemblage biotite- 
cordierite-spinel. Some compositional variation 
within Nanga Parbat metapelites has been 
observed on a sub-centimetre scale as banding 
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a) A + kfs b) A + kfs C) H + kfs 
^si, ;qtz ALsi' + qtz ~ +si, 

/ \ 

F bt M F bt M S crd FM 

Fig. 3. AlOe.5 FeO-MgO and HO1.5 SiO2-(FeO + MgO) diagrams for Z135. Phase compositions in Table 2. 
The crossed circle indicates the bulk composition of Z147, a typical spinel-bearing metapelite, measured by XRF 
analysis. (a) AFM diagram projected from quartz, liquid and K-feldspar, showing composition fields (striped) of 
all phases analysed in spinel-bearing zones. The average leucogranite of Whittington et al. (1998) was used for the 
liquid composition in all diagrams, assuming a water content of 7 wt%. (b) AFM diagram showing phases 
analysed in a spinel-bearing zone of Z135. Tie-lines drawn for coexistence of biotite-cordierit~sillimanite, as 
observed outside spinel-bearing zones. (e) HS(FM) composition diagram showing phase analyses from Z135. 
In order to achieve the assemblage biotite-cordierite-spinel, the bulk composition of Z147 requires reduction of 
the water content, which may be achieved by removal of melt. This process is illustrated by arrow (1). More 
mafic compositions (solid circle) will have both silica and water contents reduced by melt removal, shown by 
arrow (2). Note that because FeO and MgO should be considered as separate components, the three-phase 
triangles shown (dashed lines) are actually four-phase tetrahedra with L as the fourth phase. 

visible in hand specimen, and removal of melt 
from a silica-poor band will result in movement 
away from both H and S apices (Fig. 3c). 

Unfortunately it is not possible to show 
separate FeO and MgO components (in addition 
to SiO2 and water) rigorously on a two-dimen- 
sional ternary plot. The extra degree of freedom 
generated by separate consideration of FeO and 
MgO components is accounted for by the 
coexistence of a liquid phase (L) with each of 
the three-phase assemblages shown in Fig. 3c. 

We conclude that anatexis and melt removal 
will favour the formation of spinel in the restite, 
as has been invoked by Srogi et  al. (1993) for 
similar anatectic assemblages from the Wilming- 
ton complex, although Fig. 3 suggests the role of 
melt in removing silica may be less significant 
than its effect in depleting H20 content. In the 
Wilmington example silica depletion was more 
marked, and corundum was stabilized locally 
within restitic melanosomes. 

KFMASH petrogenetic grid 

The K20 - FeO - MgO - A1203 - SiO2 - H20 
(KFMASH) system incorporates the major 
chemical components in pelitic rocks. It is, 
however, a simplification of the natural system: 
omission of TiO2 and Fe203 from KFMASH 
precludes consideration of the Fe-Ti oxides, and 
omission of CaO and Na20 precludes considera- 
tion of plagioclase and natural granitoid melts. 

The KFMASH grid for dehydration melting of 
biotite at moderate pressures (>5 kbar) has been 
established by Powell & Downes (1990) and 
Hensen & Harley (1990), and developed at 
higher temperatures by Carrington & Harley 
(1995). In this study we have extended this grid 
to lower pressures, where cordierite rather than 
garnet is the stable peritectic phase under 
vapour-absent conditions in normal pelitic 
bulk compositions. We have also investigated 
equilibria under quartz-absent conditions. 

A low-pressure KFMASH grid is shown in 
Fig. 4, assuming excess orthoclase and sillima- 
nite. The grid was constructed for Fe# (Spl)> 
Fe# (Gnt )>  Fe# (L) > Fe# (Bt) > Fe# (Crd), in 
accordance with analysed minerals from Nanga 
Parbat (Table 2). The average leucogranite of 
Whittington et  al. (1998) was used for the liquid 
composition. Invariant points in the KFASH 
system and in the KMASH system are linked by 
a univariant line in the KFMASH system, so that 
for example f2 and m2, which are both garnet-, 
muscovite-, orthopyroxene- and spinel-absent, 
are linked by the KFMASH univariant reac- 
tion (2). The single KFMASH invariant point 
(marked 1), is vapour-, muscovite-, and spinel- 
absent, and has been fixed in P - T  space at 
about 890-910°C and 9kbar  (Carrington & 
Harley 1995). 

The shaded low-temperature field between the 
KFASH and KMASH end-member reactions 
represents the water-saturated solidus for bulk 
compositions of intermediate Fe/Mg ratio. 



192 A. WHITTINGTON E T  AL.  

+ sil 
+ kfs 

qtz 1 
m s  

V 
bt 

qtz 

gnt 
L [spl, ms, V] 

[bt, ms, spl, V] 

m s  

f 3  

bt 
qt2 

pro3 

f 4  
spt 

~pl 

[bt, ms, opx, V] 

T 

:rd 

qt; 

crd 
bt spl 

L 

Fig. 4. Low-pressure petrogenetic grid for metapelites in the KFMASH system, assuming excess orthoclase and 
sillimanite, adapted from Powell &Downes (1990) to allow for silica-undersaturation. Other mineral 
abbreviations follow Kretz (1983), with melt phase (L) and vapour phase (V). Solid lines are univariant reactions 
in KFASH, and thick solid lines are univariant reactions in KFMASH. Large arrows indicate direction of 
increasing Fe. Filled circles are invariant points in KFASH (fl, etc.), open circles are invariant points in KMASH 
(ml, etc.), and the bold open circle is invariant point 1 in KFMASH. The shaded field is the zone of 
water-saturated melting for compositions between pure Fe- and Mg-end-members. lnvariant points are: fl, ml 
[ms, opx, spl, V]; f2, m2 [gnt, ms, opx, spl]; f3, m3 [crd, gnt, opx, spl] and f4 [qtz, ms, opx, V]. 

The reaction linking f2 and f3 is anni te+  
sillimanite + quartz + V = melt, and occurs at 
higher temperatures for phlogopite+sil l iman- 
ite + quartz + V = melt, which links m2 and m3. 
At higher pressures than f3-m3, muscovite is a 
reactant during vapour-present melting, and at 
lower pressures than f2-m2, cordierite is a 
reactant during vapour-present melting. None 
of these reactions leads to cordierite or spinel as 
product phases, suggesting that if spinel is a 
peritectic phase, melting must have been vapour- 
undersaturated (i.e. at higher temperatures, and 
to the right of, the shaded field). The KFASH 
invariant point f2 has been fixed in P T  space at 
around 725°C and 2.5kbar (Vielzeuf & Hollo- 
way 1988, fig. 5). This is a considerably higher 
temperature than the water-saturated haplogra- 
nite solidus, because f2 was determined for the 
Na-absent KFASH system. A quartz-absent 
invariant point (f4) occurs at the intersection 

between the quartz-absent reactions from fl ,  
and from a higher temperature KFASH invar- 
iance [bt, ms, opx] which stabilizes the coex- 
istence of spinel and quartz. 

In the full KFMASH system, there are two 
vapour-absent univariant reactions relevant to 
the Nanga Parbat assemblages: 

biotite + sillimanite + quartz 
= cordierite + garnet + K-feldspar + melt (5) 

linking fl and 1, and: 

biotite + sillimanite + garnet 
= cordierite + spinel + K-feldspar + melt (6) 

This reaction is terminated at low pressures by 
the KFASH invariant point f4, which is both 
vapour-absent and quartz-absent. With increas- 
ing temperature, crossing reaction (5) consumes 
quartz and produces peritectic cordierite, con- 
sistent with assemblages at Nanga Parbat. 
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Reaction (6) consumes both biotite and garnet, 
and results in cordierite and spinel forming as 
peritectic phases with a melt. 

The absence of garnet in the Nanga Parbat 
assemblages results from low pressures during 
prograde metamorphism, as can be illustrated 
by a P T  pseudosection constructed for a fixed 
bulk composition of intermediate Fe# (Hensen 
1971), between pure KFASH and pure KMASH 
end-member reactions (Fig. 5), after Powell 
and Downes (1990). A qualitative P-T  path 
for Nanga Parbat rocks in the pseudosection has 
been drawn (X-Y on Fig. 5), illustrating the 
change in mineralogy consistent with petro- 
graphic observation. This path does not extend 
into the orthopyroxene field, because we have 
found no evidence for orthopyroxene in these 
assemblages. 

For assemblages at 'X', a melt will be present 
only if fluid-present conditions prevail. Under 
fluid-absent conditions, with either an increase 
in temperature or decompression, fluid-absent 
melting results in the formation of cordierite 
as the cordierite-biotite-quartz-melt field is 
entered, from reaction (2). Note that for higher 
Fe/Mg ratios or pressures, both garnet and 
cordierite would be formed. For compositions of 
low to moderate bulk SiO2 content, melting will 
exhaust quartz, and spinel is formed as the 
cordierite-biotite-spinel-melt field is entered 
from reaction (3). Further increase in tempera- 
ture and/or decompression results in biotite- 
absent cordierite-spinel assemblages, which are 

+ kfs "". b~t,t 
+ sil X 

L qtz "'. 

qtz~\ m 2 ~,~'~/. 
P \ 

ot \ 7.,'cld 
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qtz V L V ~T 

t~  1 Ibt l  , gnt ~ ~gnt[ t splL 
, / 
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b t  L / I  crd 
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Fig. 5. P- T pseudosection constructed for a fixed 
intermediate bulk composition, adapted from Powell 
& Dowries (1990) to allow for silica-undersaturation. 
Mineral abbreviations and invariant point symbols as 
for Fig. 4. Dotted line X Y  is a qualitative P T path 
for Nanga Parbat rocks consistent with petrographic 
observation. 

not observed. The presence of minor non- 
KFMASH components in biotite, such as Ti 
and F, will contribute to the broadening of this 
reaction interval in natural systems. 

Thermobarometry 

Petrogenetic grid topologies of potential reac- 
tions provide essential constraints on qualitative 
P - T  paths. However, with only two points on 
the KFMASH grid of Fig. 4 fixed experimen- 
tally, quantitative P - T  information on the 
Nanga Parbat assemblages requires thermo- 
barometry based on analysed activities from 
coexisting phases. To calculate pressure and 
temperature conditions, we have used version 
2.4 of the Thermocalc program (Powell & 
Holland 1988) and the extended internally 
consistent thermodynamic dataset of Holland 
& Powell (1990). 

The early metamorphic history of the Nanga 
Parbat assemblages may be constrained by 
garnet-bearing assemblages. X8 is a spinel- 
bearing metapelite which also contains garnet 
with inclusions of biotite, plagioclase and 
quartz. The garnet is rimmed by stable fabric- 
forming biotite apparently in textural equili- 
brium with garnet, in contrast to biotite found in 
spinel-bearing zones in the same thin section, 
which is breaking down. Biotite rimming garnet 
has a low Ti content of less than lw t%,  in 
contrast to biotite in the spinel zone which has a 
Ti content of over 4wt%,  and hence may have 
grown via retrograde garnet breakdown. 

Average (PT) conditions for the core and rim 
were computed by Thermocalc using the end- 
members almandine, pyrope, grossular, anor- 
thite, orthoclase, annite, phlogopite, sillimanite 
and quartz, and a range of water activities under 
fluid-absent conditions. Analyses of phase com- 
positions used in calculations are provided in 
Table 2. These calculations suggest conditions of 
720± 50°C at 7 . 6 i  1.5kbar for the core, and 
670 4- 40°C at 6.3 + .4 kbar for the rim, assuming 
a water activity of 0.9. For a water activity of 
0.5, the results are 655 :t: 50°C at 6.7 ± 1.7kbar 
for the core, and 610 + 40°C at 5.5 + 1.3 kbar for 
the rim. The differences in P - T  conditions 
between core and rim are within error, but prob- 
ably represent some decompression and cooling. 

For determining conditions during melt 
formation, thermobarometry on the cordierite- 
spinel assemblages is required. From petro- 
graphic observation, we infer that some degree 
of partial melting during fluid-absent biotite 
breakdown has occurred. The presence of a melt 
phase makes thermobarometric calculations on 
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these assemblages more problematic, as it is not 
currently possible to introduce a melt phase to 
Thermocalc without further experimental con- 
straints (Holland et al. 1996). However, both 
solid-phase equilibria and melt must coexist 
under conditions of identical water activities. 
Hence if P - T  fields from solid phases are 
calculated for a range of water activities, an2o, 
and overlain on the granite solidi determined at 
varying an2o, both solids and melt will coexist 
where water activities for the melt and for the 
mineral assemblage are equal (Fig. 6; cf. Waters 
1991, fig. 4). 

Calculations were conducted on a spinel- 
cordierite metapelite (Z135) using the analyses 
listed in Table 2. Calculated end-member activ- 
ities and P-Tresul ts  are listed in Table 3, using a 
silica activity of 0.95 to represent the quartz- 
absent nature of the assemblage. For this rock, 
the minimum water activity required for the 
biotite-cordierite-spinel assemblage to coexist 
with a melt is 0.5 at conditions of 687 + 58°C at 
4.6 ± 1.0 kbar, although if the 2 sigma uncertain- 
ties on the P-Tresul ts  are considered, aH2o could 
be as low as 0.4 (Fig. 6). The actual intersection is 
at a water activity of 0.6, suggesting conditions of 
710±60°C at 5 .0+ 1.1 kbar. 

Although such a water activity could be 
achieved from the hydroxyl component of biotite 
that is released as water on biotite breakdown, 
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Fig. 6. Average (PT) calculations for a spinel-bearing 
assemblage (Z135) for asio2 = 0.95 and variable aH2o, 
compared with the 5 kbar haplogranite solidus of 
Johannes & Holtz (1990). End-member activities and 
results of calculations are listed in Table 3, and error 
bars shown are -4-1 sigma. This indicates that aH2o 
must have been greater than 0.4 for melting to have 
occurred (allowing 2 sigma errors), and probably lay 
within the range 0.5 to 0.7, at temperatures between 
700 and 760°C (shaded bands). 

these temperatures are significantly below those 
obtained from experimental studies of biotite 
breakdown under fluid-absent conditions (Gar- 
dien et al. 1995; Patifio Douce & Johnston 1991; 
Vielzeuf & Holloway 1988). Low pressures and 
Fe-rich bulk compositions will enable melting to 
occur at lower temperatures, but there is no 
evidence to suggest that dehydration melting of 
biotite at 5 kbar can occur below 800°C. We infer 
that some fluid ingress is required to allow 
limited melting. In other words, while final 
equilibration of the analysed assemblage prob- 
ably took place at a water activity of about 0.6 
(Fig. 6), a higher water activity was probably 
required to initiate melting at the P - T  conditions 
encountered by rocks from Nanga Parbat, 
followed by buffering of the water activity by 
the melt phase at about 0.6. Similar calculations 
for a cordierite-bearing leucosome indicate that 
aH20 must have been at least 0.7 and probably 
greater than 0.9 for melting to occur, consistent 
with fluid-present melting localized in shear 
zones (sample Z130; Whittington et al. 1998). 

Quantitative P - T  constraints for the petroge- 
netic grid (Fig. 4) can now be obtained by 
considering biotite breakdown reaction (2). If it 
is assumed that water activity is buffered by the 
melt, rather than being externally controlled, 
the reaction can be constrained in P - T  space 
(Fig. 7), following the approach of Waters 
(1991). This will be valid even with limited 
influx of external fluid, provided the water 
activity remains buffered by the melt. Such an 
approach can only be applied to reaction (2), 
since the granitic solidi are for a silica-saturated 
melt. Some uncertainty is introduced in this case 
since the granitic solidi are for the sodium- 
bearing NaKASH system, whereas the reaction 
is calculated in KFMASH.  K-feldspar will be 
the only phase sensitive to Na content, and an 
orthoclase activity of 0.752 was used in the 
calculation, from analysis #119 (Table 2). The 
addition of components FeO and MgO to 
N a K A S H  would reduce the temperatures of 
the granitic solidi by only a few degrees, within 
the error of thermobarometric calculations. The 
melt-free equivalent of reaction (2) is: 

biotite + sillimanite + quartz 
= cordierite + K-feldspar + [H20] (7) 

When calculated for coexisting phases from 
Z135, this reaction occurs at 720°C at 5 kbar 
for a melt-buffered water activity of 0.6, in 
excellent agreement with average ( P T )  calcula- 
tions (Fig. 7). 

Hence P-T conditions during partial melting 
are constrained between about 650 and 770°C, 
at between 3.9 and 6.1 kbar. It is not possible to 
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Table 3. End-member activities and Thermocalc P-T results 

Endmember activities 

Mineral End-member Formula Activity 1 

Biotite phlogopite KMg3Si3A1OI0(OH)2 0.0162 
annite KFe3Si3AIO10(OH)2 0.113 

Cordierite Fe-cordierite Fe2Si 5A14018 0.196 
Mg-cordierite Mg2SisAl4018 0.295 

Spinel 2 hercynite FeA1204 0.772 
spinel MgA1204 0.113 

K-feldspar orthoclase KA1Si308 0.752 
Sillimanite A12SiO5 1 
Quartz SiO2 variable 
Fluid water H20 variable 

Thermocalc P - T  calculations 3 

a(H20) T (°C) sd P (kbar) sd c o r  4 f5 

1.0 785 66 6.3 1.2 0.87 1.18 
0.9 768 64 6.0 1.2 0.86 1.18 
0.8 750 63 5.7 1.1 0.86 1.19 
0.7 731 61 5.3 1.1 0.85 1.20 
0.6 710 59 5.0 1.1 0.84 1.22 
0.5 687 58 4.6 1.0 0.84 1.24 
0.4 661 56 4.3 1.0 0.83 1.26 
0.3 631 54 3.8 1.0 0.82 1.29 
0.2 593 52 3.4 0.9 0.81 1.34 
0.1 539 49 2.9 0.9 0.79 1.44 

1Activities were calculated using the 'ax' program written by T. Holland, 
using mixing models from Holland and Powell (1990) and references therein. 
2 Spinel activities assume ideal mixing, ferric iron calculated by site allocation. 
3 Calculations assume fluid-absent conditions, and include all end-members 
listed above, with fixed a(SiO2)= 0.95 and variable a(H20). 
4 Correlation between P and T. These values indicate significant correlation, 
and hence an elongate error ellipse. 
5 Statistical fit parameter. All results are statistically acceptable. 

calculate reaction (3) until a silica-undersatu- 
rated liquid phase can be introduced to Thermo- 
calc, but it is expected to occur at higher 
temperatures and/or lower pressures than reac- 
tion (2), from the petrogenetic grid (Fig. 4). The 
melt-absent equivalent reaction is: 

biotite + sillimanite 
= cordierite + spinel + K-feldspar + [H20] (8) 

This reaction was calculated for Z135, and 
occurs at temperatures a few tens of degrees 
higher than reaction (7) for pressures less than 
6 kbar, as predicted. 

Discuss ion  

The P-T-an2o constraints obtained from ther- 
modynamic considerations can be related to the 
tectonothermal history of the Nanga Parbat-  
Haramosh Massif. Thermal modelling of Nanga 

Parbat suggests a very steep decompression path, 
attributed to rapid erosion in the absence of 
extensional structures (Whittington 1996). P - T  
estimates from Thermocalc do not appear to 
record higher pressure stages of this path in many 
pelitic rocks, probably due to peak temperatures 
being maintained throughout most of the decom- 
pression history. 

Thermobarometry on biotite and plagioclase 
inclusions records early garnet growth at about 
720°C and 7.6kbar (A, Fig. 8) with final 
garnet-rim equilibration at 670°C and 6.3 kbar 
(B, Fig. 8). Water activities are likely to have 
been close to unity prior to melting, due to 
sub-solidus dehydration reactions, hence calcu- 
lations assuming an2o of 0.9 are shown. If an2o 
is assumed to be 0.5 then calculated pressures 
and temperatures are reduced by 0.8kbar and 
60°C respectively for both sets of calculations. 
Independent of assumed an2o, the difference 
between core and rim conditions is about 
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Fig. 7. Biotite breakdown reaction (2) (thick solid line) 
calculated using mineral compositions from the spinel- 
bearing zone of Z135, and assuming that water activity 
is buffered by the melt, using water activities in 
granitic melts for aH:o = 1.0, 0.7 and 0.5, from 
Johannes & Holtz (1990). Dashed lines indicate Fe and 
Mg endmember curves for reaction (2), intersections of 
reaction curves with solidi at an_,o = 0.9, 0.7 and 0.5 
shown as filled circles (Fe) and open circles (Mg). 
Note the significant effect of bulk composition on 
P T  conditions of the reaction. Shaded field is the 
average (PT)  estimate for aH_~O = 0.6, with 1 sigma 
errors, from Table 3. 

1.3 kbar and 50°C, the equivalent of decompres- 
sion through 4 or 5 kin. 

Although in many studies it is assumed that 
the garnet core preserves the 'peak' P - T  condi- 
tions, for these assemblages the spinel-bearing 
assemblages clearly post-date garnet growth. 
Vapour-absent melting reactions have positive 
slopes in P - T  space, and hence 'prograde' 
reactions can occur during decompression even 
if accompanied by slight cooling. 

Initial melting in the massif is likely to be 
controlled by local fluid distribution; where a 
local grain-boundary fluid is present, small melt 
tractions may be generated at higher pressures 
(greater than about 6kbar), but no peritectic 
phases will result. The first melt reaction to 
occur during decompression is the vapour- 
absent muscovite breakdown reaction: 

muscovite + quartz 4- plagioclase 
+ vapour 4- biotite 

= sillimanite + K-feldspar + melt (9) 

which is associated with leucogranite formation 
(Whittington et al. 1998). This reaction will ter- 
minate once muscovite is exhausted (C, Fig. 8). 

Fig. 8. Summary diagram of P - T  information from 
the Tato Valley of the Nanga Parbat Haramosh 
Massif. A: Garnet inclusion thermobarometry from 
this study. B: Garnet rim thermobarometry from this 
study. C (shaded): P - T  conditions of leucogranite 
formation by vapour-absent muscovite breakdown 
(Butler et al. 1997). D (shaded): Thermobarometry 
from a spinel-bearing zone in metapelite Z135, from 
this study. E: Water-saturated granitic solidus from 
Johannes & Holtz (1990). F: Vapour-absent muscovite 
melting reaction, from Pet6 (1976). G: Modelled 
exhumation path for rocks currently exposed in the 
Tato Valley from Whittington (1996). 

With further decompression, reaction (5) allows 
a liquid to form from fluid-absent biotite 
melting with peritectic cordierite and/or garnet. 
At low pressures, a bulk composition with 
intermediate Fe/Mg ratio will not necessarily 
produce garnet. These assemblages have equi- 
librated between 650 and 770°C, and between 
3.9 and 6.1 kbar (D, Fig. 8). Reaction (5) will 
continue until quartz or biotite are entirely 
consumed. In the absence of quartz, the ensuing 
melt reaction (6), or the divariant reaction (3), 
generates both cordierite and spinel with melt at 
higher temperatures and/or lower pressures. At 
Nanga Parbat neither reaction (6) nor (3) has 
gone to completion, since biotite and sillimanite 
have not been exhausted in spinel-bearing zones. 
A similar interpretation has also been made for 
silica-poor metapelitic migmatites from Antarc- 
tica (Fitzsimons 1996). 

For the Nanga Parbat assemblages it seems 
probable that some fluid ingress occurred 
initially to allow biotite melting reactions to 
progress at temperatures less than 800°C. How- 
ever, any such fluid infiltration was insufficient 
to saturate the melt, and aH20 was buffered at 
about 0.6. 
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While this approach constrains condit ions of  
melting, it does not  constrain the slope of  the 
P - T  path, which requires only that  the melt ing 
reaction is crossed in the prograde direction 
(Vernon 1996). Such a path  is possible by either 
heating or cooling during decompression,  or 
even by isobaric heating. For  the assemblages at 
Nanga  Parbat, however,  rapid exhumat ion has 
been documented  by several geochronological  
techniques (Zeitler et al. 1982, 1993; Zeitler 
1985; Smith et al. 1992; Winslow et al. 1994; 
Whit t ington 1996). The model led P - T  path  for 
this scenario (Whit t ington 1996) suggests a near- 
isothermal decompression path for this latest 
metamorphic  episode (G, Fig. 8), followed by 
rapid cooling as rocks approached the surface 
and isotherms are telescoped. 
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Disequilibrium during metamorphism: the role of nucleation kinetics 

D A V I D  C. R U B I E  

Bayerisches Geoinstitut, Universitdt Bayreuth, D-95440 Bayreuth, Germany 

Abstract: The sluggishness of nucleation, one of the most poorly understood and least- 
discussed processes involved in mineral reactions, is an important cause of disequilibrium 
during metamorphism. Both field-based and experimental petrological studies show that 
metastable phases can persist far from equilibrium on long time scales because the stable 
phases are unable to nucleate. This behaviour applies not only to solid-solid reactions but 
also to some dehydration and melting reactions. Although the degree of overstepping 
required for nucleation during polymorphic phase transformations is relatively small 
(2-4kbar on an experimental time scale), nucleation can be much more sluggish for 
reactions involving two or more product phases. When reactions occur at conditions of large 
overstepping due to delayed nucleation, reaction rates can be very fast because of the effect 
of the large free energy change on growth kinetics. Under these circumstances, new 
metastable phases may form instead of the stable mineral assemblage, as predicted by the 
Ostwald step rule. Such metastable phases can persist during metamorphism, even during 
high-strain ductile deformation and fluid influx, but without any obvious texture evidence to 
indicate that they are metastable. 

A commonly held view amongst many petrolo- 
gists is that metamorphic reactions occur at 
conditions close to equilibrium. On the basis of 
this assumption, observed mineral assemblages 
can be interpreted as recording discrete pressure- 
temperature (P-T) conditions which are deter- 
mined using phase equilibria, with the aim of 
reconstructing the P - T  paths followed during 
metamorphism. This equilibrium model clearly 
has significant limitations because otherwise 
mineral assemblages recording high pressures 
and temperatures within thickened continental 
crust would never survive during uplift to the 
Earth's surface. 

An alternative and less common view is that 
metamorphic reactions can be kinetically 
hindered and can consequently occur under 
disequilibrium conditions. In this case two 
distinct end-member models can be considered. 
(1) Reactions occur progressively and con- 
tinuously along the pressure-temperature-time 
(PTt) path, at a rate which is dependent mainly 
on temperature. This model has been applied to 
the polymorphic aragonite to calcite transfor- 
mation in order to constrain PTt paths during 
uplift of blueschist terrains, as discussed below. 
(2) Mineral assemblages persist metastably out- 
side of their stability fields on long time scales in 
the absence of deformation. Reaction to a lower- 
energy mineral assemblage (possibly also meta- 
stable), if it occurs, takes place rapidly under 
pronounced disequilibrium conditions due to a 
'triggering' event. In the case of hydration reac- 
tions, triggering can be caused by the influx of 
H20 into a previously fluid-absent mineral 

assemblage. However, reaction of metastable 
assemblages under disequilibrium conditions 
can also be initiated by the delayed nucleation 
of the product phases. This contribution is 
concerned particularly with the role that nuclea- 
tion kinetics play in promoting disequilibrium. 

Nucleation kinetics 

Nucleation is one of the most poorly understood 
of the processes involved in metamorphic reac- 
tions. Although there have been a number of 
studies of the kinetics of growth and dissolution 
during mineral reactions, studies of nucleation 
kinetics are rare. The few existing experimental 
studies have been concerned mainly with nuclea- 
tion during the relatively simple aragonite-calcite 
(Liu & Yund 1993) and olivine spinel (RuNe 
et al. 1990) polymorphic phase transformations. 

The theory of nucleation was initially formu- 
lated to describe the condensation of water 
droplets from a vapour phase (see Christian 
(1975) and references therein). This theory was 
subsequently developed to describe nucleation 
during simple solid-solid (e.g. polymorphic) 
phase transformations (e.g. Christian 1975; 
Putnis & McConnell 1980; Porter & Easterling 
1992; LeGoues & Aaronson 1984; LeGoues et al. 
1984a, b; Rubie & Thompson 1985). A typical 
rate equation for homogeneous nucleation has 
the form: 

= Ko rexp(-AG~om/kT) 

x exp(-AHa/RT)  (1) 

RUBIE, D. C. 1998. Disequilibrium during metamorphism: the role of nucleation kinetics. In: TRELOAR, P. J. & 
O'BR1EN, P. J. (eds) What Drives Metamorphism and Metamorphic Reactions? Geological Society, London, 
Special Publications, 138, 199 214. 
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with 

AG* = 167r@ 
3(AG, + c) 2 

where 79 is the nucleation rate, K0 is a constant, 
AG* is the activation energy for homogeneous 
nucleation, k is the Boltzmann constant, AH~ is 
the activation enthalpy for growth, ~/ is the 
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Fig. 1. Rates of nucleation during the polymorphic 
Ni2SiO4 olivine-spinel (<~'-7) transformation at 
36 kbar (filled symbols) and 37 kbar (shaded symbol) 
(after Rubie et al. 1990). These rates were estimated 
by fitting an appropriate rate equation to 
transformation-time data with rates of nucleation and 
growth as the fitting parameters. The lines are fits of 
equation (1) to the data. At 36kbar, the equilibrium 
boundary for the transformation lies at about 1400°C. 
Therefore, these results indicate that a temperature 
understep of c. 400°C (equivalent to a pressure 
overstep of c. 4kbar) is required to obtain observable 
nucleation rates on an experimental time scale. 
Because of the strong (exponential) dependence of 
the nucleation rate on the extent of overstepping/' 
understepping (indicated by the steepness of the 
high-temperature parts of the fitted curves), these 
estimates will not be greatly reduced for a geological 
time scale when reaction occurs at relatively high 
temperature. Note that the extrapolation to low 
temperatures is very uncertain (dashed lines) because 
of uncertainties in the strain energy term in 
equation (1) (see RuNe et al. 1990; Liu & Yund 1993). 

interfacial energy, AGv is the free energy change 
of reaction per unit volume and c is strain energy. 
The nucleation rate (2V = d N / d t )  is defined as the 
number of nuclei N which form per unit time t 
either per unit volume or per unit area of grain 
boundary. According to equation (1), consider- 
able overstepping (or understepping) of an 
equilibrium boundary is required before rates 
of nucleation become significant, even on a 
geological time scale (e.g. Fig. 1). This is because 
the negative value of the free energy change of 
reaction, AG~., must be large enough to balance 
the positive strain energy and interfacial energy 
terms. Furthermore, according to equation (1) 
the nucleation rate increases extremely rapidly 
(by orders of magnitude) as the overstep (or 
understep) increases because of its exponential 
dependence on AG,. (Fig. 1). This rapid increase 
has the important consequence that when 
nucleation rates are extrapolated over orders of 
magnitude from a laboratory to a geological time 
scale, the amount of overstepping involved will 
not change significantly. However, this conclu- 
sion is applicable only to the high-temperature 
limb of the nucleation rate curves shown in 
Fig. 1. When an equilibrium boundary is crossed 
at relatively low temperature (during subduc- 
tion, for example), the nucleation rate will be 
given by the low-temperature sections of the 
curves shown in Fig. I. In general, nucleation 
rates cannot be determined experimentally at 
such low temperatures because growth rates are 
negligible on a laboratory time scale. In addi- 
tion, the extrapolation of the high-temperature 
data to low temperatures (as shown by the 
dashed lines in Fig. 1) is highly uncertain (see 
Rubie et  al. 1990). 

The interracial and strain energy terms in 
equation (1) are of considerable importance. The 
magnitudes of these terms control the over- 
stepping which is required for nucleation and 
depend, at least partly, on the degree of mis- 
match between the crystal structures of the 
reactant and product phases. Coherent nuclea- 
tion of a phase structurally similar to the 
reactant phase may require a relatively small 
overstep; on the other hand, incoherent nuclea- 
tion of a structurally dissimilar phase may result 
in a high interracial energy and will require a 
large overstep. In this context, structural similar- 
ities between the oxygen sub-lattices of the 
respective phases are likely to be particularly 
important (e.g. Brearley 1987; Worden et  al. 
1991, 1992). 

Although the main approach to quantifying 
nucleation kinetics is through experimental 
studies, there is a potential problem in interpret- 
ing and extrapolating the resulting data. The 
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experimental procedure involves pressurizing 
and heating a polycrystalline aggregate in order 
to induce partial reaction (e.g. Rubie & Thomp- 
son, 1985; Brearley et al. 1992; Kerschhofer et al. 
1996). When the crystals of the aggregate have 
anisotropic physical properties (i.e. compressi- 
bility and thermal expansivity), internal stresses 
will develop during pressurization and heating 
as a result of an increasing mismatch between the 
individual grains (Cleveland & Bradt 1978). As a 
result, stress concentrations will develop at grain 
boundaries (Raj & Ashby 1971) and, unless 
viscoelastic relaxation can occur on the experi- 
mental time scale (which requires high tempera- 
ture), elastic strain energy will be concentrated in 
these regions. This strain energy may contribute 
significantly to the energy required for nuclea- 
tion on the grain boundaries. Thus, nucleation 
rates determined experimentally might be much 
faster than those which would be observed in a 
fully relaxed aggregate and the overstepping 
required on geological time scales to produce 
nucleation may be significantly larger than in 
experiments. It should be possible to test the 
importance of this effect because the magnitude 
of the internal stresses increases with the grain 
size of the aggregate (Cleveland & Bradt 1978). 
Experimentally observed nucleation rates should 
therefore be faster in coarse-grained starting 
materials than in fine-grain aggregates; prelim- 
inary evidence for this dependence on grain 
size has been observed by Dupas et al. (1998) 
in a study of the (Mg,Fe)2SiO4 wadsleyite- 
ringwoodite (/3-7) transformation. 

Nucleation during reactions involving mul- 
tiple phases has not been studied quantitatively, 
either theoretically or experimentally. However, 
as discussed below, there are indications that it 
can be an extremely sluggish process even on the 
time scales of regional metamorphism. Based 
on field and experimental evidence, large over- 
steps of equilibrium conditions can be required 
for nucleation during a variety of solid-solid, 
dehydration and melting reactions. Some of 
the consequences of this behaviour are dis- 
cussed below. 

Reconstructive polymorphic 
phase transformations 

Growth kinetics during the aragonite to calcite 
transformation were studied by Carlson & 
Rosenfeld (1981) at 1 bar and 375-455°C. The 
growth rate of individual calcite grains, which 
nucleated topotactically within aragonite single 
crystals, was measured directly using an optical 

microscope fitted with a heating stage. The 
growth rate data were fitted using a rate equation 
for interface-controlled growth in which the rate- 
controlling step is the short-range thermally 
activated diffusion of atoms across the narrow 
interphase boundary (Turnbull 1956): 

k = k o T e x p ( - A H a / R r )  

x [1 - e x p ( A G r / R T ) ]  (2) 

Here 2 is the growth rate of the new phase, k0 is 
a constant, AH,  is the activation enthalpy for 
growth, AG,. is the molar free energy change of 
reaction, and R is the gas constant. The first 
exponential in this equation is an Arrhenius term 
which describes the thermally activated diffusion 
of atoms across the interphase boundary. The 
second part of the equation, in square brackets, 
is a thermodynamic term which describes the 
effect of the driving force (change in Gibbs free 
energy) for reaction. At equilibrium conditions, 
the driving force is zero (AGr = 0) so that the 
growth rate is also zero. Carlson & Rosenfeld 
(1981) used this equation, with parameter values 
determined from the fit to their experimental 
data, to model the growth of calcite grains along 
possible P T t  paths followed during uplift of the 
Franciscan blueschist terrain in California. They 
concluded that, for reasonable uplift rates (0.1- 
10.0mma-1), the Franciscan blueschists must 
have crossed the aragonite-calcite equilibrium 
boundary at a temperature between 125 and 
175'~'C for the degree of observed transformation 
of aragonite to calcite to have occurred (Fig. 2). 
Their model was based on the assumption that 
nucleation occurs rapidly at all conditions in the 
calcite stability field including conditions very 
close to equilibrium, i.e. that the growth process 
is always the rate-controlling step. 

Liu & Yund (1993) studied rates of both 
nucleation and growth during the aragonite to 
calcite transformation in polycrystalline aggre- 
gates at pressures ranging from 1 bar to 4 kbar in 
the temperature range 280-380°C. In polycrys- 
talline samples, nucleation occurred incoherently 
on grain boundaries and growth was not 
topotactic. Growth rates were different and the 
activation enthalpy (AHa) was higher than for 
the topotactic growth mechanism which occurred 
in Carlson & Rosenfeld's (1981) study. Extra- 
polations of Liu & Yund's nucleation rate data 
to higher pressures suggest that the equilibrium 
boundary needs to be understepped by about 
2-4 kbar at 330~'C for nucleation rates to become 
significant (the actual value depends on the 
magnitude of the strain energy, c, in equa- 
tion (1), which is poorly constrained). Liu & 
Yund (1993) also used their data to model the 
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Fig. 2. CaCO3 phase diagram showing the stability fields of calcite and aragonite. The conditions estimated for 
the Franciscan blueschist metamorphism are shown. P-T paths followed during the uplift of the Franciscan 
blueschists, constrained on the basis of experimental kinetic data for the aragonite to calcite transformation 
by Carlson & Rosenfeld (1981) (C&R) and Liu & Yund (1993) (L&Y), are shown. These paths were constrained 
by integrating kinetic rate equations along possible PTt paths and comparing the results with the extent of 
the calcite to aragonite reaction observed in the Franciscan blueschists. Both nucleation and growth kinetics 
were taken into account by Liu & Yund (1993), whereas Carlson & Rosenfeld (1981) only considered growth 
kinetics. Uplift rates in the range 0.1 to 10 mm per year were assumed in both studies. 

aragonite to calcite transformation during uplift 
of the Franciscan blueschists and found that PTt  
paths which crossed the equilibrium boundary at 
c. 235°C are consistent with the observed extent 
of partial reaction (Fig. 2). This temperature is 
considerably higher than Carlson & Rosenfeld's 
(1981) estimate because (a) the nucleation barrier 
was incorporated in the kinetic model and (b) the 
growth rate parameters were different. 

An experimental kinetic study of the calcite to 
aragonite transformation at 20-25kbar  shows 
that aragonite nucleates rapidly in the tempera- 
ture range 600-800~'C provided the equilibrium 
boundary is overstepped by c. 2kbar  or more 
(Hacker & Rubie, unpublished data). During the 
polymorphic Ni2SiO4 olivine to spinel transfor- 
mation, an overstep of c. 4kbar  was estimated 
by Rubie et al. (1990) to be necessary for nuclea- 
tion (Fig. 1). It must be emphasized, however, 
that extrapolations of nucleation rates in these 
systems to lower temperatures are very uncer- 
tain, particularly because the effect of tempera- 
ture on the strain energy (c) is unknown (Rubie 
et al. 1990). The oversteps/understeps required to 
obtain significant nucleation rates may therefore 
be larger at lower temperatures, even on geolo- 
gical time scales. 

Multiphase solid-solid reactions 

Plagioclase  b r e a k d o w n  at  high pressure  

During high-pressure metamorphism of coarse- 
grained gabbroic and granitoid rocks in the 
absence of high-strain deformation, individual 
mineral grains often react in domains of local 
equilibrium, sometimes as nearly isochemical 
systems, due to slow rates of chemical diffusion 
(Mork 1985; Koons et al. 1987; Rubie 1990). 
Plagioclase grains typically react to assemblages 
including jadeite, quartz, zoisite and kyanite. 
Under fluid-absent conditions and at pressures in 
excess of 18 kbar (at 600°C), plagioclase should 
be replaced by jadeite + kyanite + grossular + 
quartz, i.e. by a solid-solid reaction in which four 
new phases have to nucleate. The isothermal 
phase diagram of Fig. 3a shows the sequence of 
reactions which should occur under equilibrium 
conditions as pressure increases at c. 600°C 
during subduction. For plagioclase composi- 
tions with relatively high anorthite contents 
(Xan > 0.4), reaction is expected to occur initially 
at c. 13 kbar by a continuous reaction involving 
the formation of increasingly sodic plagioclase + 
grossular + kyanite + quartz. For equilibrium to 
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Fig. 3. Plagioclase phase diagrams calculated for T = 600°C showing breakdown reactions at high pressure under 
(a) anhydrous and (b) H20-saturated conditions. Note that these phase diagrams are semi-schematic and no 
account has been taken of thermodynamic complexities in plagioclase solid solutions (after Wayte et al. 1989). 

be maintained, three new phases must nucleate 
and long-range NaSi-CaA1 interdiffusion in 
plagioclase is required. As this reaction proceeds 
with increasing pressure, the amount of residual 
plagioclase decreases. Finally, at c. 18 kbar the 
remaining plagioclase (composition NAn--0.2 ) 
should disappear by a discontinuous reaction to 
jadeite + grossular + kyanite + quartz (Fig. 3a). 

Allal in  m e t a g a b b r o  

Information about the actual reaction behaviour 
of plagioclase during high-pressure metamor- 
phism is provided by an example of partially 
reacted plagioclase t¥om the Allalin gabbro, 
Western Alps (Wayte et al. 1989). The Alla- 
lin gabbro was metamorphosed at >20kbar 
and 600°C during early-Alpine metamorphism 
(Chinner & Dixon 1973; Meyer 1983a, b) and 
consequently most of the original plagioclase 
(XA, = 0.60--0.65) was pseudomorphed by zoi- 
site +jadeite + kyanite + quartz. However, rare 
examples of partially preserved plagioclase can 
be found in which little-altered plagioclase is cut 

by extremely fine-grained, irregular veins (Fig. 
4a). Transmission electron microscopy (TEM) 
shows that the least-altered regions consist of 
plagioclase containing small (c. 0.2#m long) 
oriented grains of clinozoisite; these regions 
contain no jadeite, grossular, kyanite or quartz 
(Fig. 4b). The irregular veins, on the other hand, 
consist of zoisite, jadeite, kyanite, quartz and 
sodic-plagioclase with a grain size of c. 0.5 #m 
(Wayte et al. 1989, fig. 6; Rubie 1990, fig. 5.5). 
These observations indicate that plagioclase was 
able to survive at >20kbar  and 600°C for 
millions of years because the product phases of 
the fluid-absent reactions (Fig. 3a) failed to 
nucleate. At these conditions the equilibrium 
boundary was overstepped by >7 kbar (Fig. 3a) 
which means that plagioclase is able to survive 
metastably far outside of its stability field in the 
absence of hydrous fluid due to large nucleation 
barriers. However, even in the absence of 
nucleation barriers, NaSi-CaA1 interdiffusion 
in plagioclase is likely to be too slow for 
plagioclase breakdown reactions to occur 
under near-equilibrium conditions during sub- 
duction (RuNe 1990). 
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Fig. 4. Microstructures of plagioclase breakdown resulting from high-pressure metamorphism. (a) Optical 
micrograph showing partially reacted plagioclase from the Allalin metagabbro, Western Alps. The black veins, 
which contain extremely fine-grained zoisite, quartz and jadeite, as well as relict plagioclase, enclose islands 
of relatively unaltered plagioclase (P1). (b) TEM micrograph showing that only sub-micrometre zoisite grains (Zo) 
have nucleated in plagioclase (P1) in the least-altered regions seen in (a). (e) TEM image showing radiating zoisite 
prisms (Zo) in one of the black veins seen in (a); kyanite, quartz and jadeite can also be found in such 
regions. (d) Backscattered electron image of plagioclase from metaquartz diorite at Monte Mucrone (Sesia 
Zone) which has been completely pseudomorphed by jadeite (grey), zoisite needles (white) and interstitial quartz 
(which cannot be resolved in this image). The distribution of zoisites (radiating from a linear feature which 
runs from top left to lower right) suggests that they have nucleated along a fluid-filled fracture as in (c). 

The most likely explanation of the observed 
reaction (Fig. 4a) is that hydrous fluid infiltrated 
into fractures in the plagioclase at >20 kbar and 
c. 600°C allowing a hydration reaction to occur 
with zoisite, jadeite, kyanite and quartz as the 
product phases (Wayte et al. 1989; Rubie t990). 
In this case, reaction occurred at a pressure 
>12kbar  above the equilibrium boundary at 
which plagioclase first becomes unstable in the 
presence of H20 (Fig. 3b). Although under 
equilibrium conditions plagioclase breakdown is 
multivariant (Fig. 3), under disequilibrium con- 
ditions (involving a large overstepping) the reac- 
tion behaves as if it were univariant (at fixed 
water activity) as discussed by Rubie (1983). The 
localization of jadeite within the veins indicates 
that, even under conditions of large overstep- 
ping, jadeite was only able to nucleate within the 
fluid-filled fractures (possibly on the fracture 

walls). The very fine grain size of the reaction 
products is consistent with this model in which 
rapid nucleation is triggered by fluid influx 
(cf. Rubie 1983). 

M o n t e  M u c r o n e  m e t a q u a r t z  diorite 

Another example of a plagioclase-bearing 
igneous protolith that underwent eclogite-facies 
metamorphism (>16kbar  and c. 550°C) is the 
Monte Mucrone metaquartz diorite of the Sesia 
Zone, Western Alps (Oberhfinsli et al. 1985; 
Koons et al. 1987). As in the case of the Allalin 
gabbro, the igneous textures are well preserved 
in bodies (c. 100m across) which escaped high- 
strain deformation and reactions occurred 
within domains of local equilibrium which are 
geometrically defined by the original mineral 
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Fig. 5. Schematic sketch showing a typical corona structure from metaquartz diorite at Monte Mucrone. 
Jadeite + zoisite + quartz on the right has pseudomorphed plagioclase (as in Fig. 4d) and biotite (Bt) on the left 
has partly reacted to phengite (Phe). A corona consisting of layers of (a) garnet (Grt) and (b) 
muscovite + quartz + sphene (Ms + Qtz + Spn) has developed between the biotite and plagioclase sites. The 
zoning patterns in the garnet corona indicate that this layer grew in a region of high chemical potential gradients 
which existed between the biotite and plagioclase sites. Note that the jadeite is not in equilibrium with the mafic 
(biotite) components and there is also disequilibrium between the two white micas (after Koons et al. 1987). 

grains (plagioclase + quartz + biotite + K-feld- 
spar). The plagioclase (XAn < 0.2) was pseudo- 
morphed by fine-grained j ade i t e+zo i s i t e+  
quartz (but no kyanite). Biotite reacted to 
phengite and this reaction released components 
which contributed to the growth of a corona 
between the biotite and plagioclase sites. This 
corona consists of a layer of garnet (c.30#m 
wide) adjacent to the biotite/phengite sites and 
a layer of fine-grained muscovite + quartz + 
sphene adjacent to the plagioclase sites (Fig. 5). 
Pronounced zoning patterns in the garnet, as 
well as compositional differences between the 
muscovite and phengite, indicate that the cor- 
onas formed in regions of high chemical poten- 
tial gradients. As discussed by Joesten (1977), the 
growth of such layered structures is diffusion 
controlled. 

The textures within the pseudomorphs after 
plagioclase suggest strongly that the reaction 
initiated along fluid-filled fractures as in the case 
of the Allalin plagioclase (Fig. 4d). Radiating 
clusters of zoisite needles typically originate 
from points which are located along linear 
features which are interpreted to have been 
fluid-filled fractures (Fig. 4d). Morphologically 
these are very similar to the smaller radiating 

zoisite needles which occur close to the veins in 
the partially reacted Allalin plagioclase (Fig. 4c). 
It is therefore likely that plagioclase in the 
Monte Mucrone rocks also reacted directly to a 
jadeite-bearing assemblage due to the influx of 
fluid rather than by the equilibrium reactions 
shown in Fig. 3b (see also Koons et al. 1987). 
Again, this requires that plagioclase survived as 
a metastable phase well outside of its stability 
field because grossular, kyanite and quartz (the 
product phases of the fluid-absent reaction) were 
unable to nucleate in the absence of fluid. This 
behaviour has important consequences for the 
subsequent mineralogical evolution, as discussed 
in the next few paragraphs. 

Consequences o f  sluggish nucleation for  

subsequent reaction behaviour 

The reaction of albite to j ade i te+quar tz  has 
been investigated experimentally at 600°C and 
a pressure overstep of 5kbar  (Hacker et al. 
1993). In the presence of 1 wt% H20, the rate 
of reaction is fast on a laboratory time scale 
at these conditions. The conditions of high- 
pressure metamorphism in the Western Alps 
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were comparable to those of this experimental 
study. Therefore, assuming that reaction rates in 
plagioclase solid solutions are comparable to 
those of albite, the obvious conclusion is that the 
metastable plagioclase in the Allalin and Monte 
Mucrone rocks reacted extremely rapidly as 
soon as the influx of hydrous fluid occurred 
(perhaps on a time scale of days to months). The 
limited extent of reaction in some plagioclase 
grains of the Allalin gabbro was most likely due 
to limited available quantities of fluid which 
became consumed by the hydration reaction 
(Wayte et  al. 1989; Rubie 1990). 

In both the Allalin metagabbro and the Monte 
Mucrone metaquartz diorite, the stable pyroxene 
composition for the whole-rock compositions 
is omphacite (e.g. Koons et al. 1987). There- 
fore, the jadeite-rich pyroxenes which formed 
from the pseudomorphic breakdown of plagio- 
clase (under conditions of local equilibrium) 
were strongly out of equilibrium (i.e. metastable) 
with the respective whole-rock compositions. 
The growth of metastable phases within the 
plagioclase pseudomorphs is the consequence of 
very rapid reaction rates at these sites which 
allowed no time for long-range equilibration to 
develop because of slow rates of diffusion 
between the different mineralogical domains. 
There is, however, a paradox with this model 
because the reaction of plagioclase at Monte 
Mucrone involved considerable mass-transport. 
The mineralogy of the pseudomorphs (especially 
the lack of kyanite) indicates significant loss 
of A120~ and CaO which diffused out to par- 
ticipate in the corona-forming reactions (Koons 
et al. 1987). Thus, mass-transport occurred over 
much larger length scales with in  the plagioclase 
sites than b e t w e e n  the plagioclase and biotite 
sites. This behaviour may be related to several 
factors, such as the development of the garnet 
corona (which would inhibit mass-transport) 
and the large volume decrease during the plagio- 
clase breakdown reaction (which might have 
enhanced mass-transport in the presence of fluid 
by producing a transiently high permeability). 

It is generally assumed that high-strain defor- 
mation combined with fluid infiltration leads to 
equilibration (on a thin-section scale) in rocks 
such as those discussed above and that thermo- 
barometric methods may be applied to such 
rocks in order to deduce the P - T  conditions of 
equilibration. At Monte Mucrone, this was not 
the case and relicts of the early disequilibrium 
assemblages survived subsequent high-strain 
deformation and fluid infiltration (Koons et al. 
1987; Frueh-Green 1994). Consequently, appli- 
cation of the garnet-clinopyroxene geotherm- 
ometer to gneisses derived from the metaquartz 

diorite leads to false temperature estimates in the 
range 730-1400°C (Koons et al. 1987). It must 
be strongly emphasized that direct textural 
evidence for disequilibrium mineral composi- 
tions in these deformed rocks is not apparent. 

The persistence of disequilibrium assemblages 
during deformation and fluid influx at Monte 
Mucrone can be explained by the model of 
Koons et  al. (1987) as being an indirect conse- 
quence of the prolonged metastable persistence 
of plagioclase. Because plagioclase reacted at 
conditions well outside of its stability field, 
nucleation rates of the product phases were 
high when fluid infiltration occurred. This 
caused the product phases to crystallize with a 
very small grain size. During the initial stages 
of ductile deformation, the jadeite+zoisite+ 
quartz aggregates are inferred to have deformed 
by a diffusion-accommodated grain-boundary 
sliding mechanism because of the small grain 
size and were consequently very ductile (Rubie 
1983). This deformation mechanism did not 
catalyse the normally slow cation diffusion rates 
in jadeite and the composition of individual 
pyroxene grains changed little during this stage 
of deformation. Simultaneously, garnet grains 
underwent pronounced growth, probably in 
equilibrium with coexisting crystallizing phen- 
gite but not with the metastable jadeite. As 
deformation progressed further, the grain size of 
the jadeite increased, due to grain growth, and 
caused a change in deformation mechanism to 
dislocation creep. The pyroxenes then became 
much more omphacitic, probably because diffu- 
sion rates were enhanced by the dislocation 
creep mechanism (experimental evidence for 
such an enhancement is given by Yund & 
Tullis (1991)). By this stage, garnet growth was 
complete and garnet compositions failed to 
adjust to the changing pyroxene compositions 
because of slow rates of lattice diffusion. The 
final result was complete disequilibrium between 
garnet and pyroxene, even in the case of grains 
in close spatial proximity. 

In the above examples, the occurrence of 
reactions is clearly controlled by the timing of 
fluid availability rather than by when equilibrium 
phase boundaries are crossed. The origin of such 
fluids is therefore of considerable interest. In the 
case of Monte Mucrone, an oxygen isotope study 
suggests that the fluids were locally derived, 
perhaps from dehydration reactions in the neigh- 
bouring paraschists, and there is no evidence for 
significant fluxes of externally derived fluids 
(Frueh-Green 1994). A similar model has been 
used to explain the occurrence of retrograde 
hydration reactions in eclogites of the Adula 
nappe (Heinrich 1982). 
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E n s t a t i t e  b r e a k d o w n  a t  h i g h  p r e s s u r e  

An experimental study of enstatite breakdown 
at high (mantle) pressures provides further 
evidence for large nucleation barriers during 
solid-solid reactions (Hogrefe et al. 1994). 
Under equilibrium conditions (at 1200-1500°C), 
MgSiOs enstatite should react first to /3- 
Mg2SiO4 (wadsleyite) + stishovite at 15-16 GPa 
(160-170kbar), then to 7-Mg2SiO4 (ringwood- 
ite) + stishovite at higher pressure and at still 
higher pressures, MgSiO3 ilmenite becomes the 
stable phase (Fig. 6a). Hogrefe et al. (1994) 
performed a series of experiments on hot-pressed 
forsteri te÷enstat i te  samples at 16-21 GPa and 
1000-1650°C for times up to 30h using a 
multianvil apparatus. The polymorphic trans- 
formation of the forsterite to wadsleyite or 
ringwoodite was rapid at all conditions, which 
meant that only stishovite nucleation was 
required for the enstatite grains to react. How- 
ever, at pressures below 21 GPa stishovite only 
nucleated when the temperature exceeded 
1500°C; nucleation was incoherent and the 
relatively wide spacing of stishovite grains at 
these conditions (Fig. 6b, see below) indicates 
that the stishovite nucleation rate was low. At 
lower temperatures, in the wadsleyite + stisho- 
vite stability field, enstatite survived as a 
metastable phase because stishovite failed to 
nucleate even though the conditions overstepped 
the equilibrium boundary by as much as 2-3 GPa 
(20-30kbar). At higher pressure (21GPa), the 
polymorphic transformation of enstatite directly 

Fig. 6. (a) MgSiO3 phase diagram showing that 
enstatite should break down to Mg2SiO4 
wadsleyite + stishovite (St) at 14 16 GPa and < 1700°C 
under equilibrium conditions (after Sawamoto 1987). 
The symbols show the P - T  conditions of the kinetic 
experiments of Hogrefe et al. (1994) on hot-pressed 
enstatite + forsterite aggregates: open circles, no 
reaction of enstatite; filled circle, partial reaction to 
wadsleyite + stishovite; filled squares, polymorphic 
transformation of enstatite to MgSiO3 ilmenite. The 
two thick grey lines delineate the minimum P - T  
conditions required for the nucleation of (A) ilmenite 
and (B) stishovite (one of the Mg2SiO4 polymorphs, 
either wadsleyite or ringwoodite, formed by 
transformation of forsterite in all experiments). These 
results show that metastable enstatite can survive at 
pressures as much as 40 kbar outside of its stability 
field because of the failure of stishovite to nucleate; 
stishovite nucleation was only observed in one 
experiment, at 1550°C and 19GPa. (b) Transmission 
electron micrograph showing stishovite grains (St) 
which nucleated on enstatite (En) at 1550°C and 
19 GPa. The surrounding Mg2SiO4 wadsleyite (Wad) 
has formed mainly by the transformation of forsterite 
(after Hogrefe et al. 1994). 

to ilmenite occurred and was kineticaily much 
easier than the reactions involving stishovite 
nucleation. The ilmenite subsequently reacted to 
the lower-pressure assemblage of ringwoodi- 
t e +  stishovite (Hogrefe et al. 1994), possibly 
due to a localized pressure drop caused by the 
large volume decrease (c. 12%) of the enstatite- 
ilmenite transformation. In this case the new 
phases nucleated rapidly on ilmenite to form 
symplectites consisting of very closely spaced 
lamellae. Conclusions of these results are as 
follows. (1) The nucleation of stishovite on 
enstatite occurs incoherently because of large 
dissimilarities between the structures of the two 
phases; nucleation may be very sluggish because 
the structural dissimilarities cause the interfacial 
energy to be high. (2) The relatively rapid 
nucleation of stishovite on ilmenite may be due 
to structural similarities (e.g. Si is octahedrally 
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coordinated in both phases) which cause the 
interfacial energy to be low. These preliminary 
results emphasize the importance of structural 
similarities between reactant and product phases 
in controlling nucleation kinetics through the 
magnitudes of interfacial energy and/or strain 
energy (Worden et al. 1992). 

Dehydration and melting reactions 

D e h y d r a t i o n  r e a c t i o n s  

It is commonly believed that kinetic hindrance 
and metastability during dehydration and melt- 
ing reactions is likely to be minimal during 
metamorphism, especially in comparison with 
solid-solid reactions. In addition to being based 
partly on intuition, such a belief has resulted 
from some experimental studies. For example, 
Schramke et al. (1987) studied the kinetics of the 
dehydration reaction: 

muscovite + quartz 

--~ andalusite + K-feldspar + H20 (R1) 

and found that reaction rates are fast on an 
experimental time scale even at conditions close 
to the equilibrium phase boundary (Fig. 7). 
Based on an extrapolation of their experimental 
results, Schramke et al. (1987) concluded that 
this reaction would rapidly reach completion 
during metamorphism even when the equili- 
brium phase boundary is overstepped by only 
TC.  This conclusion is the result of the experi- 
mental methodology used and is not supported 
by another experimental study, as discussed 
below. The starting materials in the experiments 
of Schramke et al. (1987) consisted of muscovite, 
quartz, andalusite, K-feldspar and water with 
the crystalline phases being in the form of sieved 
powders. The use of this starting material 
eliminates the need for nucleation because the 
product phases are already present at the start of 
each experiment; therefore the possibility that 
significant nucleation barriers might exist can- 
not be evaluated from these experiments. The 
fast reaction rates are a consequence of using 
powdered samples together with large quantities 
of H20 (c. 20wt%, which is equivalent to 
c.45vo1%) which causes interface reactions 
between the crystalline phases and the hydrous 
fluid (i.e. dissolution or precipitation) to be rate- 
controlling (Schramke et al. 1987; see also Wood 
& Walther (1983) for a discussion of the kinetics 
of such processes). 

The mechanisms and kinetics of the break- 
down of muscovi te+quar tz  have also been 
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Fig. 7. Phase diagram for the system K20-A1203- 
SiO2-H20 showing the equilibrium phase boundary 
for the dehydration reaction: muscovite + quartz 
(Ms + Qtz) --+ K-feldspar + aluminosilicate + H20 
(Kfs + Als + V). The approximate position of the 
low-pressure metastable extension of the reaction 
Ms + Qtz ---+ Als + liquid (L) is shown as a dashed line. 
The broken lines labelled 'SKL' show conditions 
estimated by Schramke et al. (1987) to be required 
for the dehydration of muscovite + quartz 
(by reaction RI) to reach 10% and 50% completion 
respectively in 4 days. The filled squares show the 
conditions of the experiments of Brearley & Rubie 
(1990) on muscovite + quartz; in this latter study, only 
trace amounts of metastable melt had formed after 
2 months at 680°C (after Brearley & Rubie 1990). 

studied using cylindrical cores of a quartz- 
muscovite schist (Fig. 8a) as the starting mate- 
rial (Rubie & Brearley 1987, 1990; Brearley & 
RuNe 1990). These experiments were performed 
at 1 kbar over the temperature range 680 760°C 
for times up to 5 months, both with and without 
the addition of I wt% H20 (Fig. 7). Because the 
mica in the starting material was phengitic, the 
reaction which should occur at the experimental 
conditions is: 

phengitic muscovite + quartz 

---+ aluminosilicate + K-feldspar 

+ biotite + H20 (R2) 

The direct and simultaneous nucleation of all the 
product phases was not observed in any of the 
experiments. In all cases, the first phase to 
nucleate was a silicate melt, which formed at 
muscovite-quartz grain boundaries (Fig. 8b) 
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Fig. 8. Reaction of muscovite + quartz at 1 kbar (after Brearley & RuNe 1990). (a) Optical micrograph (crossed 
polarizers) of the quartz-muscovite schist starting material showing a grain of phengitic muscovite (c. 0.5 mm 
long) enclosed in a quartz matrix. (b) Transmission electron micrograph showing an early stage of reaction in 
which a layer of melt, less than l #m wide, has formed along the grain boundary between quartz and muscovite. 
Note that the muscovite surface consists of segments parallel to (001) separated by distinct ledges; the dissolution 
of muscovite into the melt probably occurs by the lateral migration of these ledges. (c) Backscattered electron 
image (BSEI) showing a later stage of reaction in which the melt layer has widened and biotite grains (white) have 
started to nucleate. The nucleation of biotite is concentrated close to high surface energy regions of the muscovite 
boundary where the density of ledges (as seen in (b)) is high (29 h at 760°C and 1 kbar; HzO-saturated). (d) BSEI 
showing the localized nucleation of mullite which occurs after biotite has nucleated (29 h at 760°C and 1 kbar; 
H20-saturated). Abbreviations: Ms, muscovite; Q, quartz; L, melt; B, biotite; M, mullite. 

and also occasionally at intracrystalline sites in 
muscovite. In the experiments with 1 wt% H20 
added, K-feldspar was never observed as a 
product phase. Instead a metastable melting 
reaction occurred which produced melt, mullite 
and biotite (Rubie & Brearley 1987; Brearley & 
Rubie 1990). As discussed below, these phases 
nucleated sequentially and not simultaneously. 
At the lowest temperature (680°C), the melting 
reaction was extremely sluggish and after 6-8 
weeks only a thin layer of melt, c. 0.3 #m wide, 
had formed along muscovite-quartz grain 
boundaries (Fig. 8b). At the highest temperature 
(760°C) the melting reaction reached completion 
after about 2 weeks (by consuming all the 
muscovite) and the metastable product phases 
persisted at these conditions for times up to 
5 months. In the experiments without added 
H20, the reaction was also very sluggish. Silli- 

manite, K-feldspar and biotite were observed as 
product phases but metastable melt was also 
always present. After 2 months at 680°C only a 
very thin melt layer was present, as in the H20- 
added experiments, whereas at 760°C it took 
several months before the muscovite was com- 
pletely consumed by melt, sillimanite, mullite, 
K-feldspar and biotite. 

With respect to reaction (R2), the study of 
Brearley & Rubie (1990) indicates that there is 
a very large energy barrier involved in the 
simultaneous nucleation of aluminosilicate+ 
K-feldspar + biotite in low-porosity rocks with 
tight grain boundaries. Energetically it is much 
easier for metastable melt to nucleate first and 
then other phases (stable or metastable) to 
nucleate subsequently (and also sequentially, as 
discussed below). It is also energetically easier 
for metastable mullite to nucleate instead of 
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the stable aluminosilicate phase, as was also 
observed by Grapes (1986) in a study of 
muscovite breakdown in rapidly heated pelitic 
xenoliths from volcanic rocks. Once metastable 
phases form, they tend to persist (as in the 
high-pressure rocks from Monte Mucrone 
discussed above) because the driving force neces- 
sary to produce the stable equilibrium assem- 
blage has been significantly reduced (Ruble & 
Brearley 1987). 

There is a huge difference between the reac- 
tion rates observed in the respective studies of 
Schramke et al. (1987) and Brearley & Ruble 
(1990). For example, at 680°C and l kbar 
(conditions which overstep the equilibrium 
boundaries R1 and R2 by 130-150°C), reaction 
(R2) did not even start in the latter study after 
2 months; instead, very limited amounts of 
metastable melt formed (Fig. 8a). In contrast, 
the data of Schramke et al. (1987) suggest that 
more than 50% reaction should occur at these 
conditions within 4 days (Fig. 7). The experi- 
ments of the latter study did not require 
nucleation and the sluggishness of nucleation 
in the starting material of Brearley & Ruble 
(1990) was at least partly responsible for these 
contrasting results. Even if Schramke et al. 
(1987) had attempted to study nucleation by 
omitting one or more of the product phases from 
their starting materials, the results are unlikely 
to have been comparable. This is because 
nucleation occurs much more easily at surface- 
fluid interfaces than on grain boundaries (Ruble 
& Thompson 1985). In addition, growth kinetics 
are likely to be very different in the two types 
of starting materials. In the experiments of 
Schramke et al. (1987) growth was controlled 
by surface reactions between H20 and the 
crystalline phases and was very fast. In a 
quartz-muscovite rock (e.g. Fig. 7a), if the 
product phases were able to eventually nucleate 
without metastable melt forming, growth would 
be controlled by grain-boundary diffusion (even 
in the H20-saturated case) and could therefore 
be orders of magnitude slower (Ruble 1986). 

Not all dehydration reactions involve sluggish 
nucleation kinetics. For example, Rutter & 
Brodie (1988) observed experimentally that 
nucleation during the reaction serpentine--+ 
olivine + talc + H20 occurs within a few degrees 
of the equilibrium boundary. Worden et al. 
(1991) also concluded that little overstepping is 
required from a study of the same reaction in a 
contact-metamorphic aureole. The very small 
oversteps required for nucleation during this 
reaction, compared with the large oversteps 
required for muscovite breakdown, may be 
related to differences in the strain and interfacial 

energies. Such differences are likely to be caused 
by the degree of structural mismatch between 
the reactant and product phases in the respective 
reactions, as discussed above. 

M e l t i n g  reac t ions  

The experimental study of Brearley & Ruble 
(1990) also provides an insight into the kinetics 
of nucleation during incongruous melting reac- 
tions, as discussed by Ruble & Brearley (1990). 
Under water-saturated conditions at 1 kbar, the 
observed reaction was: 

phengitic muscovite + quartz + H20 

---+ melt + mullite + biotite (R3) 

The product phases of this reaction did not form 
simultaneously during melting but nucleated 
sequentially as shown in Figs 8 and 9. Melt 
was the first phase to nucleate and developed as 
a thin layer along quartz-muscovite grain 
boundaries. Biotite nucleated next after a time- 
dependent incubation period that consisted of 
a few hours at 760°C (Fig. 8c); however, at 
680°C nucleation was not observed even after 
2 months. The incubation period for mullite 
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Fig. 9. Temperature time-transformation (TTT)  
diagram showing the time-dependence of biotite and 
mullite reaction during the reaction phengitic 
muscovite + quartz ~ melt + mullite + biotite in the 
presence of excess quartz. Open circles, only melt 
present; half-filled circles, melt 4-biotite present; filled 
circles, melt + biotite 4- mullite present. At 680°C melt 
is the only phase to have nucleated after 2 months. 
Abbreviations: Ms, muscovite; Bi, biotite; Mul, 
mullite; L, melt (after Ruble & Brearley 1990). 
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nucleation was longer, was also temperature 
dependent, and varied from <30 h at 760°C to 
c. 1 month at 720°C (Fig. 8d); mullite nucleation 
was also never observed at 680°C. Although 
all three phases had nucleated after 6 weeks 
at the intermediate temperature of 720°C, the 
rarity of biotite and mullite grains indicates that 
the nucleation of these phases is very slug- 
gish at this temperature. Even at the highest 
temperature (760°C), the initial nucleation of 
biotite and mullite generally occurs locally at 
high-energy sites, such as muscovite-melt inter- 
faces which are oriented at a high angle to the 
(001) basal planes of muscovite. It is notable 
that at the lowest temperature (680°C), both 
biotite and mullite failed to nucleate even after 2 
months, even though melt was present. 

The sequential nucleation behaviour has an 
important effect on the kinetics of melting. Prior 
to mullite nucleation, the extent of melting is 
very limited because the melt becomes super- 
saturated in the mullite component and musco- 
vite dissolution effectively ceases. Following 
mullite nucleation, the rate of melting becomes 
relatively fast and is controlled by multicompo- 
nent diffusion through the reaction zone of 
melt + crystals (Rubie & Brearley 1990). 

A comparable reaction to (R3) in the K 2 0 -  
A1203-SiO2-H20 system (but with sillimanite 
as a product phase) is only stable at pres- 
sures above 5kbar. At l kbar and 680-760°C 
the metastable extension of this reaction bound- 
ary must be overstepped (Fig. 7) in order to 
explain the observed melting reaction. Because 
the exact position of this metastable boundary is 
unknown, the amount of overstepping is also 
uncertain. However, assuming that the bound- 
ary lies at a slightly lower temperature than 
680°C, the above results indicate that incubation 
periods are significant on a laboratory time scale 
even with an overstepping of 40°C (Fig. 9). The 
extrapolation of the nucleation curves shown in 
Fig. 9 to lower temperatures and longer time 
scales is highly uncertain. However, because 
the theoretical dependence of nucleation rates 
on overstepping is exponential (see above), the 
overstepping required for nucleation to occur 
on a geological time scale may not be signifi- 
cantly less than for nucleation on a laboratory 
time scale. In this case, incongruent melting 
reactions, involving the nucleation of new crys- 
talline phases, might also require oversteps of 
tens of degrees in the Earth. The possibility 
of significant overstepping also being required 
for melt nucleation during eutectoid melting 
reactions has been discussed by Rubie & Brearley 
(1990); in this case the proposed mechanism 
for metastability under supersolidus conditions 

involves a lack of mutual contact between the 
reactant phases. 

Summary and discussion 

The examples discussed above demonstrate that 
nucleation during a variety of solid-solid, 
dehydration and melting reactions can be a 
very sluggish process, even on geological time 
scales. This is particularly so when more than 
one new phase has to nucleate and when the 
structural differences between the reactant and 
product phases are large. 

During polymorphic phase transformations 
(such as calcite to aragonite and olivine to silicate 
spinel) equilibrium boundaries typically need 
to be overstepped by 2-4kbar  for nucleation 
to occur experimentally. This estimate applies to 
well-annealed polycrystalline materials. Nuclea- 
tion during high-pressure experiments in which 
the starting materials consist of powders may 
require smaller oversteps because of the high 
density of defects which develop during the pres- 
surization and compaction of powders (Brearley 
et al. 1992). However, significant nucleation 
barriers still exist (e.g. Zhang et  al. 1996). Even 
in annealed polycrystals, nucleation rates can be 
very sensitive to the grain-boundary structure 
and therefore to the extent of pre-transforma- 
tion annealing (Mosenfelder 1996). 

In the case of reactions with multiple product 
phases, much larger oversteps can be required for 
nucleation. Plagioclase, for example, can survive 
for millions of years at 20kbar and 600°C, 
in the stability field of jadei te+grossular+ 
kyanite+quartz,  without any of these phases 
nucleating. This is in spite of a large thermo- 
dynamic driving force for reaction due to the 
initial plagioclase breakdown reaction being 
overstepped by >7kbar  at these conditions 
(Fig. 3a). Even when hydrous fluid becomes 
available, only zoisite is able to nucleate easily at 
intracrystalline sites in plagioclase. The other 
phases of the hydrous breakdown react ion-  
jadeite, kyanite and qua r t z -  only nucleate at 
sites which are energetically favourable, such as 
the walls of fluid-filled fractures. 

In an experimental investigation of the dehy- 
dration reaction phengitic muscovite + quartz ---+ 
aluminosilicate + K-feldspar + biotite + H20 at 
1 kbar, the direct nucleation of the product 
phases was never observed. Even at temperature 
oversteps of >120°C, muscovite+quartz per- 
sisted as metastable phases for times up to 
2 months, with only trace amounts of metastable 
silicate melt forming along muscovite-quartz 
grain boundaries. At higher oversteps (c. 200°C), 
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reaction was rapid but usually involved the 
nucleation and growth of metastable phases; 
when aluminosilicate, K-feldspar and biotite did 
nucleate, it was always via an intermediate 
metastable melt phase. In contrast, very small 
oversteps are required for nucleation during 
the dehydration reaction serpentine --+ olivine + 
t a l c + H 2 0  (Rutter & Brodie 1988; WoMen 
et al. 1991). 

Even nucleation during melting reactions 
can require considerable overstepping in experi- 
mental studies, especially if multiple product 
phases have to form. The nucleation of prod- 
uct phases does not occur simultaneously but 
rather sequentially. Whether significant over- 
stepping occurs on geological time scales is 
currently uncertain, although this is possible as 
a consequence of several different mechanisms 
(see Ruble & Brearley 1990). 

The simultaneous nucleation of multiple 
phases requires the highly ordered separation of 
chemical components through diffusion to spe- 
cific sites. However, until the phases have 
actually nucleated, there can be no well-defined 
chemical potential gradients that are required for 
these components to diffuse in the correct 
direction. The development of the correct con- 
centration of components for the nucleation of 
one of the phases at a given site is a chance 
event to which, in principle, a statistical prob- 
ability can be assigned. The chances of develop- 
ing the critical component concentrations that 
are required for several different phases nucleat- 
ing at multiple sites simultaneously is evidently 
extremely small. 

When metamorphic reactions occur under 
marked disequilibrium conditions (i.e. at large 
pressure or temperature oversteps of equilibrium 
conditions), due to delayed nucleation, reaction 
rates can be very fast. This is at least partly 
because the driving force for transformation 
(AG~) is large under such conditions. When 
nucleation is catalysed by fluid influx under 
disequilibrium conditions (as in the Allalin meta- 
gabbro), the presence of fluid will also contribute 
to fast reaction rates. Delayed nucleation during 
metamorphism is also likely to result in rapid 
rates of partial melting during metamorphism. 
This is because under disequilibrium conditions, 
when the temperature significantly oversteps the 
equilibrium boundary, the melting rate becomes 
controlled by kinetic factors (e.g. diffusion) 
rather than by the rate of regional heat flow 
(see Rubie & Brearley 1990). 

A consequence of rapid reaction rates occur- 
ring under disequilibrium conditions is that 
metastable phases are likely to form instead of 
the stable mineral assemblage, as predicted by the 

Ostwald step rule (e.g. Putnis & McConnell 1980; 
RuNe & Brearley 1987). The formation of 
jadeitic pyroxenes in gabbros and quartz diorites 
during high-pressure metamorphism in the Wes- 
tern Alps is one example, as discussed above. 
A further example of such behaviour is the 
metastable melting of muscovite + quartz under 
sub-solidus conditions which occurs experimen- 
tally because the stable phases (K-feldspar+ 
aluminosilicate + biotite) fail to nucleate. 

Once metastable phases have formed, the ther- 
modynamic driving force for forming the sta- 
ble assemblage is reduced (because of the 
reduction in free energy). This means that 
the metastable phases may persist on long time 
scales even during high-strain ductile defor- 
mation in the presence of hydrous fluid. 
Metastable phases persisted in both examples 
mentioned in the previous paragraph. The 
orthogneisses at Monte Mucrone, which were 
derived from metaquartz diorite by deforma- 
tion accompanied by fluid influx, are a parti- 
cularly good example of the survival of phases 
(pyroxene and garnet) with metastable com- 
positions through regional metamorphism 
(Koons et al. 1987). i f  such phases are not 
recognized as being metastable, the application 
of thermobarometric techniques will clearly 
result in incorrect estimates of the P - T  paths 
followed during metamorphism. 

I thank S. Chakraborty and M. Riedel for constructive 
reviews, S. Karato, L. Kerschhofer, J. Mosenfelder, 
P. O'Brien, T. Sharp and F. Seifert for helpful discus- 
sions, A. Brearley for providing Fig. 8b. 
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Chemical and volume changes during deformation and 
prograde metamorphism of sediments 

R. H. V E R N O N  
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Abstract: A long-standing problem is the extent of selective removal of chemical components 
and the amount of volume loss during the formation of slaty and crenulation cleavages 
during prograde metamorphism of sediments. Heterogeneous deformation leads to the 
formation of strongly deformed phyllosilicate-rich (P) domains and less deformed quartz- 
rich (Q) domains. The rocks generally show evidence of solution of quartz in P domains and 
addition of quartz in Q domains. The problem is whether the subtractions and additions 
balance or whether silica is lost from the system on the metre or broader scales. Structural 
studies tend to favour volume loss, whereas chemical studies tend to favour no volume loss. 
This review indicates that it is not yet possible to determine which of these views is correct. 
Deformation heterogeneity and fluid activity on a range of scales may play an important part 
in the development of slaty cleavage, suggesting the need for a detailed coordinated study, in 
which structural geologists and geochemists study identical material from the same 
sedimentary beds, in different parts of folds. 

Local compositional changes may develop adjacent to quartz veins, and some aluminous 
('pseudopelitic') mineral assemblages may develop in igneous rocks by base-cation leaching 
before or during metamorphism. However, broad chemical changes with metamorphic 
grade are difficult to determine, owing to protolith variation on all scales, although much 
more detailed chemical work with good geological control remains to be done. Marked 
local protolith variability may also hamper attempts to determine the chemical effects of 
cleavage formation. 

As the density of metamorphic rocks increases generally with increasing grade, inferred 
conservation of mass on a regional scale implies loss of volume, which conceivably could be 
accommodated by collapse during deformation. Inferred volume loss implies a mass loss 
appropriate to the density increase. Inferred volume conservation implies regional mass 
gain, which is intuitively less probable. Marked chemical and volume changes occur when 
partial melts are removed at highest metamorphic grades. 

Long-standing problems in the investigation of 
prograde metasedimentary rocks have been 
to determine: (1) the amount and scale of 
bulk chemical change and volume loss, if any, 
and (2) the relationship of such changes to 
metamorphism. 

The controversy especially applies to slaty 
cleavage, but also to differentiated crenulation 
foliations at higher metamorphic grades. Most 
work has concentrated on slates, because (1) solu- 
tion processes dominate at low metamorphic 
grades and (2) detrital grains and/or fossils com- 
monly serve as markers of strain and degree of 
solution. However, crenulations at intermediate 
and high grades of metamorphism are com- 
monly strongly compositionally differentiated, 
so that the possibility of solution transfer and 
selective volume loss must be considered at all 
metamorphic grades. 

The problem is to determine with confidence 
whether material demonstrably dissolved from 
high-strain domains rich in layer silicates has 
been deposited in adjacent low-strain domains 
rich in quartz, or whether it has been removed 
from the local domainal system, at least on the 

mesoscopic (metre) scale, perhaps to form the 
quartz veins that are so abundant in slate belts. 
The difficulty has not yet been resolved. The 
following questions will be addressed, both in 
general terms and with reference to specific areas. 

(1) What is the structural evidence for mass 
and/or volume loss? The underlying 
assumption is that the shapes and sizes of 
strain markers are well enough known. 

(2) What is the chemical evidence for mass and/ 
or volume loss? The underlying assumption 
is that certain chemical elements are immo- 
bile enough to serve as constants when 
comparing the compositions of cleavage 
domains. 

In an attempt to answer these questions, this 
review begins with a discussion and evaluation 
of the controversy about the formation of 'slaty 
cleavage' in low-grade rocks (slates and phyl- 
lites) and 'crenulation cleavage' in higher-grade 
rocks (schists and some gneisses). Detailed 
investigations of cleavage development in several 
areas will be reviewed, after which the present 
state of the controversy will be discussed. Then a 
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shorter discussion of problems involving crenu- 
lation cleavage in higher-grade schists is fol- 
lowed by a discussion of the evidence, scale and 
timing of bulk chemical changes not specifically 
related to foliation development. The review 
concludes with a brief discussion of local con- 
trols on chemical composition and consequent 
effects on local 'effective reaction volumes', as 
well as a mention of rocks hydrothermally 
altered before and during metamorphism to 
form 'pseudopelitic' compositions. 

Deformation partitioning 

Slates, phyllites and some schists typically have a 
lenticular, foliated domainal structure ('slaty 
cleavage') that reflects the tendency of deforma- 
tion to be partitioned into high- and low-strain 
domains, called "P' (or 'M') and 'Q' domains, 
respectively (Figs 1-6). The P domains are 
generally rich in aligned white mica, chlorite, 
and/or fine-grained, dark, carbonaceous and/or 
iron titanium oxide aggregates, and anastomose 
around Q domains that commonly consist of 
detrital quartz grains, with feldspar in some 

Fig. 1. Slate and siltstone beds with strong 
compositional layering approximately parallel to the 
axial surfaces of crenulation folds at Bermagui, SE 
Australia. The dark seams are concentrations of P 
domains in attenuated fold limbs. Knife is 9 cm long. 

rocks, and less aligned phyllosilicate grains. This 
separation into compositionally distinct domains 
is generally called 'metamorphic differentiation' 
(Stillwell 1918). P domains may be intensified 
adjacent to larger clasts (e.g. Woodland 1985, 
figs 8a, 8b), presumably owing to greater stress 
and/or strain concentration at these sites. Some P 
domains consist largely of interlayered white 
mica-chlorite 'stacks' of controversial origin, 
possibly representing much-modified detrital 
clay or chlorite clasts in many instances (Beutner 
1978; Roy 1978; Gregg 1986). 

Also common in slates and phyllites, as well as 
higher-grade schists, is 'crenulation cleavage', 
which is similarly differentiated into Q and P 
domains (Figs 7 10), and develops in previously 
foliated rocks. The P domains in slaty cleavages 
tend to have sharper boundaries and anastomose 
more than crenulation cleavages (Williams 1990, 
p. 273). However, in many slates, the dominant, 
apparently first cleavage (identified as a 'slaty 
cleavage' in the field or hand specimen) is in fact 
a crenulation, either of a bedding-parallel folia- 
tion (Knipe & White 1977; Knipe 1981; Weber 
1981) or an earlier tectonic foliation that is 
broadly sub-parallel to bedding, but in detail 
oblique to it (Powell & Rickard 1985). Grada- 
tions from slaty to crenulation cleavages and vice 
versa are common (e.g. Williams 1972, 1990; Bell 
& Rubenach 1983), and P domains rich in fine- 
grained dark material in some slates resemble 
stylolitic solution seams (e.g. Williams 1990). 
Figures 7 and 8 show folia (crenulation cleavage) 
rich in opaque material crenulating earlier folia 
(slaty cleavage) with similar dark concentrations, 
indicating that very similar or identical meta- 
morphic differentiation processes can occur in 
both styles of cleavage development. 

Therefore, both slaty and crenulation clea- 
vages can be discussed in relation to the problem 
of compositional and volume changes. However, 
though some slaty cleavages may develop at very 
early or even premetamorphic conditions, most 
crenulation cleavages develop at metamorphic 
conditions of the greenschist facies and above. 
Consequently, crenulation cleavages in medium- 
to high-grade schists will be discussed separately 
from slaty cleavage in this review. 

Generally, P domains are interpreted as 
insoluble residues resulting from the solution 
of quartz or carbonate (as discussed later), 
generally with evidence of neocrystallization of 
phyllosilicates (or sillimanite at highest grades of 
metamorphism) parallel to the foliation. Though 
some curvature of phyllosilicate grains at the 
edges of Q domains into P domains is common, 
old phyllosilicate grains statistically parallel to 
an earlier foliation or bedding generally appear 
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Fig. 2. Slate and silty slate beds with strong compositional layering approximately parallel to the axial surfaces 
of crenulation folds at Bermagui, SE Australia. The clark seams are concentrations of P domains in attenuated 
fold limbs. 

Fig. 3. Strong compositional layering oblique to 
bedding at Bermagui, SE Australia. The dark seams 
are concentrations of P domains in attenuated fold 
limbs, and remnants of quartz veins have been partly 
dissolved along the folia. Knife is 9 cm long. 

to have been dissolved against the developing P 
domains (e.g. Lee et al. 1986). 

In some slates and schists, the Q domains 
appear to be largely unmodified, showing detrital 
microstructures (e.g. Williams 1972; Etheridge 

et  al. 1983, fig. 2), as shown in Figs 5 and 6, 
whereas in other slates and some metasand- 
stones, the quartz grains in the Q domains have 
overgrowths of quartz or of quartz-phyllosili- 
cate 'beards' extending parallel to the cleavage 
(e.g. Powell 1969, figs 3, 5; Williams 1972; 
Brandon et al. 1994), as shown in Fig. 4. In 
many slates, the quartz clasts in Q domains 
are only weakly deformed or non-deformed, 
with only slight to no undulose extinction and 
little or no evidence of recrystallization; this 
indicates that their change into elongate shapes 
parallel to the cleavage is due largely to solution, 
rather than crystal-plastic processes (e.g. Wil- 
liams 1972; Gray 1978; Bell 1978; Gregg 1985). 

In slates in which detrital microstructures are 
preserved in Q domains, the metamorphic differ- 
entiation is dominated by grain rotation and 
diffusion processes (e.g. Williams 1972), whereas 
in other slates and phyllites, as well as in 
crenulation cleavages, recrystallization and neo- 
crystallization dominate (Beutner 1978; Bell 
1978; Lee et  al. 1986; Etheridge & Lee 1975), 
probably with some grain rotation. It appears 
that the process of metamorphic differentiation 
in these rocks involves diffusion through static 
fluid, fluid flow or both, because solid diffusion 
is too slow (e.g. Fyfe & Kerrich 1985). 

Some slates have chlorite-white mica 'stacks' 
with their cleavages oriented obliquely to the 
slaty cleavage. Beutner (1978) suggested a 
primary origin, but the 'stacks' do not resemble 
typical unmodified detrital mica clasts (Gregg 
1986), which tend to be very thin, owing to 
splitting along the cleavage during transport. 
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Fig. 4. Dark solution seams (P domains) between clay-rich, chert and recrystallized quartz clasts, which have 
been truncated by the seams and which have quartz-phyllosilicate 'beards' parallel to the foliation. Foothills 
terrane, central Sierra Nevada, California, USA. Plane-polarized light; base of photo 2.6mm. 

Fig. 5. Slate, with prominent slaty cleavage cutting obliquely an earlier, vaguely defined compositional layering 
(probably sedimentary bedding) marked mainly by variations in the concentration of fine-grained opaque 
(probably carbonaceous) material. Thin dark folia (P domains), composed mainly of phyllosilicates and 
(?)carbonaceous material, anastomose around detrital grains that are now lenticular and elongate in the cleavage, 
owing to solution; some have 'beards'. A marked domainal microstructure results from the compositional and 
microstructural contrasts between the folia (P domains) and the clast-rich lenses (Q domains). Plane-polarized 
light; base of photo 6 mm. 
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Fig. 6. Sandy siltstone (above) and silty shale (below), containing angular clasts of quartz, feldspar and 
phyllosilicates. A slaty cleavage is relatively well developed in the shale bed, but is more spaced in thin, 
anastomosing folia (P domains) in the siltstone bed. Quartz and feldspar clasts made lenticular by solution are 
parallel to the cleavage and bent detrital phyllosilicate grains are oblique to it. Plane-polarized light; base of 
photo 6 ram. 

Fig. 7. Bed of siltstone (right) with weakly developed slaty cleavage and slate (left) with well-developed slaty and 
crenulation cleavages. Fine-grained, opaque, carbonaceous material has been concentrated as discontinuous folia 
in both the slaty and crenulation cleavages, indicating that similar processes operated in the formation of both. 
Foothills terrane, central Sierra Nevada, California, USA. Plane-polarized light; base of photo 6.3 ram. 



220 R. H. V E R N O N  

Fig. 8. Crenulated slate clast in metasiltstone, showing strong concentrations of opaque material in the 
attenuated limbs of the microfolds, and a finely domainal slaty cleavage preserved in the hinge zones. Foothills 
terrane, central Sierra Nevada, California, USA. Plane-polarized light; base of photo 0.9 mm. 

Fig. 9. Crenulation folds in a low-grade mica schist, with some strongly attenuated limbs, in which fine-grained 
mica-rich and opaque aggregates have been concentrated, forming a relatively spaced, discontinuous crenulation 
cleavage. These concentrations probably represent relatively insoluble material remaining after solution and 
removal of soluble minerals, especially quartz. Opaque material has been particularly concentrated in a high- 
strain zone (bottom). Plane-polarized light; base of photo 6 mm. 
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Fig. 10. Folded quartz-rich and mica-rich beds in a schist. A crenulation cleavage has been developed only in the 
mica schist (left and bottom-right). Mica has been concentrated in the attenuated limbs of the microfolds, 
implying removal of quartz. The earlier foliation, which has been crenulated, may be a bedding-parallel fissility, 
but is probably a slaty cleavage. Plane-polarized light; base of photo 6 mm. 

In contrast, many 'stacks' are much thicker 
perpendicular to their cleavage than parallel to 
it, reflecting their growth in Q domains during 
development of the slaty cleavage. This inter- 
pretation implies that migration and deposition 
of phyllosilicate components into Q domains 
occurs during the development of slaty cleavage 
in some rocks. Several workers have interpreted 
the 'stacks' as primary clasts modified by 
fracturing and growth of secondary phyllosili- 
cate (Roy 1978; van der Pluijm & Kaars- 
Sijpesteijn 1984; Milodowski & Zalasiewicz 
1991; Clark & Fisher 1995). Clark & Fisher 
(1995) found that two chlorite compositions 
occur in the 'stacks', which they interpreted as 
reflecting clastic and secondary chlorite. This 
implies that the detrital chlorite compositions 
did not equilibrate at the conditions at which the 
cleavage was formed. 

Slaty cleavage 

Premetamorphic and early 

metamorphic changes 

Sedimentary (pretectonic) compaction during 
dewatering can account for around 50% 

volume loss in slates (Oertel 1970; Ramsay & 
Wood 1973; Beutner 1978; Beutner & Charles 
1985; Paterson et al. 1995). Though cleavages 
may form in sedimentary slumps (e.g. Paterson 
& Tobsisch 1993), compaction is not generally 
associated with cleavage development, unless it 
continues during the early stages of folding, as 
axial-surface cleavages initiate. If slaty cleavage 
can form mechanically during dewatering in this 
way, the consequent volume change should not 
result in bulk chemical change. Theoretically 
this could explain at least some of the discre- 
pancy between structural and chemical studies, 
discussed later. However, once compositional 
differentiation between layers begins to develop, 
regardless of the mechanism, the question of 
mass and volume change arises. 

As mentioned above, incipient cleavages have 
been observed in unconsolidated sediments 
(e.g. Moore & Geigle 1974; Paterson et al. 1995), 
especially in slumps (Williams et al. 1969; Malt- 
man 1981; Paterson & Tobisch 1993), the folia- 
tion being formed mainly by rotation of existing 
phyllosilicates, which is a mechanism for form- 
ing slaty cleavage suggested by Sorby (1853). 
The problem is to determine how much of the 
volume loss associated with slaty cleavage 
formation inferred by some structural studies 
(discussed below) is related to premetamorphic 
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and early metamorphic stages of development, 
and how much to later stages that are typically 
regarded as being metamorphic (e.g. at greens- 
chist facies conditions). Compaction dewatering 
is not relevant to the formation of crenulation 
cleavages at higher metamorphic grades. 

Maxwell (1962) inferred that slaty cleavage in 
the Martinsburg Formation, New Jersey, was 
formed by bodily rotation of phyllosilicate grains 
during tectonic dewatering of unconsolidated 
pelitic sediments- a hypothesis subsequently 
applied by several others (e.g. Moench 1966; 
Carson 1968; Powell 1969; 1972a, b; Clark 1970; 
Alterman 1973; Moore 1973; Roy 1978). How- 
ever, more recent work (e.g. Epstein & Epstein 
1969; Boulter 1974; Geiser 1975; Etheridge & Lee 
1975; Holeywell & Tullis 1975; Groshong 1976; 
Bell 1978; Williams 1983) has favoured solution 
of old grains and neocrystallization to form the 
cleavage in these and other rocks, although some 
grain rotation is usually accepted. 

For example, Holeywell & Tullis (1975) 
inferred that slaty cleavage in the Martinsburg 
Formation at Lehigh Gap, Pennsylvania, could 
not have been formed by mechanical grain 
rotation because: (1) the orientations of phyllo- 
silicate grains change abruptly from bedding- 
parallel to cleavage-parallel, and (2) individual 
bedding-paralM phyllosilicate grains may be 
truncated abruptly by cleavage folia. However, 
by combining scanning electron microscopy 
(SEM), X-ray diffraction, optical studies and 
X-ray texture goniometry, Ho et al. (1995) 
showed that the orientations of mica and chlor- 
ite grains change gradually from mudstone to 
slate in the Martinsburg Formation at Lehigh 
Gap. They suggested that mechanical reorienta- 
tion of phyllosilicates, accompanied by solution- 
neocrystallization was important in the early 
stages of cleavage formation, whereas solution- 
neocrystallization dominated at later stages, 
accounting for the observations of Holeywell & 
Tullis (1975). 

Bell (1985) calculated that deformed lapilli 
tufts in the English Lake District were initially 
diagenetically compacted normal to bedding, 
after which cleavage developed tectonically, 
initially by uniaxial volume reduction normal 
to the incipient cleavage, which involved poros- 
ity reduction, clast rotation and early meta- 
morphic dewatering reactions; this was 
incrementally replaced by plane-strain deforma- 
tion, which conserved volume. However, Boulter 
(1986) showed that the data can also be 
explained by plane strain, with moderate incre- 
mental volume loss, superimposed on variable 
compaction strains. This discrepancy in inter- 
pretation illustrates the problem of inferring 

strain histories and assigning ratios of prelithi- 
fication to tectonic strain in cleavage formation. 
As stated by Paterson et al. (1995), 'strain paths 
in pelitic rocks always include early compaction, 
which may be followed by an episode of 
simultaneous compaction and plane strain in 
accretionary wedges and by a variety of other 
types of strain in other settings.' 

Beutner (1978) suggested the following 
sequence of events for the development of slaty 
cleavage in the Martinsburg Slate in New Jersey, 
USA: (1) sedimentary compaction, accounting 
for about 50% volume reduction; (2) layer- 
parallel shortening of around 25% before and 
during the early stages of buckle folding, 
associated with around 10% volume loss accom- 
panying an increase in density from 2.5 (shale) to 
2.8 (slate), as discussed by Wood (1974), 
although some of the volume loss could have 
occurred later; (3) limb rotation and (4)flattening 
(of around 50%) and cleavage development as 
limb rotation was retarded and material was 
forced out of the fold cores. This last deforma- 
tion was accomplished by (i) solution of quartz 
(Groshong 1976) and phyllosilicate minerals, 
especially where they impinged on growing 
cleavage films, and (ii) growth of new mica 
grains in the films (P domains) and new mica, 
chlorite and quartz grains between the films 
(Q domains). Because the average orientation of 
detrital chlorite grains remains parallel to bed- 
ding, and because fibrous 'beards' on the 
chlorite grains are parallel to each other and to 
the slaty cleavage, Beutner (1978) suggested that 
grain rotation during prelithification dewatering 
was not a major factor in the formation of the 
slaty cleavage, inferring that corrosion, diffusion 
transfer and neocrystallization were the control- 
ling mechanisms. 

Similarly, Bell (1978) suggested that slaty 
cleavage in the Adelaide Geosyncline was 
formed largely by solution of quartz and bed- 
ding-parallel phyllosilicates, coupled with growth 
of new mica parallel to the cleavage, though some 
grain rotation was inferred to have occurred also. 
Mancktelow (1979) agreed that the phyllosili- 
cates in these rocks were not mechanically 
rotated, suggesting that the new biotite grains 
nucleated and grew in the cleavage. 

Deformation of detrital, bedding-parallel 
phyllosilicate grains may produce kink bands 
parallel to the cleavage (Bell 1978; van der 
Pluijm & Kaars-Sijpesteijn 1984). Growth of 
these segments (van der Pluijm & Kaars- 
Sijpesteijn 1984) and/or nucleation of new mica 
grains parallel to them (Bell 1978) could lead to 
oriented mica aggregates in developing P 
domains. These interpretations of observations 
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of natural examples support models for mica 
preferred orientation suggested by Etheridge & 
Hobbs (1974) and Williams et al. (1977). Bell 
(1978, fig. 19) also observed mica aggregates 
that appeared to have grown along kink bands 
in detrital quartz grains. Norris & Rupke (1986) 
observed evidence of crenulation, kinking, bend- 
ing and fracturing of detrital mica grains, and 
suggested that rotation of these grains provided 
nuclei in orientations suitable for growth of 
cleavage mica grains. They followed Knipe 
(1981) in suggesting that growth of the cleavage 
mica would be enhanced by strain energy and 
small size of the deformed detrital grains, and by 
greater ease of diffusion parallel to the aligned 
mica grains. 

Knipe & White (1977), Knipe (1981) and 
Weber (1981) showed, from SEM studies on 
Welsh and German slates, respectively, that the 
earlier stages of cleavage formation may involve 
crenulation of earlier (e.g. bedding-parallel) 
foliations, after which syndeformational neo- 
crystallization of phyllosilicates in the new 
foliation becomes the dominant mechanism. 
Evidence of the earlier crenulations may be 
largely obliterated as the cleavage develops, but 
some of the evidence of grain rotation in slates 
that mainly show evidence of neocrystallization 
conceivably could be preserved from this earlier 
stage of development. Maltman (1981) also 
described examples of the first cleavage invol- 
ving crenulation of a strong bedding-parallel 
alignment of phyllosilicates. 

In fact, many recent investigations (e.g. Wil- 
liams 1972; Wood 1974; Gray 1978; Gregg 1985; 
Knipe 1981; White & Knipe 1978; Bell 1978; 
Beutner 1978; Woodland 1985; Lee et al. 1986) 
have inferred that most of the phyllosilicate 
alignment and cleavage development occurs by 
recrystallization and neocrystallization, as well 
as grain rotation, but essentially in the solid 
state, after most or all of the dewatering. 
Furthermore, chemical reactions are intimately 
involved with at least the later stages of the 
formation of slaty cleavage, which therefore 
cannot be regarded as a purely mechanical 
process. 

Nevertheless, several studies have shown that 
cleavages may initiate mechanically during dia- 
genesis and continue to develop by chemical 
-mechanical processes during low-grade meta- 
morphism, in accretionary complexes (e.g. Wil- 
liams et  al. 1969; Spang et  al. 1979; Mackenzie 
et  al. 1987; Tranter 1992), tectonic m61anges 
(Hammond 1987) and thrust sheets (Boyer 1984). 
For example, cleavage in deformed sedimentary 
rocks can be formed entirely by mechanical 
rotation of detrital grains (e.g. Williams et al. 

1969; Paterson & Tobisch 1993). Mackenzie 
et  al. (1987, p. 355) related the early develop- 
ment of cleavage ('penetrative networks of shear 
zones') to dewatering, noting that spatial varia- 
tions in rock type, porosity or degree of com- 
paction between adjacent beds, or even within 
the same bed, could permit intergranular flow in 
one place and fracturing in another. They also 
noted that progressive burial would lead to more 
ductile deformation. Piqu6 (1982) related degree 
of strain and cleavage formation to intensity of 
metamorphism, and emphasized that cleavage 
formation may well be a complex and progres- 
sive mechanism, involving mechanical rotation 
and shape changes of detrital minerals (mostly 
by pressure solution at very low-grade meta- 
morphism) and also syntectonic recrystalliza- 
tion. Tranter (1992) traced a progression from 
particulate flow and cataclasis in poorly lithified 
sediments, through the development of perva- 
sive cleavages at greenschist and blueschist facies 
conditions, to local crystal-plastic deformation; 
he also noted that fluids were important, as 
evidenced by solution features and 'beards' on 
clastic grains. Spang et  al. (1979) described 
evidence of solution of clasts, local deposition in 
strain shadows, and rotation and passive con- 
centration of clay minerals in anastomosing 
cleavage seams, at 150-280°C. Lee et  al. (1986) 
inferred that slaty cleavage formation in the 
Martinsburg Slate at Lehigh Gap, Pennsylvania, 
involved the destruction of metastable minerals 
and the formation of ordered, more stable 
minerals in a low-temperature (c. 225°C) meta- 
morphic environment. 

Gregg (1985) investigated the development of 
P domains in weakly cleaved rocks, showing 
that mica film segments nucleated in favourable 
locations along clastic grain boundaries, linked 
up, and gradually extended into more contin- 
uous folia. The films initiated as optically 
resolvable mica grains showing no evidence of 
the kinking or fraying that would be expected if 
they were mechanically rotated detrital grains; 
however, their optical similarity to mica grains 
aligned parallel to bedding in uncleaved rocks 
suggests that they may be former detrital grains 
recrystallized in the new orientation. The films 
were inferred to thicken by the solution of 
adjacent clastic grains and the residual accumu- 
lation of phyllosilicates (neocrystallized) and 
opaque minerals along the boundaries. The 
preferred orientation of mica progressively 
increased in the developing P domains until the 
later stages, when recrystallization produced 
more random, decussate aggregates. However, 
other authors have presented evidence of grain 
rotation, at least in the early stages of cleavage 
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formation (e.g. Knipe & White 1977; Roy 1978; 
Bell 1978; Gray 1979; Knipe 1979, 1981; White 
& Johnston 1981; van der Pluijm & Kaars- 
Sijpesteijn 1984). 

Kisch (1989) has reviewed evidence that well- 
developed, closely spaced, continuous slaty 
cleavage initiates at very low grades of meta- 
morphism, generally at low- to mid-'anchimeta- 
morphic' grades, though in different areas it may 
appear at high diagenetic to 'epimetamorphic' 
grades. However, its appearance does not 
correlate well with the degree of metamorphism 
as indicated by illite 'crystallinity', which may 
reflect differences in initial fabric, pre-existing 
illite crystallinity or time relationships between 
deformation and metamorphism. 

These observations indicate that (1) cleavages, 
with compositional differentiation, may begin to 
develop at sub-metamorphic temperatures, and 
continue to develop with prograde metamorph- 
ism, and (2) mechanical rotation of detrital 
grains may dominate in the earlier stages, 
whereas solution and neocrystallization domi- 
nate in the later, probably most important, 
stages of cleavage development. 

Evidence of solution in and 
against P domains 

Much mesoscopic and microscopic evidence 
exists for solution and transfer of material 
during the formation of foliations in meta- 
morphic rocks (e.g. Plessman 1964; Williams 

1972; Gray 1977, 1981; Vernon 1987). For 
example, the following primary structures may 
be partly removed by solution, the remnants 
being transected by dark seams of residual 
material: fossils (e.g. Siddans 1972, fig. 17), 
oolites (Durney 1972; p. 316), worm burrows 
(Wright & Henderson 1992), sand volcanoes and 
dewatering pipes (Wright & Henderson 1992), 
quartz and other detrital grains (Williams 1972; 
Gray 1978; Bell 1978), zoned plagioclase grains 
(Vernon et al. 1987), and early quartz veins 
(e.g. Wright & Henderson 1992). Figures 3, 4, 6, 
11 and 12 show solution features. 

Moreover, abrupt transitions fi'om Q to P 
domains in many slates (e.g. Bell 1978; Beutner 
1978; Lee et  al. 1986) suggest that solution of 
strained old grains (quartz and phyllosilicates) 
and neocrystallization of cleavage phyllosilicates 
are the main processes involved, at least in 
the later stages of development of many slaty 
cleavages, rather than mechanical rotation 
(e.g. Etheridge & Lee 1975; Bell 1978; Gregg 
1985; Woodland 1985; Lee et al. 1986). 

Evidence of deposition in Q domains 

Relatively clear features indicating deposition 
in Q domains include: 'beard structures' 
(Figs 4, 13), fibre growths (Gray & Willman 
1991b; Gray & Wright 1984), and quartz over- 
growths on detrital quartz grains (e.g. Williams 
1972; Powell 1969; Gregg 1985; Sutton 1991). 
Mica layers in chlorite-mica 'stacks' in Q 
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Fig. 11. Chlorite oolith partly removed by solution, Swiss Alps. Plane-polarized light; base of photo 3.5 mm. 
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Fig. 12. Removal of part of folded quartz veins by solution along curved dark seam approximately parallel to the 
fine slaty cleavage. Plane-polarized light; base of photo 3.5 ram. 
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Fig. 13. Mica 'pressure shadows' parallel to slaty cleavage adjacent to a magnetite porphyroblast  in a micaceous 
graphitic slate. The strongly heterogeneous (domainal) structure of the slaty cleavage is due to the marked 
contrast between thin, dark, relatively continuous folia and the more leucocratic lenses composed of clasts, their 
strain shadows and quartz-phyllosilicate 'beards', as well as poorly aligned phyllosilicate-rich aggregates. Plane- 
polarized light; base of photo 6 mm. 
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domains have also been attributed to deposition 
during slaty cleavage formation, as mentioned 
previously. Evidence of precipitation in some P 
domains has also been observed (e.g. Waldron & 
Sandiford 1988; Sutton 1991). 

However, absence of these structures may not 
disprove deposition, if extensive recrystallization 
and obliteration of original grain shapes in the Q 
domains can be demonstrated. This applies 
especially to crenulation cleavages, but is less 
likely to apply to slaty cleavages, in which Q 
domains may have original detrital structures 
(e.g. Williams 1972). 

Thus, slates show abundant evidence of 
solution, especially of silica-forming P domains, 
and some show evidence of deposition in Q 
domains. The question is whether the system is 
effectively closed (except for water) or whether 
volume and/or bulk chemical changes occur 
during slaty cleavage development, on the 
mesoscopic (metre) scale. 

Local variations in mineral compositions 

Chemical differences between phyllosilicates in P 
and Q domains have been observed (e.g. Boulter 
& RS, heim 1974; Stephens et al. 1979; Knipe 
1979, 1981; White & Johnston 1981; Lee et al. 
1986; Sutton 1991). For example, White & John- 
ston (1981) found that the mica in P domains is 
more phengitic than that in Q domains, inferring 
that the mica in the P domains reflects meta- 
morphic equilibration, whereas the mica in Q 
domains retains its diagenetic composition. This 
implies that the mica in Q domains did not 
equilibrate with mica in P domains and hence 
did not equilibrate with fluids during cleavage 
formation. This could be taken to suggest that 
solutions passing along the P domains generally 
do not enter the Q domains, which consequently 
remain essentially unmodified, or at least much 
less modified, during the cleavage-forming pro- 
cess; in fact, some of the phyllosilicates in the Q 
domains could be inherited or diagenetic, where- 
as those in P domains are metamorphic. This 
interpretation is supported by the occurrence of 
unmodified detrital structures in the Q domains 
of some slates (e.g., Williams, 1972, 1990, 
p. 275). However, local penetration of fluid 
from P to Q domains is suggested by growth 
of new mica in phyllosilicate 'stacks', as well as 
the abundant evidence of deposition on clastic 
quartz grains. 

An alternative explanation to disequilibrium 
is that the phengitic mica occurs in P domains 
because it has a smaller molar volume than 
muscovite, so that its growth is favoured in 

strongly shortened domains (C.V. Guidotti, 
pers. comm., work in progress). 

The problem of compositional change and 
volume loss in slaty cleavage formation 

Much controversy exists about the extent of 
compositional change and volume loss during 
the formation of slaty cleavage. From deformed 
reduction spots in Welsh slates, Sorby (1853) 
estimated 50% volume loss. More modern 
estimates range from little or no volume loss 
(e.g. Erslev & Mann 1984; Waldron & Sandiford 
1988; Wintsch et al. 1991; Gray et al. 1991; 
Kanagawa 1991; Erslev & Ward 1993) to 20% 
(Ramsay & Wood 1973), 30-50% (Sutton & 
Land 1996), 33-55% (Brandon et al. 1994), 50% 
(Wright & Platt 1982; Beutner & Charles 1985), 
55% (Goldstein et al. 1995) and 60% (Wright & 
Henderson 1992). 

Estimates based on microstructures and geo- 
metrical features involving strain markers 
generally indicate large local volume losses, 
whereas estimates based on chemical ratios and 
isotopes generally indicate negligible losses, as 
discussed by Wright & Henderson (1992). This 
major dichotomy between interpretations result- 
ing from structural and chemical approaches 
needs to be examined and hopefully resolved. 
Studies of slaty cleavage in some specific areas 
will be discussed first, and then the general 
problem will be addressed. 

B e r m a g u i ,  S E  Aus t ra l ia  

Williams (1972) described strongly composition- 
ally differentiated, predominantly axial-surface 
foliations in Lower Palaeozoic greenschist facies 
metapelites (phyllites and slates) and metasand- 
stones at Bermagui, NSW (Figs 1-3). Using the 
shapes of detrital quartz grains, he inferred that 
solution occurred in high-strain fold limbs 
producing very elongate quartz grain shapes in 
layer silicate-rich domains (P domains), leaving 
unmodified or only slightly modified detrital 
grain shapes in the hinge areas (microlithons or 
Q domains), which are richer in silica. The 
differentiated layering developed in slaty clea- 
vage, crenulation cleavage and primary bedding 
laminations, so that the various foliation styles 
are gradational. Williams (1972) inferred that 
the compositional layering developed from 
originally homogeneous rock during deforma- 
tion, and that transfer of silica dissolved from 
micaceous (P) domains was not restricted to 
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movement between adjacent domains, but 
occurred at least on the scale of individual 
mesoscopic folds. 

Meguma Group, Nova Scotia 

Wright & Henderson (1992) presented a very 
detailed analysis of strain and volume loss in 
lower greenschist facies (chlorite grade) slates of 
the Meguma Group, Nova Scotia, Canada. 
They used silt-filled worm burrows as 'palaeo- 
plumblines' that originally were at large angles 
to bedding. On bedding surfaces, the burrows 
show elliptical sections, with the long axes of the 
ellipses parallel to the trace of the slaty cleavage. 
Their aspect ratios average more than 2:1, 
regardless of bedding dip, indicating that the 
bedding-plane distortion accompanying clea- 
vage formation occurred before flexural folding. 
To avoid the non-coaxial strain accumulation 
that has occurred on the limbs of the later folds, 
observations were confined to the hinge regions, 
where bedding and cleavage are at right angles, 
and where the layer-parallel cleavage formation 
was unaffected by the folding. Assuming that the 
original separation of the burrows was linearly 
related to the burrow diameter, the normalized 
centre-to-centre distances between paired bur- 
rows indicate bedding-parallel shortening of 
60% (Z = 0.4) 

Wright & Henderson (1992) used buckled, 
early tectonic, bedding-parallel quartz veins and 
carbonate beds to provide estimates of layer- 
parallel shortening in rocks showing abundant 
other evidence of 'pressure solution'. Compar- 
ison of initial and final bed lengths (assuming no 
homogeneous layer-parallel shortening) indi- 
cated bedding-parallel shortening of 40-60% 
(Z=0.6-0.4),  which is similar to the amount 
of shortening indicated by deformed worm 
burrows. 

The observations indicated 60% bedding- 
parallel shortening (Z) by solution-transfer, 
without evidence of any extension parallel to 
fold hinges (Y). Estimation of tectonic vertical 
extension (X) in the cleavage plane is compli- 
cated by corrections for diagenetic compaction 
that need to be made to primary strain markers, 
but it is insufficient to compensate for the 60% 
shortening in Z. The suggestion is that 40-60% 
volume loss occurred during the formation of 
slaty cleavage. 

Wright & Henderson (1992, p. 289) pointed 
out an apparent paradox, in that they inferred 
60% bedding-parallel shortening by solution- 
transfer in slates that had subsequently under- 
gone buckle folding. The former implies no or 

low competence contrast between beds, whereas 
the latter requires relatively high contrast. How- 
ever, if solution-transfer occurs at lower local 
stresses than those required to cause buckling 
instabilities, the local stresses may be relieved 
entirely by solution-transfer and the rocks could 
shorten without folding, despite high compe- 
tence contrasts between the layers. Once it 
becomes too difficult to remove material by 
solution-transfer, stress could locally rise to the 
level at which buckling occurs, and folding may 
take over as the main shortening process. 

N W  Cascades and San Juan Islands, 

Washington, USA 

Brandon et al. (1994) carried out a detailed 
microstructural analysis of deformed fine- and 
medium-grained sandstones in the NW Cascades 
and San Jaun Islands, Washington, USA, with a 
view to determining volume strain and mass loss 
associated with the development of solution- 
mass-transfer cleavage, using detrital grains as 
strain markers. 

The sandstones show truncated detrital 
grains, discontinuous anastomosing folia, and 
directed fibre overgrowths of quartz, chlorite 
and phengite. First-cycle quartz clasts of volca- 
nic provenance show no undulose extinction 
or sub-grains, indicating that dislocation glide 
was unimportant and suggesting that solution- 
mass-transfer was the dominant deformation 
mechanism. Grains were shortened by grain- 
boundary solution and extended by precipita- 
tion of the directed fibre overgrowths. Brandon 
et al. (1994) inferred that, because the fibres ai:e 
parallel to the folia, the deformation was 
approximately coaxial and so the cleavage did 
not form by simple shear. 

Brandon et al. (1994) made a three-dimen- 
sional study of grain shapes, determining modes 
with an automated micrometre-stepping micro- 
scope. Both the XY and XZ sections show well- 
organized fibre overgrowths oriented in the 
same direction. They inferred that the maximum 
extensional stretch is related to the modal 
abundance of fibre overgrowths, and determined 
that local strains have a prolate symmetry and 
are weakly constrictional. The largest distortion 
is associated with shortening in the Z direction. 
The volume loss was calculated to be 33-55%. 

Castlemaine Supergroup, SE Australia 

Lower Ordovician slates and metapsammites in 
the Bendigo-Ballarat zone of the Lachlan Fold 
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belt in central Victoria, Australia, have been 
intensely investigated, in an attempt to deter- 
mine the extent of volume loss during foliation 
development. The rocks of the Lachlan Fold 
Belt have been shortened 50-70% by folding, 
cleavage development and faulting (Gray & 
Willman 1991a). A strong slaty cleavage occurs 
in metapelites (slates) and a spaced cleavage 
occurs in metapsammites. 

Evidence and arguments in favour of volume 
loss during cleavage development have been 
presented by Stephens et al. (1979) and Cox 
et  al. (1983), whereas the opposite viewpoint has 
been presented by Waldron & Sandiford (1988), 
Binns & Eames (1989), Gray et al. (1991) and 
Tan et al. (1995). An attempt to rationalize these 
diametrically opposed interpretations has been 
made by Cox et al. (1991). 

Stephens et  al. (1979) compared chemical 
analyses of P and Q domains in metamorphically 
differentiated slates from Clunes. The results 
imply volume losses of more than 40% from P 
domains. If these were losses from the bulk rock, 
the implication is that 15-20% of the total 
volume was lost on the hand-specimen scale. The 
shapes of detrital quartz and albite grains are 
better preserved in Q domains, which is incon- 
sistent with addition of quartz and albite to these 
domains. Corroded boundaries of quartz grains 
in Q domains, as well as absence of overgrowths 
on albite clasts, are also inconsistent with 
transfer of material from P to Q domains; in 
fact, grain shapes suggest limited removal, rather 
than addition of material in Q layers. 

Trains of Ti-rich oxide grains along P layers 
may have been passively accumulated by 
removal of more soluble material, following 
interpretations of Plessman (1964) and Gray 
(1977). Veins of quartz (+chlorite) and carbo- 
nate have been regarded as logical 'sinks' for 
expelled material. The development of P 
domains depends on positions in mesoscopic 
folds in the metasiltstones and metapelites, but is 
independent of fold position in the metasand- 
stones, in which folds are generally absent at the 
scale of observation. 

The P layers are richer than the Q layers in all 
elements except Si, Na and Mn. Calculations 
suggest that formation of the P domains 
involved _>40% losses of Na, Si, Mn and Ca, 
15-40% losses of P, total Fe, Mg and A1, < 15% 
losses of Zr and Y, and < 15% addition of K, 
assuming that Ti was completely immobile; 
Stephens et  al. (1979) inferred that this was so, 
as Ti shows the highest enrichment factor of the 
more immobile elements: Ti, Zr, A1 and Y. 
Stephens et  al. (1979) argued that since the P 
layers occupy 10-20% of the rock volume, and 

since the Ti values indicate a loss of about 50% 
from each P layer, the total volume loss was 
around 10-20% of the original rock volume. 
This is a minimum estimate, because of probable 
removal of some material from Q layers as well 
as P layers. 

White & Johnston (1981) examined the micro- 
structure of metapelites and metasiltstones with 
dark, anastomosing P domains from the Wattle 
Gully gold mine in the Chewton area, finding 
that the dark colour may be due to 'staining' 
rather than concentration of opaque material, as 
some P domains have fewer opaque grains than 
some Q domains. The Q domains show no 
optical evidence of quartz deformation, although 
transmission electron microscopy shows some 
deformed and recrystallized grains. Quartz over- 
growths are common in the Q domains. 

Chlorite-mica 'stacks' suggest growth of 
chlorite during cleavage development. The cleav- 
age developed from microcrenulations, mainly 
by crystallization processes, supported by 'pres- 
sure solution' and mechanical rotation. In the 
P domains, some phyllosilicate grains are 
deformed and strongly aligned, whereas others 
are not deformed and are commonly transgres- 
sive, suggesting growth of new grains. Thus, it 
appears that phyllosilicates in P domains were 
concentrated by localized metamorphic reac- 
tions rather than by passive accumulation. 
White & Johnston (1981) observed that mica 
and chlorite have different compositions in P 
and Q domains, as discussed previously. 

Gray & Willman (1991b) carried out strain 
determinations on slates containing graptolites 
on bedding planes and 'pressure shadows' on 
framboidal pyrite, which indicated plane-strain 
deformation on the hand-specimen scale, with 
volume losses of < 10%. However, small errors 
in the estimation of strain in the Y direction can 
change volume loss estimates from small to zero 
(Gray et al. 1991). 

From a combination of chemical and micro- 
structural criteria, Waldron & Sandiford (1988) 
concluded that no volume loss occurred during 
cleavage formation in metasandstones of the 
Ballarat slate belt. They found that the deforma- 
tion involved plane strain on the hand-specimen 
scale. Evidently, the deformation mainly 
involved solution transfer, as quartz shows 
optical evidence of only minor plastic deforma- 
tion in the form of slight undulose extinction 
and rare recrystallization. In both XZ and YZ 
sections, detrital quartz grains are elongate in 
both P and Q domains, but the mean aspect 
ratios of grains in P domains is twice that in Q 
domains, i.e. solution occurred in both domains, 
but lrmch more in P domains. 
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Waldron & Sandiford (1988) isolated and 
analysed separate P and Q domains for major 
and trace elements. They followed Stephens 
et al. (1979) in proposing that Ti and Zr were 
chemically inert during cleavage development, 
so that the relative concentration of these 
elements in P and Q domains should provide 
an independent estimate of strain partitioning 
by solution-transfer. They found that Ti, Y, Nb, 
Hf, Th, Zr and REE are concentrated in P 
domains by a factor of two, owing to passive 
accumulation of zircon, rutile and apatite, and 
so inferred that these elements were immobile 
during cleavage formation. They concluded that 
Si, Sr, Na, Fe, Mg and possibly A1 were 
partitioned into Q domains, relative to the 
inert elements, whereas K, Rb and V were 
partitioned into P domains. 

On the basis of microstructural evidence, 
Waldron & Sandiford (1988) estimated that the 
bulk shortening in P domains is approximately 
twice that in Q domains. They stated that 
solution was more rapid in P domains, leading 
to a net volume loss, whereas precipitation 
occurred more rapidly than solution in Q 
domains, leading to a net volume gain. They 
also stated that all the rocks show evidence of 
extension in X. For example, fibrous quartz- 
chlorite overgrowths on detrital quartz grains, 
elongate in X, are abundant in both P and Q 
domains. In addition, Waldron & Sandiford 
(1988) inferred that chlorite overgrowths occur 
on 'pulled-apart' detrital muscovite grains. 
They also observed rare quartz fringes ('pressure 
shadows') elongate in X around pyrite porphyr- 
oblasts. Though the inferred extension in X 
could be quantified in only one sample, using 
quartz overgrowths on pyrite, the finite exten- 
sion associated with cleavage development was 
estimated to have been more than 100%, which 
agrees with the amount of extension predicted 
for constant-volume plane-strain deformation 
dominated by solution-transfer. This conclusion 
contrasts markedly with the inference of Ste- 
phens et al. (1979) and Etheridge et al. (1983) 
that extension is negligible. A corollary of this 
interpretation is that if the Q domains have 
received considerable addition of material, they 
should be richer in quartz than typical non- 
foliated sandstones of this region, which requires 
verification. 

Binns & Eames (1989) found that bulk-rock 
compositions of both metasandstones and meta- 
pelites in more and less cleaved positions on the 
Clunes anticline have uniform compositions, 
suggesting internal redistribution, with negligible 
net loss from the system. Durney & Gray 
(unpublished data, reported by Gray et al. 

(1991) and Tan et al. (1995)) carried out strain 
determinations on three orthogonal sections of a 
metapsammite with striped cleavage that was 
originally used by Stephens et al. (1979), employ- 
ing a modified centre-to-centre (Ramsay & 
Huber 1983) method on quartz grains; they 
found effectively zero volume loss ( -0.4:5 6.0%). 

An attempt to reconcile the divergent obser- 
vations and interpretations on cleaved rocks of 
the Castlemaine Supergroup has been made by 
Cox et al. (1991), whose observations in the 
Castlemaine area indicated that volume loss is 
particularly important in the inner arcs of aren- 
ite units in fold-hinge zones, but may be less 
important in arenite units in fold-limb zones; 
any association between volume Josses and their 
structural position in the slates was not appar- 
ent. Their conclusion does not agree with that of 
Binns & Eames (1989), mentioned previously. 

Cox et al. (1991) found that in the Castle- 
maine area, Q domains generally show little 
microstructural evidence of sufficient extension 
in the cleavage plane to balance volume decrease 
due to solution and removal of material from 
adjacent P domains. For example, for well- 
developed solution cleavage in interlaminated 
metapelite and semipelite, at least 30% short- 
ening has occurred by removal of quartz from P 
domains. Constant-volume plane-strain defor- 
mation requires at least 40% extension at high 
angles to bedding and parallel to the cleavage 
plane. However, fibrous 'beards' on clastic grains 
in Q domains are generally absent, which implies 
several tens of percent volume loss, at least on a 
scale comparable to bed thickness. Though some 
slates have well-developed, short, fibrous quartz- 
mica overgrowths that indicate approximately 
constant-volume deformation, others have no 
overgrowths on pyrite framboids, despite the 
presence of a discrete solution cleavage. 

M a r t i n s b u r g  F o r m a t i o n ,  eas t e rn  U S A  

In the Ordovician Martinsburg Formation, 
central Appalachians, eastern USA, Wright & 
Platt (1982) found that passively deformed 
graptolites record maximum shortening perpen- 
dicular to the slaty cleavage, but are little 
distorted parallel to the cleavage. At large bed- 
ding/cleavage angles, the shortening is 50 to 
70%, but as acute bedding/cleavage angles 
decrease, this apparent shortening in the bedding 
plane decreases according to the sine of the 
bedding/cleavage angle, whereas dimensions 
parallel to cleavage remain unchanged. Where 
bedding and cleavage are parallel on fold limbs, 
the apparent shortening decreases to nearly zero; 
yet there is no evidence for extension in any 
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direction. These observations are consistent with 
a material volume loss of 50%. The loss was 
inferred to have resulted from pressure solution 
of calcite and silicate minerals, as indicated by 
crumpled and broken precleavage veins and 
insoluble residues on cleavage surfaces. How- 
ever, Gray & Wright (1984) reported fibrous 
chlorite overgrowths on pyrite framboids that are 
consistent with some extension parallel to X, and 
Tan et al. (1995) commented that the variably 
deformed samples described by Wright & Platt 
(1982) are from widely separated areas, which 
implies unrealistically homogeneous strain. 

In the Hamburg sequence, along strike from 
the Martinsburg Formation in Pennsylvania, 
Beutner & Charles (1985) measured strain in red 
slates with pale green ellipsoidal reduction spots. 
They assumed that the spots were originally 
spherical and that the elongation is due to 
deformation; this is reasonable, as X, Y and Z 
are all different, whereas X and Y should be 
equal if reduction was mimetic in a pre-existing 
foliation, unless grain alignment parallel to X 
is strong enough to promote elongation of 
the reduction spots. Conodonts occur inside the 
reduction spots, and their spine-like denticles 
and cusps have been pulled apart, providing 
independent true measures of extension in 
various directions inside the spots (which 
themselves provide only strain ratios). The 
gaps in the conodont fragments are filled with 
fibrous quartz, indicating a mean stretch of 
141%. Comparison of extensions indicated by 
the boudinaged conodonts with the shapes of the 
reduction spots on fold limbs and hinges 
indicated that compaction of 44% preceded 
tectonic strain associated with cleavage forma- 
tion. The tectonic strain was estimated as 141% 
extension in X, no change in Y, and 50-59% 
shortening in Z. The tectonic volume loss 
was estimated as 29-42%. The inferred large 
volume loss is reflected in a general lack of 
directed overgrowths on clasts. On the other 
hand, Beutner (1978) found that shortening 
normal to the cleavage was balanced by short- 
ening parallel to the cleavage, indicating no 
volume change. 

Deformation without volume loss in the same 
region has also been inferred by Wintsch et al. 
(1991), who made mass-balance calculations 
based on chemical analyses and relative density 
measurements of 48 mudstones and 26 grey- 
wackes across a 130m strain gradient in the 
mudstone-to-slate transition in the Martinsburg 
Formation at Lehigh Gap, Pennsylvania. Unfor- 
tunately, the transition from mudstone to slate is 
oblique to the bedding (Ho et al. 1995), so that 
direct comparison of strain variation in an 

individual bed cannot be made. Using mini- 
mum-strain samples and A1203 as references, the 
analyses show no loss of SiO2, but large losses of 
CaO, Na, Ba and Sr that are directly propor- 
tional to inferred total strain, reflecting open- 
system behaviour on the kilometre scale for 
these elements. However, large losses in SiO2, 
Na20 and total volume in greywacke/metagrey- 
wacke are balanced by opposite changes in 
adjacent mudstone/slate, reflecting silica mobi- 
lity only on the centimetre scale. Ratios of 
A1203, TiO2, total Fe as FeO, MgO, MnO, Y, V 
and Zr remain constant. The inferred inertness 
of most major components (especially SiO2) over 
the outcrop requires (1) that the fluid composi- 
tion was buffered by the local mineral assem- 
blage (quartz-albite-muscovite-chlorite), (2) a 
small fluid volume, and (3) a gentle P - T  
gradient, down which the fluid travelled. 

Again, the contrast in interpretations made 
from structural and chemical studies is marked, 
although Beutner and co-workers have found 
evidence for volume loss in some places and no 
volume loss in others. Perhaps the suggestion of 
Beutner & Charles (1985, p. 805), that the 
geochemical systems may vary along the Mar- 
tinsburg Formation, may help resolve the con- 
flict. They commented that, although position in 
the orogenic belt and amount of tectonic short- 
ening are comparable, the magnitudes of asso- 
ciated extensions differ greatly. They suggested 
that this variation in the character of the strain 
may be related to differences in the chemical 
systems involved. At sub-greenschist and low- 
greenschist facies conditions, where 'pressure 
solution' appears to be the dominant deforma- 
tion mechanism, large tectonic volume losses 
may correlate with large fluid fluxes and low 
(near-hydrostatic) fluid pressure in open systems, 
whereas small or no volume losses, marked by 
large extensions, may be favoured by higher fluid 
pressures in more nearly closed systems. 

Torlesse Terrane, N e w  Zea land  

Cox (1993) has described the transition from 
non-foliated greywackes through greywacke- 
semischists, to intensely deformed greenschist 
and amphibolite facies schists in the Torlesse 
Terrane, New Zealand. The parent rocks are 
apparently compositionally uniform quartzo- 
feldspathic greywackes and subordinate argil- 
lites. Solution-transfer deformation dominated 
foliation development at lower metamorphic 
grades (prehnite-pumpellyite and pumpellyite- 
actinolite facies), whereas crystal-plastic mechan- 
isms occurred at highest grades (greenschist and 
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lower amphibolite facies). Norris & Bishop 
(1990) estimated 50% shortening accompanying 
the development of slaty cleavage in the semis- 
chists and 70% shortening accompanying the 
development of segregation lamination in the 
schists. Quartz-rich synmetamorphic veins are 
abundant, indicating that silica was highly 
mobile during deformation and metamorphism. 
Mass-balance analysis is consistent with the veins 
being derived from material dissolved from P 
domains during cleavage formation. 

Lower-grade metapelites generally record vol- 
ume losses ( -39%) and metapsammites record 
volume gains (+24%), based on hand specimen 
mass-balance analysis, the proportions of veins, 
selvedges and host rock indicating that mass 
was generally conserved at the outcrop scale. 
Average volume changes determined from 332 
hand specimens over the whole terrane show a 
general tendency for volume loss, increasing 
from -4.7% in semischists to -8.3% in schists 
to -9.1% in the highest-grade rocks. The hand 
specimen losses are balanced by, or are smaller 
than, the proportions of outcropping quartz 
veins. Cox (1993) concluded that deposition 
generally accompanied solution and that silica 
transfer was only local, most remaining in the 
hand-specimen volume. 

At lower metamorphic grades, relatively short 
source-sink distances during solution transfer, 
coupled with relatively small degrees of defor- 
mation, resulted in mass conservation at the 
hand-sample scale. However, at lower greens- 
chist facies conditions, extensive element mobi- 
lity conserved mass at the outcrop or slightly 
broader scale. At upper greenschist facies and 
above, crystal-plastic deformation tends to 
homogenize effects caused by solution-transfer, 
so that mass is again conserved at the hand- 
sample scale. Thus, despite the abundance of 
quartz veins, mass was approximately conserved 
at least at the outcrop scale, and relatively small 
fluid-rock ratios were involved in the deforma- 
tion (Cox 1993). 

This study integrates the structural and 
chemical approaches, and confirms expectations 
that if mass is conserved during prograde 
metamorphism, volume must be lost, in order 
to accommodate the general increase in density 
that accompanies the change from low- to high- 
grade metamorphic rocks. 

Evaluation of controversy regarding volume 
loss during slaty cleavage formation 

As mentioned previously, structural studies 
generally indicate volume loss during foliation 

development, whereas chemical studies com- 
monly do not. As noted by Wright & Henderson 
(1992, p. 289) 

'Just as assumptions about the shape and 
size of strain markers affect geometric meth- 
ods, assumptions about original compositions 
of starting materials affect the chemical 
approach. The approach taken by Erslev & 
Mann (1984) and Wintsch et al. (1991) can 
only measure present compositions of de- 
formed material and relies on one or more 
elements being immobile to provide a means 
of determining the original composition. The 
measured low differential mobility of the 
"immobile" elements is equated to actual 
immobility. However if, these elements are 
removed at an equal rate during cleavage 
development, an undetectable bias could 
cause the volume loss to be underestimated.' 

The problem has not been satisfactorily 
resolved, but the following points need to be 
kept in mind when evaluating the problem of 
volume loss in the formation of slaty cleavage. 

(1) Slates commonly show clear evidence of 
solution and volume loss in P domains. 

(2) Many rocks show no evidence of addition 
of material in Q domains and no extension in X, 
suggesting removal of material on the scale of 
the observed sample. On the other hand, many 
slates show evidence of quartz overgrowths and 
quartz-phyllosilicate 'beards', generally only in 
Q domains, but also in P domains in some 
examples (e.g. Waldron & Sandiford 1988, 
Sutton 1991). Generally, the evidence for over- 
growths and 'beards' is optical and so may be 
indistinct in such fine-grained material, but 
back-scattered scanning electron microscopy 
can show clearer evidence of overgrowths 
(Sutton 1991). 

(3) Chemical studies assume that cleavage is 
planar, whereas P domains anastomose around 
lenticular Q domains. Therefore, assuming that 
the original rock is non-domainal, more material 
must be removed from the ends of Q lenses than 
their centres. 

(4) The structural (geometrical) approach 
assumes that the shapes and sizes of strain 
markers are well enough known; fossils are 
probably the most reliable strain markers, as 
their predeformation shapes are generally 
obtainable, though the effects of pretectonic 
deformation may be difficult to detect in readily 
deformable fossils such as graptolites. Reduction 
spots should provide relatively reliable markers, 
but only if they predate the cleavage. To be 
certain of this, a transition from undeformed 
spots or spots slightly flattened parallel to 
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bedding by compaction, to spots tectonically 
elongated parallel to cleavage, should ideally be 
observed. The local occurrence of vein-like 
reduction patches in some Welsh slates suggests 
that post-cleavage reduction is a possibility, at 
least in some areas. An important problem is the 
extent to which compaction during dewatering 
can account for deformation of strain markers in 
such a way that volume loss during cleavage 
formation could be overestimated. As mentioned 
previously, Beutner & Charles (1985) estimated 
pretectonic compaction by comparing conodont 
extensions with the shapes of reduction spots. 
They presented evidence that the reduction spots 
were not formed mimetically in a foliation, and 
that the conodont extension along with the slaty 
cleavage was post-compaction. However, even if 
the spots were originally spherical, as inferred by 
Beutner & Charles (1985) and Goldstein et al. 
(1995), some of their deformation could have 
occurred during the early stages of folding, 
perhaps before the cleavage was initiated. If so, 
the amount of strain accompanying cleavage for- 
mation would be overestimated by an unknown 
amount. The probablity of compaction and early 
indeterminate complex strain was acknowledged 
by Goldstein et al. (1995), but they inferred that 
most of the ellipsoid deformation was due to a 
strong-late tectonic overprint. The problem of 
prelithification strain could also apply to the the 
use of deformed graptolites as strain markers. 

(5) The chemical approach assumes that 
certain chemical elements (especially Ti, but 
also Zr and A1) are immobile enough to serve as 
constants. Relative immobility of Ti is suggested 
by concentrations of Ti-rich minerals in some P 
domains in slates and schists, but mobility of Ti is 
indicated by some studies of low-temperature 
alteration in mafic rocks (e.g. Hart 1970; Hellman 
& Smith 1979; Philipott & Selverstone 1991) and 
felsic volcanic rocks (Schandl et al. 1990), as well 
as by single-grain veinlets of sphene and ilmenite 
forming folia in some high-temperature mylo- 
nites (Lafrance & Vernon 1993). Solubility of Ti 
at metamorphic conditions is also indicated by 
the experiments of Ayers & Watson (1993). A1 
has also been mobile in many places (e.g. Sykes 
& Moody 1978; Vernon 1979; Vernon et  al. 
1987; Kerrick 1988). Other elements commonly 
assumed to be relatively immobile may also be 
mobile, e.g. REE at sub-greenschist to greens- 
chist facies conditions (Hellman & Smith 1979), 
Zr at low-temperature conditions (Philipott & 
Selverstone 1991) and Zr at high-temperature 
conditions (Altenberger 1996). 

(6) As noted by Wright & Henderson (1992, 
p. 289), the accepted low differential mobility of 
the 'immobile' elements is equated to actual 

immobility in chemical studies of mass and 
volume change. However, if these elements are 
removed at an equal rate during cleavage devel- 
opment, an undetectable bias could be intro- 
duced, and so volume loss could be under- 
estimated. If the rocks show constant A1/Ti 
ratios, immobility of both elements may be more 
confidently inferred (Wintsch et  al. 1991), 
because it is difficult to imagine the mobilities 
of both elements maintaining constant ratios. 
However, in the Lehigh Gap succession referred 
to by Wintsch et  al. (1991), the rocks compared 
are from different sedimentary beds (Ho et al. 
1995, fig. 2), presumably reflecting differences 
in quartz-clay mineral ratios. Thus, constant 
Ti/A1 ratios could simply reflect the restriction 
of both elements to the quartz-poor fraction, 
regardless of variation in the quartz-clay ratio, 
and so would not be a reliable standard for com- 
paring silica loss or gain in deformed and less 
deformed rocks. 

(7) Even if immobility of an element is 
established beyond reasonable doubt, caution 
is needed, because, for example, if the protolith 
contains more than one Al-rich component 
(e.g. clay and chlorite-white mica), 'the ratios 
of individual elements to A1203 in the proto- 
lith a re . . . no t  constant, so element concentra- 
tions normalized to A1203 (or perhaps to other 
immobile elements) in metamorphic rocks need 
not be a sensitive indicator of mobility of those 
elements' (Moss et  al. 1996, p. 503). If so, studies 
that suggest mobility during cleavage formation, 
based on such ratios, may be in error. 

(8) Distinguishing between the effects of 
protolith variation and possible metamorphic 
changes appears to be impractical on all scales 
(except where marked local metasomatism is 
obvious), as emphasized later, and so the bulk 
chemical approach to possible compositional 
changes due to cleavage formation may be 
confronted by similarly insurmountable sam- 
pling problems. 

(9) Structural and chemical comparisons of 
individual domains assume that the P domains 
originally had the composition of the Q domains 
(e.g. Cox 1993), whereas both could have been 
modified during cleavage formation. 

(10) Local volume loss could help accommo- 
date boundary difficulties where slates are 
strongly deformed and shortened against rela- 
tively undeformed metasandstones that show 
sedimentary structures. Fold strain incompat- 
ibilities relieved by volume loss in cleavage 
formation have been discussed by Goldstein 
et  al. (1995). 

(11) Cox et al. (1991) suggested that the 
amount of volume loss may depend on a rock's 
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position in a fold, but Binns & Eames (1989) 
found uniform compositions in more and less 
cleaved rocks. Perhaps volume loss on the hand- 
specimen scale is controlled by a rock's position 
in mesoscopic folds (e.g. Williams 1972), where- 
as this variation is obscure on the scale of 
macroscopic folds, owing to broader original 
(sedimentary) compositional variations. 

(12) Engelder (1984) suggested that open 
systems with volume loss deformation occurred 
higher in the Appalachian succession, and closed 
systems with no volume loss deeper in the 
succession. The evidence of volume loss for the 
Martinsburg Formation presented by Wright & 
Platt (1982) argues against this suggestion, at 
least in its simplest form. However, Beutner & 
Charles (1985) agreed that local variations in 
closed versus open system behaviour could 
account for variations in the evidence for and 
against volume loss. This could explain incon- 
sistencies in the same small area, but only if 
variation in the openness of the system can vary 
very locally, which is possible. Beutner & 
Charles (1985) implied that some parts of a 
deforming unit may be open at the same time as 
other parts are effectively closed, and that this is 
not necessarily related to structural position or 
amount of shortening. This could explain the 
conflict between detailed, evidently reputable 
investigations, referred to previously, that found 
a virtual lack of extension and those that found 
enough extension to preclude volume loss. Tan 
et al. (1995) suggested that the greatest mass loss 
should occur in areas of higher and/or more 
focused fluid flow. Cox et al. (1991) suggested 
that structural position may be the controlling 
factor, though Binns & Eames (1989) inferred 
that structural position has no effect on the 
mesoscopic fold scale. However, the problem is 
to find out what determines whether a system is 
open or closed, and it would be surprising if 
local structural setting did not exert some 
control on this. 

(13) Deformation heterogeneity on all scales 
may play an important part in the development 
of slaty cleavage. If so, the material collected may 
need to be very closely controlled. For example, 
rocks have been sampled from different areas, 
different parts of folds, and folds of different sizes 
and amplitudes. A major, coordinated study, 
in which structural geologists and geochemists 
study identical material from the same sedimen- 
tary beds, examining rocks deformed at different 
scales and in different parts of folds, is needed. 

(14) Too few studies have combined the 
structural and chemical approaches in an even- 
handed way, a notable exception being that of 
Cox (1993). Variation in the amount of volume 

change between and within areas is to be 
expected, but at this stage, agreement between 
the structural and chemical approaches has not 
been reached for any locality in the classical 
slate belts. 

Crenulation foliations in schists 

Partitioning of deformation into composition- 
ally differentiated high- and low-strain domains 
is also a feature of crenulation cleavages 
(e.g. Voll 1960; Nicholson 1966; Williams 1972; 
Cosgrove 1976; Talbot 1964; Hobbs et al. 1976; 
Gray 1977, 1978, 1979), which occur in some 
slates and phyllites, but which are most char- 
acteristic of intermediate- and high-grade meta- 
pelitic schists. The high-strain (P) domains are 
rich in mica, graphite or sillimanite, and form in 
the limb zones of crenulation folia, whereas the 
low-strain (Q) domains are richer in quartz and 
form in the hinge zones of crenulation folia 
(Figs 7-10). The P domains may be relatively 
planar, but typically anastomose around lenti- 
cular Q domains (Fig. 9). Studies of the pro- 
gressive development of crenulation folia have 
shown that mica and/or graphite progressively 
concentrate in the high-strain zones, possibly 
owing to their ability to deform by intergranular 
slip, whereas minerals with less anisotropic 
structures tend to be dissolved and removed 
from these zones (e.g. Bell & Rubenach 1983). 

In crenulated schists, P domains may tran- 
sect partly dissolved porphyroblasts, such as 
garnet (e.g. Vernon 1978; Hara et al. 1984) and 
plagioclase (Hara et  al. 1984). The main ques- 
tion is: where does the dissolved material go? 
A bulk chemical change (e.g. increase in A1 
and K) is implied if it is removed from the 
system (e.g. on the mesoscopic scale), but if it is 
redeposited in the Q domains, no bulk chemical 
change would occur. 

Marlow & Etheridge (1977) traced micro- 
structural, chemical and mineralogical changes 
from non-crenulated, non-differentiated schist to 
crenulated, differentiated schist, over approxi- 
mately 2 cm, in an amphibolite facies schist of the 
Cambrian Kanmantoo Group, South Australia. 
The rocks show no microscopic evidence of 
plastic deformation. The long limbs (P domains) 
of the microfolds are richer in muscovite at the 
expense of biotite, quartz and feldspar, reflecting 
a large increase in A1 and a smaller increase in K 
at the expense of Si, Mg and Fe. The composi- 
tional changes in the short limbs are somewhat 
complementary, but comparison with non- 
crenulated rock 2cm away suggests that the 
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formation of the differentiated layering involved 
bulk chemical change, mainly depletion in Mg 
and Fe. The most notable change is the marked 
increase in muscovite in the P domains. 

The main problem is that the microstructure 
of the non-crenulated to weakly crenulated area 
looks very similar or identical to that of the P 
domains in the crenulated areas. Moreover, 
mineral grains are larger and more equidimen- 
sional in the Q domains than in the non- 
crenulated rock. Therefore, if this really is a 
change from non-differentiated to differentiated 
schist, the Q domains must have been modified 
much more than the P domains and, if so, the Q 
domains must have developed by addition of 
material. An alternative explanation is that the P 
domains and the non-crenulated zones represent 
more deformed material (possibly reactivated 
zones), whereas the Q domains are less deformed 
relics. In any event, the non-crenulated zones 
probably should not be regarded as unmodified, 
precrenulation material. 

Mancktelow (1994) compared the bulk 
chemical composition of isolated zones of crenu- 
lation cleavage and adjacent relatively homo- 
geneous slate from three localities. He showed 
that the crenulated and uncrenulated zones are 
generally compositionally similar, and inferred 
that marked bulk volume change is not a pre- 
requisite for the development of crenulation 
cleavage, although a volume loss of 35-40%, 
by removal of silica, occurred in the formation of 
the crenulated zone in a sample from the Mosel 

Valley. The problem with this investigation, as 
with that of Marlow & Etheridge (1977), is that 
absence of simultaneous deformation (e.g. shear- 
ing and/or flattening) in the non-crenulated 
zones cannot be assumed, in which case chemical 
composition and volume may have been affected 
in both crenulated and non-crenulated zones. 

Glen (1982) examined in detail the shapes, 
sizes and proportions of minerals in Q and P 
domains in a crenulated schist in the Broken Hill 
area, Australia. He measured both XZ and YZ 
sections, finding that quartz was dissolved from 
both domains. However, silica did not migrate 
from P into Q domains. Though some silica was 
used to form muscovite from biotite, the rest was 
inferred to have left the system on the hand- 
specimen scale. 

Sillimanite folia 

Sillimanite folia are common in high-grade 
metapelites (Figs 14, 15). Some may represent 
deformed pseudomorphs of andalusite, but many 
appear to be residual concentrations in high- 
strain zones (P domains) in crenulation limbs 
(Vernon 1987). Thus, they may be analogous to 
mica concentrations in crenulated schists. If so, 
they could reflect local selective removal of 
components, perhaps by base-cation leaching 
(Vernon 1979, 1987), though the possibility 
of some addition of A1 to the folia cannot be 
dismissed. 

Fig. 14. Folia of sillimanite (P domains) anastomosing around lenticular Q domains containing variable 
proportions of garnet, quartz, K-feldspar and cordierite, with sillimanite and biotite that tend to be aligned 
oblique to the main foliation. Biotite-sillimanite-garnet gneiss, Broken Hill, Australia. Plane-polarized light; 
base of photo 4.4mm. 
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Fig. 15. Folia of fibrous sillimanite (P domains) anastomosing around Q domains in a quartz-andalusite- 
sillimanite-sulphide schist, Big Bell Mine, Western Australia. Plane-polarized light; base of photo 12mm. 

Fig. 16. Dark, anastomosing, relatively discontinuous micaceous-carbonaceous folia concentrated around biotite 
porphyroblasts in a schist from the Picuris Range, New Mexico, USA. The folia may have nucleated on the 
porphyroblasts and have since been intensified by strain and solution of quartz adjacent to them. Plane-polarized 
light; base of photo 12 mm. 

Localization and intensification of P 
domains by porphyroblasts 

Gratier (1979) showed by electron microprobe 
analysis that quartz, calcite and dolomite were 
preferentially dissolved and removed from more 
intensely deformed parts of crenulated metasedi- 
ments (i.e. adjacent to relatively strong objects 

and in tight to pinched fold hinges), leaving 
behind concentrations of relatively insoluble 
chlorite and illite. Volume decreases accompany 
the compositional changes (Gratier 1983). Simi- 
lar effects are common around porphyroblasts, 
dark, mica-rich seams occurring where the 
matrix foliation is most strongly compressed 
against the porphyroblasts (Figs 16-18). The 
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Fig. 17. Dark, anastomosing, relatively continuous micaceous-carbonaceous folia (P domains) anastomosing 
around Q domains consisting of andalusite porphyroblasts and their strain shadows, some of which show residual 
crenulations, in a schist from the Pyrenees, Spain. The P domains have been intensified around the 
porphyroblasts, owing to concentrated strain and consequent solution of quartz. Plane-polarized light; base of 
photo 13 ram. 

Fig. 18. Mica-rich concentrations (P domains) adjacent to and between porphyroblasts of cordierite in a schist 
from the Foothills terrane, central Sierra Nevada, California, USA. Plane-polarized light; base of photo 6 mm. 
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seams appear to be the result of pressure solution 
and selective removal of components, leaving 
residual mica and graphite, as in the formation of 
many crenulation cleavages. This has meta- 
morphic implications, as discussed below. 

Effective reaction volumes in 
prograde metamorphism 

When a volume of rock becomes isolated from 
reaction, either by growth of porphyroblasts 
that do not take part in later prograde reactions 
or by solution and removal of selective chemical 
components from P domains, the remaining 
volume of the rock becomes the potential 
'effective reaction volume' for subsequent pro- 
grade reactions. Thus, prograde metamorphism 
need not be isochemical, as far as the effective 
reactive system is concerned, even if no bulk 
chemical changes occur. 

Porphyroblasts of minerals such as cordierite, 
garnet, staurolite, andalusite and K-feldspar 
commonly grow during prograde metamorph- 
ism of metapelitic rocks. Because of their high 
strength and large size, porphyroblasts force 
deformation to be partitioned into the matrix, 
because they tend to resist deformation/recrys- 
tallization. Therefore, they may escape partici- 
pation in later prograde reactions (except 
perhaps for solution, recrystallization and 
change in mineral composition at their margins), 
thereby altering the chemical composition 
of the effective reacting system. On the other 
hand, reactions may become localized within 
porphyroblasts, especially in retrograde meta- 
morphism. For example, Clarke et  al. (1995) 
observed evidence for the reaction andalusite + 
biotite +water = staurolite + chlorite + muscovite 
+corundum being restricted to andalusite por- 
phyroblasts devoid of quartz inclusions, so that 
corundum grew despite the presence of quartz in 
the matrix. 

In addition, porphyroblasts of strong minerals 
can reverse the deformability of metamorphosed 
graded beds, in that previously weaker metape- 
litic parts may become much stronger than the 
quartz-rich metapsammitic parts, owing to pre- 
ferential growth of large, strong porphyroblasts 
of aluminous minerals in the metapelitic frac- 
tions. This may allow preferred development of 
foliations in the metapsammitic fractions, as at 
Cooma, SE Australia (e.g. Johnson et al. 1994). 
As a result, bulk compositional changes due to 
foliation development, if any, could occur pref- 
erentially in metapsammitic, rather than meta- 
pelitic, layers at higher metamorphic grades. 

Bulk chemical changes not specifically 
related to foliation development 

If dissolved components are removed during 
progressive deformation and prograde meta- 
morphism of sediments, the chemical composi- 
tion of the effective reacting system changes, so 
that prograde metamorphism of metapelites is 
not isochemical. However, if the main change 
is generally postulated to be removal of silica, 
the changes may not be sufficient to produce 
very unusual or non-sedimentary compositions, 
so that the metamorphic mineral assemblages 
probably would not be altered, but only the 
mineral proportions. 

As pointed out by Roser & Nathan (1997), 
many chemical studies of metasedimentary rock 
suites and collections of analyses have indicated 
that regional metamorphism is isochemical, 
apart from water and carbon dioxide (e.g. Shaw 
1956; Butler 1965; Atherton 1977; Yardley 1977). 
However, other studies have suggested allochem- 
ical metamorphism. For example, the work of 
Haack et  al. (1984) indicated loss of a number 
of elements from metapelites during prograde 
metamorphism above the biotite isograd. 

Recent detailed work by Ague (1991, 1994a, b, 
1997a) has produced evidence in favour of 
allochemical regional metamorphism. Ague 
(1991) compared chemical analyses of pelites 
and metapelites in Barrovian metamorphic 
settings, and also examined analyses of rocks 
of the Littleton Formation, eastern USA. 
He found that the whole-rock concentration of 
lower-solubility elements, A1 and Ti, varies with 
metamorphic grade. He inferred this to be a 
residual enrichment caused by removal of more 
soluble elements, especially Si, but also Na, K 
and Ca. Moreover, mass-balance calculations 
indicated that the average metapelite loses up to 
30% of its mass and volume from greenschist to 
amphibolite facies. Calculated volume strains 
are -16 to -20% for medium- and high-grade 
metapelites of the Littleton Formation (relative 
to their low-grade equivalents) and -20 to 
-31% for average amphibolite facies metape- 
lites (relative to average shales and slates). Ague 
(1991) noted that although these strain estimates 
provide no direct information about mechan- 
isms, much of the volume loss probably occurs 
parallel to penetrative foliations. 

The assumptions underlying the study of 
Ague (1991) are: (1) the average metapelite 
composition is a fair indication of protolith 
compositions, and (2) the chosen reference 
elements, A1 and Ti, are effectively immobile, 
at least to a first approximation (see below). 
Ague (1991) added that if both A1 and Ti behave 
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as perfectly immobile components, the percen- 
tage change in total mass based on each of these 
elements should be the same. However, mass 
loss based on immobile Ti is greater than mass 
loss based on immobile A1, suggesting that AI 
may be somewhat more mobile than Ti, as 
indicated by kyanite in quartz veins. 

Ague (1994a, b) observed quartz veins sur- 
rounded by aluminous selvedges rich in staur- 
olite + kyanite + mica, and poor in quartz and 
plagioclase, suggesting wall-rock alteration adja- 
cent to the veins. Kyanite and staurolite are 
absent further away from the veins, and Ague 
(1994b) inferred that they were formed by 
reactions destroying quartz, plagioclase and 
mica adjacent to the veins, in an environment 
with reduced Na/A1 and locally also K/A1, as 
well as loss of silica. Silica loss from local 
metapelites can account for only 70% of the 
quartz in the veins, suggesting that the remain- 
ing 30% was externally derived. Ague (1994b) 
argued that the alteration accompanied regional 
metamorphism because the quartz veins cut 
garnet porphyroblasts, which show post-vein 
garnet overgrowths, and kyanite occurs in some 
veins, either as bladed crystals or replacing 
plagioclase. 

A synmetamorphic origin is more difficult to 
argue for alteration selvedges adjacent to quartz 
veins in some metasedimentary rocks from 
the Barrovian garnet zone in NE Scotland, 
described by Ague (1997a). At the locality inves- 
tigated, the veins constitute around 13vo1% of 
the rock, and the veins plus alteration zones 
constitute nearly 40vo1% of the rock. The 
alteration selvedges have more plagioclase, 
larger plagioclase porphyroblasts, more calcic 
plagioclase, and higher plagioclase/muscovite, 
Na/K, Ca/K, Sr/Rb, ( N a + C a + K ) / A 1 ,  Mg/ 
Fe a, (Mg+ FeT)/AI and Ti/Si ratios than the 
less altered rock. Also, some selvedges have 
garnet + biotite + chlorite instead of chloritoid 
+ biotite + chlorite further away. This contrast 
illustrates the well-known control of bulk 
chemical composition on mineral assemblages, 
and is attributed by Ague (1997a) to open- 
system transport during regional metamorphism 
of non-volatile elements through a regional 
network of fractures. The fractures are now 
represented as quartz veins with alteration 
selvedges, the silica having been derived locally. 

Though the effect of hydrothermal alteration 
on metamorphic mineral assemblages is well 
shown by this example, the problem of its timing 
is more difficult to resolve. Ague (1997a) 
suggested alteration during metamorphism 
because the plagioclase porphyroblasts 'grew 
over the steep cleavage and over preexisting 

chloritoid crystals' with the same orientation as 
those in the matrix. However, this interpretation 
is very doubtful, because both the plagioclase 
and chloritoid could have nucleated simulta- 
neously, but with very different nucleation rates, 
so that the plagioclase (with a low nucleation 
rate) incorporated many crystals of chloritoid 
(with a high nucleation rate) as both grew 
together. This interpretation problem has been 
emphasized by Vernon (1977, 1996a). Moreover, 
the quartz vein illustrated by Ague (1997a) is 
strongly folded, which is consistent with a 
premetamorphic origin. Therefore, the hydro- 
thermal alteration responsible for the chemical 
and mineralogical variation could have been 
premetamorphic, which is a common situation, 
as discussed in the next section. 

In contrast to the observations and inter- 
pretations of Ague (1994a, b, 1997a), Yardley & 
Bottrell (1992) described quartz veins without 
alteration zones in a wide variety of upper 
amphibolite facies metasedimentary rocks in 
Connemara, Ireland. Because the oxygen iso- 
topic compositions of quartz in the veins and 
adjacent rocks are similar, Yardley & Bottrell 
(1992) inferred that the quartz segregated locally 
and that large-distance fluid transport did not 
accompany regional metamorphism. 

Also, in contrast to the studies of Ague, Moss 
et  al. (1995), in a reassessment of the data of Shaw 
(1956), found that although differences in ele- 
ment concentrations relative to Ti and A1 exist, 
they are not systematically related to metamor- 
phic grade, and that the evidence for large gains 
and losses is hampered by statistical uncertain- 
ties. Similarly, in a statistical study of the 
compositions of schists in a roof pendant in 
the Sierra Nevada Batholith, Cardenas et  al. 
(1996) found that element variations could be 
explained by metamorphic and/or diagenetic 
redistribution, as well as original protolith 
variability. 

Roser & Nathan (1997) found little evidence 
for metasomatism in a detailed investigation of a 
turbidite succession in New Zealand, and con- 
cluded that the regional metamorphism was 
essentially isochemical. The compositional uni- 
formity of the succession and the use of both 
pelitic and psammitic compositions, treated 
separately, minimized some of the problems of 
previous investigations, especially uncertainty 
about protoliths and their variability across a 
metamorphic terrane. Simple comparisons of 
average compositions at 2% A1203 intervals 
showed little contrast between greenschist to 
amphibolite facies equivalents, except for 'pro- 
gressive and marked enrichment' in Ca and Sr 
and loss of Ba, Rb and As, especially in the 
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sandier rocks. The enrichment in Ca was 
attributed to redistribution of Ca from calcar- 
eous nodules observed in some low-grade rocks. 
Some exchange of K and Rb between meta- 
psammites and metapelites occurred in the 
amphibolite facies, and some Si was lost from 
the metapsammites and gained by the meta- 
pelites. Some samples show variation in other 
elements, but this was inferred to be due to 
protolith variability. 

Uncertainty about the degree and scale of 
elemental mobility, bulk compositional change 
and volume loss during regional metamorphism 
may be due to: (1) variation between different 
terrains, e.g. strong veining, obvious alteration 
and a more complex mineral assemblage in the 
regions studied by Ague (1991, 1994a, b, 1997a) 
compared with weak veining, simple mineral 
assemblage, relatively evolved bulk composition 
and paucity of aluminosilicate minerals in the 
region studied by Roser & Nathan (1997); 
(2) uncertainties in the timing of alteration zones 
(pre- versus synmetamorphic); and (3) initial 
protolith variability, with the consequent diffi- 
culty of ensuring uniformity of protolith compo- 
sition across a regional prograde metamorphic 
succession. For example, though Bebout & 
Barton (1989) detected consistent metasomatic 
changes in mafic and ultramafic rocks, they 
found that 'pervasive compositional alteration in 
metasedimentary rocks is more difficult to docu- 
ment because of variable protolith compositions 
and extensive mechanical mixing (+ local chemi- 
cal redistribution) accompanying ductile defor- 
mation. For the most part, chemical changes 
are unambiguous only in vein envelopes and 
igneous clasts.' 

As pointed out by Roser & Nathan (1997), the 
large spread of shale and slate analyses in the 
literature highlights the difficulty of using 
average compositions of pelites as reference 
data sets for low-grade rocks; even the assign- 
ment of analyses to the category 'pelite' can be 
doubtful, in the absence of clear criteria for 
making such an assignment (Roser & Nathan 
1997). This problem has been strongly empha- 
sized by Moss et  al. (1996), who studied in detail 
outcrops of the low-grade Littleton Formation 
(New Hampshire) and the equivalent Carrabas- 
sett Formation (Maine), and found that the 
rocks are compositionally variable on the 
macroscopic to mesoscopic scales, even down 
to smaller than hand-specimen scale, and even in 
visually homogeneous rocks. They interpreted 
this variation as being inherited from the 
sedimentary protolith, and detected no evidence 
of alteration over distances greater than the 
centimetre scale (e.g. to form porphyroblasts, 

veins and compositional layering). All the 
compositional variations could be modelled as 
mixtures of clay, quartz and chlorite-mica. 
Compositional variations in hand-specimen 
size samples from the higher-grade parts of the 
Littleton Formation are the same as for the low- 
grade samples, and so can be interpreted as 
being due to protolith variation. Because the 
low-grade rocks are so compositionally variable, 
a simple average with a small standard deviation 
cannot be obtained. Therefore, the effect of 
possible metamorphic variation cannot be sepa- 
rated with certainty from the protolith variation. 

Moss et al. (1996) concluded that 'if differ- 
ences among average  compositions of rocks of 
different metamorphic grade are the principal 
means of determining whether there has been 
large-scale gain or loss of an element, then 
representative sampling is crucial but may be 
virtually impossible in practice'. They went 
further, and suggested that variation in compo- 
sition on the hand-specimen scale in high-grade 
metamorphic rocks, such as they observed, may 
be used to infer the nature of sedimentary 
protoliths over intermediate and large dis- 
tances-  the ultimate position on isochemical 
metamorphism! 

However, Ague (1997b) has pointed out 
serious deficiencies in the studies of Moss et al. 
(1995, 1996). For example, mass balance calcu- 
lations using their data and based on immobile 
Zr fail to detect volatile loss, even for the 
strongly dehydrated, highest grade rocks. Cal- 
culations based on immobile A1 do detect 
volatile loss in medium- and high-grade rocks, 
as well as loss of sil ica- equivalent to a rock 
volume loss of - 2 0 % -  in the highest grade 
rocks. Ague (1997b) suggested that the outcrops 
selected are spaced too far apart (one per 
350km 2 on average) to detect mass transport 
phenomena, which commonly occur over dis- 
tances of 1-10 kin. He concluded that, regardless 
of the reference element selected, the Littleton 
Formation data of Moss et  al. (1995, 1996) 
cannot be used to support isochemical meta- 
morphism. 

The foregoing discussion emphasizes the great 
difficulty of sampling rocks supposed to be low- 
and high-grade equivalents and the care that 
must be taken with sampling and statistical 
analysis of the results. Possibly contact meta- 
morphic environments may be better for tracing 
single sedimentary units up-grade, though the 
duration of heating may be insufficient to 
produce much element mobility. 

Future emphasis should be placed on (1) accu- 
rate identification of lithotypes, and (2) tighter 
control on protolith variation across the terrane 
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to be investigated, caused, for example, by 
provenance variations. As pointed out by Ague 
(1997b), definitive resolution of the problem 
will require studies that take into account the 
detailed geological contexts of low-, medium- 
and high-grade samples. For example, if veins 
and their selvedges are not sampled, but inter- 
vein rocks are, the amount of chemical and 
volume change would be seriously under- 
estimated. Ague (1997b) suggested that some 
regional metamorphic terranes may be 'closed' 
and others 'open'. Perhaps future detailed 
investigations will reveal characteristic terrane 
differences with regard to mass and volume 
changes during prograde metamorphism and 
deformation. 

The common extreme compositional variabil- 
ity on the local scale (Moss et  al. 1996) also 
highlights the difficulty of using chemical studies 
to argue against mass and volume changes in the 
formation of slaty cleavage. 

Pseudopelitic compositions formed by 
pre- and synmetamorphic alteration of 
igneous rocks 

Hydrothermal alteration involving base-cation 
leaching (hydrogen metasomatism) of a variety 
of igneous rock types can result in aluminous 
metamorphic assemblages containing minerals 
such as pyrophyllite, cordierite, andalusite and 
sillimanite, which are more typical of metape- 
lites (e.g. Espenshade & Potter 1960; Gresens 
1971; Gustafson & Hunt 1975; Lowder & 
Dow 1978; Sykes & Moody 1978; Carpenter 
& Allard 1980; Allard & Carpenter 1981; Valiant 
et al. 1983; Watanabe & Hasegawa 1986). 
Generally the alteration is relatively local, for 
example in fault or shear zones, adjacent to 
quartz veins, and/or around sulphide-gold 
concentrations, commonly in subvolcanic or 
porphyry copper settings. Regional and contact 
metamorphism of such rocks produces alumi- 
nous schists and gneisses that could be mistaken 
as representing pelitic protoliths, in the absence 
of evidence to the contrary. In some examples, 
residual igneous microstructures (e.g. deformed 
plagioclase laths) may remain to indicate a non- 
sedimentary parentage. 

For example, Vernon et al. (1987) described 
metamorphosed felsic igneous plutonic and 
shallow intrusive rocks that underwent base- 
cation leaching, promoting the formation of 
cordierite, andalusite and sillimanite; the altera- 
tion was at least partly metamorphic, though 
some premetamorphic leaching may also have 

occurred. Another example is at the Big Bell 
Mine, Western Australia, where high-grade 
regional metamorphism has been superimposed 
on intense premetamorphic alteration of rocks 
of mafic composition, resulting in assemblages 
that include cordierite + sillimanite + K-feldspar 
+ garnet + biotite + quartz (Phillips & de Nooy 
1988), as shown in Fig. 15. Such apparently 
anomalous aluminous assemblages may indicate 
zones of former hydrothermal alteration and so 
assist ore exploration in high-grade metamor- 
phic terranes (e.g. Stanton & Vaughan 1979; 
Vernon 1996b). 

Conclusions 

The following are the main conclusions of this 
review. 

(1) Grain rotation may be a dominant 
mechanism in the early stages of slaty cleavage 
development. If dewatering can produce a 
rudimentary slaty cleavage by removal of all 
minerals in zones of high fluid flow, some 
volume reduction perpendicular to the cleavage 
may be achieved without bulk chemical change 

(2) Variation in the degree of compositional 
change and volume loss between and within 
areas is to be expected, depending on variations 
in deformation and/or the extent of openness of 
the local system to fluids. However, the first step 
is to try to achieve agreement between the 
structural and chemical approaches in at least 
one small area in at least one of the classic slate 
belts. Ideally, a structural geologist and geoche- 
mist should investigate together in detail the 
same bed in different structural settings, for 
example around a fold. 

(3) Elements generally taken to be immobile, 
such as Ti, A1 and Zr, may be relatively mobile 
in some circumstances, and so are not necessa- 
rily reliable when comparing the compositions of 
less and more deformed rocks. 

(4) Extreme, local compositional variation in 
sedimentary protoliths (even those that appear 
homogeneous) hampers chemical comparisons 
between rocks that have undergone different 
degrees of deformation and metamorphism. 

(5) The most detailed statistical evaluations 
have indicated no systematic variation of che- 
mical composition with metamorphic grade, so 
that prograde metamorphism may be regarded 
as being effectively isochemical, at least until 
removal of partial melts at high metamorphic 
grades. However, effective reaction volumes are 
not necessarily isochemical, owing to potential 
preferential isolation of components by por- 
phyroblasts (a form of metastable persistence). 
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(6) If mass is inferred to have been conserved 
during regional prograde metamorphism, 
volume also must have been lost, in order to 
accommodate the general increase in density 
that accompanies the change from low- to high- 
grade metamorphic rocks. A good example of 
this effect has been discussed by Cox (1993). The 
volume loss could be accommodated by short- 
ening without removal of material, owing to the 
higher density of the higher-grade minerals. 
Studies inferring volume loss by removal of 
material on the regional scale necessarily also 
infer mass loss appropriate to the density 
increase. Unfortunately, much of the evidence 
is for very local volume loss, which is difficult to 
translate to the regional scale. Studies inferring 
no regional volume loss must infer mass gain, 
which is intuitively less likely than mass con- 
servation or loss. Marked chemical and volume 
changes occur when partial melts are removed at 
highest metamorphic grades. 

(7) Local bulk chemical changes in rocks of 
igneous composition may be caused by hydro- 
thermal alteration (especially base-cation leach- 
ing) in subvolcanic/porphyry copper areas, 
especially adjacent to veins, faults, shear zones 
and gold and/or sulphide deposits. Metamorph- 
ism of the resulting aluminous compositions can 
produce rocks with unexpected Al-rich minerals, 
which could be mistaken for pelitic assemblages, 
in the absence of residual igneous microstruc- 
tures. Such anomalous assemblages are potential 
indicators of mineral resources in medium- and 
high-grade metamorphic terranes. 
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helpful comments, and acknowledge financial support 
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The role of microcracking and grain-boundary dilation 
during retrograde reactions 
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Department of  Geology, University of  Southampton, Southampton Oceanography Centre, 

Southampton, S014 3ZH, UK 

Abstract: Under conditions of sub-greenschist and low greenschist facies retrogression, both 
intragranular microcracking and grain-boundary dilatancy are important processes for 
facilitating fluid access into domains between fractures in metamorphic rocks. Both 
processes play a crucial role in promoting retrogression of high-temperature minerals. In a 
quartz-rich schist from Norway, garnet retrogression is clearly linked to microcracking in 
the vicinity of a minor fracture. Intense microcracking of quartz extends up to 12 mm from 
the fracture, and permits fluid infiltration. This causes extensive (70-100%) garnet 
retrogression to chlorite. At distances >16 mm from the fracture there is no sign of fluid 
infiltration and garnets are entirely unaltered. 

The spatial distribution of grain-boundary reaction products in a scapolite-dominated rock 
from Scotland provides evidence for the significant role played by transient grain-boundary 
dilatancy in promoting grain-scale fluid access and resultant retrogression. By applying 
distinct element modelling (UDEC code) the geometrical differences in distribution of grain- 
boundary reaction products are directly related to subtle differences in the magnitude and 
orientation of applied stresses and patterns of transient grain-boundary dilatancy. 

Veined metamorphic rocks are common, and are 
taken as evidence of fracture-controlled fluid 
flow (e.g. Fyfe et aI. 1978; Ramsay 1980; Yardley 
1983, 1986; Rumble 1989). However, the pro- 
cesses involved in fluid infiltration in domains 
between fractures are rarely well established. 
Reaction products which are concentrated at 
grain margins give an indication that diffusion of 
elements along grain boundaries may be impor- 
tant, and, in addition, linear arrays of fluid 
inclusions provide evidence of intragrain-scale 
microcracking. Despite these common observa- 
tions, the relative importance of grain-boundary 
processes and microcracking at different meta- 
morphic grades is not well characterized. 

A transmission electron microscope (TEM) 
study by White & White (1981) established that 
the grain boundaries of metamorphic rocks com- 
prise a number of small (nanometre to micro- 
metre scale) voids (or 'bubbles'), and that at 
grain triple-junctions larger 'tubules' are present. 
White & White (1981) also noted a 10-30nm 
zone of preferential electron beam damage at 
certain grain boundaries. They considered this to 
indicate the presence of a thin film of fluid, which 
effectively gave complete fluid connectivity along 
the grain boundary region. By contrast, Ether- 
idge et at. (1983) have suggested that the cohesive 
strength of most grain boundaries would prohi- 
bit such areas being permanently occupied by a 
continuous fluid film. They argue that grain 
boundary regions are much tighter structures, 

and that features such as the zone of preferential 
electron beam damage described by White & 
White (1981) may relate to post-metamorphic 
(e.g. weathering) processes. 

Etheridge et al. (1983) developed a meta- 
morphic porosity model comprising the grain 
boundary 'bubbles' and 'tubules' of White & 
White (1981), but also incorporating tensile 
cracks. At low pressure conditions, variations 
in the local stress state within a polycrystalline 
aggregate are likely to initiate transient micro- 
cracking and grain-boundary dilatancy. This 
will promote enhanced porosity, permeability 
and grain-scale fluid infiltration. The extent to 
which retrogression occurs will depend on the 
degree of connectivity of the dilatant cracks 
and grain boundaries, and whether, for partic- 
ular P -T-X conditions, the infiltrating fluid is 
at equilibrium (or not) with the host being 
infiltrated. 

An important aspect of the Etheridge et al. 
(1983) model was the recognition that the 
geometrical arrangement of the grain aggregate 
and the crystallographic and mechanical proper- 
ties of individual minerals greatly influence 
which boundaries dilate (grain boundary tensile 
cracks, Cb), and which grains develop intragrain 
tensile cracks (Cg). Etheridge et at. (1983) 
emphasize the importance of deformation in 
promoting metamorphic porosity due to inter- 
granular stress variations. The opening of 
intergranular (Cb) and intragranular (Cg) cracks 

BARKER, A. J. & ZHANG, X. 1998. The role of microcracking and grain-boundary dilation during retrograde 
reactions. In: TRELOAR, P. J. & O'BRIEN, P. J. (eds) What Drives Metamorphism and Metamorphic Reactions? 
Geological Society, London, Special Publications, 138, 247-268. 
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leads to greatly enhanced transient connected 
porosity and resultant permeability (also see 
Bauer & Johnson 1979). Etheridge et al. (1983) 
examined the case of quartz-mica aggregates, 
with a fluid phase in grain-edge tubules and 
grain-boundary cavities. They considered a 
starting situation of 0 3 < Pf < (0-3 + T), where 
0-3 is the minimum compressive stress, Pf is fluid 
pressure, and T is the tensile strength of the 
grain or grain boundary adjacent to a fluid-filled 
cavity. As deformation proceeds, should Pf of 
any of the fluid-filled cavities along a grain 
boundary exceed 0-3 -+- T,  then a crack will ini- 
tiate and propagate along the boundary, thus 
forming a dilatant grain boundary or effec- 
tively a grain-boundary microcrack. Material 
may precipitate along the dilatant grain bound- 
ary, but if Pf is maintained at an elevated level 
then Etheridge et  al. (1983) argue that a steady- 
state microcrack porosity will result. Further 
elevation of differential stress, especially at low 
temperatures, will initiate intragranular micro- 
cracking (Cg) of the harder phases. Emphasizing 
the importance of microcracking, Etheridge et 
al. (1983) conclude that microcracking rates may 
influence reaction rates. 

Aims 

The principal aims of the present study are to 
examine: (a) the contributions made by micro- 
cracking and grain-boundary dilatancy in facil- 
itating fluid access in domains between fractures 
under low greenschist facies, and sub-greenschist 
facies conditions; and (b), the extent to which 
such fluid infiltration promotes retrogression 
of high-temperature assemblages. After petro- 
graphic analysis by transmitted light microscopy 
and scanning electron microscopy (SEM) back- 
scattered electron imaging, the nature and extent 
of grain-boundary reaction products has been 
established, and the pattern of grain-scale fluid 
infiltration mapped out. 

The first part of the paper examines the role of 
microcracking with specific reference to a quartz- 
rich garnet schist from north Norway. The 
second section focuses on grain-boundary dila- 
tancy with reference to a granoblastic polygonal 
aggregate of a scapolite gneiss from Scotland. 
The geometrical arrangement of reaction pro- 
ducts at specific grain boundaries is considered in 
terms of fluid infiltration by grain-boundary 
dilatancy, and 2D distinct-element modelling is 
undertaken in an attempt to evaluate the con- 
ditions required to produce the observed pattern, 
and to assess the role of grain-boundary dilation 

in promoting fluid access and retrogression of 
seemingly unfractured rocks. 

Microcracking 

Numerous workers (e.g. Bauer & Johnson 1979; 
Etheridge et al. 1983; Oliver et  al. 1990; Lespi- 
nasse & Cathelineau 1990) have recognized the 
importance of microcracking in promoting fluid 
access through rocks. The evidence for micro- 
cracking is usually in the form of planar fluid 
inclusion arrays. These are interpreted as healed 
microcracks, and have been most frequently 
studied in quartz-rich assemblages such as vein 
quartz, granitoid rocks, and low greenschist or 
sub-greenschist facies arenitic to pelitic rocks 
(e.g. Tapponier & Brace 1976; Krantz 1983; 
Lespinasse & Cathelineau 1990; Onasch 1990, 
1994; Onasch & Dunne 1993; Craw & Norris 
1993). Controls on crack initiation, opening, 
propagation and orientation in relation to local 
stresses have been examined by authors such as 
Tapponier & Brace (1976), Krantz (1983), 
Atkinson (1984), Reches & Lockner (1994) and 
Moore & Lockner (1995). 

In pure shear, the vast majority of microcracks 
form perpendicular to the minimum compressive 
stress axis (0-3). In other words they are micro- 
scopic extensional fractures (Mode I cracks; 
e.g. Lawn & Wilshaw 1975; Pollard et  al. 1982; 
Atkinson 1984; Reches & Lockner 1994), and 
represent grain-scale brittle failure. P~cher et al. 
(1985) have linked the nature of infiltrating fluid 
to particular fracturing directions and stress 
orientations. When examining the microcrack- 
ing of quartz and feldspar in granite, Lespinasse 
& Cathelineau (1990) found that the abundance 
and spatial distribution of cracks in quartz and 
feldspar was much the same, and that the cleav- 
age of feldspar seemingly did not affect the 
formation and orientation of microcracks. 

Crack initiation occurs at sites of stress con- 
centration, and is influenced by features such as 
grain size, mineral assemblage, grain-boundary 
configuration and other pre-existing heterogene- 
ities. A crack will propagate once a critical stress 
intensity factor (Kc) at the crack tip has been 
exceeded, but experiment (e.g. Atkinson, 1980, 
1984) has shown that significant crack extension 
can occur substantially below Kc, and this is 
known as sub-critical crack growth. Atkinson 
(1984) identified stress corrosion, dissolution, 
diffusion, ion exchange and microplasticity as 
possible mechanisms for crack growth. For shal- 
low crustal levels (< 15-20 km; low greenschist 
and sub-greenschist facies), he considered stress 
corrosion of Si-O-Si bonds involving chemical 
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action by an agent (e.g. water) at the crack tip to 
be the most significant mechanism for crack 
growth in silicates. Atkinson (1984) envisaged 
strained Si-O bonds at crack tips to be probably 
more reactive than unstrained bonds, since 
a strain-induced reduction of atomic orbital 
overlap would arise, producing a weakened 
(activated) state. For silicate glasses and quartz 
rocks in the presence of aqueous fluid, a general 
expression for weakening has been given (Scholz 
1972; Atkinson 1979, 1984) as: 

H - O - H  + [= Si-O-Si - ]  

= Si-OH.HO-Si =- ~ 2[ = Si-OH] 

Prior (1993) examined fractured garnets in mylo- 
nites of the Alpine Fault, New Zealand. Several 
types of fracture were recorded, of which Prior's 
Type 2 fractures, described as mostly 1-100 #m 
width with a retrogressive fill of Q t z + C h l +  
P1 i Bt ± Ms 4- Cal (rare) + Ep (rare), are most 
relevant to the present study (see below). Prior 
(1993) argued that the retrogressive fracture fill 
precipitated during fracture propagation, and 
that dissolution was an important crack-tip 
process. Individual garnets are traversed by 
many cracks, and all fractures have at least 
one end terminating at the garnet margin, sug- 
gesting that fluid infiltration is an essential part 
of the fracturing process. More recently, Zhao & 
Saruwatari (1997) have examined fracturing of 
garnets in granulite facies quartzo-feldspathic 
mylonites. These tensile microfractures in garnet 
are developed normal to the mylonitic foliation, 
and lack retrogressive fill. They are interpreted 
to have developed at T> 300°C (<15 km depth 
for a thermal gradient of 20°Ckm-1), and to 
form as a result of stress release (horizontal 
extension) during exhumation and cooling. Such 
microfracturing, whilst also present in quartz 
and feldspar (fig. 3d of Zhao & Saruwatari, 
1997) is most extensively developed in garnet, 
since garnet is a harder (more brittle) phase than 
quartz and feldspar at the conditions under 
consideration. Zhao & Saruwatari (1997) also 
found that larger garnet grains and those with 
greater aspect ratio were more heavily fractured. 
They recorded almost complete absence of frac- 
turing in grains <200#m diameter and with 
aspect ratio less than 2. So during exhumation of 
quartz-rich garnet-bearing rocks it is expected 
that microfracturing of garnet should initiate at 
low greenschist facies conditions, whereas 
microcracking of quartz should not normally 
develop until lower temperature (<300°C) sub- 
greenschist facies conditions. This means that 
should a fluid infiltrate at the time of quartz 
microcracking, then assuming temperatures are 

high enough for chlorite development it is highly 
likely that the heavily fractured garnets will 
become retrogressed. 

Example of the role of microcracking 

A sample (324/81) from near the Gronfjellet 
thrust, north Norway (Fig. 1) has been chosen 
for detailed examination since it shows clear 
evidence of the role of microcracking during low 
greenschist facies retrogressive fluid infiltration. 
Polydeformed metamorphic nappes of Troms 
(Norway) were emplaced southeastwards during 
the Scandian (430-370Ma) phase of the Cale- 
donian Orogeny, to produce a broadly inver- 
ted metamorphic sequence (Barker 1986, 1989; 
Anderson et al. 1992). The sequence comprises 
greenschist and sub-greenschist facies nappes at 
the base of the pile and mid- to upper amphibo- 
lite facies (Ky-Sil) nappes at the top. At a late 
stage in the Caledonian evolution, the amphibo- 
lite facies nappes experienced greenschist facies 
retrogression. This is especially well developed in 
the vicinity of thrusts such as the Gronfjellet 
thrust (Fig. 1), and has resulted in localized 
intense retrogression of garnet and other peak 
metamorphic porphyroblasts such as kyanite 
and staurolite (Barker 1986, 1989, 1995a; Ben- 
nett & Barker 1992). Fluids associated with the 
retrogression are generally hypersaline, although 
some CO2-rich inclusions are also recorded 
(Bennett & Barker 1992; Barker 1995b). 

Petrography 

Sample 324/81 is a quartz-rich garnet-mica 
schist with a peak metamorphic assemblage 
of Qtz (55-60%)+Ms (15-20%)+Bt (10%)+ 
Czo (7%)+Gr t  (4%)+P1 ( l % ) + S p n  (1%)+ 
opaques (Mag, Ilm 0.5%). Grain size of matrix 
minerals is chartacteristically 20-400#m, and 
up to 1.8 mm for garnet. The size variation for 
different phases is as follows: Qtz (50-200 #m), 
Ms (20-400#m), Bt (20-400#m), Czo (50- 
150#m), Grt (80#m-l.8mm), P1 (50-250#m), 
Spn (20-100 #m) and opaques (20-100 #m). 

Fluid infiltration by a combination of second- 
ary minor brittle fractures (centimetre scale) and 
microcracks (micrometre scale) was primarily 
responsible for the heterogeneous sub-greens- 
chist or low greenschist facies retrogression 
of garnets within the sample. Many garnets 
(e.g. Fig. 2a) display fractures parallel to the 
fluid inclusion trails defining healed microcracks 
in matrix quartz. Indeed, in many cases, 
fractures in garnet (now filled with retrograde 
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Fig. 1. Location map showing the position of sample 324/81 in relation to the Gronfjellet Thrust, Troms, Norway 
(modified after Barker, 1986). In the area shown, three Caledonian nappes (Fossbakken, Hogtind, Gronl]ellet) 
have been emplaced over Precambrian basement rocks, which are exposed as 'windows' (stippled) in the 
Salangselva area. Thrusts = single lines with 'teeth'; roads = parallel lines; rivers = single line (no teeth); 
lakes = three parallel lines (closed circuit); mountain summit = open triangle; village = filled triangle; schist with 
totally retrogressed garnets = filled square; partially retrogressed garnets = square with diagonal split. 

chlorite) show direct continuation with fluid 
inclusion trails in matrix quartz. This intimate 
association shows that the microcracks in quartz 
were a significant aid to fluid infiltration and 
greatly contributed to garnet retrogression. This 
partial and complete pseudomorphic replace- 
ment of garnet (Fig. 2a) is best represented by 
the divariant reaction Grt  + Bt + H20 --+ Chl + 
Q t z + M s  (KFMASH system; Spear 1993). 
Because the almanditic garnets of the sample 
have a significant grossular component (typi- 
cally 30% (core), 27% (rim)), and since the 
infiltrating fluid is a H20-CO2 mix, sparse, 
patchy development of retrograde calcite is seen 
in the matrix. Therefore, the reaction is more 
accurately described as Grt  + Bt + H20 + CO2 
Chl + Qtz + Ms + Cal ( K F M C A S H - H C O  sys- 
tem). Calcite probably constitutes 1% (by 
volume) of the rock, and retrogressive chlorite 
less than 1%. To maintain mass, the retrograde 
reaction will involve a volume increase since 
chlorite is less dense than garnet. However, 
since garnet constitutes less than 4vo1% of the 
modal assemblage, any volume increase would 

be negligible. Further to this, since a fluid has 
infiltrated the rock to cause the retrogression 
(i.e. the system is not isochemical), it is quite 
likely that mass does not balance, and that some 
material released from the garnet is lost from the 
local system. 

Fluid inclusions defining healed microcracks 
have either H20-CO2 or hypersaline aqueous 
chemistries, typical of retrogressive fluids of the 
region. Quantitative thermometric studies on 
fluid inclusions in matrix quartz have not been 
attempted due to their generally small (<5 #m) 
size. However, studies of comparable fluid inclu- 
sions from retrogression-related quartz veins of 
the area (Bennett 1991; Bennett & Barker 1992; 
Barker 1995b) have confirmed that the fluids 
are principally hypersaline aqueous fluids, but 
with a subsidiary population of CO2-rich fluid 
inclusions. 

Figure 3 shows the thin-section scale distribu- 
tion of partial and complete garnet pseudo- 
morphs in relation to a minor fracture (max. 
l mm displacement) and associated intense 
microcracking on each side. Whilst most 
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Fig. 2. Almanditic garnets from sample 324/81: (a) 70% retrogressed garnet from within intensely microcracked 
zone close to minor fracture. Note the faint sub-vertical fines (m) in quartz. These represent healed microcracks 
defined by fluid inclusion trails (fluid inclusions typically 1-5 #m). Also note the chlorite-filled fractures (f) 
traversing the garnet. These are sub-parallel to the microcracks and represent fluid pathways through garnet that 
promoted retrogression; (b) unaltered garnet from outside the microcracked zone. See Fig. 3 for location of 
garnets photographed. Width of view in both photographs = 1 mm (partial cross-polarized light). 

quartz grains in the immediate vicinity of the 
minor fractures show evidence of microcracking, 
towards the outer part of the 'zone of micro- 
cracking', microcracks are only seen in a few 
quartz crystals. Usually, it is those crystals that 
are larger than average, or have a higher aspect 
ratio in the plane of the schistosity. The 
microcracks in quartz (Fig. 4) are systematically 
arranged sub-perpendicular to the schistosity, 
defined by aligned micas, making an angle of 
about 55-60 ° to the principal fracture depicted. 
This geometric relationship is readily related to 

the stresses about the minor fracture in a pure 
shear regime (Fig. 3). Where the dip of the 
principal fracture shallows towards the top of 
the area illustrated, the microcracks also change, 
so that they form an angle of about 75 ° to the 
schistosity, whilst maintaining an angle of about 
60 ° to the fracture. Whilst it is linear trails of 
fluid inclusions in quartz that give the clearest 
picture of the nature and extent of microcrack- 
ing, minor phases such as garnet, sphene and 
clinozoisite also show well developed micro- 
cracking. Unfortunately 324/81 was not an 
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Fig. 3. Detailed line drawing of a thin section showing part of sample 324/81. Although the sample is essentially 
a quartz-rich garnet-mica schist, there is some compositional layering defined by horizons that are slightly richer 
in phyllosilicate minerals, principally muscovite. These horizons are shaded, and marked with P at each end. 
The regional schistosity ($2), defined by mica and epidote (clinozoisite) in this specimen is sub-parallel to 
the compositional layering. Minor brittle fracturing associated with late orogenic brittle reactivation of the 
Gronfjellet Thrust has produced a minor fracture and associated splays in this sample, which are oblique to 
the compositional layering (left side of drawing). The stress field about this minor extensional fracture is indicated 
by the labelled arrows. The dashed line labelled with M's marks the outer limit of visible microcracking to the 
right of the fracture. The entire area to the left of the fracture shows extensive microcracking, no doubt due in 
part to the series of minor splays off the main fracture (see Fig. 5 for detail). 

Garnets range in size up to 2 mm diameter, but many are less than 0.5 mm diameter. All garnets are accurately 
marked on the line drawing, and appear as numerous irregular to sub-rounded shapes across the field of view. 
The extent of retrogresion of each garnet was carefully recorded, based on visual estimates from the thin section. 
A clear pattern of retrogression exists, and shows a strong correlation with the intense zone of microcracking 
and minor fractures. Contour lines (5%, 20%, 40% and 70%) refer to the percentage alteration of individual 
garnets. Note that garnets in the microcracked zone generally show 70-100% retrogression, whereas garnets in 
the right-hand third of the diagram (well outside the microcracked zone) are totally unaltered. 

or iented sample,  so it is not  possible to say 
which is the footwall  and hanging wall side of  
the fracture illustrated. To the left of  the fracture 
(as illustrated) intense microcracking of  quartz  
(15-50 microcracks /mm) extends at least 12 m m  
perpendicular  f rom the main  fracture (Fig. 5). 
By contrast ,  on the r ight -hand side, such 
microcracking (Figs 4, 5) extends only 2-3 mm, 
then diminishes rapidly, and is entirely absent 
when  > 5 - 6 m m  from the fracture. This asym- 
metrical  pat tern  of  microcracking in relat ion to 
the minor  fracture has much  in c o m m o n  with 
that  expected in association with Mode  II frac- 
tures (i.e. fractures with in-plane shear). Lockner  
et  al. (1991) and  Reches & Lockner  (1994) have 
shown by model l ing and experiment  that  as a 

fault propagates ,  the 'damage  zone '  defined by 
microcracks is much  more  extensively developed 
on one side of  the fault than the other,  and can 
be used to determine the direction of  fracture 
propagat ion .  Exper imen t  G3 of  Lockner  et al. 
(1991) on a sample of  Westerly Grani te  shows 
this feature part icular ly well (also see fig. 14 
of  Reches & Lockner  1994). Indeed,  the asym- 
metr ical  nature  of  microcracking  and even the 
width  of  the microcracking zone each side of  
the fracture has much  in c o m m o n  with that  seen 
in sample 324/81 of  this study. 

Almandi t ic  garnets in the heavily micro- 
cracked zone of  sample 324/81 are 70-100% 
retrogressed to chlorite (Fig. 2a), according to 
the divar iant  react ion described above. Even 
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Fig. 4. Detail of  microcracking within quartz grains in the most intensely microcracked zone (see Fig. 3 for 
photograph location). Note that the microcracks (seen as faint vertical lines defined by fluid inclusion trails) are 
approximately perpendicular to the regional ($2) schistosity defined by micas aligned 'sub-horizontal" across the 
field of view. Field of  view (width) = 1 mm (partial cross-polarized light). 
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Fig. 5. Map of  microcrack densities (324/81) for the area shown in Fig. 3. The area was sub-divided into a 
1 mm x 1 mm grid, and for each square the number of  microcracks in quartz along a horizontal traverse was 
recorded. There are no microcracks to the right of the gridded area, so although this part of  the sample was 
examined in the same detail, for clarity the grid has been omitted. The grey-scale shading of  individual squares 
reflects the density of microcracking: white = 0 microcracks/mm (i.e. everything to the right of the gridded area, 
and a few squares in the outer part of  the gridded area); light stipple = 1-14 microcracks/mm; mid-grey = 1 5 ~ 9  
microcracks/mm; black = 30-50 microcracks/mm. Note that the outermost squares of  the gridded area generally 
have just 1-2 microcracks/mm. For clarity the phyllosilicate-rich layers have not been shaded in this diagram, but 
in all other respects, the symbols, contour lines and annotations are the same as in Fig. 3. 
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when microcracking in quartz diminishes to 
< 5 microcracks/mm, partial pseudomorphs with 
50-70% garnet retrogression are typical. Biotite 
is likely to have experienced a decrease in Mg/Fe 
ratio as the divariant reaction progressed, whilst 
plagioclase, although not directly involved in the 
garnet retrogression, is likely to have become 
more sodic in composition as it equilibrated 
from low amphibolite facies to low greenschist 
facies conditions. Detailed studies of changing 
mineral chemistry during the reaction are a part 
of ongoing research. 

In the first 1 3 mm beyond the limit of visible 
microcracking (Fig.3) many garnets show >40% 
alteration, and up to 10 mm beyond the limit of 
microcracking there is a highly patchy distribu- 
tion of garnets showing 0-50% retrogression. 
At distances greater than 10mm from the limit 
of microcracking (> 16 mm from the fracture) all 
garnets are entirely unaltered (Fig. 2b). 

The fact that significant garnet retrogression 
occurred outside the 'zone of microcracking' 
indicates that microcracking was not the only 
process that facilitated fluid access. Quartz in- 
fill of microfractured sphene, clinozoisite and, 
rarely, garnet suggests that localized pressure 
solution occurred, and thus grain-boundary 
diffusion may have played a role in the transfer 
of material and retrogression of garnet. Even in 
the 'zone of microcracking' multiple processes 
are likely to have operated. Nevertheless, there is 
a good correlation between the 'zone of micro- 
cracking' and the area of most extensive garnet 
retrogression. This suggests that grain-scale 
microcracking enhanced the effective permeabil- 
ity, promoted fluid ingress, and thus made a 
significant contribution to garnet retrogression. 

Grain-boundary dilatancy (see below), com- 
bined with permeability differences between 
layers, may have contributed to enhanced fluid 
access and the heterogeneous pattern of retro- 
gression outside the 'zone of microcracking'. 
However, there is no obvious correlation between 
extent of fluid penetration within the P-layers 
(phyllosilicate-rich; Qtz (50-55%), M s + B t  
(32-37%)) or the Q-layers (quartz-rich; Qtz 
(65%), M s +  Bt (20-23%)), since each horizon 
type records both reduced and enhanced fluid 
penetration. A further complication in the pat- 
tern of alteration could be the 3D distribution of 
any additional minor fractures. However, serial 
sections do not reveal fractures other than the 
ones illustrated. 

It is rare to preserve such detailed evidence of 
retrogression due to fluid infiltration by micro- 
cracking, because both dynamic and static 
recrystallization of quartz usually destroys much 
of the evidence. Uniquely preserved are the 

precise fluid pathways (healed microcracks) into 
and out of retrogressed garnets. Microfractures 
traversing garnets pass directly into surrounding 
quartz and are represented by healed micro- 
cracks defined by fluid inclusion trails. The fluids 
involved are predominantly hypersaline aqueous 
fluids (30-35wt% NaC1 equiv.), and are inter- 
preted as residual fluid after the phyllosilicate- 
forming hydration reactions have proceeded 
(Bennett 1991; Bennett & Barker 1992; Barker 
1995b). Utilizing chlorite geothermometry (cali- 
bration of Cathelineau 1988) and fluid inclusion 
microthermometry (quartz veins), Bennett (1991) 
and Bennett & Barker (1992) have estimated the 
conditions of retrogression for rocks in the near 
vicinity of sample 324/81 as T =  330-370°C/P = 
1.0-3.0 kbar. Such temperatures are not entirely 
compatible with the observation of extensive 
microcracking in quartz, since such brittle 
behaviour of quartz and quartz rocks is usually 
confined to T<300°C at crustal strain rates 
of 10 -12 to 10 -14 s -1 and a typical geothermal 
gradient of say 30°Ckm -1 (e.g. Sibson 1983). 
At greenschist facies conditions of 350-400°C, 
quartz deforms largely by crystal-plastic process; 
specifically, dislocation glide and creep become 
important, by basal slip in the (c)<a> direction 
to give undulose extinction. At such tempera- 
tures quartz is not expected to show extensive 
intragranular microcracking. In an attempt to 
resolve this apparent incompatibility between 
the conditions at which extensive microcracking 
in quartz is expected, and the temperatures of 
retrogression deduced by chlorite geothermome- 
try for nearby samples, a small population of 
chlorites from sample 324/81 were analysed 
using a JEOL 6400 SEM with EDS attachment. 
Chlorite geothermometry (after Cathelineau 
1988) based on analyses of ten individual chlor- 
ites from this rock gave temperature estimates 
ranging from 283 to 338°C, with a mean of 
313°C. These lower temperature estimates for 
the conditions of garnet retrogression in this 
specific sample are consistent with the onset 
of brittle behaviour of quartz (namely micro- 
cracking) being important in promoting fluid 
infiltration. Since quartz grain size in 324/81 
is 50-200 #m, the upper limit for brittle fi'actur- 
ing could perhaps be as high as 325°C, as 
illustrated by Sibson (1983). Considering the 
various lines of evidence and available data, it 
seems reasonable to conclude that for the sample 
in question, microcracking, fluid infiltration and 
resultant retro-gression occurred at approxi- 
mately T=  300-325°C, and probably at a depth 
not exceeding 10-15 km. These new temperature 
estimates suggest that garnet retrogression to 
chlorite in the vicinity of the Gront]ellet Thrust 
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occurred over a much broader range of tem- 
perature conditions than had previously been 
thought. 

This study suggests that in the more brittle 
sub-greenschist to low greenschist facies condi- 
tions of the upper crust, connected networks 
of fractures and microcracks can play a vital 
role in grain-scale fluid infiltration and resul- 
tant retrograde metamorphism. Indeed, for the 
sample studied, fluid infiltration by microcrack- 
ing extended several millimetres away from the 
nearest visible fracture, to cause extensive garnet 
retrogression. At higher temperatures of the 
mid- and lower crust, linear fluid inclusion trails 
are uncommon and suggest that microcracking 
is unimportant under such conditions, or that 
the evidence has been lost due to extensive 
annealing and recrystallization. For most rock 
types at amphibolite facies (c. 530-680°C), grain- 
boundary and intracrystalline diffusive processes 
assume greater importance for facilitating ionic 
transfer and reaction progress (e.g. Yardley 
1977; Joesten 1983; Walther & Wood 1984). 

Grain-boundary dilatancy 

Previous work on grain boundaries 

Grain boundaries have often been identified as 
areas where fluid inclusions are concentrated 
(e.g. White & White 1981; Craw & Norris 1993). 
Because of this, grain boundaries have been 
interpreted as important pathways for intergra- 
nular diffusive mass transfer (e.g. Walther & 
Orville 1982; Walther & Wood 1984), assisted 
by the presence of a grain-boundary fluid 
(e.g. Rutter 1976; White & White 1981; Watson 
& Brenan 1987). Fluid-absent diffusion along 
grain boundaries (CoNe creep) involves diffu- 
sion of vacancies in the crystal lattice. However, 
this is an inefficient process for the transfer 
of soluble species at low metamorphic grades 
(e.g. Chen & Peterson 1981; Joesten 1983; 
Walther & Wood 1984) since with decreasing 
temperature, diffusive processes in silicate aggre- 
gates become very slow. In contrast, fluid- 
present diffusive mass-transfer along grain 
boundaries (pressure solution) operates widely 
at low greenschist facies and sub-greenschist 
metamorphic conditions (Rutter 1976, 1983). 

Grain-boundary dilatancy (often in conjunc- 
tion with intragranular microcracking) is an 
important process that greatly enhances per- 
meability, and thus fluid infiltration and retro- 
grade reactions in domains between fractures 
(e.g. Etheridge et al. 1983; Cox & Etheridge 

• 1989). Grain boundaries are defined on the basis 
of crystallographic mismatch and misorienta- 
tion. For different minerals there is clearly 
crystallographic mismatch where they meet, 
and where grains of the same mineral are in 
contact, a grain boundary is defined where > 10 ° 
crystallographic misorientation exists. In an 
aggregate of silicate phases, grain boundaries 
are complex, often highly disordered areas. 
White & White (1981) reviewed data for grain 
boundary width (b) based on diffusion experi- 
ments in metals and ceramics (e.g. Gleitler & 
Chalmers 1972; Mistler & Coble 1974). They 
concluded that grain boundaries of metals 
may be as little as two atom spacings (2b) 
wide, whereas for ceramics values range from 
10-30nm (c. 20-60b) to as much as 1-2#m 
(2000-4000b). White & White (1981) emphasize 
that 6, referred to as grain-boundary width, 
is more specifically the width of  the zone of  
enhanced diffusion rates parallel to the grain 
boundary. In other words, the zone of lattice 
mismatch between grains (i.e. the physical width 
of the grain boundary) is significantly less than 
the values quoted for 5. Although there is a 
lack of data for grain-boundary width in natural 
rocks, TEM evidence suggests that in silicate 
aggregates the width of grain boundaries is 
probably on the nanometre scale. 

In polygonal grain aggregates, a higher degree 
of ordering may exist, and the surface energy of 
grain boundaries may be significantly lower than 
less ordered aggregates. Although the bonding 
across grain boundaries between silicate phases 
may be relatively strong, the grain boundaries 
within a rock aggregate are generally weaker 
than the ordered internal structure of individual 
mineral grains. When a rock is subject to some 
superimposed stress, the different crystallo- 
graphic and mechanical properties of individual 
minerals produce strain rate incompatibilities 
between adjacent grains and consequent devel- 
opment of intergranular stresses. Some grain 
boundaries will be subject to compressional 
stress, whilst others will be under tension. 
Whether a grain boundary fails or not will 
depend on the strength of the bonding. The 
presence of a fluid phase along grain boundaries, 
whether as isolated 'bubbles' or a continuous 
film, may contribute significantly to the weak- 
ening of a grain boundary, and if fluid pressure 
(Pf) exceeds a3 + T (tensile strength), a crack 
will initiate and propagate along a grain bound- 
ary. In effect, this is grain-boundary dilatancy, 
and will be most likely in those boundaries 
oriented at a high angle to 03 (i.e, under ten- 
sion), and least likely in those boundaries at a 
high angle to o-1. 
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Experimentally produced 
grain-boundary dilatancy 

Means (1989) and Ree (1990, 1994) have shown 
the significance of deformation-induced grain- 
boundary opening and void development in 
experiments on octachloropropane (OCP). More 
recently, Peach & Spiers (1996) have demon- 
strated the widespread development of inter- 
granular (grain-boundary) microcracking during 
crystal plastic deformation of synthetic rock- 
salt. They found that minor bulk rock dilatancy 
(<0.2 vol%) during plastic deformation of rock- 
salt produced permeability increases of several 
orders of magnitude, and concluded that the 
very small dilatancies recorded in their experi- 
ments may be common in natural rock deforma- 
tion at low effective confining pressures. 

The pattern of grain-boundary dilatancy 
observed in the experimental deformation of 
OCP and synthetic rock-salt is consistent with 
behaviour expected for grain-boundary sliding. 
However, in natural rocks, grain-boundary 
sliding (i.e. movement in the plane of the grain 
boundary) is associated with fine-grained aggre- 
gates, generally at high temperatures and/or 
high strains (e.g. Knipe 1989; Walker et al. 1990; 
Gilotti & Hull 1990), so it is not relevant for 
medium-grained rocks that have experienced 
low strain at greenschist facies conditions, as in 
the present study. However, the case described 
below, and subsequent modelling, will examine 
transient grain-boundary opening or dilation on 
the scale of a few micrometres, for an aggregate 
with grain size 300-700 #m. We argue that such 
transient elastic opening or dilatancy of grain 
boundaries is feasible at low confining pressure 
with subtle variations in differential stress and 
Pf, but difficult to detect in natural rocks 
because of the lack of any perceptible evidence 
of deformation once the superimposed stress 
subsides and the grain boundary relaxes to its 
residual (nanometre-scale) aperture. With the 
strong possibility that pressure solution pro- 
cesses have operated either simultaneously or 
subsequently, the evidence for grain-boundary 
dilatancy will be further masked. 

rocks. In particular, they emphasized how grain- 
boundary dilatancy during regional metamorph- 
ism can significantly enhance permeability and 
that episodic grain-scale dilatancy could have 
important implications for mass transfer pro- 
cesses during rock deformation. They concluded 
that grain-scale dilatancy indicates deformation 
at low differential stress, and low effective stress 
in the presence of a high-pressure intergranular 
fluid. In response to transient fluctuations in fluid 
pressure (PO, Cox & Etheridge (1989) considered 
that grain-scale dilatancy driven pumping would 
have been significant for mass-transfer processes. 
In their example, openings of 50 #m or more 
were recorded, and crack-seal development of 
fibrous minerals in dilatant microcracks was a 
key feature. 

Whilst grain-boundary dilatancy is an attrac- 
tive (more efficient) mechanism in promoting 
fluid access at low metamorphic grades com- 
pared to passive grain-boundary processes, it is 
rare to find evidence that it has occurred in 
natural rocks. Grain-boundary dilatancy on the 
micrometre scale is likely, but difficult to prove. 
The presence of fluid inclusions along grain 
boundaries indicates that fluid was present or 
moved through the grain boundary region, but 
does not give evidence for the mechanism 
involved. Reaction products at grain boundaries 
can provide some of the best evidence for grain- 
boundary dilatancy, but could also indicate 
that pressure solution processes have operated. 
For grain-boundary dilatancy, it is necessary to 
demonstrate a systematic arrangement that is 
not linked to particular mineral-mineral con- 
tacts (i.e. mineralogical/chemical control), but 
shows a spatial relationship that can be inter- 
preted in terms of the stress field, perhaps 
corroborated by the presence of microcracks. 
In the example below we believe the criteria 
necessary to prove grain-boundary dilatancy are 
satisfied and, as such, this represents one of the 
few cases, if not the first case, where grain- 
boundary dilatancy has been identified and 
documented in some detail as the cause of retro- 
gression at specific grain boundaries. 

Grain-boundary dilatancy in natural rocks 

Etheridge et al. (1983) described grain-boundary 
dilatancy as a potentially significant process in 
fluid infiltration at high crustal levels, and Cox & 
Etheridge (1989) discussed coupled grain-scale 
dilatancy and mass transfer during deformation 
at high fluid pressures in a sequence of sub- 
greenschist/low greenschist silicic metavolcanic 

Example of the role of 
grain-boundary dilatancy 

A sample from the Rodil District, South Harris, 
Scotland (Fig. 6) provides a good illustration of 
the role of grain-boundary dilatancy in facilitat- 
ing fluid access into the rock matrix and 
promoting grain-boundary retrograde reactions. 
The Rodil District comprises amphibolite to 
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Fig. 6. Map showing the location of the Rodil 
District, South Harris (simplified after Dearnley, 
1963). Key to inset: T = tonalite; A = anorthosite; 
stipple = metagabbro, amphibolite, pyroxene granulite 
and paragneiss (psammite, quartzite, pelitic schist, 
marble). Filled circle = approximate position of sample 
locality (sample 34079). 

granulite facies metasedimentary and meta- 
igneous rocks of the Precambrian Lewisian 
Complex (see Davidson 1943; Dearnley 1963; 
Fettes & Mendum 1987). 

Petrography  

The particular sample studied (sample 34079) 
comes from the anorthositic gneiss unit, within 
the South Harris Igneous Complex. It displays a 
medium-grained (typically 0.3-0.7mm) polygo- 
nal aggregate, dominated by anorthitic plagio- 
clase and scapolite, in an assemblage of: Scp 
(20-50%) + A n  (40-60%) +Hb l  (15-20%) + 
Ms (2%) + opaques (0.5%) + Kfs (tr.) + Qtz 
(0.5%). Detailed examination by both trans- 
mitted light optical microscopy and SEM (back- 
scattered electron imaging and X-ray element 
mapping) coupled with EDS spot analyses has 
confirmed the chemistry of various phases in 

selected areas of the granoblastic polygonal 
aggregate, as well as the nature of fine-grained 
reaction products at grain boundaries. 

Davidson (1943) described scapolite-bearing 
assemblages from the area in terms of metaso- 
matic alteration of a primary granulite facies 
anorthitic gneiss. However, such scapolitic 
assemblages are also well known from calc- 
silicate gneisses of granulite facies terrains 
(e.g. von Knorring & Kennedy 1958; Harley 
1989; Yardley et al. 1990). Since scapolite of the 
sample under consideration occurs as polygonal 
grains (Fig. 7) in equilibrium with anorthitic 
plagioclase (An6s), it seems likely that the 
scapolite of this rock forms part of the peak 
metamorphic granulite facies assemblage. Ana- 
lyses by JEOL 6400 SEM (with EDS attach- 
ment) confirmed the scapolites as mizzonitic in 
composition (typically Me60-65). Calcic scapo- 
lites such as these, with a high meionite (Me) 
component, are typical of high-grade terrains. 
For example, Deer et al. (1992) describe scapo- 
lites (Me65_7a) from calc-gneisses and granulite 
facies rocks of the Scourie Complex, northwest 
Scotland, which is indeed the same province 
from which the present sample comes. The 
scapolites in sample 34079 are unzoned and 
lack undulose extinction or other obvious signs 
of deformation. 

The scapolite-dominated assemblage (locally 
scapolite 80-90%) shows variable grain-bound- 
ary alteration, with fine-grained aggregates of 
epidote (+Fe-oxides) along some grain bound- 
aries (1-2%), fine-grained phyllosilicates and 
quartz along other grain boundaries (1-2%), yet 
with other boundaries seemingly devoid of 
alteration products. These fine-grained aggre- 
gates form zones typically 5-20#m wide along 
grain boundaries. Because of their fine grain size 
(generally <5#m) it is difficult to obtain good 
analyses and establish with any precision the 
phase proportions in the alteration assemblages. 
For the phyllosilicate + quartz aggregates, EDX 
data (normalized to 100%) have yielded mixed 
analyses approximating to SiO2=60-70wt%, 
A1203 = 24-28 wt%, K20 = 5.3-6.5 wt%, Na20 
<0.2wt%, CaO=0.25-0.56wt%, FeO=2 .2 -  
5.0wt%. This confirms the aggregate as prob- 
ably a quartz+muscovite (sericite) (±illite?) 
mix. The small but significant amount of iron 
suggests that the white mica is phengitic, or else 
that Fe-oxides are present. Analyses of the 
products along other grain boundaries indicate 
the presence of epidote and Fe-oxides, support- 
ing the interpretations made by transmitted light 
optical microscopy. 

It is the alteration products described above 
that are of special interest in this study. The fact 
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Fig. 7. Line drawing of scapolite-dominated polygonal aggregate (sample 34079) showing inter-relationships 
between various mineral phases, and distribution of grain-boundary reaction products. White = scapolite; 
grey = anorthite; black = opaque (Fe-oxide) phases; Ms = muscovite, Kfs = K-feldspar. Black dots = grain- 
boundary reaction products (Qtz, Ep, Ms(sericite), Fe-oxides), undifferentiated. Field of view (long axis) is 3 mm. 
Box outlined to right of centre is the area shown in Fig. 8. 

that the fine-grained mineral aggregates are 
concentrated at certain grain boundaries at first 
impression may be considered to reflect a miner- 
alogical control. That is to say, boundaries 
between different minerals are no longer in 
equilibrium and show a fine-grained reaction 
assemblage at their mutual contacts. However, 
this does not explain the pattern of reaction 

Fig. 8. SEM back-scattered electron image showing 
distribution of reaction products around an individual 
scapolite grain within the aggregate illustrated in 
Fig. 7. Scale (lower centre) = 100 #m (width of field 
of view = 1.25 mm). Medium grey = scapolite, dark 
grey = sericite (+ illite) + quartz, pale grey to 
white = Fe-oxides + epidote. 

products in this particular example, because 
most of the mutual contacts are scapolite- 
scapolite (Fig. 7), and since 'sericite' is a key 
phase in one type of grain-boundary aggregate, 
the potassium required to form sericite must 
have been derived from an external source, or 
else from dissolution of muscovite or K-feldspar 
of the primary assemblage. Whatever the case, 
there must have been diffusive mass-transfer 
of material. But, was it by localized pressure 
solution processes, or by a process such as grain- 
boundary dilatancy? The latter would have 
enhanced permeability, promoted fluid infil- 
tration and in turn resulted in deposition of 
fine-grained reaction products in the dilatant 
grain boundaries. 

Figure 8 shows a back-scattered electron 
image of part of one of the samples, illustrating 
the uneven distribution of reaction products, 
and a difference in the orientation of those grain 
boundaries along which Fe-oxides+epidote  
(white/light grey) are distributed (approximately 
N-S in field of view), compared to the bound- 
aries along which sericite+ quartz (dark grey) 
occur (approximately E-W and NE-SW in field 
of view). Although Fig. 8 only depicts one small 
portion of the aggregate (to show the fine detail), 
much the same distribution pattern for reaction 
products is seen throughout the thin section. 

The distinctive difference in the arrangement of 
reaction products, seemingly uninfluenced by any 
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mineralogical control, gives a strong indication 
that geometrically controlled grain-boundary 
dilatancy may have occurred. The relationship 
can be interpreted in terms of subtle grain-scale 
dilatancy at greenschist facies or lower tempera- 
ture conditions, allowing fluid access into grain 
boundaries oriented approximately perpendic- 
ular to principal extension, whilst tightening 
(closing) those boundaries perpendicular to 
principal compression. The differential stress 
responsible for this grain-boundary dilatancy is 
considered relatively small since there is almost 
no evidence of intragrain tensile microcracking 
or undulose extinction in the plagioclase and 
scapolite grains of the aggregate. The contrast 
between the medium to coarse-grained grano- 
blastic polygonal Scp-An aggregate compared 
with the ultra-fine grain-boundary reaction prod- 
ucts serves to emphasize that the polygonal 
aggregate crystallized at high temperature con- 
ditions, whereas the fine-grained reaction pro- 
ducts developed at much lower temperature 
conditions. 

Pressure solution can occur over a wide range 
of temperatures, but for rocks dominated 
by silicate minerals with a grain size between 
0.1 and 1.0mm, it is a process that commonly 
operates in the temperature range 200-400°C. 
It could reasonably be held responsible for the 
pattern of reaction products and microstructures 
seen in the sample being considered. The process 
of pressure solution (e.g. Durney 1972; Rutter 
1976, 1983) involves diffusive mass transfer 
via an intergranular (typically aqueous) fluid. 
Material at high-stress grain boundaries goes 
into solution, then moves down a stress-induced 
chemical potential gradient to be deposited at 
low-stress sites. The types of features that 
provide evidence for pressure-solution processes 
having operated include: (a) truncated surfaces 
or grain boundaries, indicating sites of dissolu- 
tion; (b) cleavage surfaces enriched in phyllosi- 
licate phases and fine carbonaceous/opaque 
material, representing pressure-solution seams; 
(c) stylolites; (d) fibrous overgrowths of the same 
or different mineral phase on an existing grain; 
(e) new optically continous overgrowths of the 
same phase on a pre-existing grain. None of 
these features is observed in the sample under 
consideration, thus pressure solution is not 
considered as the main process responsible for 
the fine-grained reaction products seen at many 
grain boundaries. In addition to the lack of 
features normally associated with pressure solu- 
tion, other points that favour grain-boundary 
microcracking or dilatancy as an explanation for 
the fine-grained alteration products at grain 
boundaries include: (1) evidence of material 

deposited at grain boundaries in a wide range 
of orientations; (2) pronounced angular triple- 
junctions, rather than rounding/smoothing of 
selective boundaries (a feature of pressure 
solution); (3) the presence of sericite-rich aggre- 
gates along grain boundaries. These would not 
be expected for pressure solution in a calc- 
silicate rock, and suggest infiltration of fluid 
from an external source. 

Grain-scale modelling of rock deformation 

Prev ious  research 

To date, the focus of grain-scale modelling has 
been on fabric development, including both 
lattice preferred orientations and grain-shape 
fabrics. The Taylor-Bishop-Hill (TBH) model 
(Taylor 1938; Bishop & Hill 1951) has been an 
important basis for many subsequent studies, 
especially in the simulation of quartz polycrystal 
aggregates (e.g. Lister et al. 1978). The TBH 
model simulates the development of crystallo- 
graphic preferred orientation (CPO) in a deform- 
ing polycrystal aggregate, in which grains deform 
by dislocation glide. The model has been 
thoroughly discussed and evaluated by Lister 
et al. (1978) and Lister & Paterson (1979), so 
rather then consider all aspects of the model, 
we will simply state the basic assumptions, 
and consider some of the merits and limitations 
of the model. The fundamental assumptions of 
the TBH model are: (1) deformation takes 
place solely by dislocation glide; (2) deforma- 
tion occurs uniformly thoughout the sample; 
(3) deformation within each grain occurs by 
simultaneous operation of several glide systems, 
each approximated to simple shear parallel to 
the glide plane; (4) gliding obeys a rigid-plastic 
flow law; (5) there is no intergranular fluid 
(i.e. the deforming polycrystal aggregate is dry). 

The initial assumption of deformation solely 
by dislocation glide means that the TBH model 
cannot be applied to the full range of geological 
conditions and materials. Even so, dislocation 
glide operates in many natural polycrystal 
aggregates over a broad range of conditions 
(e.g. Rutter 1976, Knipe 1989), so the TBH 
model offers considerable potential for simulat- 
ing natural rock deformation. However, the 
TBH model cannot be used to model deforma- 
tion of natural polycrystal aggregates where 
grain-boundary diffusional processes (e.g. Coble 
creep, pressure solution) are dominant, or where 
deformation is achieved primarily by movement 
of grains relative to each other (e.g. cataclastic 
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flow, grain-boundary sliding). Additionally, the 
effects of recrystallization are not considered. 

The second assumption of the TBH model is 
that of homogeneous deformation. This is neces- 
sary to ensure that all grains remain in contact 
along the entire length of their boundaries. This 
assumption has the disadvantage that it is neces- 
sary for 'hard' grains to deform as much as 'soft' 
grains, since different mechanical properties of 
adjacent grains would produce significant strain 
gradients at their boundaries. This means that 
multiphase polycrystal aggregates cannot be 
suitably modelled (unless the phases have similar 
mechanical properties), so the TBH model is 
of primary use for monomineralic polycrystal 
aggregates (e.g. quartzite). In order for the 
model to achieve homogeneous strain solely by 
dislocation glide, the third assumption requires 
the simultaneous operation of several glide 
systems. Five linearly independent slip systems 
are needed (Von Mises 1928), but in any given 
grain it is likely that deformation would be 
achieved by the simultaneous operation of fewer 
glide systems. Lister et al. (1978) note from their 
modelling that the bulk of the strain can usually 
be achieved by three systems. The fourth 
assumption, that the material obeys a rigid- 
plastic flow law, means the material behaves 
rigidly as deviatoric stress rises, until a critical 
value of shear stress at which yield occurs. This 
means that elastic strains are neglected, and 
glide on a particular plane will only take place 
once the critical resolved shear stress (Tc) for 
yield on that plane has been exceeded (Lister 
et al. 1978). The fifth assumption of fluid-absent 
deformation simplifies the modelling, but means 
that the TBH model is not a reliable simulation 
of deformation in fluid-present natural poly- 
crystal aggregates. 

Utilizing the TBH model, Lister et al. (1978), 
Lister & Paterson (1979) and Lister & Hobbs 
(1980) examined fabric development during 
ductile deformation, and its application to 
quartzite. Their simulations, based on a refined 
TBH model, produced fabrics showing consider- 
able similarity with natural examples. But since 
the modelling assumes homogeneous deforma- 
tion by dislocation glide, and the coexistence of 
five independent slip systems, there are limita- 
tions when drawing comparisons with observed 
fabrics in heterogeneous natural polycrystalline 
rock aggregates. The self-consistent modelling of 
Molinari et  al. (1987) and Wenk et al. (1989) is 
perhaps a better approximation since it requires 
fewer slip systems, and allows a degree of inho- 
mogeneous deformation. Other studies of note 
include the geometrical modelling of Etchocopar 
(1977) and Etchocopar & Vasseur (1987), and the 

modelling of Jessell (1988a, b) which permitted 
grain-boundary migration during fabric devel- 
opment in a recrystallizing aggregate. Finite ele- 
ment modelling was employed by Harren & 
Asaro (1989) and Tharp (1989) to overcome some 
of the problems of previous models, but requires 
specially arranged slip systems not particularly 
analogous to natural rock aggregates. 

More recently, Zhang et  al. (1994a, b), using 
the FLAC (Fast Langrangian Analysis of Con- 
tinua) computer code of Cundall & Board 
(1988), have modelled grain deformation beha- 
viour and fabric development in simulated 
polycrystalline aggregates involving a single 
slip system. Zhang et  al. (1994a) used the 
'ubiquitous joint model' which considers each 
'grain' of the polycrystal aggregate as an elastic- 
perfectly-plastic matrix comprising an infinite 
number of parallel slip surfaces. Their numerical 
polycrystalline aggregate comprised 49 hexago- 
nal grains, each with 36 internal elements. In the 
initial aggregate, the orientation of the slip 
planes, whilst constant in any given grain 
(i.e. single slip system), varied between adjacent 
grains. The models of Zhang et  al. (1994a, b) 
allow heterogeneous, essentially ductile deforma- 
tion, whilst maintaining strain compatibility and 
overall stress equilibrium (Zhang et  al. 1994a). 
Deformation is achieved by slip on the single slip 
system of a given grain, and by deformation of 
the grain matrix. The dominant process is a 
function of the values of critical resolved shear 
stress ('rc) for slip planes, and the strength of the 
grain matrix, according to the yield limit (o-0). 
Zhang et  al. (1994a) set the angle of friction as 
zero for both the slip planes and the matrix, so 7-c 
is completely a function of slip plane cohesion 
(Cs), and the value of o-0 is entirely controlled 
by matrix cohesion (Crn). By setting Cm at 
a value (2 × 10 l° Pa) considerably larger than the 
value (2 × 10SPa) for Cs, Zhang et  al. (1994a) 
ensured that o-0 would be much larger than ~-c, 
and thus deformation would be dominated by 
dislocation glide rather than matrix flow within 
individual grains. Zhang et  al. (1994a) showed 
that the spatial pattern of grain boundaries 
changed as the individual grains deformed, and 
that strain heterogeneities developed at both 
inter- and intragrain scale. Even so, the fact that 
grain boundaries remain in contact demon- 
strates that strain compatibility was maintained 
(Zhang et al. 1994a). The values used were not 
based on any real slip system or material, but 
were simply chosen to achieve the effect 
described. However, values for most parameters 
were chosen to be those of quartz, and thus the 
modelling results could be considered to approx- 
imate to the behaviour of quartz polycrystal 
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aggregates during low-temperature deformation. 
It should be noted that quartz has at least three 
independent slip systems, but at sub-greenschist 
and low greenschist facies conditions and low 
differential stress it is only basal slip in the 
(c)<a> direction that is likely to be important. 
With this in mind, it is reasonable to approx- 
imate quartz to a single slip system under the 
specific conditions outlined. However, this 
approximation would be invalid at higher 
temperatures and higher differential stress. 

Modelling with significant intracrystalline 
ductile deformation is not particularly relevant 
to the present study, since at the low greenschist 
and sub-greenschist facies conditions the princi- 
pal minerals of the aggregate (scapolite and 
anorthitic plagioclase), if deformed, will have 
become so by brittle fracturing rather than 
dislocation glide or other crystal-plastic intra- 
crystalline deformation. We have not documen- 
ted or accounted for any pressure solution in 
our modelling, since, for the reasons given 
above, we do not see any convincing petro- 
graphic evidence that pressure solution has 
played a significant role in the microstructural 
development of the rock in question. Similarly, 
we do not consider static or dynamic recrystalli- 
zation to be important. Undoubtedly, the highly 
polygonal aggregate has experienced extensive 
high-temperature recrystallization, but for the 
conditions of interest, when the fine-grained 
grain-boundary aggregates formed, the fine 
grain size (<5 #m) and mineral phases present 
(e.g. epidote, sericite+illite) suggests low tem- 
peratures and little or no recrystallization. 

UDEC modelling 

The common feature of the models described 
above is that they are all 'dry' (i.e. no pore fluid). 
The other key feature is that they are dominated 
by intracrystalline 'plastic' deformation, which 
for the conditions and phases of the present 
study is inappropriate. Only the modelling of 
Zhang et al. (1994b) permits grain-boundary 
dilatancy and void development, which is vital 
for our study. 

For the present study we wanted to model 
grain-boundary dilation of a largely 'monomi- 
neralic' (scapolite-dominated) polycrystal aggre- 
gate under more brittle conditions, in the 
presence of a suprahydrostatic fluid to simu- 
late the low greenschist facies, low strain, brittle 
conditions relevant to the sample. None of 
the models described in the previous section 
are appropriate for this, so we have applied 

2D distinct-element modelling using the Uni- 
versal Distinct Element Code (UDEC) of 
Cundall (1971, 1980), and usefully summarized 
by Zhang & Sanderson (1996a) and Homberg 
et al. (1997). 

UDEC modelling (which is two-dimensional) 
has primarily been used for analysis of fracture 
patterns, fault behaviour, fluid flow and perme- 
ability of large rock masses (e.g. Last & Harper 
1990; Peacock & Zhang 1994; Zhang & San- 
derson 1996a, b; Homberg et al. 1997) and, 
until now, analysis of grain-scale processes in 
largely monomineralic aggregates has not been 
attempted. 

In UDEC modelling, the deformation of the 
fractured rock (or in our case, polycrystal aggre- 
gate) involves elastic and plastic deformation of 
coherent blocks (in our case, grains), coupled 
with displacement along and across the bound- 
aries. The area under consideration is subdi- 
vided into a finite number of blocks, delimited 
by discontinuities such as faults. In our new 
application of UDEC modelling to grain-scale 
analysis, the blocks are individual grains and 
the discontinuities are grain boundaries. Calcu- 
lation of incremental normal and shear forces 
(OFn, OFs), given by OFn= Kn OUn and OFs = 
Ks OUs, enables evaluation of normal and shear 
forces between individual blocks or grains. 
In these equations, OUn and OUs are relative 
incremental normal and shear displacements, 
and Kn and Ks are the normal and shear stiffness 
for the boundary. The deformability of the 
interface between blocks (in our case, grain 
boundary) and the frictional characteristics at 
such boundaries are represented by a spring- 
slider system with prescribed force-displacement 
relations permitting shear and normal forces 
between blocks to be evaluated (Zhang & 
Sanderson 1996b). 

UDEC modelling, which proceeds by a series 
of time-step increments, allows simulation of 
deformation both within grains and at grain 
boundaries, whilst permitting fluid flow between 
interfaces. A fully coupled mechanical-hydraulic 
analysis is performed in which mechanical 
deformation influences interface connectivity, 
but is itself influenced by interface hydraulic 
pressure (e.g. Last & Harper 1990; Zhang & 
Sanderson 1996b). Within the aggregate of 
blocks (grains), a pressurized fluid forms an 
interconnected network at the interfaces. If a 
fluid pressure differential Ap~ exists between 
adjacent domains, flow will take place down the 
pressure gradient. The flow rate (described more 
fully by Zhang & Sanderson 1996b) is a function 
of boundary permeability, hydraulic aperture, 
APr and distance. The hydraulic aperture (a), 
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Fig. 9. Digitized polygonal aggregate shown in Fig. 7. 

which is of  particular importance to the present 
study, is given by: 

a = a0 +/An 

in which a0 is the width of  the aperture (in our 
case, grain boundary  aperture) at zero normal  
effective stress, and un is the displacement 
normal  to the boundary,  which is a function 
of  normal  stress and grain and grain-boundary 
properties. It is assumed that  all interfaces have 
a residual aperture (ares)  , below which mechan-  
ical closure has no effect on contact  permeabili ty 
(Zhang & Sanderson 1996b). Should Pf exceed 
the normal  stress at a given boundary,  the 
aperture will dilate to a value greater than a0, 
thus a tensile effective stress will cause aperture 
opening (dilatancy), whilst compressive effective 
stress will give closure. 

To simulate condit ions that may account  for 
the geometrical  ar rangement  of  reaction prod- 
ucts seen in the sample under  investigation, 
the 3ram section of the polygonal  scapol i te-  
plagioclase-dominated aggregate illustrated in 
Fig. 7 was digitized (Fig. 9), and then U D E C  
modell ing applied. Since the grain-boundary 
alteration products include fine-grained sericite 
and epidote, it is likely that  these minerals 
formed under  low greenschist or even sub- 
greenschist facies conditions. At such tempera- 
tures, both plagioclase and scapolite are likely to 
deform by brittle fracturing rather than crystal- 
plastic processes. If  slip does occur it is likely 
that  a single slip system wilt dominate.  

M o d e l s  

The models we have used set vertical stress (0" 2 in 
our models) at 300 MPa  (3 kbar), a value appro- 
priate for low greenschist facies conditions. 
Max imum horizontal  stress, o.3 was arbitrarily 
set at 330MPa (= 1.1 times vertical stress), 
and min imum horizontal  stress, o-3, at 270 MPa 
(=0.9  times vertical stress). Therefore mean  
s t r e s s  (Pconf ining)  = 300MPa.  These values are 

Table 1. Material properties used in UDEC modelling 

Property Value Units 

Grain 
Density 2700 kg m -3 
Shear modulus 0.88 GPa 
Bulk modulus 3.28 GPa 
Tensile strength 2.5 MPa 
Cohesion 27.2 MPa 
Frictional angle 35 degree 

Bond 
Shear stiffness 1.0 x 105 GPam -1 
Normal stiffness 2.5 x 105 GPam -1 
Tensile strength 1.5 MPa 
Cohesion 2.0 MPa 
Frictional angle 30 degree 
Aperture at zero stress 100 x 10 -9 m 
Residual aperture 10 x l 0 -9 m 

Fluid 
Density 1000 kg m -3 
Viscosity 3.5 × 10 .4  Pa s 
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Fig. 10. (a) Line drawing showing distribution of sericite (+ illite) + quartz reaction products based on SEM 
back-scattered imaging and standard optical microscopy. (b) Result of  UDEC modelling run using digitized 
polygonal aggregate of Fig. 9, and the following specifications: vertical stress (or2) = 300 MPa, maximum 
horizontal stress (~1)= 330 MPa; minimum horizontal stress (o-3)= 270 MPa; pore fluid pressure P0 = 240 MPa. 
Based on this, maximum horizontal effective stress SH = 90 MPa (330-240 MPa), minimum horizontal effective 
stress Sh = 30 MPa (270-240 MPa). Su at 45 ° as indicated. Material properties used are given in Table 1. UDEC 
model run to an upper limit of  aperture opening= 10#m. Lower aperture limit shown on plot = 2#m. 
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considered realistic estimates of the stress varia- 
tions commonly encountered by rocks at low 
greenschist conditions, and give the magnitude 
of differential stress appropriate for our model- 
ling of grain-boudary dilatancy. Initial pore fluid 
pressure (P0) was set at 240MPa (i.e. 0.8 x mean 
stress). This represents suprahydrostatic pres- 
sure (i.e. not quite lithostatic pressure), and 
is considered to be a reasonable approximation 
of low greenschist or sub-greenschist facies 
conditions (e.g. Sibson 1994). On the basis of 
these settings, SH (maximum horizontal effective 
stress, = 0.1 - P0) is 90 MPa (i.e. 330-240 MPa) 
and Sh (minimum horizontal effective stress, 
= 03 - P0) is 30 MPa (i.e. 270-240 MPa), and Sv 
(vertical effective stress, = 0 2 -  P0) is 60MPa 
(i.e. 300-240 MPa). The full range of material 
properties for scapolite-anorthite aggregates 
are not known, but having set appropriate 
values (Table 1) for grain strength and grain- 
boundary stiffness, to give a dominance of 
grain-boundary opening rather than intracrys- 
talline fracturing, the UDEC models were run. 
The maximum grain-boundary aperture was set 
at 10~m, so that once some grain boundaries 
had opened by 10#m the run stopped. The lower 
aperture limit shown on the plots is 2 #m. To 
approximate to natural grain boundaries in 
silicate aggregates, the grain-boundary aperture 
at zero stress was set at 100 nm, and the residual 
aperture set at 10 nm. 

Results 

Figure 10b is a plot for 2-10#m aperture (grain- 
boundary) opening produced during one of the 
runs, using the starting polygonal aggregate 
based on the digitized field of view of Fig. 9. 
The conditions that operated during the run are 
specified in the caption. Accepting the limita- 
tions of 2D modelling of a 3D aggregate, 
comparison of Figs 10a and 10b indicates that 
there is reasonable agreement between the plot 
of boundaries that dilated by 2-10 #m under the 
conditions specified in the model and the map 
of boundaries showing sericite (+ illite) + Qtz 
reaction products in the natural sample. By 
rotating the orientation of the minimum and 
maximum effective horizontal stresses through 
90 ° (i.e. switching them round), it is not 
surprising that the grain boundaries previously 
experiencing minimum extensional stress (effec- 
tively compression) are now under conditions of 
maximum extension, and thus dilate. Conse- 
quently the grain boundaries that dilated during 
this UDEC run (Fig. l lb) are approximately 
perpendicular to the previous run (Fig. 10b). 

There is reasonable agreement with the pattern 
of epidote and Fe-oxide reaction products in 
the natural sample (Fig. 1 l a), but more bound- 
aries are predicted to open than the number 
of boundaries showing reaction products. We 
interpret the cause of the reaction products in 
two distinct orientations to be the result of two 
separate events of fluid infiltration and altera- 
tion due to grain-boundary dilatancy, whilst at 
low greenschist or sub-greenschist facies condi- 
tions. The different geometrical arrangement of 
alteration products we consider largely to reflect 
the orientation of maximum and minimum effec- 
tive stresses at the time of a particular event. 
In this particular case, the pattern of reaction 
products would suggest that the maximum and 
minimum effective stresses switched through 90 ° 
from one event to the next. It has not proved 
possible to establish the order of the two events. 

Discussion 

The results from these studies may not directly 
equate to the behaviour of the scapolite- 
anorthite aggregate under consideration, since 
not all of the material properties are known, and 
estimates have been made. A further limitation 
is that UDEC models are 2D, whereas the 
material being studied is a slice through a 3D 
polygonal aggregate. Undoubtedly, the bound- 
aries of any polygonal aggregate will cut the 
plane of the section at a wide range of angles, 
but of necessity the 2D UDEC model assumes 
all boundaries to be vertical. Clearly the nature 
of boundaries in 3D will be important, but the 
point of our analysis is to show that, in prin- 
ciple, the pattern of grain-boundary dilatancy in 
a polycrystal aggregate under an imposed 
differential stress, and given Pf, can give a 
reasonable indication of the pattern of grain- 
boundary opening and connectivity according 
to the orientation of maximum and minimum 
horizontal stresses. Despite the limitations and 
assumptions made, this pilot study has given 
promising results to suggest that UDEC model- 
ling of grain-boundary dilatancy and fluid infil- 
tration is feasible, and can lead to an enhanced 
understanding of subtle stress-induced fluid 
infiltration, transient permeability enhancement, 
and resultant retrograde reaction processes that 
may operate in natural rocks at greenschist or 
sub-greenschist facies conditions. We realize 
that at present there are significant limitations to 
the modelling we have undertaken, but with 
increased knowledge of the input parameters, 
especially the material and grain-boundary prop- 
erties, we believe that future modelling of this 
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type can make  a major  cont r ibut ion  to the 
unders tanding  of  grain-scale fluid infiltration 
and retrogression at low P - T  condit ions.  

C o n c l u s i o n s  

This study has shown that  bo th  microcracking 
and gra in -boundary  di latancy can be crucial  
processes in p romot ing  fluid access into see- 
mingly unfrac tured  domains  of  me tamorph ic  
rocks, and consequent ly p romot ing  re t rograde 
al terat ion of  higher P - T  mineral  assemblages. 
This work  has also emphasized the considerable 
potential  offered by U D E C  model l ing for under-  
s tanding how subtle differences in magni tude  
and or ientat ion of  applied stresses can have 
an impor tan t  influence on microscale grain- 
bounda ry  di latancy during me tamorph i sm at 
greenschist facies and sub-greenschist  facies 
condit ions.  The connectivi ty of  di la tant  grain 
boundar ies  can greatly enhance  and control  
the pat tern  of  grain-scale fluid infiltration in 
domains  between fractures and thus control  the 
pat tern  of  re t rograde reactions and the spatial 
distr ibution of  reaction products.  

The sample from South Harris is from the depart- 
mental teaching collection. The precise location and 
original collector are not known. We would like to 
thank D. Sanderson, P. Treloar and T. Fliervoet for 
their thorough and incisive reviews of an earlier draft 
of this paper. Their suggestions have led to significant 
improvements in the manuscript. Correspondence to 
A. J. Barker (email: ajbl@soc.soton.ac.uk). 
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Abstract: Quantitative phase diagrams, and in particular phase diagram movies, offer a 
powerful and versatile forward approach to modelling the P-T-x-t relationships of natural 
mineral assemblages. Phase diagram movies are ideal for illustrating the continuous way in 
which mineral compositions and assemblages evolve with changing P-T-x conditions. 
A feature of the animation process, is that it also enables an extra variable to be represented 
by the running time of the movie. A methodology for producing quantitative phase diagram 
movies is illustrated using the example of the AFM compatibility diagram. This approach 
involves the calculation of phase equilibria at critical values of the animating variable (in this 
case temperature), with interpolation of the data between these values. Phase equilibria 
calculations were performed using Thermocalc v2.5, and data interpolation and construction 
of the individual phase diagrams (or movie frames) was achieved in Mathematica ~) v2.2.2 
using purpose-written code. Although the details of the technique, and the code, have been 
designed for use with this particular application, the approach is quite general. 

When performing thermodynamic calculations 
the first aim of metamorphic petrologists is 
generally the computation of the peak meta- 
morphic temperature experienced by the rocks 
of interest. However, this temperature maximum 
only represents a single point in the P-T- t  
history experienced by the rocks, and therefore 
the constraint of this P-T- t  path, either quali- 
tatively or quantitatively, is of considerably 
more interest. Peak metamorphic conditions 
are traditionally calculated using thermobaro- 
metry, either by the use of directly calibrated 
single-reaction thermometers and barometers 
(e.g. Ferry & Spear 1978; Ghent & Stout 1981), 
or internally consistent datasets (Berman 1991; 
Powell & Holland 1994). Similarly, segments 
of P-T- t  paths have been calculated by thermo- 
barometry of inclusion suites (e.g. St. Onge 
1987), and modelling of mineral zonation pro- 
flies (e.g. Spear & Selverstone 1983; Young 1989; 
Spear et al. 1990). These techniques are inverse 
approaches in that observed mineral assemblages 
and, in particular, measured mineral composi- 
tions form the starting point for the calculations. 
A disadvantage in such an approach is a reliance 
on the recognition and analysis of equilibrium 
assemblages, as mineral compositions may fail 
to equilibrate at the metamorphic peak, and may 
continue to equilibrate along the retrograde 
portion of the P-T- t  path (e.g. Powell 1985; 
Fitzsimons & Harley 1994; Pattison and B6gin 
1994; Okay 1995). Therefore, although it is 
usually possible to identify the phases involved 

in equilibrium assemblages, determination of the 
equilibrium compositions of these phases is 
often impossible. 

The interpretation of mineral textures, assem- 
blages and compositions in terms of phase 
diagrams (e.g. Clarke et al. 1989; Connolly 
et al. 1994; Vance & Holland 1993) offers an 
additional, powerful and versatile forward mod- 
elling approach. Early petrogenetic grids were 
essentially qualitative, constructed from a com- 
bination of petrographic observations, composi- 
tions of coexisting phases and sub-system 
experimental results (e.g. Albee 1965; Hess 
1969; Harte & Hudson 1979). More recently, 
the development of internally consistent thermo- 
dynamic datasets (Holland & Powell 1985, 1990; 
Berman 1988) has enabled the calculation of 
quantitative grids (e.g. Powell & Holland 1990; 
Xu et al. 1994; Worley & Powell 1998) and the 
forward modelling of P-T-x  relationships of 
natural mineral assemblages (Connolly et al. 
1994; Vance & Holland 1993). 

One of the fundamental difficulties associated 
with the presentation of phase diagrams has 
always been the reduction of the effective dimen- 
sions of the total phase diagram so that it can be 
illustrated on a two-dimensional piece of paper, 
or screen. The total phase diagram contains all of 
the phase assemblage and composition informa- 
tion for a given system. The dimension, or 
number of axes, of this diagram is related to 
the size of the system, i.e. the number of com- 
ponents. For a system with n components, there 

WORLEY, B. & POWELL, B. 1998. Making movies: phase diagrams changing in pressure, temperature, 
composition and time. In: TRELOAR, P. J. & O'BRIEN, P. J. (eds) What Drives Metamorphism and Metamorphic 
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will be axes for pressure (P), temperature (T) 
and n -  1 compositional (x) terms. There are 
only n -  1 compositional terms as the nth term 
can always be determined by difference, and hence 
is not independent. Therefore, the total phase 
diagram has 2 + (n - 1) = n + 1, dimensions. 

This description is the normal geological one 
in which the system is considered to be closed, 
and under constant superimposed P and T. 
Other descriptions, involving instead enthalpy 
(instead of T), volume (instead of P), or 
chemical potential (instead of x), still involve a 
total phase diagram of n + 1 dimensions. 

Considering the six-component KFMASH 
system, its total phase diagram has a dimension 
of seven. The effective dimension can be made to 
be two, and AFM compatibility diagrams con- 
structed, by holding P and T constant, and 
treating muscovite, quartz and H20 as 'in excess' 
(Thompson 1957). Although the resulting tern- 
ary diagram has three components as its apices, 
there are only two independent axes, in the same 
way as the total phase diagram has only n -  1 
independent x terms. This dimension problem is 
obviously compounded as the number of com- 
ponents in the model system is increased, for 
example to more closely approximate natural 
systems. Therefore, one of the important features 
of phase diagram movies is that the animation 
process allows an extra dimension to be repre- 
sented, i.e. the variable with respect to which the 
diagrams are animated is portrayed by the 
running time (t) of the movie. 

The choice of what the time (t dimension) of 
the movie (as well as the two dimensions 
portrayed in the individual phase diagram 
frames) will represent, is dependent upon the 
specific problem of interest. The most obvious 
choice is to animate with respect to intensive 
variables, such as P or T, an approach which is 
applicable to sections (e.g. compatibility dia- 
gram movies) and pseudosections (e.g. T-x  and 
P - x  movies). It is also possible to portray 
extensive, or compositional, variables with the 

t dimension. For example, pseudosection movies 
can be constructed where t represents a changing 
bulk composition ( P - T  pseudosections) or bulk 
compositional line (T-x  and P - x  pseudosec- 
tions). Another interesting possibility is where t 
corresponds to the real t dimension, so that, for 
example, a compatibility diagram movie shows 
relationships along a chosen P - T - t  path to 
reflect P - T  variations during orogenesis. 

Phase diagram movies, represent a significant 
advance in our ability to portray the results of 
phase equilibria calculations. Such an advance 
should improve our understanding of quantita- 
tive phase equilibria and ultimately our ability to 
interpret metamorphic reactions and complex 
reaction textures. 

General approach 

All of the phase equilibria calculations were 
performed with THERMOCALC v2.5 (Powell et al. 
1998) and the 20 April 1996 update of the 
Holland & Powell dataset (Holland & Powell 
1990). When run in phase diagram mode, 
THERMOCALC produces a large amount of out- 
put, including values for P, T and x variables for 
all of the possible equilibria. Conventional 
THERMOCALC output includes all of the calcu- 
lated variables; however, the application can be 
instructed (by the use of a script; Powell et al. 
1998) to produce a secondary output file, named 
say 'th math', which contains the results of the 
calculations in an appropriate form to be used in 
Mathematica ®. As THERMOCALC does not dis- 
tinguish between stable and metastable equili- 
bria, it is necessary to edit the output before 
producing individual phase diagrams and movies. 

Generation of a phase diagram movie involves 
construction of a series of phase diagrams, which 
form the individual frames of the movie, for a 
range of values of the variable chosen for ani- 
mation. An effective movie requires on the order 
of 10-20 frames per second, so the calculation of 

Table 1. Mineral formulae and abbreviations 

Mineral Abb. Structural formula 

staurolite st 
garnet g 
chlorite chl 
biotite bi 
muscovite mu 
chloritoid ctd 
aluminosilicate als 
quartz q 
water H20 

(Mg,Fe)4Al18SiT.5048H4 
(Mg,Fe)3A12Si308 
(Mg,Fe)4(Mg,Fe,A1)2Si2[A1,Si]2010(OH)8 
K(Mg,Fe)(Mg,Fe,A1)2Si2[A1,Si]2010(OH)2 
KIT (Mg,Fe,AI)2Si2[A1,Si]2010(OH)2 
(Mg, Fe)A12SiOs(OH)2 
A12SiOs 
SiO2 
H20 
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each frame is impractical. A practical approach 
is to calculate the necessary equilibria at critical 
values of the animating variable (the exact 
choice dependent upon the system and diagram 
of interest, as well as sophistication of the 
interpolation technique), and interpolate the 
data between these points. The approach that 
we have used here is to perform the data 
interpolation and construction of the individual 
phase diagram frames in Mathematica v2.2.2 
using purpose-written code (see also Powell et 
al. 1998). Initial animation is also undertaken in 
Mathematica with built-in functions. Although 
various versions of the Mathematica code are 
presented here and in Powell et al. (1998), 
anyone can design code for their own specific 
purposes, for use in either Mathematica, or 
other suitable software; THERMOCALC for exam- 
ple, can be instructed to produce tab-delimited 
output. 

The general approach, outlined above, is 
illustrated in the next section with some simple 
code, specifically designed for constructing com- 
patibility diagram movies. All of the examples 
have been produced using an Apple Macintosh 
computer; however, IBM-compatible versions of 
the critical software (i.e. THERMOCALC and 
Mathematica) are available. The explanations 
and commands presented here are for Macintosh 
applications. 

The A F M  compatibility diagram 

It is simplest to illustrate the calculation and 
construction steps necessary to produce a movie 
by following a worked example. For this purpose 
we have chosen the AFM (+ mu + q + H20) 
compatibility diagram in the model K F M A S H  
system, which will be animated with respect to 
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Fig. 1. P-T projection for the system KFMASH + mu + q + H20. Full-system univariants are represented by 
heavy solid lines, KFASH sub-system univariants by light solid lines, and KMASH sub-system univariants by 
dashed lines. The finely dashed horizontal line, at 6 kbar, represents the temperature range over which 'Movie 1', 
has been calculated. Filled circles on this line are the temperatures at which divariant assemblages were calculated 
for the construction of the movie. 
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temperature at constant  pressure (mineral abbre- 
viations are given in Table 1). This example was 
chosen because of  its relative simplicity, as well 
as a widespread familiarity with both  the system 
and the A F M  diagram (Thompson  1957, and 
many papers since). The K F M A S H ,  K F A S H  
and K M A S H  datafiles used for the calculations 
are presented in Powell et al. (1998). 

P -  T projection 

Before calculating and constructing a movie it is 
generally helpful firstly to calculate, or have 
access to a previously calculated, petrogenetic 

grid for the P - T  range of  interest, as this will 
indicate exactly which equilibria need to be 
calculated. In this case the P T  projection has 
been constructed for a P - T  window of  475-  
675°C and 5-11 kbar  (Fig. 1). The K F A S H  and 
K M A S H  sub-system informat ion is included in 
Fig. 1, because the example code requires 
coordinates for each temperature at which the 
topology of  the diagram changes, i.e. whenever 
K M A S H ,  K F A S H  or K F M A S H  univariant  
reactions are encountered.  The main A F M  
movie used as an example has been calculated 
over a temperature range of 500-650°C at 
P = 6kbar ,  as indicated by the horizontal  
dashed line in Fig. 1. Also illustrated along this 

A F M  (+ mu + q + H20) 
6.0 kbar 

R~ ~_~a Qo(2. h i  ~79,1°(2.  

2 

ctd = g + st + chl g + chl = st + bi 

KFMASH divariants KFMASH divariants 
(als-st-chl)* (als-st-chl)* 
(st-g-chl) (+) (st-g-chl) (-) 
(st-ctd-g) (-) (st-g-bi) (+) 
(st-ctd-chl) (-) (st-bi-chl) (+) 
(ctd-g-chl) (-) (g-bi-chl) (-) 
(g-bi-chl)* 
KFASH divariants KFASH divariants 
(als-st)* (als-st)* 
(st-g)* (st-g)* 
(g-bi)* (g-bi)* 
KMASH divariants KMASH divariants 
(als-chl)* (als-chl)* 
(bi-chl)* (bi-chl)* 

Fig. 2. AFM + mu + q + H20 compatibility diagrams at (a) 554.9°C and (b) 572.4°C illustrating the divariant 
equilibria which need to be calculated at two univariant reactions. The inset diagrams drawn at TR -- 6T and 
TR + 6T show how the stable divariants change as a univariant reaction is crossed. Assemblages which are 
introduced at the reaction are labelled (+), those which are removed are labelled (-),  and unaffected assemblages 
are denoted by (*). 
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line (by the filled circles) are all of the 
temperatures at which divariant equilibria were 
calculated, where the line intersects the sub- and 
full-system univariant reactions. 

A feature of the grid which should be noted is 
the discrepancy between the calculated partition- 
ing of Fe and Mg between garnet and staurolite 
and that generally observed in nature. Although 
the difference is very small - actually within the 
uncertainties of the data - the predicted Fe/Mg 
ratio of garnet is less than that of coexisting 
staurolite, which is the converse of that observed 
in the majority of natural assemblages. The main 
consequence of this reversed partitioning is that 
the final consumption of staurolite is predicted 
to occur via the KFASH sub-system reaction, 
st = g + als, rather than the full-system terminal 
reaction, st = g + bi + als. This discrepancy sug- 

gests that the thermodynamic descriptions of 
staurolite and/or garnet are not quite correct. 
The likely culprit is staurolite (Powell & Holland 
1990), but given our relatively limited under- 
standing of staurolite crystal chemistry, the 
attractiveness and effectiveness otherwise of the 
simple models used, as well as the natural system 
observations being in a Fe203-bearing system, 
we feel that, at this stage, it is justifiable to 
present the results as they are. 

Divariant equilibria for AFM 
(+ mu + q + H20) compatibility diagram 

At each of the univariant equilibria there is a 
change in the stable divariant equilibria, the 

Table 2. AFM coordinates for KFMASH, KFASH and KMASH divariants 

( . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .  ) ( . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .  ) 
KFMASH 
{{6.000, 554.93}, 

{ { "s t " ,  0.6923, 0.2959, 0.0118}, 
{"g", 0.2500, 0.7086, 0.0414}, 
{"chl", 0.1989, 0.5684, 0.2327}}, 

{ { "s t " ,  0.6923, 0.2959, 0.0118}, 
{"ctd", 0.5000, 0.4363, 0.0637}, 
{"chl", 0.1989, 0.5684, 0.2327}}, 

{{"ctd",  0.5000, 0.4363, 0.0637}, 
{"g", 0.2500, 0.7086, 0.0414}, 
{"chl", 0.1989, 0.5684, 0.2327}}, 

{ { "s t " ,  0.6923, 0.2959, 0.0118}, 
{"ctd", 0.5000, 0.4363, 0.0637}, 
{"g", 0.2500, 0.7086, 0.0414}}, 

{ { "s t " ,  0.6923, 0.2761, 0.0316}, 
{"chl", 0.2080, 0.3648, 0.4272}, 
{"ky", 1.0000, O, 0}}, 

{{"g", 0.2500, 0.7121, 0.0379}, 
{"chl", 0.1873, 0.5922, 0.2205}, 
{ "b i " ,  -0.2294, 0.9178, 0.3116}} }, 

KFMASH 
{{6.000, 572.42}, 

{ { "s t " ,  0.6923, 0.2882, 0.0195}, 
{"chl", 0.1976, 0.4845, 0.3178}, 
{"bi" ,  -0.2216, 0.7670, 0.4547}} 

{ { "st" ,  0.6923, 0.2882, 0.0195}, 
{"g", 0.2500, 0.6831, 0.0669}, 
{"h i" ,  -0.2216, 0.7670, 0.4547}}, 

{{"g", 0.2500, 0.6831, 0.0669}, 
{"chl", 0.1976, 0.4845, 0.3178}, 
{"bi" ,  -0.2216, 0.7670, 0.4547}}, 

{ { "s t " ,  0.6923, 0.2882, 0.0195}, 
{"g", 0.2500, 0.6831, 0.0669}, 
{"chl", 0.1976, 0.4845, 0.3178}}, 

{ { "s t " ,  0.6923, 0.2695, 0.0382}, 
{"chl", 0.2050, 0.3343, 0.4607}, 
{"ky", 1.0000, O, 0}} }, 

( . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .  ) ( . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .  ) 
KFASH 
{{6.000, 554.93}, 

{ { "b i " ,  -0.2258, 1.2258}, 
{"aim", 0.2500, 0.7500}}, 

{ { " f s t " ,  0.6923, 0.3077}, 
{"alm", 0.2500, 0.7500}}, 

{ { " f s t " ,  0.6923, 0.3077}, 
{"ky", 1.0000, 0}} }, 

KFASH 
{{6.000, 572.42}, 

{ { "b i " ,  -0.2217, 1.2217}, 
{"aim", 0.2500, 0.7500}}, 

{ { " f s t " ,  0.6923, 0.3077}, 
{"aim", 0.2500, 0.7500}}, 

{ { " fs t" ,  0.6923, 0.3077}, 
{"ky", 1.0000, 0}} }, 

( . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .  ) ( . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .  *) 
KMASH KMASH 
{{6.000, 554.93}, {{6.000, 572.42}, 

{ { "b i " ,  -0.2705, 1.2705}, { { "b i " ,  -0.2541, 1.2541}, 
{"chl", 0.1798, 0.8202}}, {"chl", 0.1907, 0.8093}}, 

{{"chl" ,  0.2080, 0.7920}, {{"chl",  0.2050, 0.7950}, 
{"ky", l.O000, 0}} }, {"ky", 1.0000, 0}} }, 
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reactions, as written, representing the change. 
For example the reaction ctd = g ÷ st + chl, 
which occurs at 554.9°C at 6 kbar, results in the 
three divariant equilibria, (st-ctd-g), (st-ctd-chl) 
and (ctd-g-chl) being replaced by the single 
equilibrium (st-g-chl) (Fig. 2a). This is illustrated 
in the two inset AFM diagrams drawn at 
TR - 6T and TR + 6T which show the stable 
divariant configurations immediately prior to 
and following the reaction with increasing tem- 
perature. Similarly, at the reaction g + chl = 
s t + b i  (Fig. 2b), at 572.4 ° C at 6kbar, the 
(st-g-bi) and (st-bi-chl) equilibria are stabilized 
at the expense of the (st-g-chl) and (g-bi-chl) 
equilibria. The relevant THERMOCALC results 
for these two univariant reactions are given in 
Table 2. The coordinates for all of the stable 
divariant equilibria are given, including the 
incoming (denoted by (+) in Fig. 2), outgoing 
( - )  and unaffected (*) divariants. 

In the AFM compatibility diagram, muscovite 
is the only projecting phase which exhibits 
solid solution, the range of which is essenti- 
ally negligible over the P - T  range of interest. 
This contributes to the trivariant-quadrivariant 
boundaries on these diagrams being straight; 
this simplification is followed in constructing the 
diagrams and movies. This linearity is in con- 
trast to results in the N C K F M A S H  system 
N C F M  (+ plag + bi + mu + q + H20) compati- 
bility diagrams, which involve projection from 
plagioclase and biotite solid solutions (Worley & 
Powell 1998; Powell et al. 1998). A result of this 
simplification is that it is not necessary to 
calculate explicitly the trivariant or quadrivar- 
iant equilibria; instead they can be constructed 
by simply joining corresponding pairs of phases 
in the divariants. This also leads to a significant 
simplification of the Mathematica code; for 
example, compare the code presented here to 
the general compatibility diagram code, which 
includes input data for trivariant equilibria, 
given in Powell et al. (1998). 

Mathematica code 

The Mathematica code used to construct all of 
the compatibility diagrams and movies in this 
paper is given in Tables 3 and 4. Each line in the 
code has been numbered to enable discussion 
and explanation in the text. It is useful to sub- 
divide the code into two parts, as many of the 
functions are quite general and can be used in 
the construction of compatibility diagrams for 
other systems. The general code is given in Table 
3 and specific details, such as plot ranges, the 
definition of variables, labelling and the data 

Table 3. Mathematica code for performing data inter- 
polation and constructing AFM compatibility diagrams 

10 f f [Gene ra l : : spe l l ] ;  Of f [Genera l : :spe l l l ] ;  Off[Interpolation::inhr]; 
2 SetOptions[Position, Heads -> False]; 
3 <<Graphics'Animation' 

4 varyTatP = True; 

Function for interpolating the divariant data 

5 Clear[interpolatedivariant]; 
6 interpolatedivariant[phase_, info_, v_] := 

7 ( i n f o l  = Fold[(k = #2; pn - phase[[k]];  
8 pp = Position[#1,_?((#==pn)&)]; 
9 MapAt[k&, #1, pp])&, info, Range[Length[phase]l]; 
10 info2 = Map[{#[[ l ] ] ,Map[Sort[#, (#1[ [1] ]<#2[[1] ] )&]&,  
ii D r o p [ # , l ] ] } & , i n f o l ] ;  

12 vv = Map[#[[1,vposi]]&, i n fo ] ;  
13 kki = Flat ten[Posi t ion[vv,  _?((Abs[v - # ]<d i f f v )& ) ] ] ;  
14 I f [Length [kk i ]  == 1, i n f o 2 [ [ k k i [ [ 1 ] ] , 2 ] ] ,  
15 k2 = F la t ten[Posi t ion[w,  _?((v < # ) & ) ] ] [ [ l ] ] ;  k l  - k2 - i ;  
16 I f [ k 1  == O, { } ,  

vprop = (v - v v [ [ k l ] ] ) / ( v v [ [ k 2 ] ]  - vvECkl] ]) ;  
diZ = Map[Transpose[#][[1]]&, D r o p [ i n f o 2 [ [ k l ] ] , l ] [ [ 1 ] ] ] ;  
di2 = Map[Transpose[#][[1]]&, D rop [ i n fo2 [ [ k2 ] ] , 1 ] [ [ 1 ] ] ] ;  
dic = Intersection[dil,di2]; 
Map[(idik = #; 

pkl - Pos i t ion[d i l ,  _?( (#==id ik)&) ] [ [1 ,1 ] ] ;  
pk2 - Posit ion[di2, _?((#==idik)&)] [ [ 1 , 1 ] ] ;  
q l  = i n f o 2 [ [ k l , 2 , p k l ] ] ;  q2 = in fo2[ [k2,2,pk2] ] ;  
q l  + vprop (q2 - q l )  )&, d i c ] ] ] ) ;  

Drawing the trivariant fields 

26 Clear[drawtrivariant]; 
27 drawtr ivar iant  := 
28 (c = Map[Transpose[#][[l]]&,allinfo]; 

29 ic = Intersection[Flatten[ell; 
30 l i c  = Length[ic]; 
31 gr = Flatten[Map[(k = #; Map[{k,#}&, 

RanaeFk+l . l ic l l )&.RanoeFl ic- l l ] . l ] ;  32 
33 a ~ Map[({kl,k2} - #; 
34 plc - Flatten[Position[MapELength, 
35 Map[Intersect ion[{k l ,k2} .#]&,c] ] ,  _? ( (#==2 )& ) ] ] ;  
36 cc = Map [a l l i n fo [ [# ,F la t ten [ {Pos i t i on [c [ [# ] ] , _7 ( (#~k l )& ) ] ,  
37 Pos i t ion[c [ [# ] ] ,_?( (#==k2)&) ] } ] ] ]& ,p lc ] ;  
38 occ  = Map[Drop[#, l ] [ [ l ] ]& ,Sor t [Map[ {# [ [ l ,2 ] ] ,#}&,  ce l l ] ;  
39 cocc  = MaPCMap [conv ,# ]& ,occ ] ;  
40 Map[Jo in [cocc [ [# [ [ l ] ] ] ] ,Reverse[cocc [ [# [ [2 ] ] ] ] ] ,  
41 { c o c c [ [ # [ [ 1 ] ] , l ] ] } ] & ,  
42 Part i t ion[Range[Length[plc] ] ,2] ]  )&, Map[ ic [ [# ] ]& ,gr ] ] ;  

43 (Hue[O,O.15,1], Map[Map[Polygon[#]&,#]&. a], 
44 GrayLevel[O], Map[Map[Line[#]&,#]&, a],  GrayLevel[O]}); 

Drawing divariant fields 

45 Clear[drawdivariant]; 
46 drawdivariant[q_]:= 
47 {GrayLevel [ l ] ,  Map[cony[Polygon,#]&, q], 
48 GrayLevel[O], Map[cony[Line,#]&, q ] } ;  

Setting parameters 

49 Clear[setup]; 
50 setup[s_] := 
51 (vs t r ing  - s; 
52 If[TrueQ[varyTatP], 
$3 d i f f v  = 0.01; vposi = 2; vlow = i n f o [ [ 1 , 1 ,2 ] ] ;  
54 vhigh = info[[~l,l,2]], 

55 d i f f v  = 0.0001;; vposi = i ;  vlow : i n f o [ [ 1 , 1 , 1 ] ] ;  
56 vhigh = i n f o [ [ - 1 , 1 , 1 ] ] ] ) ;  

Function for constructing the diagrams 

57 Clear[¢ompatibilitytriangle]; 
58 compat ib i l i ty t r iangle[vk_]  := 
59 (assemble[vk]; 
60 Show[Graphics[{ Hue[O,O.45,1], Polygon[shape], GrayLevel[O], 
61 Line[shape], 
62 labe l l ing [vk ] ,  
63 drawtrivariant, 
64 drawdivariant[infok]}], 
65 AspectRatio->Automatic, 
66 PlotRange->plotrange]) / ; vk  >= v low&&vk <- vhigh; 

67 compat lb i l i t y t r i ang le [__ ]  := 
68 If[TrueQ[varyTatP],Print["T outside range"], 
69 Pr int [ "P outside range"]]; 
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Table 4. Specific functions and data 

Functions 

i Clear[cony]; 
2 c o n v [ f _ , t _ ] : = ( p  = Map[(Mg = # [ [ 4 ] ] ;  Fe = # [ [ 3 ] ] ;  
3 N[ {(Mg - Fe) /Sqr t [3 ] ,  -(Mg + Fe)} ] )&, t ] ;  
4 f [ J o i n [ p , { p [ [ l ] ] } ] ] ) ;  

5 c o n v [ t _ ] : -  (Mg = t [ [ 4 ] ] ;  Fe = t [ [ 3 ] ] ;  
6 N[ {(Mg - Fe) /Sqr t [3 ] ,  -(Mg + Fe)} ] ) ;  

7 f o n t s i z e l  = 12; fon ts ize  = 16; 
8 t h i r d  = 1/3; s q r t t h i r d  = 1 / 5 q r t [ 3 ] ;  twoth i rd  = 2/3; 
9 I I  = 1.36; l l a  = l l  sqrtthird; dd = 0.03; 

10 shape = { { - l l a  - dd sqrtthird,-ll - dd} , {O,0} ,  
11 { l l a  + dd sqrtthird,-ll - dd}} ;  

12 xlowO = -1; xhighO = i ;  ylowO - -1 .8 ;  yhighO = 0.1; 
13 plotrange = {{x lowO,xhighO},{y lowO,yhighO}};  
14 p lo t rangef  = plotrange; 

15 xsc . -0 .9 ;  ysc = -0 .1 ;  pl = 2; 
16 p lo tvsca le [v_ ]  := Text[FontForm[Round[lO^pl v]/1OApl, 

{"Helvetica",fontsize}], { xsc ,ysc } ]  

17 C l e a r [ l a b e l l i n g ] ;  
18 l abe l l i ng [p_ ]  := 
19 ( {Tex t [Fon tForm[p , { "He lve t i ca " ,16 } ] ,  { - 0 . 7 , - 0 . 1 1 } ] ,  
20 Text [FontForm["AFM", { "Helvet ica" , fon=s ize} ] ,  { - 0 . 7 , 0 } ] ,  
21 Tex t [Fon tFo rm [ " ky " , { "He l ve t i ca " , f on t s i ze } ] ,  { 0 . 1 , 0 } ] ,  
22 T e x t [ F o n t F o r m [ " s t " , { " M e l v e t i c a " , f o n t s i z e } ] ,  {-0 .27 , -0 .3}] ,  
23 Text[FontForm["ctd",{"Helvet ica", fontsize}] ,  { -0 .38, -0 .5} ] ,  
24 Text[FontForm["g",{"Helvet ica",fontsize}],  { -0.52,-0.75}] ,  
25 Text[FontForm["chl",{"Helvet ica", fontsize}] ,  {0.52,-0.78}] ,  
26 Text[FontForm["bi" ,{"Helvet ica", fontsize}] ,  {0,-1.45}] ,  
27 Text[FontForm["",{"Symbol",12}], {0.3, -1 .34} , { -1 ,0} ] ,  
28 Text[FontForm["bw/rp 1996",{"Helvetica",12}], 
29 {0.36,-1.34}, { - 1 ,0 } ] , } ) ;  

30 Clear[assemble]; 
31 assemble[tk_] := 
32 ( i n fok  = interpolatedivariant[phase, info, tk] ;  
33 in fosubfk  = Map[Map[Insert[#, O , - l ]& ,  #]&, 
34 interpolatedivariant[phasesubf, infosubf, t k ] ] ;  
35 infosubmk = Map[Map[Insert[#, 0, 3]&, #]&, 
36 interpolatedivariant[phasesubm, infosubm, t k ] ] ;  
37 a l l i n f o  = Join[infok,infosubfk,infosubmk]); 

Coordinates 

KFMASH system 
38 phase = {"chl ", "bi ", "g", "st" ,  "ctd", "ky"} ; 
39 info = { 
40 {{6.000, 500.00}, 
41 { { "c td" ,  0.5000, 0.3392, 0.2608}, 
42 { "ch l " ,  0.2180, 0.3293, 0.4627}, 
43 {"ky", 1.0000, 0, 0}} }, 
44 {{6.000, 650.00}, 
45 { { " s t " ,  0.6923, 0.3012, 0.0065}, 
46 {"g", 0.2500, 0.7282, 0.0218}, 
47 {"ky", 1.0000, 0, 0}}, 
48 {{"g", 0.2500, 0.6563, 0.0937}, 
49 { "b i " ,  -0.1990, 0.6990, 0.5000}, 
50 ["ky", 1.0000, 0, 0}} }}; 

KFASHsubsystem 
51 phasesubf = { " c h l " , " b i " , " a l m " , " f s t " , " f e t d " , " k y " } ;  
52 infosubf = { 
53 {{6.000, 500.00}, 
54 { { "ch l " ,  0.1477, 0.8523}, 
55 { "b i " ,  -0.2368, 1.2368}}, 
56 { { "ch l " ,  0.1843, 0.8157}, 
57 { " fc td" ,  0.5000, 0.5000}}, 
58 { { " f c td " ,  0.5000, 0.5000}, 
59 {"ky", 1.0000, 0}} }, 
60 {{6.000, 650.00}, 
61 { { "b i " ,  -0.2044, 1.2044}, 
62 ["alm", 0.2500, 0.7500}}, 
63 { { " f s t " ,  0.6923, 0.3077}, 
64 {"alm", 0.2500, 0.7500}}, 
65 { { " f s t " ,  0.6923, 0.3077}, 
66 {"ky", 1.0000, 0}} } } ;  
KMASHsubsystem 
67 phasesubm = { " c h l " , " b i " , " p y " , " m s t " , " m c t d " , " k y " } ;  
68 infosubm ={ 
69 { {6 .000,  500.OO}, 
70 {{"bi",  -0.3598, $.3598}, 
71 { "ch l " ,  0.1427, 0.8573}}, 
72 { { "ch l " ,  0.2180, 0.7820}, 
73 { " ky " ,  Z.0000, 0}}  } ,  
74 {{6,000, 650.00}, 
75 { { "b i " ,  -0.3407, 1,3407}, 
76 {"ky", 1.0000, 0}} } } ;  

Calling function to plot compatibility diagram 

77 varyTatP = True; 
78 setup["6.0 kbar"]; 
79 Off[Set::shape]; 
80 compatibilitytriangle[5601; 
81 Map[compatibi l i tytr iangle, Range[555,572,0.51]; 

themselves are given in Table 4. In practice, 
these two tables may occur as separate Mathe- 
matica files. 

The overall function of the code is: (1) to 
interpolate the coordinates between the critical 
temperatures for which data has been calculated 
with THERMOCALC, which is achieved by making 
the assumption that the variations are linear 
with respect to T over the range of interest; and 
(2) to construct the phase diagrams from the 
interpolated coordinates. In the following dis- 
cussion each block of Mathematica code will be 
explained briefly. 

General functions (Table 3): 
• Lines 1-3 consist of globals relating to the 

general running of Mathematica. Line 4 
conveys to later functions that T is the 
animating variable rather than P. 

• An 'interpolatedivariant' function is defined 
in lines 5-25 which performs the interpola- 
tion of divariant field coordinates. Lines 
7-11 order the data and normalize the label- 
ling of the phases (i.e. equate the sub-system 
names with those from the full system). The 
situation where there is an exact match in T 
(i.e. constructing a diagram at TR) is dealt 
with in lines 12-16; the interpolation, if 
necessary, is actually performed by the code 
in lines 17-25. 

• A 'drawtrivariant' function is defined in lines 
26-44 which draws the trivariant fields by 
joining up the appropriate divariant phases 
by pairs, where (a) (defined in lines 33-42) 
refers to the divariant coordinates. The 
polygons defined by (a) are constructed by 
the code in lines 43-44. 

• A 'drawdivariant' function is defined in lines 
45-48 which draws polygons from the inter- 
polated divariant coordinates. 

• The 'setup' function in lines 49-56 deals with 
the different positions and magnitudes of the 
P and T variables in the input data. 

• Individual diagrams (at T =  vk) are con- 
structed using the 'eompatibilitytriangle' 
function defined in lines 57-69. 

Specific functions and data (Table 4): 
• The 'cony' functions in lines 1-6 convert the 

ternary coordinates output by THERMOCALC 
to x-y  coordinates for plotting. 

• A number of parameters required in the 
functions given in Tables 3 and 4 are defined 
in lines 7-16. 

• The 'labelling' function (lines 17-29) pro- 
duces the labelling for the final diagrams/ 
movies. 



276 B. WORLEY & R. POWELL 

• The 'assemble' function, in lines 30-37, 
applies the interpolation function, defined 
in Table 3 (5-25), to the full- and sub-system 
data. 

• Lines 38-76 contain examples of the input 
data for the full- and sub-systems. Only data 
for the upper and lower temperature limits of 
the example movie have been included. 

• The command for plotting a single compat- 
ibility diagram is given in line 80, and the 
resulting diagram is illustrated in Fig. 3. 
Similarly, the command for constructing 
a series of diagrams at small temperature 
intervals is given on Line 81; this applies the 
'compatibilitytriangle' function across the 
temperature range 555-572°C at an interval 
of 0.5 °. 

Animation of  phase diagrams 

Within Mathematica, the animation of a con- 
tiguous series of phase diagrams (in a single 
'cell'), as would be produced by the command in 
Table 4, line 81, is a trivial exercise. The phase 
diagrams are selected and then the inbuilt 
'Convert to QuickTime' function, found in the 
Graph menu (Fig. 4), is used to construct a multi- 
platform QuickTime T M  movie. In principle it 
would be possible to construct a full movie over 
the temperature range of interest using this 
simple approach. However, in practice, to 
obtain a smooth result it is necessary to use 
a small temperature interval (<0.5°C) which 
results in a very large number of individual 
diagrams (frames). For example, the AFM 

VaryTatP True 

Setup . kbar 

OffSet shape 

compatibilitytriangle 

A F M  
6.0 kbar 

560. 

ctd 

st ~ ( 'i 
r' J:\, i 

als 

" / 

chl 

Fig. 3. AFM + mu + q + H20 compatibility diagram at 560°C and 6 kbar, as output from Mathematica. 
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Fig. 4. Conversion of a series of phase diagrams (frames) to a QuickTime movie using a built-in function 
in Mathematica. 

compatibility diagram movie from 500 to 650°C 
contains in excess of 350 frames. Because each 
diagram is drawn in PostScript format, and uses 
approximately 200-300 kb of the RAM assigned 
to the Mathernatica FrontEnd, it is obvious that 
memory problems are going to arise if a movie 
of say 350 frames (requiring >70 Mb of RAM!) 
is calculated in one step. Therefore, all but the 
most simple movies need to be constructed as a 
series of clips which can then be joined together. 
This 'bolting' of the clips can be achieved using a 

multimedia software package like Adobe Pre- 
miere v4.0, in which the clips are imported into a 
Sequence window and the final movie con- 
structed using the 'Movie' command in the 
Make menu (Fig. 5). 

Results: examples of movies 

As an example of the results which can be 
achieved using the approach outlined above, 
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4 items Total time" 0:00:26:24 [ ~  

"//.x"//////// , / , / lAi .... 
AFM.eomp.title AFM.oomp/I AFM.eomp 12 AFM.eomp/3 

~, 0 0 : 0 0 : 0 3  A 0 0 : 0 9 : 2 4  A 00:1 0 :09  A 00:06:1  8 

Fig. 5. Compilation of a movie in Adobe Premiere v4.0, from a series of QuickTime clips. The clips are imported 
into the Sequence window, and then the Make Movie command is used to construct the final movie. 

two AFM compatibility diagram movies are 
available for downloading from the World Wide 
Web. In addition to the examples presented 
here, other movies, including an animated T - x  
pseudosection, can be found in Powell et al. 
(1998) and Worley & Powell (1998). 

The movies associated with this paper can be 
accessed directly at the following URL: 

http://rubens, its. unimelb, edu. au/,-- RPOWELL/ 
SMG/Movies/making.movies.html. 

The movies are in QuickTime format and can be 
viewed on Macintosh, IBM-compatible PC 
(Windows) and UNIX platforms using a Web 
Browser, such as Netscape Navigator with the 
appropriate QuickTime plugin, or a stand-alone 
application such as MoviePlayer (for the Mac) or 
PLAY32.EXE (for Windows 95/NT). The latest 
versions of QuickTime, the QuickTime plugins, 
and applications for playing QuickTime multi- 
media files can be downloaded, free of charge, 
from the Apple QuickTime Home Page at: 

http://www.quicktime.apple.com/. 

The first movie presented here (Movie 1) is 
the one referred to above, i.e. the AFM (+ mu + 
q + H20) compatibility diagram movie at 6 kbar 
for the temperature range 500-650°C. Also 
included is an expansion of a small portion of 
the diagram over the temperature range 544- 
557°C, focusing on the disappearance of chlor- 
itoid (Movie 2). These movies illustrate a number 
of fundamental features of the KFMASH system 
and phase equilibria in general. 

1. Individual phases and divariant assemblages 
are primarily stabilized in the KFASH sub- 
system and the mineral compositions become 
progressively more Mg-rich with increasing 
temperature as the result of continuous net- 
transfer reactions. 

2. The evolution of the divariant equilibria as 
univariant reactions are approached and 
then crossed are elegantly illustrated, espe- 
cially in Movie 2 where the (st-ctd-g), 
(st-ctd-chl) and (ctd-g-chl) divariants con- 
verge with increasing temperature, resulting 
in the disappearance of chloritoid in a 
classic terminating reaction. 
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A specific point which is highlighted in the 
full movie is the speed at which the composi- 
tions of biotite and chlorite, in equilibrium 
with aluminosilicate, change once the reac- 
tion st + chl = bi + als has been crossed with 
increasing temperature. This results in the 
predicted disappearance of chlorite via the 
KMASH reaction, chl = bi + als, within 6°C 
of the full-system reaction. 

D i s c u s s i o n  

The dynamic nature of metamorphism makes 
the animation of phase diagrams a logical step in 
their development as a research tool in meta- 
morphic petrology. The phase diagram movies 
presented here indicate the power of this 
approach, in particular their illustration of the 
continuous evolution of mineral assemblages 
and compositions with changing conditions. 
One of the most important features of the 
animation process is the ability to represent an 
additional variable, which will become critical as 
petrologists attempt to investigate increasingly 
more complex model systems (e.g. Worley & 
Powell 1998). 

In addition to improving our understanding 
of such model systems, we can visualize several 
specific directions for the future development of 
this research. The animation of phase diagrams 
introduces the possibility of calculating com- 
patibility diagram movies for individual P - T  
paths (cf. the AFM movie presented here for 
increasing T at constant P). These movies 
would constitute a powerful tool for predicting 
the way in which mineral assemblages change 
along P - T - t  paths, which could then be 
compared with textural observations from 
natural samples. Pseudosections can be ani- 
mated not only with respect to P or T, but also 
compositional variables. For example, T-x,  
P - x  and P - T  pseudosections can be animated 
with respect to a range of important substitu- 
tions (i.e. Tschermak's exchange in K F M A S H  
and CaA1Na_aSi_a in N C K F M A S H  (Worley 
& Powell 1998)). Alternatively, the range of 
bulk compositions for which the animation is 
performed can be chosen so as to model the 
path of a particular process. 
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